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Abstract 

This study explores the dependence of the coupled climate-carbon cycle 

response on greenhouse gas emission pathway. An Earth System model of Intermediate 

Complexity is forced with 24 idealized emissions scenarios across five cumulative 

emission groups (1300 GtC - 5300 GtC) with varying emission rates. The global mean 

response, and regional responses of Arctic sea ice, the Meridional Overturning 

Circulation (MOC) and the Amazon are investigated. The ratio of global mean 

temperature to cumulative carbon emissions is found to decline with increasing 

cumulative emissions, unlike in previous studies. The long-term response of the MOC 

and Arctic sea ice is independent of emission rate and proportional to cumulative 

emissions, with the threshold for an ice free Arctic in September found between 1300-

2300 GtC. Both global land carbon and Amazonian broadleaf carbon display non-

monotonic long-term responses to cumulative emissions, whereby carbon uptake 

declines beyond a certain threshold (2300 GtC and 3300 GtC respectively). 

Keywords:  Path Dependence; Cumulative Emissions; Tipping Points; Arctic Sea Ice; 
Atlantic Thermohaline Circulation; Amazonian Rainforest; Carbon Cycle 
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Glossary 

Cumulative 
Emissions 

the total amount of carbon emissions emitted since a specific point in 
time; the integral of annual carbon emissions 

Non-
Monotonic 
Response 

an inconsistent, changing response to climate forcing with increasing 
cumulative emissions. Here we use it in the context of the global and 
Amazonian carbon cycles, whose vegetation and soil carbon increase 
in magnitude up to a certain threshold cumulative emissions, and then 
decline once this threshold has been crossed. 

Path 
Dependence 

the dependence of the evolution of the climate system on the rate of 
emissions.  

Tipping 
Element 

specific regions of the globe, at least subcontinental in scale (≈1000 km 
or so), where there exists a single control ρ (such as temperature, 
precipitation, etc) and a critical control value ρcrit from which any 
significant variation by δρ > 0 leads to a qualitative change (F̂) in a 
crucial system feature F, after some observation time T > 0, measured 
with respect to a reference feature at the critical value. I.e. there is a 
qualitative regime shift after the critical control value is crossed (Lenton 
et al 2007) 

Tipping Point ρcrit – the critical control value beyond which qualitative regime shifts 
may occur within a tipping element (Lenton et al 2007) 

Thermosteric 
Sea Level 

the increase in sea level driven by thermal expansion of the ocean 
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1. Introduction 

1.1. Problem Statement 

Since the start of the industrial revolution in the 18th - 19th century, fossil fuels 

have been burned at ever increasing rates, and large areas of Earth have been 

deforested. Between 1750 and 2010, it is estimated that a cumulative 365 gigatons of 

carbon (GtC) have been added to the atmosphere from the burning of fossil fuels and 

the production of cement (Boden et al. 2013), with a further contribution of 150 GtC 

from land use changes (Houghton 2008). As a result, atmospheric CO2 concentrations 

have risen from an average preindustrial value of about 280ppm (IPCC 2013) to 

concentrations on the order of 390 – 395 ppm (NOAA 2013). In addition, for the very 

first time in the last 800,000 years, atmospheric CO2 reached a transient value of 

400ppm, in May 2013 (NOAA 2013). Other greenhouse gases have also increased in 

concentration. Methane (CH4) seen a 150% increase in concentration since the 

preindustrial period, while Nitrous Oxide (N2O) has seen an increase of 40% (IPCC 

2013). 

Observations show that the globally averaged combined land and ocean 

temperature has warmed about 0.85ºC between 1880 and 2012, with a 90% confidence 

interval (CI) of 0.65ºC to 1.06ºC (IPCC 2013). In their most recent report, the 

Intergovernmental Panel on Climate Change (IPCC) note that it is “extremely likely” 

(≥95% confidence) that more than half of the observed warming since 1951 can be 

attributed to anthropogenic increases in greenhouse gases and other forcing agents 

(IPCC 2013). 

The IPCC (2013) also notes that global mean sea level has risen between 0.17 

and 0.21 m since 1910, due to a combination of thermal expansion, losses of alpine 

glaciers, and losses from the Greenland and Antarctic ice sheets. Warming has also led 

to dramatic declines in the summer Arctic sea ice area (NSIDC, 2013). 
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Anthropogenic warming has also “very likely” (≥90% confidence) changed the 

frequency and severity of extreme weather events (such as extreme heat waves), and 

in some regions, it has “likely” (≥66% confidence) more than doubled the frequency of 

extreme heat waves (IPCC 2013). It is “very likely” that the number of exceptionally 

warm days and nights has increased since 1950, while the number of exceptionally cold 

days and nights have decreased (IPCC 2013). It is also “likely” that extreme 

precipitation events have increased in frequency and intensity in many places, 

especially in North America and Europe (IPCC 2013). 

The reduction and the possible elimination of greenhouse gas emissions will 

require tremendous effort to overcome current political and economic inertia (Davis et 

al. 2010). Even if investment in fossil-fuel burning energy and transportation 

infrastructure were to stop today, it is estimated that the current capital stocks, if 

allowed to live out their normal serviceable lifetime, could contribute a further 280 to 

700 GtC of emissions by 2060, and a further 0.3 – 0.7°C in warming (Davis et al. 2010). 

In the absence of strong policies banning or limiting further investment in fossil fuel 

extraction and the development of carbon-intensive energy and transportation 

infrastructures, however, even the above scenario is unlikely.  

Thus, climate change is expected to continue into the future, with exacerbation 

of the aforementioned warming, sea level rise, changes in extreme weather, and the 

possibility of new and unexpected consequences (IPCC 2013).  

In order to explore the future response of the climate system, a number of 

Representative Concentration Pathway (RCP) scenarios have been developed, each of 

which has different assumptions on future greenhouse gas emissions derived from land 

use change and the burning of fossil fuels (van Vuuren et al. 2011). Named after their 

year 2100 target radiative forcing (RF) values, the four RCP scenarios assume year 

2100 RF anomalies (relative to 1750) of: 2.6, 4.5, 6.0 and 8.5 Wm-2, for the RCP2.6, 

RCP4.5, RCP6 and RCP8.5 scenarios, respectively. Climate model simulations using 

the four RCP scenarios suggest that the year 2081-2100 global mean temperature 

anomaly (relative to the 1986-2005 mean) will range between 0.3°C – 1.7°C for the RCP 

2.6 scenario, and 2.6°C – 4.8°C for the RCP8.5 scenario (IPCC 2013).  
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The IPCC (2013) suggests that some of the expected future consequences of 

this warming are:  

1. More anomalously warm days/nights and fewer anomalously cool 
days/nights  

2. Increases in the frequency and intensity of warm spells and heat 
waves 

3. Increases in the frequency, and intensity of extreme precipitation 
events, and the amount of precipitation derived from such events 

4. Increases in the frequency and durations of dry spells and 
drought 

5. Increases in the number of intense tropical cyclones 

Because of the possibility of some of these consequences potentially becoming 

“dangerous”, recent climate policy discussions have explored policies designed to limit 

or “prevent dangerous anthropogenic interference with the climate system” (United 

Nations Framework Convention on Climate Change, Article 2). The goal has often been 

to cap the maximum allowable global mean temperature increase (relative to the pre-

industrial period); such as the 2°C target most recently adopted by the Copenhagen 

Accord, which aimed to limit global mean warming to 2°C relative to the pre-industrial 

period (UNFCCC - Conference of the Parties 2009).  

Research by Zickfeld et al (2009), Meinshausen et al. (2009), and Allen et al. 

(2009), Matthews et al. (2009) suggests that the response of global mean temperature 

is independent of the CO2 emission pathway followed, and approximately linearly 

proportional to the overall cumulative emissions; giving rise to a branch of research 

known as the “cumulative emissions” or “budget” approach. Such findings are useful 

from a climate policy perspective, for they could potentially allow us to develop a 

“carbon budget”, where global mean temperature targets are expressed in terms of the 

cumulative emissions compatible with meeting them (Messner et al. 2010). 

The central assumption of the cumulative emissions approach is that there is a 

linear relationship between global mean temperature, and cumulative carbon 

emissions; one that is independent of emissions pathway. Thus there has been a 

recent focus to investigate whether climate change is sensitive to the rate of emissions 

(Zickfeld et al. 2009; Zickfeld et al. 2012; Nohara et al. 2013). Such studies have shown 
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that in the long-term (following emissions cessation), global mean temperature, global 

mean precipitation, and other variables with response timescales similar to that of 

temperature (such as sea ice) are insensitive to the rate of emissions and determined 

only by the overall total cumulative emissions. These studies, however, have mainly 

focused on the global mean climate response (Zickfeld et al. 2009; Zickfeld et al. 2012), 

or have only tested a limited range of cumulative emissions (of up to 2500 GtC) 

(Zickfeld et al. 2009; Zickfeld et al. 2012; Nohara et al. 2013) 

Whether the insensitivity to the rate of emissions persists at higher levels of 

cumulative emissions – for example, as we approach 4000 - 5000 GtC cumulative 

emissions, is unknown.  It is also unclear whether the long-term insensitivity to the rate 

of emissions also applies at the regional scale, since the focus of previous studies has 

mostly been limited to the global mean climate response.  

Evidence from literature on tipping elements - regions of the globe whose 

response to climate may change after a threshold value, or tipping point (e.g. a 

threshold temperature or salinity) has been crossed, suggests that path dependence 

may play a role at the regional scale. Robinson et al. (2012), for example, showed that 

the response of the Greenland Ice Sheet, one of several tipping elements identified in 

the literature (e.g. Lenton et al. 2008), might exhibit hysteresis; the concept that once a 

system crosses a threshold due to a change in some external factor, the system will not 

revert back to its original state even if the external factor returns to its original value 

(that is, the response of the climate system depends on its starting point) (Takle 2005). 

Rahmstorf (2000) notes that hysteresis could also exist for the Meridional Overturning 

Circulation (or Atlantic Thermohaline Circulation).  

1.2. Objectives of the research and research questions 

The main objective of the study is to explore whether the regional and global 

response of the coupled climate-carbon cycle system is sensitive to the rate of 

emissions, focusing on both the short-term response (that which arises before the 

cessation of carbon emissions), and the long-term response (i.e. after emission 

cessation). That is, we are exploring both short-term and the long-term path 
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dependence over a broad range of cumulative emissions. The (in)sensitivity of the 

climate response to the rate of emission will in the following be referred to as “path 

(in)dependence”. A secondary objective of the study is to investigate the cumulative 

emissions compatible with avoiding the trigger of climate tipping points in three main 

regions: the Arctic, the North Atlantic, and the Amazon. The three regions chosen 

reflect climate subcomponents that Lenton et al. (2008) have identified as possible 

tipping elements – Arctic summer sea ice cover, the Meridional Overturning Circulation 

(MOC), and the Amazon broadleaf rainforest cover. 

The three main research questions addressed in this thesis are: 

1.  Is the global response of the coupled climate-carbon cycle system 
sensitive to the rate of emissions, both in the short- and in the long-
term?  

2.  Does the sensitivity to the rate of emissions vary with increasing 
cumulative emissions (particularly at higher cumulative emissions)? 

3.  Is the regional-scale response, particularly in areas potentially 
affected by the trigger of tipping points, sensitive to the rate of 
emissions? 

A secondary question addressed in this thesis is: 

4.  What are the cumulative emissions compatible with avoiding the 
trigger of three tipping points responsible for:  

a. The disappearance of summer Arctic sea ice  

b. The collapse of the MOC 

c. Dieback of broadleaf evergreen rainforest  
 

We utilize the University of Victoria’s Earth System Climate Model version 2.9, 

and test a broad range of cumulative emissions between 1275 GtC and 5275 GtC, 

utilizing a variety of peak and decline, overshoot and instantaneous pulse scenarios. 

We integrated our emissions scenarios over a 1000-year period, between year 2000 

and 3000, and designed our emission scenarios so that emissions cease by the year 

2400, in an attempt to allow the climate system to approach a state of equilibrium by the 

end of model integration. This way, we can explore both the short-term climate 

response (i.e. before emissions cease), as well as the long-term response. 
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Previous studies have only explored the sensitivity to emissions pathway over a 

narrow range of cumulative emissions (≤2500 GtC). By ensuring our emission 

scenarios fall into one of five cumulative emission groups (1275, 2275, 3275, 4275, or 

5275 GtC), we are able to explore whether or not the dependence on emissions 

pathway varies with cumulative emissions; especially at higher cumulative emissions, 

where tipping points could well be crossed. 

This is also the first study, that we are aware of, that explores the sensitivity to 

emission pathway at the regional scale in depth. We chose to explore the dependence 

of the climate response on emission pathway in three regions identified as possible 

tipping elements – the Arctic (sea ice), the North Atlantic (Meridional Overturning 

Circulation), and the Amazon (broadleaf evergreen rainforest). This way we are able to 

investigate to what extent tipping points could affect regional-scale sensitivity to 

emission pathway, as well as the cumulative carbon emissions at which these tipping 

points are triggered (if at all). 

1.3. Structure and Layout of the Thesis 

The thesis begins with an overview of the recent literature on the carbon cycle, 

the cumulative emissions approach, the sensitivity of the coupled climate-carbon cycle 

response to the rate of emissions (path dependence), and the three tipping elements 

explored in this study – summer Arctic sea ice, the MOC, and the Amazonian broadleaf 

rainforest. The introduction ends with a brief overview of the climate model hierarchy, 

showing where Earth System Models of Intermediate Complexity (EMICs), such the 

UVic ESCM, fit.   

The methods section begins with an overview of the climate model used – the 

University of Victoria (UVic) Earth System Climate Model (ESCM) version 2.9, and its 

various components, and providing justification for choosing the UVic ESCM. This is 

followed by a description of the 24 emission scenarios and the five cumulative emission 

groups chosen.  

The Results/Discussion section is divided into three main components: 
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1.  A discussion of the physical climate system that explores the 
evolution of temperature, precipitation, thermosteric sea level rise, 
the Meridional Overturning Circulation, and Arctic sea ice    

2.  An analysis of the relationship between cumulative carbon emissions 
and physical climate variables (temperature, the Meridional 
Overturning Circulation, and Arctic sea ice) 

3.  An exploration of the global carbon cycle, focusing on the evolution 
of atmospheric CO2, total vegetation carbon, Amazonian broadleaf 
carbon, soil carbon, and ocean dissolved inorganic carbon 

Finally, the thesis ends by summarizing several key findings and conclusions 

surrounding the relationship between path dependence and cumulative carbon 

emissions, as well as a diagnosis of the threshold cumulative emissions (if applicable) 

at which tipping points are crossed, or threshold behaviour is exhibited, in the Arctic, 

North Atlantic, or Amazon. 

1.4. Background 

This section provides an overview of the recent literature on the carbon cycle, 

the cumulative emissions approach, the dependency on emission pathway, and tipping 

elements, and finishes with a brief examination of the climate model hierarchy, 

emphasizing where EMICs, such as the UVic ESCM fit in.  

It begins with an examination of the carbon cycle, as the carbon cycle, and its 

related feedbacks will play an important role in determining the evolution of future 

climate changes. The carbon cycle will determine what fraction of the CO2 emissions 

the land and ocean reservoirs take up, and what fraction will remain in the atmosphere 

(the airborne fraction). The carbon cycle includes a number of feedback mechanisms 

that control the uptake of CO2 both on land and in the ocean. 

An overview of the cumulative emissions approach is included, since the 

findings of several recent papers regarding the proportionality between global mean 

temperature and cumulative carbon emissions provides the basis for research into the 

question of the sensitivity to emissions pathway in the climate system.  
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An exploration of the recent literature on the dependency of the climate 

response on emissions pathway is included to show where our current state of 

understanding is on the issue, and identify knowledge gaps; providing motivation for 

this study.  

The literature review on tipping elements and tipping points begins with a 

definition of what tipping elements and tipping points are. It then provides motivation for 

the choice of tipping elements explored – chiefly those surrounding the disappearance 

of summer Arctic sea ice, the collapse of the MOC, and dieback of Amazonian 

rainforest. A brief overview of the chosen tipping elements is included, describing the 

physical mechanisms behind their tipping points, and providing evidence from the 

recent literature. 

The background section finishes with a brief discussion of the climate model 

hierarchy, emphasizing where the UVic ESCM, an Earth System Model of Intermediate 

Complexity, fits in.  

1.4.1. The Carbon Cycle 

Le Quere et al. (2013) estimate that anthropogenic activities contributed about 

9.5 ± 0.5 GtC yr-1 of carbon emissions to the environment in 2011, through fossil fuel 

combustion, and cement production. Land use changes accounted for about 0.9 ± 0.5 

GtC yr-1 in 2011 (Le Quere et al 2013). Compared to the decadal average (2002-2011) 

of 4.3 ± 0.1 GtC (~46% of emissions), the airborne fraction in 2011 was lower than 

average: 3.6 ± 0.2 GtC (~35% of emissions), owing to an above average uptake by the 

land, likely as a result of La Niña type surface conditions (Le Quere et al. 2013). The 

2002-2011 decadal average uptake by the terrestrial biosphere was a net 2.5 ± 0.5 GtC 

yr-1, compared to a year 2011 uptake of 4.1 ± 0.9 GtC yr-1. The year 2011 ocean uptake 

(2.7 ± 0.5 GtC yr-1) was similar to the decadal average of 2.5 ± 0.5 GtC yr-1 (Le Quere 

et al. 2013).  

Increased CO2 induces several effects on the terrestrial biosphere. First, 

increased CO2 enhances the efficiency of photosynthesis (the CO2 fertilization effect) 

(Wullshleger et al 2002). Water-use efficiency also increases under enhanced CO2, 
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through reduced stomatal conductance, allowing for better plant growth, and potentially 

increasing their survivability to drought (Wullshleger et al 2002). Both of these factors 

would act to increase land uptake of CO2, imparting a negative feedback on CO2 

emissions. 

Much uncertainty remains regarding how the terrestrial carbon cycle will change 

in the future. Simulations by Cox et al. (2000), using the HadGCM model and the 

TRIFFID dynamic global vegetation model, showed that in the near future, benefits from 

the CO2 fertilization effect and increased water use-efficiency may lead to a transient 

increase in CO2 uptake by the land, but in the long-term, effects from warming on 

increased soil respiration, and increased heat stress at lower latitudes could cause the 

terrestrial biosphere to become a net source of CO2. Simulations by Cox et al. (2000) 

showed that after about 2050, the terrestrial biosphere became a source of CO2.  

A Modeling study by Sitch et al. (2008) tested the response of land carbon to 

several emission scenarios, using five different dynamic global vegetation models 

(DVGMs). Most of the DVGMs simulate global vegetation carbon uptake peaking 

around 2050, and declining thereafter, though there is a large range in the magnitude of 

uptake. 

Effects of CO2 induced warming on vegetation are complex, and not always 

easily predicted, though there are geographically varying controls. At high latitudes, 

temperature plays an important role in determining the growth rate and species 

assemblages present (Walker et al. 2006). 

Sitch et al. (2008) found that for all models and emission scenarios, vegetation 

carbon in tundra ecosystems increases by 2100, and in three models, there was also 

an increase in the fraction of woody vegetation present (Sitch et al. 2008), which is 

similar to the findings of observational studies (Walker et al. 2006; Sitch et al. 2007). 

Vegetation carbon was also found to increase in most cases in the boreal forest. 

At low latitudes, responses of vegetation to warming have been more difficult to 

predict, given that, in the tropics, precipitation is an important control on the distribution 

of vegetation, and that model agreement on the response of precipitation is lower than 

it is for temperature (Zelazowski et al. 2011). All five models in the Sitch et al. (2008) 
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study are in qualitative agreement that by 2100, the Amazon will see reductions in 

overall vegetation carbon; however, there is less agreement over the magnitude of the 

reduction.  

Nitrogen (N) limitation, which has been shown in some studies to increase in 

importance under a CO2 enriched environment (Reich et al 2006), is a factor not 

included in most climate-carbon cycle models. A field study by Reich et al. (2006) 

showed that perennial grassland species grown under a CO2 enriched environment 

with N limitations showed substantially less growth than grasses grown in a CO2 and N 

enriched environment, suggesting that “soil N supply is probably an important constraint 

on global terrestrial [plant] response to elevated CO2” (pg. 1). 

Warming also increases decomposition rates, which may increase the soil 

carbon flux to the atmosphere, as well as increase plant maintenance rates (Cox et al 

2000).  

Sitch et al. (2008) found that the modeled response of soil carbon varied 

substantially across the five DVGMs, with some models simulating net increases in 

global soil carbon between 2000 and 2100, and others simulating net declines in global 

soil carbon. Regional responses also varied heavily by model. 

CO2 uptake in the ocean is accomplished by dissolution, where CO2 reacts with 

carbonate ions (CO3
2-) to form carbonic acid (H2CO3) (Doney et al 2009). The solubility 

of Ca(CO3)2 is highly dependent on the pH, temperature and pressure, increasing with 

declining temperature, pH, or increasing pressure (Doney et al 2009). As the 

concentration of dissolved CO2 increases, so does the acidity of the ocean; leading to a 

decline in the carbonate ion concentration, and thus a reduction in the ocean’s ability to 

take up CO2, via the inorganic uptake pathway (note that the UVic ESCM does not 

include the effects of increased acidity on biological sequestration of carbon, though 

this would also decline as acidity increases). Increased water temperatures will also 

reduce the solubility of CO2, (Sarmiento and Gruber 2006), and in addition, could 

increase ocean stratification and lead to declines in deep-ocean mixing (Matear et al. 

1999), and hence lead to further reductions in CO2 uptake. 
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1.4.2. The Cumulative Emissions Approach 

Recent studies suggest that the global mean temperature increase is 

proportional to total, or cumulative, carbon emissions. Matthews et al. (2009) show that 

the “Carbon Climate Response” (CCR)1, or the net climate response to CO2 emissions, 

can be written as: 

CCR = ΔT/ET  = (ΔT/ΔCA) * (ΔCA/ET)                 (1) 

where ΔT is the change in the global mean temperature (°C), ET are the 

cumulative carbon emissions responsible for the warming, and ΔCA is the change in 

atmospheric carbon (Matthews et al 2009). Though both the proportion of the carbon 

emissions remaining in the atmosphere (ΔCA/ET,  “airborne fraction”), and the 

temperature change per unit increase in atmospheric carbon are dependent on the 

concentration of atmospheric CO2, Matthews et al. (2009) found that their product, the 

CCR, is essentially independent of the atmospheric CO2 concentration. 

The initial response of the climate system to increasing CO2 is uptake of carbon 

by land and ocean sinks, which results in a drawdown of atmospheric carbon. As time 

progresses and/or emissions increase, however, the land sinks saturate, and potentially 

become a slight CO2 source, leaving much slower sinks such as the ocean to remove 

the rest of the carbon. With time (or increasing emissions), even the ocean sink will 

slow down (Cox et al 2000). Hence, the airborne fraction of carbon emissions increases 

with increasing cumulative emissions (Matthews et al 2009). 

Conversely, the change in global temperature per unit increase in atmospheric 

CO2 declines, since the radiative forcing imparted by a unit of CO2 saturates at higher 

concentrations. In the long term, the declining radiative forcing per unit increase in CO2, 

and the increased airborne fraction of carbon per unit increase in cumulative emissions 

essentially compensate for one another, meaning that the net climate response, or CCR 

is approximately constant for lower cumulative emission levels (up to approximately 

2000 GtC or so) (Matthews et al. 2009). This produces a linear relationship between 

 
1  Matthews et al. (2009)’s CCR is now referred to as the Transient Climate Response to 

cumulative Emissions (TCRE) by the IPCC Fifth Assessment Report (AR5) (2013). 
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cumulative emissions and temperature (Mathews et al. 2009; Zickfeld et al. 2009). 

Gillett et al. (2013) found, however, that with increasing cumulative emission levels 

(especially beyond 3000 GtC), the slope of the linear relationship actually changes 

somewhat; in many cases declining with increasing cumulative emissions, suggesting 

that the CO2 radiative saturation effect is dominating over the increased airborne 

fraction of CO2. 

Zickfeld et al. (2009) employed the UVic Earth System Climate Model (ESCM) 

to explore the level of cumulative emissions compatible with meeting the Copenhagen 

2°C target, which aims to limit global mean temperature to 2°C above the preindustrial 

average, and two higher temperature targets; one limiting global mean temperature to a 

3°C increase, and another limiting global mean warming to 4°C. Using an inverse 

modeling approach to back-calculate cumulative emissions from a temperature target 

(2°C, 3°C, or 4°C), Zickfeld et al. (2009) explored allowable cumulative emissions over a 

range of different equilibrium climate sensitivities (2°C to 9°C) for each of the three 

temperature targets. For a climate sensitivity of 3.6°C, the standard sensitivity of the 

UVic Model, atmospheric CO2 was required to stay below 450ppm in order to meet the 

2°C target, with maximum cumulative emissions of 716 PgC after the year 2000. For a 

climate sensitivity of 2°C, atmospheric CO2 levels were permitted to reach about 

600ppm, with corresponding maximum cumulative emissions of about 1700 PgC. 

Conversely, for a climate sensitivity of 9°C, current atmospheric CO2 levels, currently 

about 390ppm, would need to drop to less than 350ppm, requiring about 200 PgC to be 

removed from the atmosphere (Zickfeld 2009). 

An important finding of the study was that, over the long term, warming was 

found to be independent of the emissions pathway, and was determined only by the 

cumulative emissions. This finding is useful for climate policy discussions, since it 

enables researchers, countries, and international bodies to express temperature targets 

in terms of cumulative carbon emissions (England et al. 2009; Meinshausen et al. 2009; 

Zickfeld et al. 2009; Messner et al. 2010; Nohara et al. 2013).  
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1.4.3. Path Dependence of Climate Change 

As discussed in the previous section, recent studies with coupled climate-carbon 

cycle models have shown that global warming is almost independent of emission 

pathway and proportional to cumulative CO2 emissions (Matthews et al. 2009; Zickfeld 

et al. 2009; Zickfeld et al. 2012; Nohara et al. 2013); a finding that has been shown by 

both Earth System Models of Intermediate Complexity (EMICs) and the more 

comprehensive Earth System Models (ESMs) (Zickfeld et al. 2009; Zickfeld et al. 2012; 

Nohara et al. 2013).  

Over the long-term (over century to millennial timescales), proportionality to 

cumulative emissions and an insensitivity to the rate of emissions (path independence) 

has also been shown to exist for several other global climate variables that scale 

linearly with temperature, such as sea ice cover, and precipitation (Zickfeld et al. 2009; 

Zickfeld et al. 2012; Nohara et al. 2013). This relationship arises from the fact that, over 

the long term, the declines in the radiative forcing per unit increase in cumulative 

emissions, and the increased airborne fraction of carbon per unit increase in cumulative 

emissions essentially compensate for one another – meaning that the change in 

temperature per unit change in cumulative emissions is approximately constant 

(Matthews et al. 2009). Hence climate subcomponents whose response is strongly 

proportional to that of temperature show similar responses to cumulative emissions 

(Zickfeld et al. 2012). Zickfeld et al. (2012) have suggested that this relationship may 

also hold to a degree at the regional scale. 

Variables with longer response times, such as the MOC, and thermosteric sea 

level rise, however, which scale less linearly with global mean temperature, tend to 

show longer term sensitivities to emission pathway (path dependent responses), as it 

takes several centuries to millennia after cessation of emissions for the MOC, and 

especially thermal expansion of the ocean to equilibrate to the forcing (Zickfeld et al. 

2012; Nohara et al. 2013).  

The peak airborne fraction (where airborne fraction is the fraction of cumulative 

emissions which remains in the atmosphere) is heavily dependent on the scenario’s 

maximum rate of emissions, as the uptake by the land, and ocean, is unable to keep 

pace with faster rates of CO2 emission (Zickfeld et al. 2012). Hence the peak response 
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is path dependent, such that there is a substantially higher peak airborne fraction for 

scenarios with higher rates of emission (Zickfeld et al. 2012; Nohara et al. 2013). Over 

century timescales, however, the airborne fraction converges; meaning that over the 

long-term, airborne fraction is independent of emission pathway (i.e. there is no long-

term path dependence). 

Global land carbon uptake is relatively quick to respond to changes in 

atmospheric CO2. Studies by Zickfeld et al. (2012) and Nohara et al. (2013) have 

shown that for scenarios within a cumulative emission group, land uptake curves 

converge very quickly after emission cessation; often in under a century, suggesting 

that land carbon is not subject to long-term sensitivity to emissions pathway; though this 

has only been explored for scenarios with cumulative emissions less than 2500 GtC. 

The peak response of the land shows dependence on emissions pathway, however, 

varying substantially with emissions rate (Zickfeld et al. 2012; Nohara et al. 2013). 

Oceanic uptake of CO2 is a slower process than that of the land; consequently, 

ocean carbon is slower to react to changes in emissions. In Zickfeld et al. (2012), ocean 

uptake curves had yet to converge, 200 – 300 years after emission cessation. This 

suggests that, similar to thermal expansion, both the pre- and post-emission cessation 

ocean carbon uptake may be sensitive to both the maximum rate of emissions as well 

as the duration of the emissions; seeing reduced uptake over century-scale time scales 

in scenarios which peak and decline quickly (such as the instantaneous pulse scenario) 

(Zickfeld et al. 2012). This is because inorganic uptake of CO2 by the ocean is a 

function of 1) the partial pressure difference between the ocean surface and the 

atmosphere, 2) the temperature of the ocean, and 3) the ocean’s pH (Nohara et al. 

2013). Inorganic uptake rates increase with increasing partial pressure differences 

between the ocean and the atmosphere, but decline with increasing ocean 

temperatures (Sarmiento and Gruber 2006) or decreasing ocean pH (i.e. when the 

ocean becomes more acidic), as the carbonate ion concentration ([carbonate ion]) 

declines as the ocean becomes more acidic (Doney et al. 2009). Hence, though initial 

uptake rates may benefit from the large atmosphere to ocean CO2 gradient in emission 

scenarios with high peak emission rates, the relatively quick increases in temperature 

and acidity of the ocean cause uptake rates to slow relatively quickly compared to 

emission scenarios with a low peak emission rate, but longer duration. Thus there is a 
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larger overall cumulative uptake over century-scale timescales in scenarios with a 

longer duration of emissions, and lower peak emission rates.  

Studies exploring path dependence have only explored the climate response 

over a limited range of cumulative emissions. For example, Zickfeld et al. (2012) only 

tested emission scenarios with cumulative emissions up to 2500 GtC, and similarly 

Nohara et al. (2013) only explore cumulative emissions of up to ~2500 GtC. Therefore, 

it is unclear whether or not the findings of path independence for the global mean 

climate response hold true at higher cumulative emissions, where sufficiently high 

temperatures may lead to tipping points being crossed.  

Recent studies, such as that by Robinson et al. (2012), suggest that if tipping 

points are crossed, the response of the climate subcomponent in question may be 

dependent on the emissions, or climate pathway followed. For example, Robinson et al. 

(2012) showed that the GIS may be subject to hysteresis – the idea that the critical 

threshold temperature at which the GIS becomes committed to an ice-free state, when 

the model is integrated forward from a pre-industrial climate state, is not the same as 

the critical temperature required in order for the GIS sheet to recover to a near-

preindustrial climate state, when the model is integrated backwards; beginning from an 

ice free state, back towards a preindustrial climate state. 

Path dependence studies have also mainly been limited to the global mean 

climate response, putting little emphasis on whether or not path dependence exists at 

the regional scale. 

1.4.4. Tipping Elements and Tipping Points 

Within the climate system, a number of regions are thought to be vulnerable to 

“abrupt climate change” events, where non-linear, or unexpected responses to changes 

in radiative forcing may be observed. Also known as “large scale discontinuities”, or 

“tipping points”, they are noted in the IPCC’s Fourth Assessment Report (AR4) to occur 

“when the climate system is forced to cross some threshold, triggering a transition to a 

new state at a rate determined by the climate system itself, and faster than the cause”; 

the change in radiative forcing (Meehl et al. 2007a, p 775).  
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This definition was expanded upon by Lenton et al. (2008) to include three new 

elements: i) non-climatic tipping elements, ii) tipping points for which transitions are 

slower than the cause, and iii) cases where a slight change may have a substantial 

qualitative impact on future climate. They define tipping elements as regions of the 

Earth that are sub-continental in scale (~1000km) or larger, for which 

the parameters controlling the system can be transparently combined 
into a single control, ρ, and there exists a critical control value [the 
tipping point], ρcrit from which any significant variation (by δρ > 0) leads 
to a qualitative change, Error! Bookmark not defined.F*, in a crucial 
system feature F, after some observation time T>0 (Lenton et al 2008, p 
1786)  

This study explores three main tipping elements that Lenton et al. (2008) identify 

as potential tipping elements: summer Arctic sea ice cover, the Meridional Overturning 

Circulation (MOC), and Amazonian broadleaf rainforest. Each of the three tipping 

elements was chosen to best take advantage of the particular strengths and limitations 

of the UVic model. Given the relatively simple energy balance dynamics of the 

atmosphere, we were unable to analyze any atmospheric tipping elements, such as the 

West-African or Indian monsoonal circulations, or El Niño Southern Oscillation. The 

model’s relatively well developed ocean dynamics, however, made it a good candidate 

to explore oceanic tipping points such as the tipping point responsible for a shutdown of 

the Atlantic Thermohaline Circulation, and the tipping point responsible for the 

disappearance of summer arctic sea ice. Finally, the carbon cycle dynamics and 

TRIFFID dynamic vegetation model allowed us to explore the tipping point responsible 

for possible dieback of the Amazonian rainforest. 

Arctic Sea Ice 

Evidence from satellite observations show that the summer minimum Arctic sea 

ice extent has seen significant declines in the last four decades; in fact, the seven 

lowest sea ice minimum extents have all occurred in the last seven years, with 2012, 

representing the lowest areal coverage since satellite records began, followed by 2007, 

2011, 2008, 2010, 2013, and 2009 (National Snow and Ice Data Center 2013a). In 

addition to declines in overall ice extent, there has been a decline in multi-year ice, 

leading to younger and thinner ice, which is quicker to melt. Cosimo (2012) notes that 
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the extent perennial ice (defined as ice which survives at least one summer melt 

season) has seen an average decline of 12.2% decade-1, and he notes that during the 

2007 melt, perennial ice extent was 38% below the climatological average (though it 

showed some recovery between 2008 – 2010). The extent of multi-year ice (ice which 

survives at least two summer melt seasons) has declined even faster, at an average of 

15.1% decade-1 (Cosimo 2012). 

These sharp declines have led to the suggestion by some researchers that the 

Arctic “may already be committed to a qualitative change in which the ocean becomes 

largely ice free [in the summer]” (Lenton 2012, pg. 15), while Lenton et al. (2008) 

suggest that a seasonally ice free Arctic may be achieved with global warming of 0.5-

2°C above the 1980-1999 mean. 

One model ensemble study by Wang and Overland (2009), which constrained 

model selection by using the constraint that models had to simulate the seasonal cycle 

and mean September sea ice extent within ±20% of the observed, found that under a 

moderate greenhouse gas emission scenario, the SRES A1B, a seasonally ice-free 

Arctic may be achieved as early as the late-2020s. 

Arctic sea ice has been suggested to be a tipping element, because of the 

important role it plays in keeping the albedo of the Arctic Ocean relatively high (Lenton 

et al. 2008; Lenton 2012). Losses of sea ice could possibly trigger a positive feedback 

loop - the ice-albedo feedback loop (Lenton 2012). Sea ice, which has a high albedo 

(i.e. it reflects much of the incoming shortwave radiation back to space), helps to keep 

the Earth surface around it cool. Melting of sea ice, however, exposes the much darker, 

and hence lower albedo, ocean below it. This causes absorption of much more of the 

incoming solar radiation, leading to further warming, and extra heat in the ocean mixed 

layer (Lenton 2012; Serreze and Barry 2011). Serreze and Barry (2011) note that this 

extra (sensible) heat in the mixed layer will take longer to dissipate in the winter season, 

and thus lead to a shortened ice growth season and thinner sea ice (which is quicker to 

melt). In addition, sea ice melt has led to substantial amplification in warming of the 

lower atmosphere in the Arctic, and an increase in the fraction of precipitation falling as 

rain (versus snow), especially during the spring months. As a consequence, there has 

been a decrease in the albedo of the Arctic overall (Lenton 2012).  
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Lenton et al. (2008) note that results from energy balance models suggest that 

this ice-albedo feedback may give rise to multiple stability states for sea ice, including 

one where the Arctic is seasonally ice free. 

Using an energy balance model with dynamic sea ice export and meridional 

heat transport, Eisenman and Wettlaufer (2009) explored whether or not a seasonally 

ice-free Arctic is a stable state, or not. They found that threshold behaviour (where 

sudden and rapid declines in summer ice cover beyond a critical threshold) was not 

found to occur in the transition from perennial ice cover to a seasonally ice free Arctic 

(Eisenman and Wettlaufer 2009). This is because of a mitigating factor where a thin ice 

cover is able to grow quickly at the commencement of freeze-up, even from an ice free, 

or nearly ice-free state (Eisenman and Wettlaufer 2009).  

Lindsay and Zhang (2005), who used a coupled ice-ocean model, forced with 

NCEP/NCAR daily sea level pressure and air temperature, to assess whether or not a 

tipping point has been passed in the Arctic, argue that after the year 1989 a qualitative 

change in ice dynamics may have occurred, for several reasons. First, the increase in 

air temperature over the Arctic basin has led to reduction in first-year ice thickness. 

Second, after 1989, both the Arctic Oscillation (AO), and the Pacific Decadal Oscillation 

(PDO) changed phases, leading to the flushing of thick, old multi-year ice from Fram 

Strait, leaving a weaker, thinner ice pack. Even after the return to ‘near-normal’ values 

of the AO and PDO in the mid-1990, unabated thinning of the modeled sea ice 

continued. Finally, the reduced summer ice extent and volumes have considerably 

increased the absorption of heat by the (increasingly more) open ocean, leading to 

enhanced melting in the summer, and a thinner winter ice pack – much of which almost 

entirely melts by the end of the subsequent summer. 

Studies, since, have shed further evidence of a change in sea ice behaviour. 

Holland et al. (2006) explored sea ice behaviour over the 21st century using the 

Community Climate System Model version 3 (CCSM3), and found abrupt transitions in 

sea ice behaviour after ~2020, driven by increasingly large regions of open water in the 

summer, increased basal melt (in part to increased solar absorption by the increasingly 

more open Arctic Ocean), and delayed onset of ice growth – leading to a thinner and 

thinner ice pack.  
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Cosimo (2012) notes that the thicker perennial and multi-year ice packs have 

declined faster than the overall ice pack; at 12.2% and 15.1% decade-1, respectively, 

leaving a larger and larger proportion of the much thinner first year ice; ice which melts 

faster than its older counter-parts. This thinner ice is also more prone to break-up and 

fracturing by cyclonic storms – a factor that played an important role in the record 2012 

minimum ice extent (Zhang et al. 2013).  

The question of whether or not a seasonally ice-free Arctic state is irreversible or 

not was explored by Tietsche et al. (2011), using prescribed ice-free Arctic summer 

(July) conditions in a global Atmosphere-Ocean General Circulation Model (AOGCM). 

Tietsche et al. (2011) note that because in July:  

1.  Arctic temperatures are usually >0°C, and in an ice-free state would 
accumulate substantial sensible heat through the summer period;  

2.  In the absence of sea ice, there would be a large excess of latent 
heat in the surface layer;  

3.  The ocean albedo would be significantly lowered in an ice-free state; 
and,  

4.  The ice free state would mean surface waters are saltier at the time 
autumn cooling commences, meaning deeper, and more vigorous 
convection – leading to further delays in ice formation, 

the Arctic Ocean might be expected to stay ice-free longer, and possibly return 

to a seasonally ice-free state in future years.  

Results showed, however, that despite remaining ice-free for several months, 

and not beginning to freeze up until November, following an ice-free summer state, ice 

formation occurred quite quickly thereafter, as the growth rate of thin ice is greater than 

that of thick ice (Tietsche et al. 2011). As a result, the Arctic returned to reference state 

conditions within 2-5 years of the initial perturbation, in all cases, suggesting that loss of 

summer Arctic sea ice may not be irreversible (Tietsche et al. 2011). 

Notz et al. (2009) suggest that this stabilizing effect on thin ice growth was an 

important contributing factor to the recovery of the summer ice pack in 2008/2009, 

following the 2007 minimum. 
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While there is evidence to suggest that the loss of a summer ice pack in the 

Arctic might not be irreversible (Tietsche et al. 2011), other studies (Lindsay and Zhang 

2005; Holland et al. 2006), as well as the recent observational trends, suggest that as 

sea ice continues to thin, it becomes more prone to large fluctuations in area; even with 

small changes in forcing. Thus, Lenton (2012) argues that this could represent tipping 

point behaviour.  

Meridional Overturning Circulation 

The Meridional Overturning Circulation (MOC) is an integral part of the global 

ocean circulation, redistributing tropical heat to the northern high latitudes. Warm saline 

water originating in the Gulf of Mexico travels northwards, via the Gulf Stream, towards 

the North Atlantic. As it advances northwards, the water cools and becomes denser. 

Once a critical density is reached, convection drives this dense, saline water to depth, 

forming North Atlantic Deep Water (NADW). NADW is then driven southwards by north-

south density gradients. Once in the Southern Ocean, westerly winds in the Southern 

Ocean cause upwelling of this NADW, as Ekman transport pushes this water 

northwards towards the tropics (Rahmstorf 2002). Surfaces of constant density in the 

ocean are referred to as isopycnal surfaces. The direction perpendicular to the local 

isopycnal surface is called the “diapycnal” (i.e. across-isopycnal) direction. Mixing 

across density surfaces, or diapycnal mixing, is also thought to facilitate the upwelling of 

deep water to the surface (Kuhlbrodt et al 2007). 

The MOC is thought to have three potential states – a ‘warm’ mode, a ‘cold’ 

mode that only exists during glacial periods, and an ‘off’ mode. In its present state, the 

MOC is in a ‘warm’ mode where deep-water formation occurs in the Nordic Seas. 

During the last glacial maximum, deep-water formation occurred off the coast of Iceland 

suggesting that the MOC was in a ‘cold’ mode (Rahmstorf 2002). The sudden onset of 

the Younger Dryas cooling (c. 13000-11500 yrs. BP) was thought to be in response to a 

shutdown of the MOC caused by large volumes of meltwater draining from the 

retreating Laurentide Ice Sheet (Fiedel, 2011). During this period, the North Atlantic 

Thermohaline circulation was thought to have been perturbed sufficiently to enter its 

‘off’ state, where deep-water formation ceases (Rahmstorf 2002). 
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Rahmstorf (2000) suggests that anthropogenic warming could increase the 

volume of freshwater entering the North Atlantic. This could weaken salt-water 

advection northwards into the North Atlantic, and with a large enough forcing, may be 

enough to tip the MOC into its ‘off state’, through a salt-advection feedback (Rahmstorf 

2000). This salt-advection feedback arises from the fact that salty water is dense, and 

water reaches its highest density at close to the freezing point. In the subtropical 

Atlantic (and Gulf of Mexico), we find a region of net negative precipitation minus 

evaporation (P – E); hence the water there is quite salty. In the North Atlantic, though 

there is net positive P – E, we have a transport of salty water into the North Atlantic, 

which cools and reaches a critical density there, driving deep water formation, and the 

MOC itself (Hofmann and Rahmstorf 2009). As the salinity of the North Atlantic 

decreases, so too does the strength of the overturning circulation. With enough 

freshwater forcing, a positive feedback loop could arise where reductions in salinity 

yield a weakening of the MOC, and hence less transport of salty water into the North 

Atlantic, and hence further weakening of the MOC (Rahmstorf 2000).   

In high latitude regions, where precipitation is limited by water vapour content in 

the relatively cold air, warming temperatures (especially in winter) will increase the 

water vapour capacity of the air, and hence increase mean annual precipitation in the 

North Atlantic. Warming temperatures will also reduce the volume of water locked up in 

the cryosphere, further increasing runoff from glaciers. As salty water is denser than 

freshwater, freshening of the North Atlantic will reduce the density of ocean water in the 

North Atlantic, and weaken NADW formation. A large enough forcing could eventually 

cause NADW formation to cease (Rahmstorf 2000). Estimates by Rahmstorf (2000) 

suggest that a freshwater forcing of ~0.1Sv (where 1 Sv = 1 x 106 m3s-1) for several 

centuries may be enough to reach the critical threshold.  

Another feedback relevant to the MOC is the convective feedback loop. 

Convection causes vertical mixing, which continually removes freshwater from the 

surface. This can help prevent the formation of a freshwater convective “lid” (Rahmstorf 

1999a). In a stable overturning circulation regime, this helps to reduce the effect of 

freshwater on reducing the overturning circulation, making it somewhat less sensitive to 

freshwater forcing. However, the convective feedback can also lead to a reduction in 

vertical convection (since reduced surface density reduces convection). Leading to an 
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accumulation of freshwater at the surface, this further inhibits convection, and increases 

the risk of a “polar haline catastrophe”, where a large surface freshwater layer prevents 

the downward convection of NADW (Rahmstorf 1999b). 

Estimates of the global warming required for a complete collapse of the Atlantic 

MOC range from 3-5.5°C (Kulbrodht et al 2009; Lenton et al 2008; Rahmstorf 2000).  

Despite several feedback mechanisms that could conspire, in a warming world, 

to shut down the MOC, most modeling experiments and intercomparison studies show 

that the MOC will weaken in response to warming (Gregory et al. 2005; Weaver et al. 

2012).  

An integrated modeling intercomparison study by Gregory et al. (2005) tested 

the modeled MOC response from 11 models to three different scenarios. One fully 

coupled transient scenario was tested, where the CO2 follows a 1% per year 

compounded increase until CO2 concentrations reach four times their initial 

concentration (TRANSIENT run). Two partially coupled scenarios were also tested – 

one where CO2 is held constant at the control value, while the daily water fluxes from 

the TRANSIENT run are used (CRAD_TH2O), and another where CO2 evolves as in 

the TRANSIENT run, but the daily water fluxes from the control run are used 

(TRAD_CH2O). The two partially coupled scenarios (CRAD_TH2O and TRAD_CH2O) 

were tested in order to quantify the relative importance of changes in the water flux, and 

changes in CO2 concentration on changes in MOC strength.  

Gregory et al. (2005) found that the MOC response all 11 models showed the 

same qualitative response in the TRANSIENT runs. In all cases, the MOC gradually 

weakened, but never collapsed, with a reduction in strength ranging between about 

10% and 50% of the initial strength (Gregory et al. 2005). No systematic difference 

between the responses of Earth System Models of Intermediate Complexity (EMICs) or 

Atmosphere-Ocean General Circulation Models (AOGCMs) was found (Gregory et al. 

2005). The decline modeled by the UVic ESCM was on the order of ~30%; about 

middle of the range amongst the model responses (Gregory et al. 2005).     

There was no statistically significant correlation between the magnitude of 

increase in temperature and the weakening of the MOC, but Gregory et al. (2005) found 
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a negative correlation between control MOC strength and the magnitude of the 

weakening, such that models with greater reference MOC strength tended to display 

larger declines.  

The partially coupled experiments showed that, in most models, including the 

UVic ESCM, heat flux changes contributed more towards the weakening of the MOC 

than water flux changes did (Gregory et al. 2005).  

A modeling intercomparison study by Stouffer et al. (2006) investigated the 

response of the MOC in 14 models to a 0.1 Sv freshwater “hosing” experiment, where 

an additional 0.1 Sv freshwater flux is applied uniformly to the North Atlantic between 

50°N and 70°N for a 100 year period. This freshwater flux is on the order of the same 

magnitude suggested by Rahmstorf (2000) to possibly be enough to cause a collapse 

of the MOC. 

It was found that in all cases, the models exhibit a gradual weakening of the 

MOC over the 100-year period, with a 1.3 – 9.7 Sv reduction by the 100th year (or a 9 – 

62% reduction relative to the control), and an ensemble mean of about a 5.6 Sv 

reduction (or ~30% relative to the control) (Stouffer et al. 2006). The UVic ESCM 

exhibits a ~8.5 Sv reduction in strength (about a 40% reduction). None of the models 

display a full collapse of the MOC (Stouffer et al. 2006).  

A 100 year 1.0 Sv freshwater hosing experiment (with similar configurations to 

the 0.1 Sv experiment) was also performed for 9 of the 14 models, including the UVic 

ESCM, and it was found that the MOC approaches values of a few Sv within ~50 years 

of the initial freshwater perturbation (Stouffer et al. 2006). In two of the models 

(including the UVic ESCM), the MOC does not recover after the freshwater forcing 

anomaly is removed, suggesting that the MOC may have changed states (Stouffer et al. 

2006). 

Weaver et al. (2012) conducted a model intercomparison project, where the 

responses of the MOC across 25 of the Coupled Model Intercomparison Project 5 

(CMIP5) models, and five EMICs (including the UVic ESCM), were tested in response 

to the four RCP scenarios: RCP 2.6, RCP 4.5, RCP 6.0, and RCP 8.5. Similar to the 

TRANSIENT runs in Gregory et al. (2005), the MOC saw gradual weakening over time. 



 

24 

The magnitude of weakening varied by model, and was smallest for RCP 2.6, and 

largest for RCP 8.5. Year 2100 reductions ranged between 18-25% (relative to the year 

1800), with a mean of 22% for the RCP 2.6 scenario, and 36-44%, with a mean of 40% 

for the RCP 8.6 scenario. Only two of the 30 models exhibited an eventual shutdown of 

the MOC in RCP 8.6, but the shutdown was gradual, similar to that seen in Manabe and 

Stouffer (1994). Similar to the findings of Gregory et al. (2005), surface heat fluxes 

played a more important role than freshwater fluxes in the role of the MOC weakening.  

Amazon Rainforest 

Containing ~25% of global biodiversity, and an integral component of global 

biogeochemical cycling, the Amazon rainforest provides a vast number of important 

ecosystem services (Mahli et al 2009), defined as the benefits (economic, nutritional, 

among others) obtained from functioning ecosystems (Duraiappah et al. 2005). In 

addition to the obvious timber and fuel biomass provided by the Amazon, it plays an 

important role in carbon sequestration, climate regulation, and modulation of freshwater 

and river flows (Foley et al 2007). Interestingly, it may also play an important role in the 

protection against disease spread, since the prevalence of infectious diseases (such as 

malaria) is much greater in areas of degraded forest than in regions with intact 

rainforest (Foley et al 2007; Duraiappah et al. 2005).  

At the beginning of the 20th century, it is estimated that the Amazonian rainforest 

covered approximately 4 million km2. Prior to the mid-20th century, access to 

Amazonian forest was quite restricted, and thus deforestation was limited to small scale 

clearing along river ways. Following the construction of roads and infrastructure in the 

1950s and 1960s, however, large scale deforestation was possible, and by 2001 an 

estimated ~600,000 km2 had been deforested; 61000 km2 in the state of Rondonia 

alone (de Barros Ferraz et al 2005; Kirby et al 2006). Annual deforestation rates in the 

Amazon varied from ~11000 km2 to a high of nearly 30000 km2 per year between 1990-

2003 (Kirby et al 2006).  

Archilbold (1995) notes that tropical rainforests are quite sensitive to 

deforestation, and in lowland Malaysian dipterocarp forest, a deliberate removal of 10% 

of the trees is estimated to result in the indirect loss of another 55% or so. Similar 
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trends have been noted in Amazonian rainforest, where a mere 2% selective removal of 

forest in the Paragminas region of Para, resulted in the further dieback of another 24% 

of the vegetation (Archibold 1995). 

One of the reasons why the tropical rainforest is so sensitive to deforestation is 

the fact that an estimated 30-50% of the rainfall received within the Amazon Basin is 

self-generated or recycled through canopy evapotranspiration (Marengo et al 2011).  

Removal of rainforest results in a decline in evapotranspiration and water storage, and 

hence a decline in rainfall.  

Flora in the lowland tropical evergreen rainforests of Brazil require an annual 

mean rainfall of >1500 mm yr-1, and are unable to tolerate a prolonged dry season. That 

is, they are unable to survive if the maximum monthly climatological water deficit 

(MCWD) (precipitation minus evapotranspiration) rises above 200 mm (Mahli et al. 

2009). In regions of the Amazonian basin with more prolonged dry seasons (areas with 

a MCWD of ~200 mm yr-1 or more), forests tend to become more deciduous (seasonal 

forests) and will shed their leaf cover during the dry season. In areas where annual 

mean precipitation is <1500 mm yr-1, forests become replaced by savannah (Mahli et al. 

2009).  

Marengo et al. (2011) suggest that if deforestation of the Amazon reaches 40%, 

it may trigger a tipping point where further reductions in forest would “cause climate 

impacts which in turn [trigger] further forest loss” (p. 45). Similarly, it is thought that a 

threshold maximum regional warming may exist, beyond which a massive dieback of 

Amazonia would be realised (Mahli et al 2009; Marengo et al 2011). It is still somewhat 

uncertain what this threshold would be; though Marengo et al. (2011) suggest it could 

be achieved with a global mean warming of 3-4°C.  

Marengo et al. (2011) note that forest-dieback can induced a positive feedback 

loop whereby carbon release from the decaying vegetation drives a further increase in 

atmospheric CO2. This in turn can lead to further dieback. Though increased CO2 (via 

the fertilization effect and increased water-use efficiency) has been shown to lead to 

short-term increases in vegetation, it eventually loses out to the effects of a warmer and 

drier climate (Cox et al. 2000).  



 

26 

Cox et al. (2000) explored the climate-carbon cycle response to the IS92a 

emission scenario using the HadCM3 coupled AOGCM, along with the HadOCC ocean-

carbon cycle model and TRIFFID dynamic global vegetation model. The study found 

that by 2050, global land carbon begins to decline, despite continued CO2 emissions 

and elevated concentrations of atmospheric CO2. The decline in global land carbon 

was not only caused by increases in soil respiration, but also, in large part, due to 

declines in precipitation and warming over Amazonia, which caused declines in 

broadleaf vegetation carbon. (Cox et al. 2000).  

A study by Cox et al. (2004) utilizing the HadCM3LC model coupled to the 

TRIFFID dynamic vegetation model, found that rainfall was generally under-estimated 

over much of the North-Eastern Amazon. This resulted in an underestimation of the 

overall average Amazonian rainfall by about 20%, which Cox et al. (2004) note had 

implications for the timing of vegetation dieback. The study investigated the response of 

Amazonian forest to the IS92a emissions scenario. By the end of the 21st century, a 

global mean warming of about 5.5ºC was simulated.  

Averaged over the Amazon as a whole (70°W-50°W, 15°S - 0°), the region was 

subject to warming on the order of 9 K, and precipitation reductions on the order of 2.9 

mm day-1. Not surprisingly, this resulted in massive dieback of forest, marked by 

biomass reductions on the order of a 78% loss of vegetation carbon, and a 72% loss of 

soil carbon. Broadleaf forest declines from just over 80% coverage in the Amazonian 

Basin to less than 30%, while barren soil, which was negligible in the 20th century, 

climbs to about 50%. There was only a small increase in savannah coverage (Cox et al. 

2004) 

CO2 fertilization effects account for the more or less steady vegetation cover 

until 2040, when rainfall begins to drop below a threshold value of ~3 mm day-1, and 

this initially permits the expansion of C3 grasses (savannah), however, Cox et al. (2004) 

note that eventually conditions become even too dry and warm for this ecosystem to 

survive; leading to a landscape with widespread barren soil. Cox et al. (2004) caution 

that the TRIFFID model’s assumption that plant respiration always increases with 

temperature, may lead to overestimation of the response of transpiration to warming. 
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They however note that the inability of the model to include forest fire dynamics may 

compensate this somewhat (Cox et al. 2004). 

Sitch et al. (2008) explored the response of five dynamic global vegetation 

models (DGVMs) – Hyland, the Lund-Potsdam-Jena DVGM, ORCHIDEE, Sheffield 

DVGM and TRIFFID. The vegetation models were coupled to HadCM3LC. Four SRES 

emission scenarios (A1FI, A2, B1, and B2) were tested, and it was found that all models 

simulated a decline in vegetation carbon over Amazonia between 1860 and 2100. 

Replacement of tropical broadleaf by herbaceous C4 grass and shrubs, in TRIFFID, led 

to the largest dieback (Sitch et al. 2008), enhanced by physiological feedbacks, such as 

reduced stomatal conductance under a higher CO2 environment, as well as reductions 

in evapotranspiration associated with the forest loss itself (Woodward et al. 2005; Betts 

et al. 2004).  

Declines in Amazon broadleaf forest in the Sitch et al. (2008) study (>50% over 

many regions of the Amazon), for the A1FI scenario, are similar to the declines seen in 

the Cox et al. (2004) study using the IS92a scenario. What differs, however, is that Cox 

et al. (2004) found large increases in bare soil, while in Sitch et al. (2008), TRIFFID 

simulates broadleaf vegetation becoming replaced by herbaceous plants (shrub and C3 

grass). Both studies reported similar peak CO2 concentrations (~1000 ppm) (Cox et al. 

2004; Sitch et al. 2008) and both noted that reductions in precipitation and elevated 

temperature in Amazonia were responsible for the broadleaf dieback, and both studies 

noted similar global mean temperature anomalies (of around 5.5°C) (Cox et al. 2004; 

Sitch et al. 2008). 

A model intercomparison paper by Galbraith et al. (2010) conducted factorial 

simulations (which test the relative contribution of a particular variable to changes in 

vegetation carbon), testing three DVGMs – Hyland, LPJ, and TRIFFID, to explore the 

relative contributions of four environmental drivers (precipitation, temperature, humidity, 

and CO2) to changes in Amazonian vegetation carbon. The three DGVMs were forced 

using climate data from HadGCM3 for four SRES scenarios (A1FI, A2, B1, B2). 

Galbraith et al. (2010) found that when all four environmental drivers were included, 

vegetation carbon undergoes net declines between 2003 and 2100 in TRIFFID and LPJ 

for all scenarios, and in Hyland for the A1FI scenario. In the TRIFFID and LPJ runs, 
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especially for the A2 and A1FI simulations, temperature related effects in the factorial 

simulations were more important than CO2 fertilization, and an order of magnitude 

larger than the deleterious effects of reduced precipitation (Galbraith et al. 2010). 

A more recent paper by Cox et al. (2013), which applied an observational 

constraint that links the sensitivity of the Amazon response to interannual variability 

(IAV) in the growth rate of atmospheric CO2, suggests that the risk of a late-21st century 

collapse of the Amazonian rainforest is quite small; a ~0.24% chance, versus a ~24% 

chance suggested by the data from the Coupled Model Intercomparison Project 4 

(C4MIP) models. The study calculated the relationship between the tropical temperature 

anomaly and the variation in the atmospheric growth rate of CO2 sensitivity. By 

performing a regression on the data, they estimated that the relationship was on the 

order of 5.1±0.9 GtC yr-1 K-1. In doing so, they were able to place an observational 

constraint on the relationship between the sensitivity of tropical land carbon to 

temperature change (γLT) (in GtC K-1). This resulted in a probability density function for 

γLT that had a smaller mean (-53 GtC yr-1) than that suggested by the CMIP4 models (-

69 GtC yr-1) and a smaller spread. Hence the probability that the γLT is larger than -100 

GtC yr-1 (values typical for models that simulate large scale Amazon dieback) is much 

lower than that predicted by the data from C4MIP models. 

1.4.5. Types of Climate Models 

A wide variety of climate models exist, each with their own set of assumptions, 

and particular strengths and weaknesses (Figure 1.1). As such, particular models are 

designed to assess differing sets of questions; choosing the appropriate model to 

answer one’s research question is an important step. Six main classes of climate 

models are distinguished in the literature. In the order of increasing complexity, they are 

energy balance models of the atmosphere (EBMs), radiative-convective models 

(RCMs), statistical dynamical models (SDMs), earth system models of intermediate 

complexity (EMICs), atmosphere-ocean general circulation models (AOGCMs), and 

climate system (or earth system) models (ESMs) (Claussen et al. 2002).   
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Figure 1.1.  The climate model spectrum. Reprinted with permission from 
Claussen et al. (2002). 

Energy Balance Models (EBMs) and Radiative-Convective Models (RCMs) 

Energy Balance Models (EBMs) and Radiative-Convective Models (RCMs) 

belong to the group of conceptual ‘toy’ models in which many of the complexities of the 

climate system have been removed (Claussen et al. 2002), in order to explore the 

effects that a few fundamental zero-th and first order processes, such as the Earth’s 

radiation budget, the solar constant, or albedo, for example, have on Earth’s climate 

(North et al. 1981). They allow us to gain a conceptual understanding of the climate 

system, or its various components, before hypotheses or experiments are tested in 

more detailed, complex climate models, where the results can be harder to interpret 

(Shell and Somerville 2005). 

EBMs and RCMs rank at the low end of model “integration” in the Claussen et 

al. (2002) climate model spectrum since they primarily focus on the atmosphere, with a 

limited number of interacting components. Given that they are designed to investigate 

one or two key processes in isolation, they rank low on the number of ‘processes’ 

included (Claussen et al. 2002). In terms of ‘detail of description’, that Claussen et al. 

(2002) define as “the degree of geographic details or geographic integrity [captured]” 
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(pg. 583), EBMs also rank quite low, for they view the Earth in terms of highly simplified 

geographies. 

The simplest models are zero-dimensional EBMs that treat the entire Earth as a 

singular point, exploring how the average global temperature is affected by changes in 

surface energy balance, the solar constant, albedo, etc. (Huber 1997). In these models, 

Earth is viewed as a reservoir for heat and energy. Inputs to the system are delivered 

by incoming shortwave radiation, which is affected by the solar constant, and the 

average albedo. Outputs are driven by losses due to longwave radiation from the Earth. 

If the inputs balance the outputs, then Earth’s temperature is in equilibrium. If the 

energy balance is perturbed in some way, then the surface temperature must change in 

order for the system to reach equilibrium once again. If inputs < outputs, then the 

surface temperature will decrease, and conversely if inputs > outputs, then the surface 

temperature will increase. 

One-dimensional (1D) EBMs ignore the vertical component of the Earth-

Atmosphere system (North et al. 1981). Instead of viewing Earth as a singular point, 

however, these models add an extra element of complexity, by exploring variations in 

Earth’s energy budget with latitude (Huber 1997). Here, variables such as incoming 

shortwave radiation and albedo are assumed to vary with latitude, and hence the 

surface energy budget will vary as one moves away from the equator and towards the 

poles (Huber 1997). 

EBMs have been a useful tool in furthering our understanding of mechanisms 

controlling the climate response, as well as for exploring various feedbacks within the 

climate system (Shell and Somerville 2005). For example, 1D EBMs have been crucial 

in furthering our understanding of the past glaciations, and the concept of “Snowball 

Earth”, where the entire Earth becomes glaciated. Budyko (1969) was able to show, 

using a relatively simple 1D EBM, that a “snowball earth” state could be achieved, by 

reducing the solar constant to the point that the distribution of ice reaches a critical 

latitude. Once the ice line reaches the critical latitude, the system will proceed to a fully 

glaciated state without further perturbation of the solar constant (Budyko 1969).  
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Radiative-convective models (RCMs) are usually 1D to 2D, and always 

invariably include the vertical component of the atmosphere (whereas EBMs focus on 

the horizontal component) (Ramanathan and Coakley 1978), and are designed to 

investigate forcing perturbations that originate within the atmosphere (i.e. the vertical 

component of the climate system), such as volcanic forcing. 2D RCMs also include a 

horizontal component (which would be similar to that in a 1D EBM).  

RCMs model the way that energy is transferred through the atmosphere; 

modelling the atmospheric shortwave and longwave radiation fluxes. They calculate the 

lapse rate of various layers of the atmosphere as a function of the radiative imbalance 

between the top and bottom of each layer (Ramanathan and Coakley 1978). The 

atmospheric layer can either be viewed as being in radiative equilibrium, or in 

convective equilibrium, depending on the lapse rate present. There is a critical lapse 

rate (or temperature gradient) at which a layer ceases to be in radiative equilibrium, and 

becomes subject to convection – when the layer’s lapse rate is greater than the 

adiabatic temperature gradient. Convection will cause mixing within the atmospheric 

layer until a uniform potential temperature is reached, and the lapse rate matches that 

of the adiabatic temperature gradient (Ramathan and Coakley 1978). 

Statistical-Dynamical Models (SDMs) 

Statistical-Dynamical Models (SDMs) are based on the inclusion of time-

averaged equations that parameterize the effects of large-scale atmospheric and 

oceanic motion in terms of their climatic means (Saltzman 1978). The simplest type – 

the EBM variety, exclude atmospheric and oceanic dynamics, and employ varying 

degrees of parameterizations of mass and heat fluxes. The SDMs of this variety would 

rank alongside EBMs and RCMs in terms of detail of description - focusing mainly on 

globally to zonally averaged climates (Claussen et al. 2002). Saltzman (1978) notes, 

however, that some of these SDMs include some degree of vertical resolution, and thus 

would include a higher degree of geographic detail than simple EBMs or RCMs. They 

would also rank similarly low in terms of the number of processes included (Claussen et 

al. 2002).  
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Another group of SDMs, which Saltzman (1978) refers to as “momentum 

models”, include thermodynamic equations and statistically averaged equations of 

motion in the atmosphere, in which climatological means of the variables are used. 

These more complex SDMs are also generally two-dimensional (2D) in structure, 

containing both vertical and latitudinal components, but are zonally averaged (Saltzman 

1978), and hence would rank higher in terms of their number of processes included and 

detail of geographic description than EBMs or RCMs, but lower than three-dimensional 

(3D) GCMs, or Earth-System Models of Intermediate Complexity (Claussen et al. 2002).  

Vallis (1982) notes that SDMs have been particularly useful in exploring 

problems in climatology where the statistically averaged climatology (rather than the 

spatial distribution in climate) is of interest – such as for the exploration of the last 

glacial maximum and other ice ages, as for long-term simulations they are much more 

economical to run, and their outputs are simpler to interpret than outputs from GCMs.  

Earth System Models of Intermediate Complexity (EMICs) 

Earth System Models of Intermediate Complexity (EMICs) are a very 

heterogeneous class of climate models, which Claussen et al. (2002) describe as 

“bridging the gap between conceptual, inductive, simple and comprehensive, and 

comprehensive, quasi-deductive models” (p 2). Though they include most processes 

described in comprehensive GCMs, they do so in a more reduced form, which includes 

parameterization (Claussen et al 2002). This permits them to include an earth systems 

framework, allowing for the inclusion of carbon-cycle feedbacks from the terrestrial 

biosphere and the ocean. The computational efficiency of EMICs also allows for 

simulation of millennial scale climate changes, and permits researchers to perform 

multiple runs efficiently.  

Thus, EMICs represent a trade-off between detail and the inclusion of a number 

of interacting components (of the Earth System) (Claussen et al 2002). For example the 

model of choice, the University of Victoria Earth System Climate Model (UVic EMIC) 

includes a complex 3D ocean general circulation model with dynamic-thermodynamic 

sea ice, but uses a thermodynamic energy-moisture balance model of the atmosphere. 

Doing so, allows it to incorporate components of the terrestrial and marine carbon 
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cycles (Weaver et al 2001; Eby et al 2009). The trade-offs also permit computational 

efficiency (Claussen et al 2002). 

The simplifications included in EMICs, however, mean that their ability to 

simulate certain aspects of the climate system (such as those which arise due to 

climate variability, or are heavily linked to atmospheric transport) is reduced (Flato 

2011). 

Atmosphere-Ocean General Circulation Models (AOGCMs) 

Atmosphere-Ocean General Circulation Models (AOGCMs) are 3D models 

which fall under the category of “Comprehensive Models” in Claussen et al (2002)’s 

spectrum of climate models. AOGCMs contain a 3D representation of the atmosphere 

and ocean, and solve the fundamental physical equations (those related to the 

conservation of energy, momentum, mass and the Ideal Gas Law), for each grid point 

on the model’s sphere. They often also contain representations of sea ice and land 

surface schemes to a degree (NOAA 2012). AOGCMs rank high on the number of 

processes included, and the detail of description in Claussen et al. (2002).  

Because of their highly detailed simulations of atmosphere and ocean dynamics, 

AOGCMs were, for many years, at the pinnacle of model development (Claussen et al. 

2002). For the very same reasons, however, AOGCMs are also computationally quite 

expensive, and it has been for these reasons that AOGCMs have not been able, until 

recently, to include integrations with other components of the climate system (such as a 

representation of the carbon cycle and dynamic vegetation). Therefore AOGCMs rank 

relatively low on their level of integration in Claussen et al. (2002)’s spectrum of climate 

models.  

Given their computational requirements, AOGCMs are best suited for short- to 

mid-term model integrations (model runs of a few centuries at most). Longer-term 

simulations (of several centuries to millennia) are better reserved for the more 

computationally efficient EMICs (Claussen et al. 2002). 
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Earth System Models (ESMs) 

Earth System Models are the newest class of climate models that combine the 

level of detail and number of processes provided by AOGCMs with the level of 

integration achieved by EMICs (Flato 2011). They would fall under the class of 

“comprehensive models” on Claussen et al. (2002)’s spectrum of climate models, but 

have a higher level of integration than standalone AOGCMs. For example, The 

Canadian Centre for Climate Modeling and Analysis’ (CCCma) Canadian Earth System 

Model (CanESM) contains an atmosphere general circulation model, coupled to an 

oceanic general circulation model, but also includes representations of the terrestrial 

carbon cycle, dynamic vegetation, as well as inorganic and marine ocean carbon 

(Zickfeld et al. 2012).  

With their added level of integration, ESMs have recently been used in a series 

of intercomparison projects investigating the role of the carbon cycle in the climate 

system, such as CMIP3 (Meehl et al. 2007b), C4MIP (Friedlingstein et al. 2006), and 

CMIP5 (Taylor et al. 2012), and have played an important role in the IPCC’s 5th 

Assessment Report (Taylor et al. 2012). Similar to AOGCMs, however, ESMs are very 

computationally expensive to run, and are not designed to perform long term 

simulations of the carbon cycle - experiments that EMICs can perform relatively 

efficiently. 



 

35 

2. Methods 

We utilize the University of Victoria’s (UVic) Earth System Climate Model 

(ESCM), an Earth System Model of Intermediate Complexity (EMIC), to explore a range 

of CO2 emission pathways over a broad range of cumulative emissions (1275 GtC to 

5275 GtC) to explore path dependence of regional climate change, particularly in areas 

that could be affected by tipping points. Tipping points explored include those 

responsible for the disappearance of summer Arctic sea-ice, the collapse of the Atlantic 

Thermohaline Circulation, and the dieback of the Amazonian Rainforest. 

2.1. UVic Earth System Climate Model 

The UVic ESCM, is an EMIC, which consists of a primitive 3-dimensional, 19-

layer ocean general circulation model, coupled with a dynamic-thermodynamic sea ice 

model, and a thermodynamic energy-moisture balance model of the atmosphere with 

dynamical feedbacks (Weaver et al. 2001). Land surface and terrestrial vegetation 

dynamics are modeled using a simplified version of the Hadley Centre Met Office 

surface exchange scheme (MOSES) coupled to the Top-Down Representation of 

Interactive Foliage and Flora Including Dynamic vegetation model (TRIFFID) (Meissner 

et al. 2003). Ocean carbon is represented via an Ocean Carbon Cycle Model 

Intercomparison Project (OCMIP) type inorganic ocean carbon-cycle model and a 

nutrient-phytoplankton-zooplankton-detritus marine ecosystem model (Schmittner et al. 

2005). Sediment processes are represented using an oxic-only model of sediment 

respiration (Archer 1996). Model coverage is global with a zonal resolution of 3.6° and 

meridional resolution of 1.8° (Weaver et al. 2001).  
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2.1.1. Atmospheric Component 

A major assumption employed by all energy balance models (EBMs) is that all 

energy fluxes can be parameterized by earth’s surface temperature (which controls a 

large proportion of the outgoing long-wave infrared radiation emitted by Earth) (North 

1975).   

The atmospheric component of the UVic Model is a vertically-integrated 

thermodynamic Energy-Moisture Balance Model (EMBM), which assumes energy and 

specific humidity decline exponentially with height. The model parameterizes transport 

of atmospheric heat and moisture by diffusion, though it does permit moisture advection 

from prescribed winds (Weaver et al 2001). Present day wind fields are created from a 

40-year weighted average of long-term monthly mean wind fields from the surface up to 

about 10km (Weaver et al. 2001; Meissner et al. 2003). Water vapour is assumed to 

decline exponentially with height, while the zonal diffusion coefficient is assumed to 

increase linearly with distance from the coast as one moves inland (Meissner et al. 

2003). 

Wind stress anomalies are parameterized as a function of surface air 

temperature anomalies, such that the prescribed winds are modified by changes in 

temperature to account for changes in wind fields with a changing climate (Weaver et 

al. 2001).  

The energy balance equation for the UVic ESCM`s atmosphere is given by: 
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where ρa is the surface air density (1.25 kg m-3), ht is representative scale 

height for temperature, cpa is the specific heat capacity of air at constant pressure, Ta is 

the sea level air temperature, while the right and side of the equation consists of terms 

representing sources or sinks of heat in the atmosphere. These are the heat transport 

term (QT), incoming shortwave radiation (QSW) and a related adsorption coefficient (CA 

= 0.3), latent heat flux (QLH), long-wave radiation emitted by the Earth (QLW), sensible 

heat flux (QSH) and outgoing planetary long-wave radiation (QPLW) (Weaver et al 2001). 
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Moisture balance in the UVic ESCM is parameterized by the following equation: 

   (3) 

where ρa is the surface air density, hq is a constant scale height for specific 

humidity, · is divergence, qa is the surface specific humidity, κ is the eddy-diffusivity, 

ρo is the reference density of water, E is evaporation, and P is precipitation.  

is the diffusion of surface specific humidity.  

Precipitation, P, occurs when the relative humidity, r, is greater than a threshold 

value, rmax = 85%. When this condition is met, precipitation is proportional to the 

difference between the actual specific humidity, and that of the saturation specific 

humidity (for the particular temperature present) multiplied by rmax: 

    (4) 

where Δt is the time-step, and qs(Ta) is the saturation specific humidity for 

temperature Ta. 

2.1.2. Ocean Model 

The ocean model consists of a primitive equation 3D ocean general circulation 

model that includes isopycnal mixing (mixing of water along constant density surface) 

and a Gent and McWilliams (1990) parameterization of eddy-induced tracer transport. 

Diapycnal mixing (mixing across density surfaces) is modeled using a horizontally 

constant profile of diffusivity with values on the order of 0.3x10-4 m2s-1 in the pycnocline 

(the region where the density gradient is greatest) (Weaver et al. 2001). The model 

contains 19 ocean layers whose depth varies according to the following profile: layer 

thickness = 20 + (30*layer) metres. Thus, the uppermost layers are given finer 

resolution than deeper layers, such that the top layer has a thickness of 50m, and the 

deepest layer (layer 19) has a thickness of 590m (Weaver et al 2001). It uses the same 

horizontal grid resolution as the atmosphere and sea-ice models (Weaver et al 2001). 
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Sea ice dynamics are modeled using both a thermodynamic and elastic viscous 

plastic dynamic model components. The thermodynamic model assumes ice has no 

heat capacity and that surface temperature is in instantaneous balance with the 

external forcing (Weaver et al 2001). It predicts ice thickness, areal extent, and ice 

surface temperature. Ice dynamics are governed by a momentum balance equation 

(Weaver et al. 2001). 

2.1.3. MOSES Land Surface Scheme 

Land surface dynamics are modeled using a simplified version of the Met 

Office’s Surface Exchange Scheme (MOSES) (Meissner et al. 2003). In it, the land 

surface is described in terms of lying snow, skin temperature, and the temperature and 

moisture content of a single soil layer. Soil moisture is a function of the rainfall, 

snowmelt, evaporation rate (consisting of transpiration by vegetation, as well as bare 

soil evaporation) and continental runoff (Meissner et al. 2003). If snow is present, the 

evaporative demands are met by sublimation and melt from the lying snow before bare 

surface evaporation can begin (since the snow layer is assumed to be uniform over the 

surface) (Cox et al. 1999; Meissner et al. 2003). 

Transpiration is calculated separately for each of the five plant functional types 

(PFTs) (broadleaf trees, needleleaf trees, C3 grass, C4 grass, and shrub) in TRIFFID 

(section 2.1.4), and is a function of the grid cell’s vegetated fraction, the surface air 

density, the aerodynamic resistance (a function of the roughness length and wind-

speed), the canopy resistance factor (which depends on the PFT), the skin 

temperature, and the specific humidity (as a fraction of the saturated specific humidity 

for the particular skin temperature) (Meissner et al. 2003). 

Bare soil evaporation is controlled by the fraction of the grid cell that has no 

vegetation, the soil’s skin temperature, the aerodynamic resistance, the specific 

humidity (as a fraction of the saturation specific humidity), and the soil surface 

resistance (which is inversely proportional to the soil moisture availability factor - 

ranging from 0 to 1).  
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Runoff in the UVic ESCM is a function of the soil’s moisture content, as well as 

its hydraulic conductivity which describes how easily water will flow through it (a 

function of the material properties and its degree of saturation) (Meissner et al. 2003). 

MOSES also calculates the energy balance for each PFT or bare soil, as a 

function of the net radiation (for a particular PFT or bare soil), the latent heat of 

evaporation/sublimation (of a particular PFT or bare soil), and the soil heat flux 

(Meissner et al. 2003). 

Net radiation is calculated using a classic Budyko-Sellers scheme, where it is a 

function of the incoming short-wave radiation, downward long wave radiation, the 

surface albedo of the PFT in question (or that of the bare land surface), and the 

outgoing longwave radiation (Meissner et al. 2003). 

The latent heat flux is a controlled by the evaporation rates of bare soil and 

snowmelt, the latent heat of condensation (in the case of snow), and the latent heat of 

fusion, while the sensible heat flux is a function of the surface air density, the specific 

heat capacity of the air, the skin temperature, and the atmospheric temperature 

(Meissner et al. 2003). 

Finally, the soil heat flux is controlled by soil conductivity, the soil layer 

thickness, and the soil temperature (a function of the ground heat flux, the soil heat 

capacity, the soil thickness, and if snow is present – the energy required to melt snow) 

(Meissner et al. 2003). 

2.1.4. TRIFFID Dynamic Vegetation Model 

Vegetation not only responds to changes in both atmospheric CO2 and climate 

change in the UVic ESCM, but also is dynamic in that it can be replaced by other 

functional groups if conditions no longer favour the current vegetation cover. Terrestrial 

vegetation is modeled using TRIFFID, which includes five varieties of plant functional 

types: broadleaf tree, needle-leaf tree, C3 grass, C4 grass, and shrub, and soil carbon 

dynamics (Meissner et al., 2003). Vegetation dynamics are modeled using a top-down, 

‘carbon balance approach’, where changes in net carbon fluxes drive changes in 

vegetation (Meissner et al. 2003). 
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The TRIFFID module is closely coupled to the MOSES surface exchange 

scheme, linked by net primary productivity (NPP). Land-atmosphere fluxes, including 

photosynthesis and respiration (which are used to calculate NPP) are calculated by 

MOSES every 6 hrs, and then time averaged before being passed to TRIFFID (on a 

monthly basis) (Cox et al. 2001; Meissner et al. 2003). TRIFFID then uses the NPP to 

calculate changes in vegetation carbon and the vegetated fraction, as well as changes 

in soil carbon (Cox et al. 2001). 

Vegetation carbon is allocated between leaf carbon, root carbon and stem 

carbon, and is calculated separately for each PFT. It is a function of the NPP per unit 

vegetated area (of the PFT in question). Some of this NPP is used to increase the 

vegetated fraction of a grid cell, while the rest goes towards increasing the carbon 

content of the existing vegetation (Cox et al. 2001). 

Each of the PFTs are subject to inter-specific competition between the different 

PFTs. Competition is based on a tree-shrub-grass dominance hierarchy, where the 

dominant PFT limits growth and expansion of sub-dominants (but not vice-versa). In 

regions classified as agricultural regions, woody vegetation (trees, shrubs) are 

excluded, leaving only grasses (which are treated as `crops`) (Cox et al. 2001). 

The vegetative carbon pool is made up of three components – leaf carbon, root 

carbon, and stem carbon. Leaf carbon is linearly related to the leaf area index (LAI), 

while stem carbon is calculated as a function of the leaf area index (LAI), and a PFT-

specific power law, relating LAI to total stem biomass. Root carbon is assumed to be 

equal to leaf carbon (Cox et al. 2001).  

Leaf mortality rates are a function of temperature, and are assumed to remain at 

a minimum, constant rate (of 25% yr-1) until the leaf temperature drops below a certain 

threshold, which varies by PFT. Actual leaf mortality is modified by the phenological 

status of the vegetation in question, and the actual LAI (taken as a fraction of the 

maximum potential LAI). Oppositely, budburst (new growth) occurs if the temperature 

rises above the threshold, and its magnitude is a function of temperature (Cox et al. 

2001).  
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Soil carbon receives inputs from litterfall (divided into contributions from leaf, 

stem and root carbon from each PFT present), while microbial respiration reduces soil 

carbon. The total soil carbon in a particular grid cell is the area-weighted sum of all 

litterfall (leaf + root + stem), and contributions from large-scale disturbances, modified 

by a competition factor. Leaf turnover rates are consistent with leaf mortality, while root 

turnover is set equal to the minimum leaf turnover rate (25% yr-1) for all PFTs. Stem 

turnover is PFT dependent, and reflects the fraction of woody biomass constituting the 

PFT in question. Large-scale disturbances also contribute extra litterfall at a prescribed 

rate that reflects the vegetated fraction and the vegetation carbon content of a particular 

grid cell. The competition-dependent term is derived from carbon conservation of the 

soil-vegetation system, and reflects the fact that once a particular PFT occupies the 

maximum space available to it, within a grid cell, all NPP will be lost as litterfall (Cox et 

al. 2001). 

The soil respiration rate depends on the soil temperature, soil moisture content, 

and the carbon content of the soil, modified by a Q10 factor of 2.0  (Cox et al. 2001). 

The land-surface parameters required by the MOSES module are updated each 

time the vegetation cover changes, and are calculated directly from the canopy height 

and LAI of each PFT. Canopy height is assumed to be proportional to respiring stem 

carbon, which is a fixed ratio of total stem carbon (1/10th of total stem carbon for woody 

vegetation, and 1:1 for grasses) (Cox et al. 2001). Aerodynamic roughness is a fixed 

proportion of canopy height (5% for trees, 10% for grasses and shrubs), while the 

(snow-free) albedo of each vegetation tile is a function of the soil albedo (which varies 

geographically), the fraction of incident light that passes through the PFT to the soil 

surface, and a prescribed maximum canopy albedo (0.1 for trees, 0.2 for 

grasses/shrubs) (Cox et al. 2001).  

2.1.5. Ocean Carbon Cycling 

Ocean carbon dynamics are modeled using the Ocean Carbon-Cycle Model 

Intercomparison Project (OCMIP) type inorganic carbon cycle model (Orr et al. 1999; 

Ewen et al. 2004), while marine organic carbon is modeled via a nutrient-

phytoplankton-zooplankton-detritus marine ecosystem model (Schmittner et al 2008).  
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The inorganic carbon model calculates the oceanic partial pressure of CO2 as a 

function of temperature, salinity, dissolved inorganic carbon (DIC), total alkalinity, and 

the air-to-ocean pressure gradient. Both C12 and C14 are included (Orr et al. 2000). 

The concentration of DIC and dissolved radiocarbon (DIC14) will vary with 

changes in net evaporation – precipitation, changes in air-to-ocean exchange of CO2 

along the air-to-ocean pressure gradient, as well as the effects of advection, diffusion 

and convection within the ocean. The concentration of dissolved radiocarbon (DIC14) 

also varies as a function of radioactive decay constant (Orr et al. 2000). 

Salinity varies with changes in precipitation and evaporation, while air-sea CO2 

exchange fluxes vary with changes in the CO2 transfer velocity, ocean surface CO2 

concentration, the atmospheric pressure, and the solubility of CO2 (Orr et al. 2000). 

Gas transfer rates are proportional to the fraction of ice-free ocean, and wind speeds 

(Orr et al. 2000).  

The marine ecosystem model includes interactive cycling of N, P and O. The 

modeled inorganic chemistry includes dissolved oxygen (O2), nitrate (NO3), and 

phosphate (PO4), while the marine ecosystem model includes nitrogen-fixing 

diazotrophs, other phytoplankton, zooplankton, and particulate detritus (Schmittner et 

al. 2008).  

Phytoplankton biomass responds to changes in light levels, nutrient 

concentration, and predator abundance. Zooplankton biomass depends on their grazing 

rate (which is controlled by prey growth rates and abundance), zooplankton mortality, 

and nutrient excretion (Schmittner et al. 2008). Detrital matter (consisting of zoo-

plankton fecal pellets and dead zoo- and phyto-plankton) sinks at a fixed rate and is 

subject to slow remineralization (where it eventually becomes bioavailable or becomes 

dissolved inorganic carbon). The model also includes calcium carbonate formation and 

dissolution dynamics (Eby et al 2009).  
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2.2. Why use an EMIC? 

Using a model with a coupled climate-carbon cycle was absolutely necessary for 

this study. Having a carbon cycle is a prerequisite for the conversion of CO2 emissions 

into concentrations, since the relative fractions of carbon uptake by land, ocean, and 

remaining in the atmosphere need to be known. A coupled climate-carbon cycle was 

also a necessity to explore the global, and regional carbon cycles. 

The long computational times of a more comprehensive Earth System Model 

are not conducive to the integration times longer than a few centuries. This would have 

created several problems for this study. First, we were interested in both short-term 

path dependence (i.e. that which takes place before emissions cease), and as well as 

path dependence over the long-term (as the climate system approaches equilibrium).  

This would not have been achievable if we were only integrating the scenarios for a few 

hundred years. Second, our study tested a wide variety of peak and decline, overshoot 

and instantaneous pulse scenarios (24 in all) – each requiring its own integration. We 

would likely have not been able to explore the same breadth of scenarios with a more 

comprehensive model. Third, some tipping points, such as the weakening and collapse 

of the MOC, may not be realised for several centuries to millennia after emission 

cessation (Lenton et al 2008). In order to be fully sure that tipping point thresholds are 

not crossed, it is therefore imperative to let each run approach an equilibrium state 

(requiring at least several centuries after emission cessation).  

The UVic ESCM has been used in a number of model Intercomparison projects 

including the coordinated MOC experiment (Gregory et al. 2005; Stouffer et al. 2006), 

the Coupled Carbon Cycle Model Intercomparison Project (C4MIP) (Friedlingstein et al. 

2006), and the Paleoclimate Modeling Intercomparison Project (PMIP) (Weber et al. 

2007). In addition, the UVic ESCM has been included in the multi-century climate 

projections of the IPCC’s Fourth Assessment Report (Ar4) (Denman et al. 2007; Meehl 

et al. 2007a). Version 2.8 of the UVic ESCM was included in an intercomparsion project 

on the atmospheric lifetime of CO2 (Archer et al. 2009), while the current version of the 

UVic ESCM, version 2.9 has been included in intercomparison projects as part of the 

IPCC’s Fifth Assessment Report. These include a study on the stability of the MOC 
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(Weaver et al. 2012), and studies on long term climate change commitment and the 

reversibility of climate change (Eby et al. 2013; Zickfeld et al. 2013). 

2.3. Model Simulations 

This section begins with a description of the model integration over the historical 

period (Section 2.3.1 – Historical Simulations), followed by a description of the future 

simulations (Section 2.3.2 – Future Simulations), including a discussion of the 24 

emission scenarios and the 5 cumulative emission groups.   

2.3.1. Historical Simulations 

The experiment was started from the model’s pre-industrial configuration (with a 

CO2 concentration of 284 ppm), and integrated forward using the observed CO2 fossil 

fuel (Boden et al 2012) and land use change (LUC) emissions (Houghton 2008), along 

with non-CO2 greenhouse gas (CH4, N2O, halocarbons) (applied as reductions in 

outgoing longwave radiation), and sulphate aerosol data (applied as changes in local 

surface albedo) from calendar year 1800 to 2008. The observed solar variation (due to 

changes in solar luminosity and orbital configuration), volcanic forcing (applied as 

reductions in incoming short-wave radiation) and crop (applied as changes in local 

surface albedo) derived forcing data were also applied. Volcanic, orbital, solar, and 

crop-derived forcings were applied using the observed forcing until 2000, and then kept 

at constant 2000-levels over the rest of the simulation period. Over the 208-year period, 

the cumulative CO2 fossil fuel and LUC emissions were 453 GtC and 184 GtC, 

respectively, resulting in a year 2008 CO2 concentration of 382 ppm. 

2.3.2. Future Simulation 

Idealized emission scenarios from five cumulative emission groups (1275 GtC, 

2275 GtC, 3275 GtC, 4275 GtC, and 5275 GtC) were constructed, and include a total of 

twenty-four emission scenarios. They include both fossil carbon emissions and 

emissions from land use changes, and span a variety of peak and decline scenarios 

with varying emission rates, as well as overshoot and instantaneous pulse scenarios 
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(Figures 2.1 and 2.2). The emission scenarios were designed by setting a target year of 

emission cessation (see Table 2.1), and ensuring total cumulative emissions (from 1800 

onwards) fit into one of the 5 aforementioned cumulative emission groups. The 

emission curves include a cumulative 275 GtC of LUC emissions as well as a 

cumulative 1000 – 5000 GtC of fossil fuel emissions. LUC emissions have been 

designed to end in 2100, and all fossil fuel emissions end by 2350 to ensure the model 

has adequate time to equilibrate to the carbon emissions by the end of the integration. 

Simulations were run with the same forcings as over the historical period; crop, 

solar, orbital, volcanic, sulphate, and non-CO2 greenhouse gases (GHG), in addition to 

CO2 emissions. Crop, solar, orbital, and volcanic forcings were kept constant at year 

2000-level values, while two scenarios were tested for sulphate and non-CO2 GHGs.  

In the AGGFOR_2010 scenarios, the standard scenario (Figure 2.3 Panels A 

and B), sulphate and non-CO2 GHGs followed the Special Report on Emission 

Scenarios (SRES) A2 scenario until 2010, and then were held constant at year 2010 

levels. Sulphate aerosols and non-CO2 approximately cancel each other in the 

AGGFOR_2010 scenarios, meaning that the anthropogenic forcing is more or less due 

to CO2 alone.  

In the AGGFOR_2100 scenarios (Figure 2.3 Panels C and D), sulphate and 

non-CO2 GHGs followed the SRES A2 emission scenario until 2100 and then were held 

constant at year 2100 levels. This imparts an extra radiative forcing of~1 Wm-2. Note 

that though sulphate optical depth was kept constant after 2010 (2100) for the 

AGGFOR_2010 (AGGFOR_2100) scenarios, the actual sulphate forcing varies 

somewhat. This is because the actual sulphate forcing is a function of both the sulphate 

optical depth, and the surface albedo (which is constantly evolving throughout the 

simulations). 
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Table 2.1. The 24 emission scenarios and their characteristics 
(year of emission cessation and their maximum emissions rate) 

Cumulative 
Emission Group Scenario Year of Emission 

Cessation 
Maximum Emissions Rate  

(Fossil-fuel plus Land Use Change)  
(Gt C yr-1) 

1000 GtC    
 FAST 2100 14.11 
 VFAST 2100 17.39 
 OVST 2100 16.88 
 PULSE 2010 376.68 
2000 GtC    
 FAST 2100 17.13 
 MEDIUM 2100 14.86 
 SLOW 2250 11.54 
 OVST 2100 18.70 
 PULSE 2010 883.53 
3000 GtC    
 FAST 2200 19.05 
 MEDIUM 2250 14.72 
 SLOW 2300 12.86 
 OVST 2250 24.19 
 PULSE 2010 1390.4 
4000 GtC    
 FAST 2250 21.99 
 MEDIUM 2300 17.03 
 SLOW 2350 14.05 
 OVST 2300 28.22 
 PULSE 2010 1897.2 
5000 GtC    
 FAST 2300 24.86 
 MEDIUM 2350 21.12 
 SLOW 2400 15.87 
 OVST 2350 34.88 
 PULSE 2010 2404.1 
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Figure 2.1. Global annual CO2 emissions (fossil fuel plus LUC emissions) for 
the 1275 – 5275 GtC cumulative emission scenarios  (Note: PULSE scenarios not 
included). A) 1275 GtC scenarios, B) 2275 GtC scenarios, C) 3275 GtC scenarios, 
D) 4275 GtC scenarios, and E) 5275 GtC scenarios. (Note: legend for B also 
applies to C, D, and E). 
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Figure 2.2.  Global cumulative CO2 emissions (fossil fuel plus LUC emissions) 
for the 1275 – 5275 GtC cumulative emission scenarios. A) 1275 GtC scenarios, 
B) 2275 GtC scenarios, C) 3275 GtC scenarios, D) 4275 GtC scenarios, and E) 
5275 GtC scenarios. (Note: legend for B also applies to C, D, and E). 
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Figure 2.3.  Aggregate non-CO2 GHG and sulphate forcings (in Wm-2) for the 
AGGFOR_2010 and AGGFOR_2100 scenarios, A) Aggregate non-CO2 GHG 
forcing for the AGGFOR_2010 scenario, B): Aggregate non-CO2 GHG forcing for 
the AGGFOR_2100 scenario. C) Sulphate forcing for the AGGFOR_2010 scenario, 
and D) Sulphate forcing for the AGGFOR_2100 scenario. 
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3. Results and Discussion 

3.1. CO2 Concentration 

Peak CO2 concentration varies from 575 ppm in the 1275 GtC VFAST (with a 

peak emission rate of 17.4 GtC yr-1) to 2521 ppm in the 5275 GtC PULSE scenario 

(with a peak emission rate of 2404 GtC yr-1) (Figure 3.1). Scenarios with higher 

emission rates yield higher peak CO2 concentrations; a function of carbon sinks (land 

and ocean) being unable to keep up with faster emission rates (Eby et al. 2009; Zickfeld 

et al. 2012). 

Though the short-term CO2 concentration varies by scenario, the concentration 

curves all begin to converge after emission cessation, such that the long-term CO2 

concentration (post emission cessation) is more or less independent of the emissions 

rate for all five cumulative emission groups. Similar results have been achieved by 

Zickfeld et al. (2012) and Nohara et al. (2013), using more complex Earth System 

Models. 

Initially, the increased atmospheric CO2 concentration promotes CO2 fertilization 

effects, allowing for rapid uptake of CO2 by the land, similar to the findings of Cox et al. 

(2001). However, as emissions cease and CO2 declines, and temperature begins to 

stabilize, land carbon sinks weaken substantially (and in regions such as the tropics, 

become net carbon sources) leaving the bulk of the atmospheric CO2 uptake to the 

much slower ocean sink.  
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Figure 3.1.  Annual CO2 concentration for the 1275 – 5275 GtC scenarios.  A) 
1275 GtC scenarios, B) 2275 GtC scenarios, C) 3275 GtC scenarios, D) 4275 GtC 
scenarios, and E) 5275 GtC scenarios. (Note: legend for B also applies to C, D, 
and E). 
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3.2. Physical Climate Changes 

3.2.1. Temperature 

Global Temperature 

The short-term response of global mean temperature is path dependent - 

affected by the maximum rate of emissions. Those emission scenarios with higher 

maximum emission rates yield a faster initial increase in temperature. In the case of the 

OVST scenarios, there is a temperature overshoot that arises due to an overshoot of 

the target cumulative emissions, followed by a phase of negative emissions. 

After emissions cessation, however, temperature curves within a cumulative 

emissions group begin to converge towards a common value (Figure 3.2), similar to 

earlier studies (Eby et al. 2009; Zickfeld et al. 2009; Zickfeld 2012), suggesting that the 

long-term (year 3000) global mean temperature trend is pathway independent and only 

dependent on the overall cumulative emissions. Remarkably, despite substantially 

higher peak CO2 concentrations in the OVST and PULSE scenarios, the peak 

temperature is nearly identical to that of the other scenarios in the same cumulative 

emissions group, suggesting that the peak temperature anomaly is also path 

independent. The year 3000 global mean temperature anomaly (relative to the year 

1800) ranges between 2.4°C (for the 1275 GtC scenarios) and 8.9°C (for the 5275 GtC 

scenarios).  
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Figure 3.2. Global mean surface air temperature (SAT) anomaly relative to the 
year 1800 for the 1275 – 5275 GtC scenarios. A) 1275 GtC scenarios, B) 2275 GtC 
scenarios, C) 3275 GtC scenarios, D) 4275 GtC scenarios, and E) 5275 GtC 
scenarios. (Note: legend for B also applies to C, D, and E). 
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In the lower cumulative emission groups (1275 and 2275 GtC), the temperature 

undergoes a very gradual decline after peaking, while in the higher cumulative emission 

groups (3275 – 5275 GtC), temperature continues to rise. These findings are similar to 

those of earlier modeling studies (Plattner et al. 2008; Eby et al. 2009; Solomon et al. 

2009; Gillett et al. 2011; Zickfeld et al. 2012) which found that over centennial to 

millennial time scales, temperature remains nearly constant after cessation of CO2 

emissions; owing to the radiative cooling arising from declining CO2 being 

compensated by reduced ocean heat uptake (Eby et al. 2009). In the case of the 3275 

– 5275 GtC scenarios, temperature has only just begun to equilibrate to the CO2 by the 

end of the simulations - owing to the millennial response timescale of the ocean to 

radiative forcing.  

In the 3275 and 5275 GtC runs, global mean temperature exhibits small, abrupt 

increases, a feature which has been observed in previous studies with the UVic ESCM 

(Meissner et al., 2008; Eby et al., 2009). These changes have been attributed to 

Southern Ocean “flushing” events, where heat and CO2 are released abruptly 

(Meissner et al 2008; Eby et al. 2009), leading to rapid warming in the Southern Ocean, 

on the order of ~0.4°C – 1.2°C over a 50-100 year period, towards the end of the 

millennium. The timing of the events differs depending on the simulation, though they 

generally occur sooner for simulations with higher maximum emission rates.  

Not all of the possible sources of feedback on warming are included in the UVic 

ESCM, and thus the UVic ESCM could underestimate the temperature response to the 

various emission scenarios tested.  

For example, version 2.9 of the UVic ESCM does not include carbon release 

from the permafrost carbon pool. MacDougall et al. (2012) found that the inclusion of 

carbon release from the permafrost carbon pool in the UVic ESCM contributed an extra 

~0.1oC to 1.6oC of warming by 2300 (relative to baseline runs where permafrost carbon 

was not included) for the RCP 2.6 scenario, and an extra ~0.2 to 0.6oC of warming for 

the RCP 8.5 scenario. This additional warming could certainly increase the rate of 

decline in Arctic sea ice, and could also affect the meridional overturning circulation rate 

– perhaps weakening it further. It could also likely drive increases in the modeled sea 

level rise, and have implications for the land and ocean carbon cycle responses. 
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Regional Temperature 

In the 1275 GtC scenarios, year 3000 warming on the order of ~2°C (relative to 

1800), is seen at the low latitudes, increasing to ~5°C in the mid to high latitudes (Figure 

3.3, Panel A). For the 5275 GtC scenarios, warming on the order of ~7°C-9°C is seen in 

the tropics, and warming of ~13-15°C occurs at higher latitudes (Figure 3.3, Panel E). 

The variation across scenarios is not substantial, for even in the 5275 GtC scenarios, 

the difference between the PULSE and SLOW scenarios is never larger than ~0.2°C 

(Figure 3.3, Panel F). The largest differences occur over central Asia, and in the 

southern ocean, where the PULSE scenario (the more equilibrated scenario) is about 

0.1°C to 0.2°C warmer than the SLOW scenario.  

Slight differences also occur in central Asia, in a “bullseye” like pattern, where 

the 5275 GtC PULSE scenario is again 0.1 – 0.2°C warmer than the SLOW scenario, 

though there is no obvious cause for this difference. There are differences in vegetation 

cover, and vegetation carbon in this region, with the PULSE scenarios showing reduced 

C3 grass, increased needleleaf forest in the northern portion of the “bullseye”, and 

increased shrub elsewhere. We also see reductions in precipitation here, so it is 

plausible that these differences are due to feedbacks from vegetation and/or soil 

moisture. 
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Figure 3.3. Year 3000 Surface air temperature anomalies (SAT) relative to 1800 
for the 1275 - 5275 GtC scenarios. A) 1275 GtC FAST, B) 2275 GtC FAST, C) 3275 
GtC FAST, D) 4275 GtC FAST, E) 5275 GtC FAST, and F) PULSE minus SLOW 
(Year 3000). (NOTE: that axis for F is different from the other panels). 
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3.2.2. Precipitation 

Global mean precipitation sees an initial decline for most scenarios (especially 

in the PULSE scenarios) after the historical period (Figure 3.4), caused by a drying in 

continental regions (especially in the tropics), followed by a recovery and a slight 

increase in precipitation over the duration of the simulation, even as global mean 

temperature stabilizes or declines. Wu et al. (2010) note that the mechanism behind the 

precipitation recovery is that immediately after emission cessation, CO2 begins to 

decline, and oceanic heat uptake undergoes a rapid decline. Net downward longwave 

(LW) radiation, however, remains at near peak value, which allows for a greater fraction 

of surface energy to be devoted to latent heat flux. Meanwhile, the falling CO2 

concentration permits a greater fraction of outgoing LW radiation to escape, driving an 

increase in the atmosphere’s cooling capacity, and ultimately an increase in 

precipitation (Wu et al. 2010). 

Unlike studies with other models (Gillett et al. 2011; Zickfeld et al. 2012), 

however, we find an initial decline in precipitation at the beginning of the “future period” 

(around 2010). This decrease in precipitation is likely due to the effects of increased 

CO2 on plant water-use efficiency and photosynthesis – whereby increases in CO2 lead 

to increases in water-use efficiency, and an ability for the plant to open its stomata less 

during photosynthesis - consequently leading to decreases in evapotranspiration. In the 

UVic ESCM, vegetation-induced effects play an important role in the global precipitation 

signal; precipitation gains over the ocean are compensated by losses over the land 

(Matthews and Caldeira 2007). This strong physiological response on precipitation in 

the UVic ESCM is not necessarily seen in more comprehensive models (Gillett et al. 

2011; Zickfeld et al. 2012), and may be a result of the simplified atmospheric module, 

and its limitations in realistically modeling precipitation. 

Zonally averaged precipitation is in reasonable agreement with the National 

Centers for Environmental Prediction (NCEP) observations (Meissner et al. 2003). 

Without a full suite of atmospheric dynamics, however, the model is unable, for 

example, to recreate monsoonal circulation, or variability due to El Niño Southern 

Oscillation (ENSO), both of which are thought to be other potential tipping elements in 

the climate system (Lenton et al. 2008). This has particularly strong implications for the 
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response of land carbon, especially in tropical regions (such as the response of 

Amazonian rainforest), since changes in precipitation could certainly change the 

inhabitable climatic zones for each of the vegetation types, and the timing of changes in 

species assemblage. 

 

Figure 3.4. Global mean precipitation anomalies (relative to 1800) for the 1275-
5275 GtC scenarios. A) 1275 GtC scenarios, B) 2275 GtC scenarios, C) 3275 GtC 
scenarios, D) 4275 GtC scenarios, and E) 5275 GtC scenarios. (Note: legend for B 
also applies to C, D, and E). 
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3.2.3. Thermosteric Sea Level 

Global thermosteric sea level, defined as the increase in sea level driven by 

thermal expansion of the ocean (Antonov et al. 2005), is much slower to react to the 

increased radiative forcing than surface temperature. The lag is a result of the fact that 

the heat capacity of the ocean is much higher than that of the atmosphere; on the order 

of 1000 times higher, meaning that sea level will continue to rise long after temperature 

stabilizes (IPCC, 2001). Thus sea level is still increasing by the year 3000 in all five 

cumulative emission groups. The year 3000 thermosteric sea level rise (relative to 

1800) ranges between 0.9 m for the 1275 GtC scenarios to 2.7 metres for the 5275 GtC 

PULSE scenario (Figure 3.5). Though thermosteric sea level rise shows sensitivity to 

emission rate in the short term (with faster emission rates yielding a faster initial sea 

level rise), the curves slowly converge over the simulation, such that even in the 5275 

GtC simulations, there is only an 8 cm difference between the SLOW and PULSE 

simulations by the year 3000, compared to a 58 cm (30 cm) difference in the year 2200 

(2400). The small difference that remains is due to the millennial response timescale of 

the deep ocean to changes in forcing. 

The finding of path independence of thermosteric sea level rise over century 

timescales is similar to the findings of other studies (Zickfeld et al. 2012; Bouttes et al. 

2013), and is a function of the proportionality of thermosteric sea level rise to the time 

integrated radiative forcing (Zickfeld et al. 2012; Bouttes et al. 2013).  



 

60 

 
Figure 3.5. Global mean thermosteric sea level rise (relative to 1800) for the 
1275 - 5275 GtC scenarios. A) 1275 GtC scenarios, B) 2275 GtC scenarios, C) 3275 
GtC scenarios, D) 4275 GtC scenarios, and E) 5275 GtC scenarios. (Note: legend 
for B also applies to C, D, and E). 
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Note that the values for sea level rise reported by this study are due to thermal 

expansion of the ocean only. Contributions to sea level rise from ice sheets or land ice 

are not included, since the UVic ESCM does not include dynamic ice sheets. Thus, 

estimates of total sea level rise are likely underestimated by this study.  

Between 1993 and 2010, it was estimated that melt from ice sheets and glaciers 

contributed about 60% of the total sea level rise, and in the future, it is estimated that 

ice sheet and glacier mass balance loss will contribute between 45-70% of the total sea 

level rise, with larger contributions from ice loss expected for higher RCP scenarios 

(IPCC 2013). It is estimated that the year 2081 - 2100 average sea level rise (relative to 

the 1986 - 2005 mean) will likely range between 0.3 m to 0.7 m for the RCP 2.6 

scenario, and 2.6 m to 4.8 m for the RCP 8.5 scenario (IPCC 2013), compared to 

estimates of between 0.22 m and 0.26 m for the 1275 GtC scenarios and between 0.29 

m to 0.76 m for the 5275 GtC scenarios.  

3.2.4. Arctic Sea Ice 

Arctic sea ice declines in all simulations and disappears completely in the 3275-

5275 GtC scenarios, while it reaches a minimum of about 0.25 x 106 to 0.28 x 106 km2 

(~5.5 to 6% of the year 2000 value) in the 2275 GtC scenarios, and 2.6 x 106 km2 in the 

1275 GtC scenarios (~58 % of the year 2000 value) (Figure 3.5). In the AGGFOR_2100 

scenarios (not shown), where non-CO2 GHG and sulphate forcing evolve according to 

the SRES A1 emissions scenario until 2100 and are held constant thereafter (whereas 

they are held constant from 2010 onwards in the standard scenario, AGGFOR_2010), 

sea ice disappears completely in all but the 1275 GtC scenarios (where it reaches a 

minimum extent of ~1.35 x 106 km2), and the timing of the decline is approximately 50 

years sooner, relative to the AGGFOR_2010 runs, for most scenarios. 

The rate of sea ice decline is path dependent, and a function of the CO2 

emission rate. Emission scenarios with a higher maximum CO2 emission rate display 

the fastest declines. The minimum sea ice extent, on the other hand, is independent of 

emission pathway.  
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There is a threshold cumulative emissions level at which the modeled climate is 

no longer able to support year-round sea ice cover. Using the definition of an ice-free 

Arctic, adopted by the IPCC’s Fourth Assessment Report (AR4), in which a minimum 

ice extent of ≤1.0 x 106 km is considered ice free (Solomon et al. 2007), this threshold 

lies somewhere between 1275 and 2275 GtC.  

Though the modeled historical sea ice cover is reasonable (if not slightly under-

estimated), the future progression of sea ice cover in the Arctic fails to capture the 

current observed trends of rapid ice loss in the last decade (Comiso 2012), a problem 

which plagues many climate models (Stroeve et al. 2007).  

The remarkable observed decline in sea ice would suggest that the threshold 

cumulative emission levels implied by this study are too high, and has led some 

researchers to suggest that the threshold leading to irreversible loss of summer ice 

cover may have already been passed (Lindsay and Zhang 2005), though the marked 

natural variability in, and a relatively short reliable observational record of Arctic sea ice 

(limited to the satellite era) makes it difficult to assess (Holland et al. 2006).  

Zickfeld et al. (2012), using the first-generation CanESM model, obtained a 

minimum September Arctic ice extent of between ~1.5 x 106 and about 4 x 106 km2, at 

the time of the peak radiative forcing, for scenarios with cumulative CO2 emissions 

totaling 2500 GtC, which would suggest that the threshold cumulative emissions 

required for a seasonally ice free Arctic are >2500 GtC. This is a substantially larger 

projected ice extent than our findings of ≤0.25 x 106 km2 in our 2275 GtC scenarios. 

In the CanESM, the modeled year 2000 September Arctic sea ice extent of ~7 x 

106 km2 is substantially larger than the modeled year 2000 ice extent in the UVic ESCM 

which is on the order of ~4.5 x106 km2, and unlike in the UVic ESCM, where September 

sea ice does not recover after emissions cessation, sea ice values in CanESM recover 

to about 4±0.5 x106 km2 by 2400. The year 2000 modeled September sea ice extent in 

CanESM is closer to the observed year 2000 September sea ice extent (6.3 x 106 km2) 

(Fetterer et al. 2002), though neither model is able to capture the current observed rates 

of Arctic sea ice decline, suggesting that both models could be underestimating the 

future rate of sea ice loss. 
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The underestimation of the current rate of sea ice decline might suggest that the 

threshold cumulative emissions, reported in this study, at which the Arctic becomes 

seasonally ice-free (between 1275 and 2275 GtC) are possibly too high.  

The exclusion of methane and CO2 release from the permafrost carbon pool 

also adds uncertainty to the threshold anthropogenic cumulative emissions at which 

summer Arctic sea ice cover disappears, since its inclusion could increase the carbon 

flux into the atmosphere at high latitudes, producing additional warming (MacDougall et 

al. 2012). Its inclusion in the UVic ESCM would likely decrease the threshold cumulative 

CO2 emissions required for summer Arctic sea ice cover to collapse. 
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Figure 3.6. September mean Northern Hemisphere (NH) sea ice area (km2) for 
the 1275 – 5275 GtC scenarios. A) 1275 GtC scenarios, B) 2275 GtC scenarios, C) 
3275 GtC scenarios, D) 4275 GtC scenarios, and E) 5275 GtC scenarios. (Note: 
legend for B also applies to C, D, and E). 
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3.2.5. Meridional Overturning Circulation (MOC) 

The modeled Atlantic Meridional Overturning Circulation (MOC) index 

(maximum overturning circulation) is 20.7 Sv in the year 2000, which is in relatively 

good agreement with the observed (~30 to ~12 Sv over the past decade) (Send et al. 

2011). The simulated MOC is quite robust, even at high cumulative emissions, for even 

in the 5275 GtC scenarios the MOC index never falls below 14-15 Sv before recovering 

(Figure 3.7). Recovery of the MOC occurs after temperature at high latitudes begin to 

stabilize, and freshwater fluxes into the North Atlantic begin to stabilize or slow, allowing 

the overturning circulation to export out some of the excess freshwater from the region, 

and hence undergo recovery. 

The transient response of the MOC is dependent on emission pathway – with 

pathways displaying higher emission rates producing a faster decline. The long-term 

(year 3000) response of the MOC, however, is path independent (though the curves are 

slower to converge at higher cumulative emission levels). 

Peak MOC behaviour (i.e. the minimum MOC index value for a given scenario) 

is sensitive to the maximum emission rate. Scenarios with higher emission rates result 

in lower minimum MOC index values (such as the FAST, OVST and PULSE scenarios).  

Rahmstorf (2000) suggested that the MOC might be subject to multiple stable 

states – where the overturning circulation can be on or off, or associated with different 

locations of deep-water formation. The robustness of the MOC in the UVic model, even 

at extremely high radiative forcing (such as in the case of the 5275 GtC scenarios), 

either suggests that multiple stable states are not present in the UVic ESCM, or that the 

forcing is below the critical threshold required to induce a state transition.  

Gregory et al. (2005) and Weaver et al. (2012) note that for global warming 

experiments that exclude additional freshwater “hosing”, most models, including the 

UVic ESCM, show that heat fluxes contribute more towards the decline in overturning 

than do salinity fluxes. 

Compared to other models, the MOC is less sensitive to global warming in the 

UVic model (Gregory et al. 2012; Weaver et al. 2012). Similar to most models, the UVic 
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ESCM does not simulate a collapse of the MOC without the addition of additional 

freshwater forcings (Gregory et al. 2005; Stouffer et al. 2006; Weaver et al. 2012).  

A complete spindown of the MOC in the UVic ESCM has been achieved using 

an earlier version of the UVic ESCM (version 2.8), by Zickfeld et al. (2008), under both 

the SRES A1 and B2 scenarios by applying additional sustained freshwater fluxes of 

0.3 Sv (1 Sv = 106 m3s-1) to the North Atlantic between 50°N and 70°N. Thus, it is more 

likely that the climate-change induced freshwater additions to the North Atlantic (in the 

absence of dynamic ice sheets) were not large enough in any of the 24 emission 

scenarios tested. 

Note that the current version of the model does not include dynamic ice sheets. 

This is a source of uncertainty in regards to the MOC response as melt-water from a 

decaying Greenland Ice sheet could further weaken the MOC by increasing the 

freshwater flux into the North Atlantic, in addition to affecting sea level rise (Hu et al. 

2011). Hu et al. (2011) however, note that future ice sheet melt will likely be strongest in 

summer, with much smaller to negligible melt during the winter. This would mean that 

the majority of the additional freshwater flux would be seasonal, allowing the 

overturning circulation to export some of the freshwater away from the North Atlantic, 

and recover somewhat during the winter months. Thus, Hu et al. (2011) note that melt 

water fluxes from Greenland would likely have less of an effect on the MOC circulation 

than a flux that is applied more or less consistently throughout the year. 

The model’s inability to resolve precipitation correctly also adds an element of 

uncertainty to the MOC response, since precipitation at high latitudes, and hence the 

freshwater flux into the ocean, is expected to increase in the future (IPCC 2013). 

Meissner et al. (2003) suggest that the UVic ESCM slightly underestimates the current 

precipitation in the northern high latitudes. This would mean that it likely also 

underestimates the freshwater flux into the North Atlantic from precipitation. Given that 

the modeled current day MOC response is in good agreement with observations, it is 

likely that the effects of an underestimated freshwater flux from precipitation into the 

North Atlantic would be rather small, though it is unclear if this also the case in the 

future. 
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There is also evidence to suggest that a declining Arctic sea ice cover could 

potentially affect MOC circulation (e.g. Jahn and Holland 2013). Therefore, 

uncertainties surrounding the rate of future sea ice decline, also apply to MOC 

circulation. Jahn and Holland (2013) found that sea ice melt in the CCSM4 model, 

under the RCP 8.5 scenario, caused local scale shutdown of deep convection in the 

Labrador Sea, by the end of the 21st century, though regions further east were 

unaffected. At no point, however, did Arctic sea ice induce a complete shutdown of 

MOC circulation in CCSM4; instead the MOC showed a gradual weakening, similar to 

Weaver et al. (2012).  

It is possible, therefore, that if the rate of sea ice melt were to increase in the 

UVic ESCM (say through the inclusion of climate-carbon cycle feedbacks from 

permafrost carbon, for example), it may lead to further declines in MOC circulation. 
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Figure 3.7. Maximum overturning circulation for the 1275 - 5275 GtC scenarios. 
A) 1275 GtC scenarios, B) 2275 GtC scenarios, C) 3275 GtC scenarios, D) 4275 
GtC scenarios, and E) 5275 GtC scenarios. (Note: legend for B also applies to C, 
D, and E). 
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3.3. Relationship between physical climate changes and 
cumulative emissions 

 
Figure 3.8.  Relationship between cumulative carbon emissions and A) global 
mean surface air temperature (relative to 1800), B) global mean peak surface air 
temperature (SAT) anomaly (relative to 1800), C) minimum overturning 
circulation, and D) September mean Arctic sea ice area. (Note: Legend applies for 
all panels) (For 1275 GtC scenarios: FAST ‘*’ VFAST ‘o’   OVST ‘+’ PULSE ‘’) (For 
2275 – 5275 GtC scenarios: FAST ‘*’ MEDIUM ‘x’   SLOW ‘☐’   OVST ‘+’ PULSE 
‘’). 
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3.3.1. Temperature 

Similar to other studies (Matthews et al. 2009; Zickfeld et al. 2012; Gillett et al. 

2013), we found an approximately linear relationship between the modeled 

instantaneous surface air temperature change (ΔT) and total cumulative emissions  

(ΔEc) (Figure 3.8, Panel A). Performing linear regression on the curves resulted in 

values on the order of ~2.0°C per Teraton of carbon (TtC) for the 1275 GtC scenarios, 

1.8°C - 1.9°C TtC-1 for the 2275 GtC scenarios, 1.6°C – 1.7°C TtC-1 for the 3275 GtC 

scenarios, 1.5°C – 1.6°C TtC-1 for the 4275 GtC scenarios, and 1.4-1.5°C TtC-1 for the 

5275 GtC scenarios. Note that OVST curves are not included in the regression values. 

The graph of temperature as a function of cumulative emissions (Fig. 3.8, Panel 

A) suggests that the TCRE might decline slightly over time, within a particular emissions 

scenario, as suggested by the slight curvature in the ΔT/ΔEc relationship, especially for 

higher cumulative emission groups.  

The variation in the slope of the TCRE linear regression values across emission 

scenarios suggests that the TCRE is sensitive to emission rate. This is a new finding, 

as it is the first time that the authors are aware of, where the slope of the TCRE has 

been shown to vary with emission rate. Previous studies that explored the TCRE only 

tested the response for one particular scenario (Matthews et al. 2009; Gillett et al. 

2013). 

Previous studies have investigated the TCRE at the time of CO2 doubling 

(Matthews et al. 2009; Gillett et al. 2013), thus in order to be able to directly compare 

with these studies, we also calculated the TCRE values at the time of CO2 doubling. 

TCRE values at the time of CO2 doubling (relative to a preindustrial value of 280ppm) 

range between 1.7°C (for the 5275 GtC scenarios) and 1.9°C (for the 1275 GtC 

scenarios).  

These results fall within the range of the C4MIP models (1.0°C – 2.1°C per TtC) 

reported by Matthews et al. (2009) and Gillett et al. (2013) (0.8°C – 2.4°C per TtC) at the 

time of CO2 doubling. Note that the TCRE values reported by Matthews et al. (2009) 

and Gillett et al. (2013) assume a constant 1% yr-1 increase in CO2, whereas we employ 

emission scenarios whose rates of emissions vary over time. 
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Matthews et al. (2009) found that, 1% yr-1 CO2 increase experiment, the TCRE 

was found to be constant over time, and approximately independent of cumulative 

emissions, but only tested one specific scenario. Gillett et al. (2013) found that for a 1% 

yr-1 CO2 increase experiment, the TCRE was more or less constant over the range of 

cumulative emissions tested by Matthews et al. (2009) (about 2000 GtC), but began to 

deviate slightly as cumulative emissions approached 3000 GtC. What is different from 

these studies, however, is that we show that the TCRE varies across cumulative 

emission scenarios; appearing to decline with increasing emission rate.  

The decline in TCRE with increasing emission rate suggests that effects of 

saturation of the radiative forcing with increasing emissions might actually 

overcompensate the effects of a higher airborne fraction of CO2 at higher cumulative 

emissions. 

The exclusion of methane and CO2 release from permafrost thaw is a factor that 

could affect the proportionality of climate change to cumulative emissions MacDougall 

et al. (2012) found that the inclusion of permafrost methane dynamics in the UVic 

ESCM contributed an extra ~70 GtC of emissions by 2100 under the RCP 2.6 scenario, 

and an extra ~500 GtC of emissions by 2100 under the RCP 8.5 scenario, relative to 

simulations without permafrost methane feedbacks. Thus, inclusion of permafrost 

methane feedbacks would likely reduce the threshold anthropogenic CO2 emissions at 

which we find threshold behaviour occurring in Arctic sea ice and the land carbon. 

Release of carbon emissions from permafrost may also affect the linear relationship 

between global mean warming and cumulative carbon emissions, as the permafrost 

feedback would likely not be consistent over time, or with warming (MacDougall et al. 

2012).  

3.3.2. Peak Temperature 

The relationship between peak global surface air temperature and cumulative 

emissions (Figure 3.8, Panel B) shows a slight deviation from linear as cumulative 

emissions increase - a result of the declining TCRE with increasing cumulative 

emissions.  
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Within cumulative emissions groups, the peak temperature is more or less 

independent of emission pathway (with a couple of exceptions). The OVST scenario 

has a slightly higher peak temperature in the 1275 and 2275 GtC scenarios than its 

counterparts, however this is not the case for the other cumulative emission groups. 

The higher OVST peak is the result of the fact that in the 1275 GtC and 2275 GtC 

scenarios, peak temperature occurs during the overshoot phase, whereas in the higher 

cumulative emission groups, the peak temperature occurs near the end of the 

millennium (long after the overshoot phase has ended) – a function of the ocean’s 

thermal inertia. 

3.3.3. MOC 

The short-term response of the MOC is dependent on the emission pathway 

followed, with scenarios displaying the highest emission rates yielding the fastest 

declines in overturning circulation. Towards the end of the simulations, however, the 

curves converge towards a common value, suggesting that the long-term MOC 

response is proportional to cumulative emissions.  

The minimum overturning index, unlike peak surface air temperature, does not 

display a linear relationship with cumulative emissions (Figure 3.8, Panel C). The peak 

response of the MOC (minimum MOC index) shows strong path dependence with 

higher emission rates yielding a deeper MOC minimum. We also find the peak MOC 

response increases with increasing cumulative emissions. 

Zickfeld et al (2012), using the CanESM1 Earth System Model, and Jahn and 

Holland (2013) and Nohara et al (2013), which used the Community Earth System 

Model (CESM) family of models similarly found that the MOC, with its long response 

time, did not scale well with cumulative emissions, or temperature, such that the MOC 

response was path dependent; sensitive to the evolution of the particular atmospheric 

CO2 pathway. 
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3.3.4. Arctic Sea Ice 

Similar to the findings of Zickfeld et al (2012), the response of Arctic sea ice, 

which is closely correlated to Northern Hemisphere temperature, scales approximately 

linearly with cumulative emissions. There generally is, however, a steeper change in 

sea ice per unit change in cumulative emissions (ΔI/ΔEc) for scenarios with lower rates 

of emission, and for lower cumulative emission scenarios (Figure 3.8, Panel D). This 

likely arises from the fact that the TCRE, or (ΔT/ΔEc), declines with increasing 

cumulative emissions and increasing emission rates.  

Rates of decline are sensitive to the curve segment chosen, and are steeper in 

the latter part of the scenarios (beyond 1000 GtC or so). Average regression values of 

~1.65 x 106 km2 per TtC-1 were obtained for the 1275 GtC scenarios, ~1.78 x 106 km2 

TtC-1 for the 2275 GtC scenarios, ~1.75 x 106 km2 TtC-1 for the 3275 GtC scenarios, 

~1.70 x 106 km2 TtC-1 for the 4275 GtC scenarios, and ~1.64 x 106 km2 TtC-1 for the 

5275 GtC scenarios.  

There is an especially strong relationship between the transient response of 

summer Arctic sea ice and the mean Northern Hemisphere temperature over most of 

the simulation (Figure 3.9); one that is consistent across cumulative emission groups, 

and within cumulative emission groups for the most part, with a few notable exceptions.  

The PULSE simulations show a slightly steeper decline than the FAST, MEDIUM, 

SLOW and OVST scenarios, which, for the most part, have nearly identical slopes. The 

2275 GtC OVST scenario, however, is a bit anomalous in its behaviour, showing a 

period of almost instantaneous melt around the year 2100. Deviations in the 

relationship also occur near the end of the integration in the 1275 and 2275 GtC, as 

temperatures stabilize and ice still continues to decline for a while (meaning that the 

slope becomes very steep), and just before the ice collapses in the 3275 -5275 GtC 

scenarios, as the NH temperature anomaly approaches 6°C, as the rate of ice melt 

slows for the last ~1 x 106 km2 of sea ice. 
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Figure 3.9.  Relationship between average September Northern Hemisphere 
sea ice area and mean Northern Hemisphere surface air temperature change 
(relative to 1800) for the 1275 – 5275 GtC scenarios. A) 1275 GtC scenarios, B) 
2275 GtC scenarios, C) 3275 GtC scenarios, D) 4275 GtC scenarios, E) 5275 GtC 
scenarios, F) All scenarios. (Note: legend for B also applies to C, D, and E). 
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3.4. Changes in the carbon cycle 

3.4.1. Global carbon cycle 

Atmospheric Carbon 

The airborne fraction (defined as the fraction of cumulative emissions which 

remains in the atmosphere) varies substantially across the simulations, and is highest in 

the instantaneous pulse runs (Figure 3.10, Panel A and Panel B). Unlike Plattner et al. 

(2008) who found that the airborne fraction changed only very slightly with increasing 

cumulative emissions, we find that the airborne fraction increases with increasing 

cumulative emissions, similar to Zickfeld et al. (2013). 

The maximum airborne fraction in our study occurs between 2100 and 2200 

(except 2010 for the PULSE scenarios), and ranges between 51% and 72% of total 

emissions for the 1275 GtC scenarios, while in the 5275 GtC scenarios, the maximum 

airborne fraction ranges between 72% and 90% of total emissions. The peak airborne 

fraction is found to increase with increasing emission rates, as oceanic and land uptake 

is unable to keep pace with the faster emission rates.  

By the year 3000, the atmospheric CO2 increase relative to 1800 is roughly 

371.4 GtC, or 29% of the total cumulative emissions, in the 1275 GtC scenarios, while 

in the 5275 GtC scenarios, atmospheric carbon increases by about 3295 to 3304 GtC 

(62.5 to 62.7% of total emissions). The increased airborne fraction at the year 3000 with 

increasing cumulative emissions arises from the fact that the efficiency of CO2 

dissolution in the ocean decreases with increasing cumulative emissions. This is largely 

a function of increased temperature, but a declining ocean pH also plays a role, since 

organic carbon uptake in the ocean requires carbonate, (CO3)2-, and the availability of 

carbonate declines as pH declines. Warming also leads to reductions in CO2 

sequestered by North Atlantic Deep Water (NADW) formation (as a result of reductions 

in the MOC strength). 
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Land Carbon (Vegetation + Soil Carbon) 

 
Figure 3.10. Global carbon dynamics (Note that vertical axes vary) (1275 GtC 
scenarios Panel A: Atmospheric carbon anomaly (w.r.t. 1800), Panel B: Airborne 
fraction of cumulative emissions, Panel C: Vegetation carbon anomaly (w.r.t. 
1800), Panel D: Fraction of cumulative emissions taken up by vegetation, Panel E: 
Soil carbon anomaly (w.r.t. 1800), Panel F: Soil uptake fraction, Panel G:  Ocean 
dissolved inorganic carbon (DIC) anomaly (w.r.t. 1800), Panel H: Ocean uptake 
fraction. (Note: legend applies to all panels) 
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Global Vegetation Carbon 

The vegetation carbon pool (Figure 3.10, Panel C and Panel D) takes up a 

relatively small fraction of the cumulative carbon emissions (~2-4%), but displays a 

number of interesting dynamics.  

Initially, global vegetation carbon exhibits a rapid increase, driven by CO2 

fertilization. After 2100 or so (earlier in the PULSE scenarios), for most scenarios, 

vegetation carbon declines, as a result of temperature driven mortality of tropical 

broadleaf forest (in tropical South America, southeast Asia, and tropical Africa) (Figure 

3.11 Panel A), and replacement by C4-grass and shrub. Though increasing 

temperatures at high latitude drive increases of vegetation carbon, as a result of shrub 

and C3-grass tundra being replaced by boreal needleleaf forest (Figure 3.11 Panel B), 

this increase is unable to entirely compensate the losses of tropical vegetation carbon, 

except in the 2275 GtC scenarios. The timing, and magnitude of the decline in 

broadleaf carbon is heavily dependent on the emission scenario (both the total 

cumulative emissions, and emission rate). In the case of the 1275 GtC scenarios, the 

decline results in losses of 27 to 36 GtC between the year 2100 and 3000. For the 2275 

GtC scenarios, losses of tropical vegetation carbon appear to more or less be balanced 

by increases at high latitude, such that global vegetation carbon is relatively stable after 

2100.  

To some degree in the 3375 GtC scenarios, but noticeably more so in the 4275 

and 5275 GtC scenarios, ‘roller-coaster” type behaviour is evident in global vegetation 

carbon, where the initial CO2 fertilization driven increase of vegetation carbon is 

followed by a decline, before undergoing a slow recovery towards the end of the 

scenario. This is a result of strong vegetation carbon losses, following the CO2 

fertilization-driven peak, in the tropics (see the section on Amazonian Broadleaf Carbon 

and Figure 3.14 for more details).  The increase in vegetation carbon, following this dip, 

is driven by strong increases in boreal needleleaf forest, as it displaces shrub and C3-

grass tundra at high latitudes. 

Year 3000 vegetation carbon uptake does not undergo a monotonic increase 

with increasing cumulative emissions (Figure 3.12 Panel A), as temperature related 

declines at higher cumulative emissions (4275 and 5275 GtC) heavily outweigh any 
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CO2 fertilization driven increases. Despite having the highest overall cumulative 

emissions, the 5275 GtC scenarios feature the third largest uptake and the smallest 

fractional uptake. In terms of magnitude, year 3000 vegetation carbon reaches a 

maximum in the 4275 GtC scenarios (Figure 3.12 Panel A), while fractional uptake is 

largest in the 2275 GtC scenarios (Figure 3.12 Panel B). There is very little difference in 

the magnitude of uptake by vegetation carbon between the 3275 GtC and 4275 GtC 

scenarios, as gains in vegetation carbon at high latitudes are offset by substantially 

larger losses in the tropics. Losses of tropical broadleaf carbon are especially large in 

the 5275 GtC scenarios, leading to declines in both the magnitude of and the fractional 

uptake by vegetation carbon. This suggests that threshold behaviour may be occurring 

in global vegetation carbon – driven by especially strong temperature-related losses in 

the tropics at high levels of cumulative emissions (4275 GtC and 5275 GtC) (Figure 

3.12 Panel A, Figure 18).  

Path dependence in vegetation carbon exists both in the short-term (before 

emission cessation) and, to a lesser extent, in the long-term. Short-term differences in 

vegetation carbon are the result of the differing CO2 emission rates across the 24 

scenarios. After emission cessation, however, a marked difference (especially for the 

4275 GtC and 5275 GtC) between the PULSE and other scenarios within the same 

cumulative emission group is apparent.  

Throughout the model integration, the PULSE scenarios tend to show less 

tropical broadleaf and more high latitude needleleaf vegetation carbon than their 

counterparts, but by the end of the model integration (the year 3000), the extra 

vegetation carbon in the PULSE scenarios comes from central Asia (Figure 3.13), 

where C3 grass in other scenarios is replaced by needleleaf (in the north) and shrub (in 

the south) in the PULSE scenarios.  

Note that the limitations to model’s ability to resolve precipitation mean that 

there are rather large uncertainties surrounding the cumulative emission thresholds at 

which vegetation carbon exhibits threshold behaviour. A large reason why global 

vegetation carbon starts to decline with increasing cumulative emissions above 2275 

GtC is because of large losses in tropical broadleaf carbon. The inability of the model to 

resolve ENSO variability and monsoonal circulation - both of which exert strong 
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influences on vegetation in the tropics, means that there are large uncertainties 

pertaining to the ability of the model to correctly resolve tropical vegetation distribution.  

Though the model includes dynamic vegetation and the carbon cycle, it does not 

include a representation of the nitrogen cycle. In models that include representations of 

the nitrogen cycle, CO2 fertilization effects under a future are reduced, since enhanced 

plant growth increases its need for mineralized nitrogen, and associated increases in 

litter inputs to the soil carbon pool can increase microbial demand for nitrogen (meaning 

there would be less available for plant use) (Thorton et al. 2007). This may suggest that 

the UVic ESCM could be overestimating the effects of CO2 fertilization on vegetation 

carbon, and thus may overestimate the cumulative CO2 emission thresholds at which 

threshold behaviour in land carbon occurs.  

Though plant and microbial nitrogen demand may increase in a warmer climate, 

the availability of usable nitrogen may also increase in a warmer climate (Rustad et al. 

2001), which would reduce the negative feedback that nitrogen limitation exerts on CO2 

fertilization. A study by Auyeung et al. (2013), however, cautions against the 

assumption that nitrogen availability will increase with temperature, as they find that the 

temperature sensitivity of nitrogen mineralization and nitrification declines with 

increasing temperature (i.e. that the per unit increase in nitrogen per unit increase in 

temperature declines with increasing temperature). 
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Figure 3.11.  Changes in total vegetation carbon (VC) for the 5275 GtC FAST 
scenario. A) Year 2310 minus year 2170 total vegetation carbon, B) Year 2990 
minus Year 2170 total vegetation carbon) 
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Figure 3.12.  Net global vegetation carbon uptake between year 1800 and year 
3000 (in GtC) as a function of cumulative emissions (Panel A), and the year 3000 
fraction of cumulative emissions taken up by the vegetation (Panel B). (Note: 
legend applies for both panels, and note that panel axes vary)   
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Figure 3.13.  Year 3000 total vegetation carbon difference (PULSE minus SLOW 
runs) for the 5275 GtC FAST scenario. 

Changes in Amazon Carbon 

The Amazonian broadleaf rainforest has been identified as another potential 

tipping element by Lenton et al (2008), owing to the fact that a substantial proportion of 

its precipitation is recycled from canopy transpiration.  

Here we use the Cox et al. (2004) definition of the Amazon (70°W-50°W, 15°S - 

0°), and find that in all scenarios (and cumulative emission levels), except for the 5275 

GtC PULSE run, CO2 fertilization drives increases in Amazon broadleaf carbon over the 

21st century (Figure 3.14). For our standard scenarios, the AGGFOR_2010 runs (where 

sulphate and non-CO2 GHG are held constant after 2010), broadleaf carbon anomalies 

reach a maximum of 7.1 – 7.8 GtC (relative to 1800), by around 2100, in the 1275 GtC 

scenarios, and 4.9 – 10.6 GtC in the 5275 GtC scenarios. Broadleaf carbon anomalies 

are generally larger for scenarios with higher cumulative emissions (Figure 3.14).  

In the AGGFOR_2100 scenarios (where sulphate and non-CO2 GHG increase 

according to the SRES A2 emission scenario until 2100, and then are held constant), 

radiative forcing from non-CO2 GHG is substantially higher – resulting in an extra 

degree of warming across all scenarios. Since non-CO2 GHGs do not increase the 
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efficiency of photosynthesis, or water use efficiency in plants, they do not offset the 

detrimental effects of warming (Huntingford et al. 2011), and thus broadleaf carbon 

increases are smaller in the AGGFOR_2100 runs. In these scenarios, broadleaf carbon 

anomalies reach a maximum of 6.4 – 7.2 GtC  (relative to 1800) in the 1275 GtC 

scenarios, and 4.9 – 9.6 GtC in the 5275 GtC scenarios.  

Beyond 2100 (earlier in the PULSE scenarios), temperature driven mortality 

begins to drive declines in Amazon broadleaf cover, which is replaced by C4 grass and 

shrub (Figure 3.15) in regions of loss. By the year 3000, there is little difference in the 

broadleaf carbon anomalies across the 1275 – 3275 GtC scenarios, though the 

variation is slightly larger in the AGGFOR_2100 runs.  

A change in behaviour starts to become apparent in the 3275 GtC scenarios, 

especially in the case of the AGGFOR_2100 runs, as the year 3000 broadleaf carbon 

magnitude begins to decline with increasing cumulative emissions. The broadleaf 

carbon anomalies are noticeably smaller in the 4275 GtC scenarios (relative to the 1275 

- 3275 GtC scenarios), actually becoming negative (relative to 1800 levels): -1.1 GtC 

and -11.1 GtC for the AGGFOR_2010 and AGGFOR_2100 runs, respectively. In 

addition, for the AGGFOR_2100 runs, the curves are still declining, slightly, by the end 

of the millennium (where as they have more or less stabilized at lower cumulative 

emission levels).  

Similar to global land carbon, limitations in the model’s ability to correctly resolve 

precipitation, and ENSO variability add uncertainties to the cumulative emission 

threshold at which broadleaf carbon begins to decline with increasing cumulative 

emissions. Vegetation in the Amazonian rainforest has been shown to be particularly 

sensitive to variations in precipitation driven by ENSO dynamics. For example, during 

the 1997 El Niño, where dry season rainfall was reduced by up to 70% in central 

Amazonia, annual tree mortality increased by about 70% (Sitch et al. 2008). Thus it is 

possible that the inclusion of ENSO dynamics would substantially change the sensitivity 

of Amazon broadleaf carbon to climate change. 

There is also a secondary uncertainty that arises because of the limited number 

of plant functional types (PFT) modeled by the vegetation model. This is of particular 
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importance in regions of transitional vegetation cover, or ecotones (the boundary of two 

vegetation types). For example, in addition to broadleaf evergreen rainforest, the 

Amazon also includes transitional vegetation zones (such as seasonally dry forests) on 

its outer margins. The model tends to overestimate the current distribution of broadleaf 

evergreen rainforest in the Amazon, since it predicts the occurrence of broadleaf forest 

in regions that are currently inhabited by seasonally dry forests in East Amazonia, for 

example (Meissner et al. 2003). These seasonally dry forests have different 

characteristics (such as an increased drought tolerance) and thus would have different 

sensitivities to climate change, and hence their inclusion in the model could have an 

effect on future tropical vegetation carbon. 

 
Figure 3.14.  Total Amazonian broadleaf carbon (GtC) between 70°W-50°W and 
15°S - 0° (Panel A – AGGFOR_2010 scenarios, Panel B – AGGFOR_2100 
scenarios).  
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Figure 3.15.  Amazon broadleaf vegetation fraction, C4 grass vegetation fraction, 
and shrub vegetation fraction in the 5275 GtC FAST scenario (Left-hand panels: 
AGGFOR_2010 scenario, right-hand panels: AGGFOR_2100 scenario) 
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Soil Carbon 

The soil carbon pool (Figure 3.10, Panels E and F) takes up ~1-12% of the total 

cumulative carbon emissions by the year 3000.  

Until about 2100 or so (earlier for the PULSE scenarios), increased inputs from 

the vegetation carbon pool (because of CO2 fertilization) drive increases in soil carbon 

over most regions, resulting in net increases of 202 – 210 GtC (relative to 1800) for the 

1275 GtC scenarios, and 206 – 250 GtC (relative to 1800) for the 5275 GtC scenarios.  

Beyond this time-period, however, soil carbon starts to decline in all scenarios, 

but especially so for the higher cumulative emission groups (4275 and 5275 GtC), both 

because of increased soil respiration, and changes in vegetation cover. Net decreases 

are found in many regions, except for high latitudes where there is expansion of boreal 

needleleaf into regions formerly inhabited by shrub and C3 grass tundra (Figure 3.16), 

which results in substantially larger inputs from the litter pool. Losses are especially 

large in tropical regions where broadleaf is replaced by C4 grass and shrub, because of 

substantial declines to inputs from the litter pool.  

By the year 3000, global soil carbon declines by 45 – 52 GtC for the 1275 GtC 

scenarios, relative to its maximum value, and by 170 – 189 GtC for the 5275 GtC 

scenarios. Losses tend to be highest for scenarios with higher emission rates.  

Path dependent behaviour is noted both in the short-term, and the long-term, for 

similar reasons given for global vegetation carbon. Differences in the soil carbon 

balance of Central Asia (Figure 3.17) account for the ~6 GtC and ~20 GtC reductions in 

the 4275 and 5275 GtC PULSE scenarios, relative to the other scenarios. 

Despite substantially higher atmospheric CO2 the year-3000 soil carbon 

anomalies are substantially lower in the 4275 and 5275 GtC scenarios than in the 1275 

or 2275 GtC scenarios. The magnitude of soil carbon reaches a maximum in the 2275 

GtC scenarios, while fractional uptake is highest at 1275 GtC. This is not only due to 

increased soil respiration in the higher cumulative emission scenarios, but also 

substantially reduced inputs from the vegetation carbon pool – a function of strong 

temperature-driven declines in tropical broadleaf carbon. Thus, similar to vegetation 

carbon, soil carbon exhibits threshold behaviour, where increases in cumulative 
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emissions above 2275 GtC cause soil carbon to decline, rather than continue to 

increase. 

 
Figure 3.16.  Year 2990 minus Year 2110 soil carbon for the 5275 GtC FAST 
scenarios. 

 
Figure 3.17.  Year 2990 soil carbon difference (PULSE minus SLOW runs) for the 
5275 GtC scenarios 



 

88 

Comparison of land carbon dynamics to other studies 

Compared to other models, land carbon uptake (Figure 3.18) in the UVic ESCM 

is quite low (Plattner et al. 2008; Zickfeld et al. 2013), accounting for only ~15% of total 

emissions by the year 3000 in the 1275 GtC scenarios, and just 3% of total emissions 

for the 5275 GtC scenarios. High sensitivities to temperature (Plattner et al. 2008; Eby 

et al. 2013) mean that land carbon uptake is especially low for the higher cumulative 

emission groups. 

Unlike Plattner et al. (2008), who found the fraction of cumulative emissions 

taken up by the land to remain relatively constant at ~17%, we found the fraction of 

cumulative emissions taken up by the land to decline with increasing cumulative 

emissions. Plattner et al. (2008), however, explored a relatively narrow range of 

cumulative emissions, on the low end of the range explored in our study (~1000 - 1800 

GtC). 

A more recent model Intercomparison study by Zickfeld et al. (2013), explored 

the response of the climate system to four Representative Concentration Pathways 

(RCPs) (RCP 2.6, 4.5, 6.0 and 8.5) and their extensions (Meinshausen et al. 2011). In 

their study it was found that the fraction of land carbon uptake increases between RCP 

2.6 and RCP 4.5 and then remains approximately constant or declines slightly between 

RCP 4.5 and RCP 8.0 for most models. The fraction of land carbon uptake declines 

slightly in the UVic ESCM. This finding is again different from our study, where we find a 

consistent decline with increasing cumulative emissions. However, Zickfeld et al. (2013) 

note that the low land uptake in RCP 2.6 are due to large land use change emissions 

associated with deforestation. 
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Figure 3.18.  Net global land carbon uptake between year 1800 and year 3000 (in 
GtC) as a function of cumulative emissions (Panel A), and the year 3000 fraction 
of cumulative emissions taken up by the land (Panel B). (Note: legend applies for 
both panels, and note that panel axes vary)   
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Ocean Carbon 

The ocean dissolved inorganic carbon (DIC) pool (Figure 3.10, Panels G and H) 

takes up a large proportion of the cumulative emissions (changes in the ocean organic 

carbon pool are negligible). Until emission cessation, uptake is relatively rapid, with 

>50% of the emissions taken up before cessation. However, uptake slows substantially 

afterwards, primarily driven by declining atmospheric CO2 levels.  

In the year 2400, the ocean takes up 47-48% (602 – 605 GtC) in the 1275 GtC 

scenarios, while just 26 -27% (1360 - 1465 GtC)  of the cumulative emissions are taken 

up by the ocean in the 5275 GtC scenarios. This is a result of a substantially weakened 

MOC, and reductions in the efficiency of the CO2 dissolution pathway (arising from 

increased temperature), both of which conspire to reduce oceanic uptake of CO2. 

Qualitatively similar findings were found by Nohara et al (2013). 

By the year 3000, the ocean has taken up ~56% (709 – 711 GtC) of the total 

cumulative emissions in the 1275 GtC scenarios, while in the 5275 GtC scenarios, 

ocean uptake amounts to just 34 – 35% (1810 – 1826 GtC) of cumulative emissions. 

The oceanic carbon curves are slower to converge than their atmospheric CO2 

counterparts – a function of the ocean’s sluggish response to changes in atmospheric 

forcing. By the year 3000, however, the differences across scenarios within a 

cumulative emission group are <0.5%, even for the 5275 GtC scenarios.  

Zickfeld et al. (2013) similarly found that ocean carbon uptake fraction 

decreases with increasing cumulative emissions, from an ensemble mean uptake of 

89% in the RCP 2.6 scenario to a mean of just 44% for the RCP 8.5 scenario, driven by 

declines in the availability of carbonate with increasing cumulative emissions, as well as 

stronger climate-carbon cycle feedbacks. Plattner et al. (2008), however, found that 

over a narrow range of cumulative emissions (between 1000 and 1800 GtC), ocean 

carbon uptake varies only slightly across emission scenarios. 

Given the exclusion of dynamic ice sheets from the UVic model, there are 

uncertainties with regard to how the MOC circulation will respond in a future climate. 

Since the MOC sequesters a large amount of the cumulative emissions to the deep 

ocean, uncertainties with regards to the MOC response mean that there are 
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uncertainties surrounding the oceanic carbon uptake. With the inclusion of a dynamic 

Greenland Ice Sheet, it is possible that freshwater fluxes from a melting Greenland 

could at least further weaken the MOC (and even possibly cause it to collapse), 

meaning that ocean carbon uptake would be diminished (relative to a simulation without 

dynamic ice sheets). Thus, the fraction of cumulative emissions taken up by the ocean 

may be overestimated in this study. 
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4. Summary/Conclusion 

4.1. Summary and Conclusion 

This study had two main objectives: 1) to explore the dependency of the coupled 

climate-carbon cycle system on emissions pathway (path dependence) at the global 

and regional scale, and 2) to investigate the cumulative emissions compatible with 

avoiding the trigger of climate tipping points in three main regions: the Arctic, the North 

Atlantic, and the Amazon. The three regions chosen reflect climate subcomponents that 

Lenton et al. (2008) have identified as possible tipping elements – Arctic summer sea 

ice cover, the MOC, and the Amazon broadleaf rainforest cover. 

We utilized the UVic ESCM version 2.9, and forced it with 24 CO2 emission 

scenarios from five cumulative emission groups (1275, 2275, 3275, 4275 and 5275 

GtC). Scenarios within each cumulative emission group included a variety of peak and 

decline scenarios with differing emission rates, an overshoot scenario, and an 

instantaneous pulse scenario.  

At the global scale, our results confirm the findings of previous studies 

(Matthews et al. 2009; Zickfeld et al. 2012; Nohara et al. 2013) that the long-term 

(centennial to millennial timescale) responses of global mean temperature, and climate 

variables that scale linearly with global mean temperature (such as sea ice) are 

proportional to the total cumulative emissions, and independent of emission pathway 

over the long term (i.e. after emission cessation). 

A new finding of this study is that we find the climate-carbon response, or the 

ratio of the change in global mean temperature to cumulative emissions, is not 

constant, and instead declines with increasing cumulative emissions, as well as 

increasing peak emission rates. We achieved this result through the use of multiple 

emission pathways with varying levels of cumulative emissions.  
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The peak response of the Atlantic meridional overturning circulation was 

strongly path dependent, with pathways featuring higher emission rates yielding the 

largest MOC decline. Eventually, however, the MOC curves converged, and there was 

little difference in the year 3000 MOC across scenarios within a cumulative emission 

group. At no point does the MOC shutdown in any of the 24 scenarios, suggesting that 

either the MOC in the UVic ESCM does not exhibit multiple stable states, or that the 

critical transition point was not reached. The model, however, does not include all 

potential sources of feedbacks on MOC circulation, including those associated with 

melt-water fluxes from Greenland, so it is possible that the decline in overturning 

circulation could be underestimated by the model.  

Using the IPCC’s definition of an ice free Arctic in which an ice extent of ≤1.0 x 

106 km is considered ice free (IPCC, 2013), we found that a seasonally ice free Arctic 

was achieved between 2010 (for the PULSE scenarios) and about 2150 for all 

scenarios whose cumulative emissions totalled 2275 GtC or greater, suggesting that 

the threshold cumulative emissions at which the Arctic becomes seasonally ice free lies 

between 1275 and 2275 GtC. However, it is likely that the model overestimates the 

threshold cumulative emissions at which the Arctic becomes seasonally ice free, since it 

underestimates the current rate of ablation of Arctic sea ice, and does not include 

climate-carbon cycle feedbacks associated with methane and CO2 release from melting 

permafrost (which would cause additional warming).  

Similar to temperature, the sea ice curves converge after the cessation of 

emissions, meaning that there is little long-term dependence in the response of sea ice 

to emissions pathway.  

The year 3000 airborne fraction of CO2 increases with increasing cumulative 

emissions, from 0.29 in the 1275 GtC scenarios to about 0.63 in the 5275 GtC 

scenarios, as a function of reduced oceanic uptake (caused by weaker dissolution of 

CO2 in the ocean and reductions in the strength of the MOC), and weaker land sinks. 

Though the airborne fraction does not appear to show long-term dependence on 

emissions pathway (i.e. after emissions cease), we find that the peak airborne fraction 

is heavily dependent on the emission pathway followed, and is highest for emission 

scenarios with higher peak emission rates. 
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The fraction of carbon emissions taken up by the ocean is also sensitive to 

cumulative emissions; declining with increasing cumulative emissions, from about 46-

47% in the 1275 GtC scenarios to just 26-27% in the 5275 GtC scenarios. The slight 

differences in the long-term (post emission cessation) response of ocean carbon uptake 

arise from the sluggish response of the ocean to changes in atmospheric CO2 and 

temperature.  

The land carbon cycle response, particularly at high cumulative emission levels, 

exhibits complex temporal dynamics. Despite being exposed to substantially higher 

levels of atmospheric CO2 under scenarios with higher cumulative emissions, fractional 

uptake of the cumulative emissions by the vegetation reaches a maximum in the 2275 

GtC scenarios, and declines at higher cumulative emissions, while fractional uptake by 

the soil is at a maximum in the 1175 GtC scenarios. This arises because though CO2 

fertilization initially drove increases in global land carbon, eventually, temperature-

related declines in tropical broadleaf carbon, especially at higher cumulative emission 

levels, erased much of these gains. Meanwhile, conversion of shrub tundra and C4 

grass tundra to boreal needleleaf forest, at high latitudes, drives a secondary increase 

in vegetation carbon towards the latter half of the millennium. The authors caution, 

however that the model’s ability to resolve precipitation is somewhat limited by its 

simplified energy-moisture balance model of the atmosphere, which could have 

implications for the tropical vegetation response in particular (since the model is unable 

to resolve ENSO variability or monsoonal circulation).  

Declines in soil carbon with increasing cumulative emissions, are also found, 

and are a function of increasing soil respiration as well as declining inputs from the 

vegetation carbon pool. Methane and CO2 release from degrading permafrost in a 

warming climate (not considered here) would also drive further declines in soil carbon. 

The third potential tipping element explored in this study was Amazonian 

broadleaf forest carbon. Like sea ice, Amazonian broadleaf forest cover was prone to 

threshold behaviour, where noticeable changes in the magnitude of the decline of 

broadleaf carbon were noted after a certain cumulative emission level was reached. 

Broadleaf carbon increased in magnitude and fraction with increasing cumulative 

emissions between 1275 GtC – 2275 GtC scenarios, with little evidence of any long-
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term dependence on emission rate. Beginning at 3275 GtC (and even more so in the 

4275 and 5275 GtC scenarios), however, Amazonian broadleaf carbon declined with 

increasing cumulative emissions. Net losses of broadleaf carbon (relative to 1800) by 

the year 3000 were found for all scenarios with cumulative emissions ≥4275 GtC. 

These features were most pronounced in the AGGFOR_2100 simulations, where 

sulphate and non-CO2 GHGs followed the SRES A2 emission scenario until 2100 and 

then were held constant at year 2100 levels, imparting an extra ~ 1 Wm-2 of radiative 

forcing compared to our standard scenario (where sulphate and non-CO2 GHG were 

stabilized at 2010 levels). As a result, we concluded that a threshold cumulative 

emission level for Amazon broadleaf carbon exists somewhere between 2275 GtC and 

3275 GtC. Similar caveats in regards to the model’s limited ability to resolve 

precipitation also apply here. 

According to the results from this study, cumulative emission targets compatible 

with limiting global mean warming to 2oC, would also safeguard against crossing tipping 

points for the MOC, Arctic sea ice, and the Amazon, given that Zickfeld et al. (2009) 

found that total cumulative emissions (since the preindustrial period) must remain below 

about 1000 GtC in order for us to have a ~66% chance of stabilizing global mean 

warming below 2oC. This is below the threshold cumulative emissions at which we find 

summer Arctic sea ice cover to disappear (2275 GtC), or threshold behaviour to occur 

in Amazon broadleaf carbon (3275 GtC). Note, however, that not all sources of abrupt 

climate change were included in the UVic ESCM, thus phenomenon such as carbon 

release from degradation of permafrost could substantially lower the anthropogenic 

cumulative carbon emission thresholds at which tipping points are crossed. 

4.2. Novel contributions to the literature and suggestions 
for future researchers 

4.2.1. Novel contributions 

This was the first study that we are aware of to explore the sensitivity of the 

coupled climate-carbon cycle to such a broad range of cumulative emissions. Previous 

studies, such as those by Zickfeld et al. (2009), Zickfeld et al. (2012) and Nohara et al. 
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(2013), focused on a small range of cumulative emissions up to about 2500 GtC. Doing 

so allowed us to explore whether or not the relationship between cumulative emissions 

and the response of climate variables such as temperature, the MOC, Arctic sea ice, 

and the carbon cycle, changes at high levels of cumulative emissions (such as if we 

were to extract and burn the majority of all known fossil fuel reserves). Our study is also 

the first, to our knowledge, to explicitly consider regional variations in path dependence 

– particularly in regions thought to contain tipping elements.  

Based on our findings that, in the long term, the regional climate response is 

path independent for most climate variables, including temperature, the MOC, sea ice, 

and the Amazon broadleaf carbon, for the most part, one could construct carbon 

budgets based on regional climate targets, instead of just global mean thresholds as 

has been done by previous studies (Zickfeld et al. 2009). As some regions, such as the 

Arctic, will warm faster than the global mean (Solomon et al. 2007), basing carbon 

budgets on the global mean climate response may not be the most effective way of 

avoiding “dangerous” anthropogenic interference with the climate system. By 

developing carbon budgets compatible with avoiding dangerous climate change in the 

region that is most sensitive to cumulative emissions (in our case sea ice), one would 

likely be able to avoid threshold behaviour in other regions as well. 

By exploring a wide range of cumulative emissions, and multiple emissions 

pathways, we achieved a novel finding that the TCRE declined with increasing 

cumulative emissions and with increasing emission rates. This finding is an important 

one for the literature on the dependency of climate change on emissions pathway, and 

for studies utilizing the cumulative emissions approach, as a central assumption of this 

approach is that the TCRE is more or less constant over time and with increasing 

cumulative emissions.  

The finding that the TCRE (or CCR) is not entirely constant introduces another 

degree of uncertainty, beyond the uncertainties pertaining to Earth’s climate sensitivity 

and the carbon cycle, in developing emission budgets consistent with meeting global 

mean temperature targets, as we have a slight dependency of the slope of the TCRE 

on total cumulative emissions. 
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Another novel finding was that the land carbon displayed a non-monotonic 

response, whereby the fraction of cumulative emissions taken up by the vegetation and 

soil are found to decline beyond a certain threshold cumulative emissions (2275 GtC 

and 1275 GtC, respectively, for the vegetation and the soil). The finding that fractional 

uptake of cumulative emissions by the land declines with increasing cumulative 

emissions is different from previous studies that showed the fraction of cumulative 

emissions taken up by the land to stay relatively constant (Plattner et al. 2008) or 

increase, before plateauing (Zickfeld et al. 2013). Though previous studies have shown 

that vegetation carbon may decline in the future, as temperatures increase (Cox et al. 

2000; Sitch et al. 2008), this study goes beyond by exploring the relationship between 

the decline and cumulative carbon emissions. 

Our results with respect to global land carbon would suggest that the effects of 

CO2 fertilization may lose out to temperature related declines at higher cumulative 

emissions, which would have implications for studies investigating carbon sequestration 

options, especially in tropical regions, since it would suggest that the efficiency of 

uptake would decline with increasing cumulative emissions. These findings also have 

implications for biogeography and ecology, more generally, since they imply that large-

scale biome shifts (and hence species shifts) will likely play an important role in the 

future, if cumulative emissions climb above a certain threshold. 

4.2.2. Suggestions for future research 

In order to investigate the role that other climate feedbacks (such as those from 

ice sheets, or permafrost carbon) could play in the dependency of regional climate 

change, the cumulative emission scenarios should be re-tested with other climate 

models that include dynamic ice sheets, permafrost carbon, and other feedbacks not 

included in this model. 

To investigate the uncertainties associated with precipitation on the response of 

land carbon, the scenarios should be explored using a more complex climate model 

with atmospheric dynamics, monsoonal circulation and ENSO variability. With a more 

complex model, however, it may be more difficult to explore such a wide array of 

emission scenarios, or the millennial scale climate response as efficiently as is possible 
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with an EMIC. Therefore both computational complexity as well as efficiency needs to 

be considered when choosing a model. 

Finally, further testing of scenarios with cumulative emission levels in between 

those of this study (for example, in between 1275 GtC and 2275 GtC) is needed, in 

order to better refine the estimated threshold cumulative emission levels. Though we 

tried to choose tipping elements from various regions of the globe, in order to best 

refine these estimated threshold cumulative emission levels, testing of other tipping 

elements not studied here would also be required, in addition to conducting similar 

studies with other coupled-climate carbon cycle models. 
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