
 

 
 

 
ROCK AVALANCHES ON GLACIERS 

 
by 

 
Dan H. Shugar 

B.Sc. (Geography), Carleton University, 2003 
M.Sc. (Geography), University of Guelph, 2005 

 
 
 

THESIS SUBMITTED IN PARTIAL FULFILLMENT OF 
THE REQUIREMENTS FOR THE DEGREE OF 

 
DOCTOR OF PHILOSOPHY 

 
 

In the  
Department of Earth Sciences 

 
 

© Dan H. Shugar 2011 
 

SIMON FRASER UNIVERSITY 
 

Spring 2011 
 
 
 

All rights reserved. However, in accordance with the Copyright Act of Canada, 
this work may be reproduced, without authorization, under the conditions for Fair 
Dealing. Therefore, limited reproduction of this work for the purposes of private 

study, research, criticism, review and news reporting is likely to be in accordance 
with the law, particularly if cited appropriately. 



 

 ii 

APPROVAL 

Name: Dan Shugar 

 

Degree: Doctor of Philosophy  

 

Title of Thesis: Rock avalanches on glaciers 

 

Examining Committee: 

Chair: Dr. Andrew Calvert 
Professor, Department of Earth Sciences 

 
 
 ___________________________________________ 
 Dr. John Clague 

Senior Supervisor 
Professor, Department of Earth Sciences 

 
 
 ___________________________________________ 
 Dr. Gwenn Flowers 

Supervisor 
Associate Professor, Department of Earth Sciences 

 
 
 By  telephone conferencing from Norway              
 Dr. Reginald Hermanns 

Supervisor 
Geological Survey of Norway  

 
 
 By  telephone conferencing from Ontario                            
 Dr. Ken Hewitt 

Supervisor 
Wilfrid Laurier University  

 
 
 _____________________________________________ 
 Dr. Glyn Williams-Jones 
 Internal Examiner 

Associate Professor, Department of Earth Sciences  
 
 
 By  telephone conferencing from Oregon                
 Dr. Andrew G. Fountain  

External Examiner 
Portland State University 

 
 
Date Defended/Approved:  April 14th, 2011                                                                      



Last revision: Spring 09 

 

Declaration of 
Partial Copyright Licence 
The author, whose copyright is declared on the title page of this work, has granted 
to Simon Fraser University the right to lend this thesis, project or extended essay 
to users of the Simon Fraser University Library, and to make partial or single 
copies only for such users or in response to a request from the library of any other 
university, or other educational institution, on its own behalf or for one of its users.  

The author has further granted permission to Simon Fraser University to keep or 
make a digital copy for use in its circulating collection (currently available to the 
public at the “Institutional Repository” link of the SFU Library website 
<www.lib.sfu.ca> at: <http://ir.lib.sfu.ca/handle/1892/112>) and, without changing 
the content, to translate the thesis/project or extended essays, if technically 
possible, to any medium or format for the purpose of preservation of the digital 
work. 

The author has further agreed that permission for multiple copying of this work for 
scholarly purposes may be granted by either the author or the Dean of Graduate 
Studies.  

It is understood that copying or publication of this work for financial gain shall not 
be allowed without the author’s written permission. 

Permission for public performance, or limited permission for private scholarly use, 
of any multimedia materials forming part of this work, may have been granted by 
the author.  This information may be found on the separately catalogued 
multimedia material and in the signed Partial Copyright Licence. 

While licensing SFU to permit the above uses, the author retains copyright in the 
thesis, project or extended essays, including the right to change the work for 
subsequent purposes, including editing and publishing the work in whole or in 
part, and licensing other parties, as the author may desire.  

The original Partial Copyright Licence attesting to these terms, and signed by this 
author, may be found in the original bound copy of this work, retained in the 
Simon Fraser University Archive. 

Simon Fraser University Library 
Burnaby, BC, Canada 



 

 iii 

ABSTRACT 

This thesis examines relations between rock avalanches and the glaciers on which they 

are deposited. I have attempted to understand a geophysical phenomenon from two viewpoints: 

sedimentology and glaciology. The contributions are both methodological, and practical. I have 

used a GIS to quantify debris sheet geomorphology. A thorough characterization of rock 

avalanche debris is a necessary step in understanding the flow mechanics of large landslide. I 

have also developed a technique for solving radar interferometry phase unwrapping problems. A 

digital elevation model created using this technique is used to quantify the velocity of a glacier 

prior to its disturbance by landslides. 

Three debris sheets on Black Rapids Glacier, Alaska, have coarse blocky rims. 

Longitudinal flowbands in these debris sheets, as well as in a debris sheet deposited on Sherman 

Glacier, Alaska, separate bands of different block size. Elongated blocks are parallel to flow, 

except at the perimeter of the debris sheets, where they are aligned nearly perpendicular to flow. 

Blocks on Sherman Glacier have been reoriented by glacier flow since the landslide in 1964. The 

matrix of all four debris sheets does not systematically change with depth or distance from the 

source. However, Sherman Glacier debris has become coarser due to weathering. 

Black Rapids Glacier surged in 1936-1937. Between 1949 and 1995, the glacier 

gradually returned to a pre-surge hypsometry. Maximum elevation changes along the glacier 

centerline in the ablation and accumulation areas, are, respectively, -249 m (-5.4 m a-1) and +63 

m (+1.4 m a-1). Centerline thickening of +62 m (+1.4 m a-1), just above the Loket tributary in the 

upper part of the ablation zone, indicates dynamic thickening following the surge. 

The response of Black Rapids Glacier to the rock avalanches is spatially and temporally 

complex. Increases in measured and modelled surface velocity across the debris sheets are 

much greater than velocities observed higher on the glacier. The velocity recorded at the 

downglacier margin of the debris doubled between 2002 and 2004, resulting in a reversed 

velocity gradient. The changes in ice dynamics are related to the landslides through the effect of 

debris insulation on mass balance.  

 
Keywords: rock avalanche; landslide; geomorphology; glaciology; climate change; natural 
hazards; InSAR; radar speckle tracking; Black Rapids Glacier; Sherman Glacier; Alaska 
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DEDICATION 

   
 
 
 
 
 
 
 

“Glaciers are delicate and individual things, like humans. 
Instability is built into them.” 

- Will Harrison 
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CHAPTER 1  
INTRODUCTION 

Climate has warmed since the end of the Little Ice Age about 100 years 

ago, causing extensive loss of snow and ice in mountains throughout the world 

(e.g. IPCC, 2007). Downwasting and retreat of glaciers has altered many 

mountain geomorphic processes and triggered some catastrophic events, 

including outburst floods from moraine- and glacier-dammed lakes, glacier 

avalanches, and landslides (e.g. Evans and Clague, 1994). Floods and 

landslides have altered the supply of sediment and water to proglacial streams, 

thus altering channel and floodplain patterns (Desloges and Church, 1992; 

Kershaw et al., 2005). Many alpine slopes have failed due to loss of ice support 

(“debuttressing”) during recent glacier retreat (Bovis and Stewart, 1998; Holm et 

al., 2004). Instability will continue and perhaps intensify if glaciers continue to 

retreat under a climate that is expected to continue to warm. 

1.1 Glacier response to climate change 

Earth’s climate has warmed significantly in the past 150 years (Figure 

1.1), with average Northern Hemisphere air temperatures during the second half 

of the 20th century being higher than for any other 50-year period in the last 500 

years (IPCC, 2007). In their assessment of climate change in the Arctic, 

Overpeck et al. (1997) state that climate at high latitudes has warmed 

substantially since the end of the Little Ice Age. From 1840 to the mid-20th 
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century, the Arctic warmed to the highest temperatures in the past 400 years. In 

the north Pacific, Moore et al. (2002) correlate increased snowfall at Mt. Logan to 

warming climate over the past 300 years.  

 
Figure 1.1 Published records of surface temperature change for various regions of the 
world (used with permission, IPCC, 2007).  
 

Mountain glaciers represent only three percent of Earth’s glacierized area, 

but are important because they are rapidly losing mass under today’s climate 

(Arendt et al., 2002). Dyurgerov and Meier (2000) estimate average global ice 

loss from mountain glaciers to be approximately 100 km3 yr-1 water equivalent 

(w.e.) during the late 20th century; time series of global glacier volume change 

show a significant shift during the late 1970s to a trend of decreasing glacier 

volume. The IPCC (2007) estimate global mass loss of glaciers and ice caps as 

0.5 + 0.2 mm yr-1 sea-level equivalent between 1961 and 2004, and 0.8 + 0.2 
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mm yr-1 between 1991 and 2004. The strongest mass losses per unit area are 

observed in Patagonia and western North America (Figure 1.2). 

 
Figure 1.2 Cumulative mean specific mass balances (a) and total mass balances (b) of 
glaciers and ice caps for large regions of the world. Mean specific balance shows the 
strength of climate change in the respective region; total mass balance is the contribution 
from each region to sea level rise (used with permission, IPCC, 2007).  
 

Arendt et al. (2002) report that Alaskan glaciers lost 52 ± 15 km3 yr-1 w.e. 

between the mid-1950s and the mid-1990s, but the loss nearly doubled to ~96 ± 

35 km3 yr-1 between the mid-1990s and 2000/01. Arendt et al. (2002) suggest 

that ice losses from Alaskan glaciers at the end of the 20th century are nearly 

double the estimated annual loss from the entire Greenland Ice Sheet and are 

much higher than previously thought. These findings have been challenged by 

Berthier et al. (2010) who calculate that Alaska’s glaciers lost 41.9 ± 8.6 km3 yr-1 

w.e. between 1962 and 2006, 34% less than estimated by Arendt et al. (2002). 

The differences arise from different methodologies. Larsen et al. (2005a) 

document the historic retreat of glaciers in Glacier Bay, Alaska, and estimate a 

total ice loss of 3030 km3 since the local Little Ice Age maximum at the end of the 
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18th century (Figure 1.3), the largest loss of ice on Earth in the past two 

centuries. This volume of ice is responsible for a global rise in sea level of 8 mm. 

 
Figure 1.3 A) Map of St. Elias Mountains showing tectonic setting and present-day glacial 
wastage. The fastest changes are occurring at lower elevations, such as the termini of the 
Bering (BER) and Malaspina (MAL) glaciers. B) Ice thickness change in Glacier Bay since 
the Little Ice Age. Total volume of the ice loss is 3030 km3, equivalent to 8 mm rise in 
global sea level (used with permission, Larsen et al., 2005a). The Yakutat Icefield (YI) is an 
exception, where thinning rates about three times greater than regional average are 
driving the greatest ongoing unloading in southeast Alaska. The Glacier Bay Little Ice Age 
Icefield is outlined (GB). Most of this icefield disappeared over the last ~250 yr. 
 

Most Alaska and British Columbia glaciers have thinned dramatically in 

recent decades. The lower part of Columbia Glacier for example, has thinned 

more than 400 m since 1957 (Berthier et al., 2010). Clague and Evans (1994) 

document total ice losses of 250-300 km3 at Grand Pacific and Melbern glaciers 

in the St. Elias Mountains in the past 200 years, with most of the loss occurring in 

the past century; the ablation zone of Melbern Glacier has thinned up to 600 m 

over this period. Lowermost Mendenhall Glacier has thinned about 200 m since 

1909; the total ice loss between 1948 and 2000 was 5.5 km3 (Motyka et al., 

2003).  
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1.2 Glacier motion 

Glaciers move by three mechanisms: (a) basal sliding (if warm-based); (b) 

deformation of the bed on which the glacier is flowing; (c) and plastic deformation 

of the ice (creep).  

Basal sliding occurs by regelation and enhanced creep over obstacles on 

the bed (Paterson, 1994). As ice slides over a rough bed, it also tends to 

separate from the bed in the lee of obstacles, allowing water to collect in the 

cavities which can facilitate further sliding1 (Paterson, 1994). Kamb (1970) 

suggests that basal sliding on bedrock is about half the flow velocity of most 

temperate glaciers. In some cases, however, deformation of sediment at the 

base of the glacier constitutes nearly all of the basal movement and more than 

two-thirds of total glacier motion (Truffer et al., 2000; 2001; Truffer and Harrison, 

2006). At Black Rapids Glacier, deformation occurs deep within till beneath the 

glacier, whereas at Breiðamerkurjökull, Iceland, Boulton (1979) and Boulton and 

Hindmarsh (1987) found that deformation in the uppermost meter of till accounts 

for 80-95 percent of total motion, with only limited deformation deeper in the till. 

At Trapridge Glacier, Yukon, Fischer and Clarke (2001) observed a strong 

diurnal signal in bed deformation, which accounted for up to ~45 percent of 

surface motion (Blake et al., 1994). Few direct measurements, however, have 

been made, and current understanding of till deformation comes mainly from 

laboratory and theoretical modelling (e.g. Iverson et al., 1998). 

                                            
1 The role of subglacial water in glacier motion is discussed in section 1.3. 
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Much glacier motion results from plastic deformation of ice. For a parallel-

sided slab of ice of thickness h measured perpendicular to slope and resting on a 

plane of slope α , the driving stress, dτ , responsible for ice deformation (Figure 

1.4) is given by: 

αρ=τ singhd ,     (1-1) 

where ρ is ice density (917 kg m-3) and g is gravitational acceleration (9.81 m s-2). 

Often, it is assumed that dτ is approximately balanced by basal drag, Bτ . 

 
Figure 1.4 Coordinate system for driving stresses for parallel-sided slab glacier (after 
Paterson, 1994). 
 

If the ice surface is not parallel to the bed, but the slopes are small, dτ  is 

the same as if the slab had parallel surfaces of slope α  (Paterson, 1994). It 

follows that shear stress at the bed, ( )0=zdτ , is governed by the surface slope; ice 

flows in the direction of maximum surface slope even where the bed slopes in the 

opposite direction. Small bed features relative to ice thickness, such as 

hummocks, do not affect flow (Paterson, 1994), although they may have an effect 

on subglacial hydraulics (Fischer et al., 2005). 
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1.3 Subglacial hydrology 

The flow of water in, around, and under glaciers has attracted significant 

attention due to its implications for glacier dynamics, glacier-induced floods, 

runoff from glacierized basins and sea-level rise (Fountain and Walder, 1998).  

Subglacial drainage systems have been classified as two main types – 

fast (channelized) and slow (distributed) drainage (Figure 1.5) (e.g. Raymond et 

al., 1995). In the fast drainage system, water is transported in an arborescent 

network of relatively large subglacial tunnels or conduits (Rothlisberger, 1972; 

Shreve, 1972). Water pressure in these conduits varies inversely with the 

discharge in steady state, such that larger conduits grow at the expense of 

smaller ones (Rothlisberger, 1972). 

 

Figure 1.5 Schematic illustration of examples of slow drainage (linked cavities, A) and 
fast drainage (efficient conduits, B) systems (after Kamb, 1987). In both panels, shading 
indicates where ice is in contact with the bed, and small arrows show general direction of 
water movement through the network. 
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The slow drainage system is characterized by a distributed network of 

passageways whose diameter fluctuates widely along the flow path (Kamb, 

1987). As ice slides over a rough bed, cavities can form on the lee side of bumps 

(Lliboutry, 1969). These cavities can fill with water, and are connected by narrow 

conduits. In this scenario, water pressure varies directly with discharge in steady 

state. Because high normal stresses on the upstream face of bed obstacles tend 

to close conduits there, the drainage system largely avoids these regions. As a 

result, water flow has a strong cross-glacier component and transit times are 

long. This type of drainage facilitates rapid sliding at the glacier bed. A 

macroporous horizon of saturated granular material at the ice-bed interface is 

considered the soft bed equivalent of a linked cavity system (e.g. Paterson, 

1994). 

Both fast and slow drainage systems may exist simultaneously beneath a 

glacier and may change seasonally. Surging may be initiated when tunnel 

drainage is interrupted and a distributed system develops (e.g. Kamb et al., 

1985; Kamb, 1987). Non-surge increases in glacier velocity have been attributed 

to large and rapid increases in the amount of water at the bed (e.g. Bartholomaus 

et al., 2008), where the increased water pressure drives water into a distributed 

system and basal sliding is enhanced. Reduced glacier sliding typically ensues 

when the drainage switches back to a channelized pattern (e.g. Björnsson, 1998; 

Magnússon et al., 2010).  
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1.4 Landslides 

Catastrophic rock-slope failures are hazards to humans and their 

infrastructure, and they can have geomorphic consequences that persist for 

millennia or longer (e.g. Hewitt, 1998). For example, two large rock avalanches in 

the Cordillera Blanca of Peru, one in 1962 and the other 1970, claimed about 

7,000 people in two communities (Plafker and Ericksen, 1978; Evans et al., 

2009a); landslide barriers in the Karakoram Himalaya have affected the Indus 

River and its tributaries throughout the Holocene (Hewitt, 1998). 

The term “landslide” was used as early as 1838 (Cruden, 2003), but Dana 

(1863) provided the first classification of mass movements by describing what 

are now known as debris flows, earth spreads, and rock slides. Today, landslides 

are classified using a combination of movement type (fall, translational slide, 

slump, flow, topple, creep), type of earth material (rock, sediment), water content, 

and velocity (Varnes, 1978; Cruden and Varnes, 1996). Many landslides, 

however, are complex and do not lend themselves to existing classification 

schemes. Rock avalanches, the landslides under investigation here, are 

complex, generally involving an initial rock fall or translational slide, followed by 

wet or dry flow.  

1.4.1 Landslide triggering mechanisms 

It is important to distinguish between landslide triggers and causes. A 

landslide can have several causes, including geological, morphological, physical 

and human conditions that, operating over a lengthy period, reduce the stability 

of a slope to the point of failure (Wieczorek, 1996). The trigger of a landslide is 
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the external stimulus that, operating over a short period, rapidly increases total 

stress on a slope or reduces the strength of the slope, causing it to fail. Landslide 

triggers include intense rainstorms, rapid snowmelt, earthquakes, volcanic 

eruptions, storm waves and rapid stream erosion. In some cases, no identifiable 

event triggers a landslide, because the stability of the slope has deteriorated over 

a period of centuries or millennia to the threshold of failure. 

In his review, Wieczorek (1996) points out that shallow landslides in soils 

and weathered rock often are generated on steep slopes during the more intense 

parts of a storm, and thresholds of combined storm intensity and duration may be 

necessary to trigger them. In 1982, intense rainfall lasting about 32 hours in the 

San Francisco Bay region of California triggered >18,000 predominantly shallow 

landslides involving soil and weathered rock. In northern British Columbia, 

Egginton (2005) used weather satellite data to study rainfall-triggered landslides. 

In nival environments, rapid snowmelt brought on by sudden warming or by rain-

on-snow can similarly introduce a large amount of water into a hillslope, 

triggering mass wasting.  

Strong ground shaking during earthquakes has triggered landslides in 

diverse topographic and geologic settings. The Huascaran rock avalanches in 

Peru (e.g. Plafker and Ericksen, 1978) are among the best known earthquake-

triggered landslides, but many examples exist elsewhere. The March 27, 1964, 

Alaska earthquake (M 9.2) triggered landslides over a large area of southern 

Alaska (Post, 1967). The largest of the landslides spread 25 x 106 m3 of rock and 

minor amounts of ice across Sherman Glacier. Similarly, several rock avalanches 
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were triggered by the St. Elias earthquake (M 7.2) in 1979 (Evans and Clague, 

1999). More recently, in 2002, the Denali earthquake (M 7.9) triggered thousands 

of landslides, including large rock avalanches onto Black Rapids, Gakona, West 

Fork, and McGinnis glaciers in the Alaska Range (Harp et al., 2003; Jibson et al., 

2006).   

1.4.2 Rock avalanches 

Rock avalanches (“sturzstroms”) are complex high-velocity landslides with 

long travel distances. They involve detachment and subsequent flow of a large 

mass of rock from a cliff or steep slope (Clague and Evans, 1987). The rock 

mass initially moves by simple translation, commonly along a planar surface, but 

it rapidly disintegrates and becomes a flowing or streaming body of highly 

fragmented debris that travels at high speed into a valley, over gently sloping 

terrain, or up an opposing slopes (Plafker and Ericksen, 1978; Evans and 

Clague, 1988). The debris stops suddenly when its velocity drops below a critical 

threshold (Hewitt, 1999). Where confined to a valley, the streaming debris super-

elevates in bends, similar to a bobsled as it rounds corners. 

Rock avalanche mobility 

The horizontal travel distance of most landslides is approximately equal to 

the vertical travel distance, whereas the ratio for rock avalanches is much 

greater, up to 10:1 (Friedmann, 1997). Numerous mechanisms have been 

proposed to explain the long runout of rock avalanches, including water or air 

lubrication (Kent, 1966; Shreve, 1968a), acoustic and mechanical fluidization 
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(Hsü, 1975; Melosh, 1979; Davies, 1982; Collins and Melosh, 2003), and 

fragmentation spreading (Davies and McSaveney, 2002, 2009). These theories 

can be broadly categorized as those that reduce basal friction, and those that 

reduce internal friction (Davies et al., 1999). The reader is directed to Legros 

(2002) and Dunning (2004), who provide excellent summaries of possible 

mechanisms involved in the enhanced mobility of rock avalanches. 

The fact that large landslides can travel larger distances than expected 

from frictional processes alone has led many authors to hypothesize that fluids 

play a significant role in enhancing mobility. An interstitial fluid can reduce the 

effective coefficient of friction of a granular material by partly supporting particles 

and reducing the granular stress (Bagnold, 1954). Two theories involve air in 

rock avalanche motion. Kent (1966) argues for fluidization by entrapped air, in 

which individual blocks are maintained in a dilated state by the rapid flow of air 

escaping from the body of the debris. This escaping air lowers the coefficient of 

friction among the blocks, resulting in a longer runout.  

Shreve (1966; 1968a) instead invokes a trapped cushion of air to explain 

the long runout of rock avalanches. Several authors (e.g. McSaveney, 1978; 

Cruden and Hungr, 1986; Hungr and Evans, 2004) have pointed out that leakage 

of air vertically through the debris would result in a normally graded deposit. 

Such normal grading is rare in rock avalanches debris (Hewitt et al., 2008). 

Instead, crude inverse grading is much more common (Cruden and Hungr, 1986; 

Dunning, 2004). McSaveney (1978) argues that an air cushion, as proposed by 

Shreve, would have caused the Sherman Glacier landslide to travel even farther 
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than it did. Melosh (1987) points out that entrapment of air is exceedingly difficult, 

because an impermeable (or fixed permeability, c.f. Legros, 2002) substance is 

required. Experiments on fluidization have shown that the permeability of a 

sediment can dramatically increase when it is fluidized (Legros, 2002), casting 

doubt on Shreve’s hovercraft theory. Finally the discovery of long-runout 

landslides on Mars and the Moon (Lucchitta, 1979) have called into question the 

need for air at all in explaining anomalous mobility of rock avalanches. 

Water-saturated mass movements, such as debris flows, are more mobile 

than dry landslides of the same volume. The entrained water reduces granular 

friction by increasing pore pressure gradients in the debris (Iverson, 1997). In the 

case of rock avalanches on glaciers (see section 2.7.1), incorporation of melted 

snow and ice likely contribute to mobility, but, of course, not all long runout 

landslides occur on glaciers. 

Melosh (1979) and Collins and Melosh (2003) propose that transient, high-

frequency pressure fluctuations generated during debris transport may locally 

reduce overburden stresses and thus reduce the frictional resistance of the mass 

to slip between clasts. In their acoustic fluidization scenario, vibrations facilitate 

rapid fluid-like behaviour of the debris, even in the absence of large driving 

stresses. Dunning (2004) points out that insufficient experimental work has been 

done to know whether sufficient high-frequency vibrations can be generated by a 

rock avalanche. 

Another theory proposed to explain long runout of rock avalanches is 

mechanical fluidization, whereby high contact pressures develop between grains 
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in a fragmenting rock mass, causing the grains to separate and the mass to 

dilate. Based on his work on the Sherman Glacier landslide and borrowing ideas 

from Heim (1882), McSaveney (1978) suggests that earthquakes may provide 

the energy necessary to initiate this process, although many long-runout 

landslides are not seismically triggered. Following on Bagnold’s (1954) finding 

that dilation results when a grain mass is subject to unidirectional shear, Davies 

(1982) suggests that shear between the rapidly moving debris mass and the 

substrate may provide sufficient energy to initiate mechanical fluidization. The 

debris becomes fluidized and spreads under the influence of gravity. When the 

velocity decreases enough that basal shear is no longer sufficient to maintain the 

dilation, internal friction increases and the rigid mass comes to an abrupt rest. 

Later, however, Davies et al. (1999) question this theory, arguing that there is no 

reason why mechanical fluidization should be more effective above a minimum 

volume of 106 m3 which is the volume threshold below which landslides do not 

exhibit excessively long runouts. They suggest that, although mechanical 

fluidization is certainly present in granular flows, it is likely not the main cause of 

excess runouts. 

Davies and McSaveney (1999) propose that rock fragmentation itself 

plays a significant role in the long runout of rock avalanches. Their dynamic 

fragmentation theory, which is elaborated in more recent studies (Davies and 

McSaveney, 2002, 2009), is predicated on the idea that rock fragmentation 

produces high-velocity fragments moving in all directions, resulting in an isotropic 

dispersive stress within the translating rock mass. At volumes below 106 m3, 
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fragmentation has little effect, because larger particles can break at much lower 

stresses (Davies et al., 1999). The dispersive forces generated by fragmentation 

cause the debris sheet to thin, its rear part to decelerate, and the front to 

accelerate. Longer runout results from the additional fragmentation-induced 

spreading. 

The apparent volume threshold of 106 to 107 m3  identified for long-runout 

rock avalanches (Hsü, 1975) precludes simple physical modelling (e.g. Davies 

and McSaveney, 1999). As a result, information about flow mechanics must be 

inferred from other sources, such as deposit morphology and sedimentology. 

Rock avalanches on glaciers 

Rock avalanches are common on steep slopes adjacent to thinning 

glaciers. Geertsema et al. (2006) suggest that most rock avalanches in northern 

British Columbia have initiated on rock slopes above glaciers.  

Evans and Clague (1988; 1994) argue that rock avalanches on glaciers 

have greater mobility than those that do not travel on glaciers. They offer several 

hypotheses to explain the greater mobility: (1) the debris travels on low-friction 

(i.e. ice and snow) surfaces; (2) pore pressures are generated at the base of the 

debris by frictional melting; (3) the debris is fluidized by melt of ice and snow; and 

(4) debris is channelized and may become air-launched by moraines. Many rock 

avalanches in glacierized terrain contain large amounts of ice or snow that was 

part of the original detached mass or that became incorporated into the debris 

sheet during its passage over the glacier. Geertsema et al. (2006) suggest that 
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most landslides spread and thin as they travel over glaciers, which is supported 

by the fragmentation theory of Davies and McSaveney (1999). 

Decreased ablation of underlying ice and alteration of glacier velocity are 

two of the most important glaciological effects of rock avalanches on glaciers. 

The Sherman Glacier rock avalanche covered 8.5 km2, or approximately half of 

the ablation area of the glacier and one of its tributaries (Post, 1968). Field 

(1965) estimates that normal, pre-landslide ablation near the terminus of 

Sherman Glacier was between 6-8 m of ice per year; this contrasts with the 11 m 

of ablation for the exposed part of the ablation zone in 1965-1966. The 

difference, he suggests, is directly attributable to the landslide debris - the 

reduced albedo of the debris produced a measured 10°C increase in the near-

surface air temperature, and predominantly easterly winds advected the heated 

air to the debris-free glacier ice to the west. By contrast, little melting occurred 

beneath the landslide debris. Bull and Marangunic (1968) suggest that the debris 

sheet reduced the annual ablation of the glacier by 40 percent, changing the 

mass balance from what was a slightly negative one to a strongly positive one. 

During fieldwork for this thesis in 2008, we observed that Sherman Glacier was 

advancing slightly, but had not surged, as predicted by Bull (1969). At Black 

Rapids Glacier, our temperature measurements within the landslide debris in 

summer 2007 are characterized by a thermal gradient of about -4.2° m-1, so that 

a mean surface temperature of ~6.6°C results in a debris temperature of only 

~0.3°C, 15 cm above the ice-debris interface (Figure 1.6). Maximum air 

temperature during the period of measurement was ~15°C.  
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Figure 1.6 Temperature envelope for supraglacial debris on Black Rapids Glacier, 9 July 
to 24 Aug, 2007. Open circles represent maximum, mean and minimum air temperature 
measured 2 m above the debris, while the curves represent maximum, mean and minimum 
debris temperatures measured at ~20 cm increments (10-minute intervals) through 1.7 m 
of rock avalanche debris. Air and debris temperatures measured with HOBO U23-002 and 
U23-003 temperature loggers (± 0.2º C).  
 

Some glaciers have accelerated or advanced following rock avalanches. 

Gardner and Hewitt (1990) attribute the 1987 and 1989 surges of Bualtar Glacier 

in the Karakoram to three landslides in 1986 that covered about 4.5 km2 of the 

ice surface with 20 x 106 m3 of debris. Deline (2005) argues that a 500-m 

advance of Brenva Glacier in the Italian Alps was caused by insulation of the 

glacier by debris of a rock avalanche in 1920, a time when neighbouring glaciers 

were retreating. Recently, Vacco et al. (2010) modelled a glacier advance 

resulting from the insulating effect of a landslide-derived supraglacial debris load. 

No mechanism linking glacier surges and landslide deposition was proposed by 

Gardner and Hewitt (1990), although Vacco et al. (2010) argue that a glacier 

advance can be caused by a reduction of ablation due to supraglacial debris 
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cover. Their model results demonstrate that after the upglacier end of the debris 

cover is transported beyond the original terminus, melting separates the glacier 

into two parts, leaving a debris-covered ice mass downvalley. 

1.5 Debris transport by glaciers 

Boulton (1978) identifies two main mechanisms of debris transport by 

glaciers based on diagnostic sediment characteristics. Rock debris plucked from 

the glacier bed is transported initially in a basal zone of traction. Boulton refers to 

this mode of transport as “active”. Particles frequently come into contact with the 

bed where large compressive stresses are generated, resulting in further 

comminution. These particles are gradually rounded, faceted, and striated. 

Debris at the glacier bed may also be transported from the glacier surface via 

moulins in the ablation area. “Passive”, or high-level, transport involves englacial 

or supraglacial transport with relatively little comminution. Most clasts are angular 

or subangular, although softer rocks may become rounded with significant 

transport (Benn and Ballantyne, 1994).  

If debris is deposited on the glacier surface above the equilibrium line, it is 

rapidly buried by snow and transported englacially, but then re-emerges at the 

surface below the equilibrium line. Debris sourced below the equilibrium line is 

not buried, but rather is transported entirely supraglacially, typically as medial or 

lateral moraine (Boulton, 1978). 

Many glaciers receive so much supraglacial debris that their ablation 

zones are completely debris-covered. One or more rock avalanches sometimes 
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produce a heavy supraglacial debris cover, although supraglacial debris transport 

following emplacement by rock avalanches is not well understood. Many authors 

have examined emplacement mechanisms, although there are relatively few data 

on the post-landslide evolution of debris sheets. 

Marangunic and Bull (1968) studied the fabric of Sherman Glacier rock 

avalanche debris and found that the long axes of clasts are preferentially aligned 

in the landslide travel direction, with upflow dips. McSaveney (1978) suggests 

that this longitudinal fabric is the result of orientation of clasts by longitudinal 

stretching of the debris sheet. Samples nearer the bottom of the deposit, in 

contrast, have transverse fabrics, probably due to rolling of basal debris in the 

rock avalanche. Several authors (Marangunic and Bull, 1968; Shreve, 1968b; 

McSaveney, 1978) report large longitudinal grooves separating bands of different 

rock type and transverse fissures and cones of debris on the Sherman Glacier 

landslide deposit. McSaveney (1978) describes lateral ridges analogous to 

debris-flow levees at the margins of the debris sheet. He argues that the ridges 

developed as debris continued to move adjacent to marginal static debris under 

Bingham-flow conditions. In Bingham flow, material behaves as rigid body at low 

stresses but flows as a viscous fluid at higher stresses. 

Hewitt (2009) documents transport of debris following rock avalanches 

onto Bualtar Glacier in 1986 (Figure 1.7). By 2005 the debris blanket had been 

transported some 9 km, about one-third by surges. The debris sheet thinned and 

was significantly reworked between 1987 and 2005, becoming less readily 

distinguishable from other supraglacial debris. Notably, the finer fraction of the 



 

 20

debris was removed by strong katabatic winds. Hewitt (2009) suggests that the 

rock avalanche debris is modified by two processes. First, clasts become less 

angular and more compact as they tumble, slide, and impact other clasts. 

Second, finer matrix material is selectively removed from the debris, leading to a 

more uniform particle size distribution. He further suggests that the characteristic 

homogenous characteristic of rock avalanche debris may be partly lost due to 

these supraglacial processes. Until now, no research has been done in western 

North America on temporal changes in the fabric or surficial features of rock 

avalanche debris sheets on glaciers on time scales of years to decades.  

 
Figure 1.7 Schematic showing rock avalanches emplaced on Bualtar Glacier in 1986, and 
transported in glacier surges more than 1 km down the glacier (used with permission, 
Hewitt, 2009). 
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1.6 Distinguishing moraines and rock avalanche deposits 

Rock avalanche debris that has travelled over a glacier and come to rest 

at the glacier margin may be mistaken for a primary glacial deposit (Hewitt, 

1999). Misidentification can have important implications for paleoenvironmental 

reconstruction, because these deposits carry no climatic signal. Likewise, 

moraines consisting of rock avalanche debris do not necessarily have climatic 

significance. For example, some ridged deposits in the Karakoram, identified 

about 90 years ago as terminal moraine complexes, are now known to be rock 

avalanche debris (Hewitt, 1999). At Katzarah, Hewitt (1999) described one such 

distal impact slope surge ridge (brandung) which climbed 600 m up 35-40º 

(Figure 1.8).  

 
Figure 1.8 The Katzarah rock avalanche impact slope surge ridge (“brandung”), 
Karakoram, Pakistan. Note people at arrow between the rock avalanche rim and the valley 
wall (used with permission, Hewitt, 1999). 
 

Porter and Orombelli (1980) and Orombelli and Porter (1988) argue that a 

massive boulder deposit at Triolet Glacier, Italy, is related to a rock avalanche 

from the Mont Blanc massif and is not a moraine built during a glacier advance, 
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as was previously thought. Similarly Larsen et al. (2005b) propose that at least 

four moraines in the Southern Alps of New Zealand, previously thought to record 

late Holocene climate fluctuations, are related to rock avalanches from the 

glacially oversteepened slopes above. They caution readers about interpreting 

any moraines in the Southern Alps in terms of climate. 

Hewitt (1999) provides a list of key morphological and sedimentary 

characteristics of rock avalanche deposits. Large angular blocks commonly form 

the surface of undisturbed rock avalanche deposits and may conceal underlying 

densely compacted, finer debris forming the bulk of the deposit. Rock avalanche 

deposits may have a sheet-like form, or may be lobate if the debris stream splits 

into two or more tongues due to topographic interference. Low arcuate ridges 

and furrows parallel or transverse to the direction of movement are common, as 

are raised marginal rims. The material forming the deposit is mainly a highly 

fragmented, clast- or matrix-supported diamicton with an abundant silt and sand 

produced by comminution during transport. The debris may include blocks up to 

several tens of metres in diameter. “Jigsaw” or interlocking brecciated blocks are 

common; the blocks are thoroughly fragmented but not disassociated. Clasts of 

all sizes are angular or very angular; faceted, rounded, or striated clasts are 

absent. Hewitt (1999) suggests that clast shape and especially lithology are more 

useful than texture for distinguishing rock avalanche deposits from glacial 

diamictons. Rock avalanche debris is commonly monolithologic; where 

polymictic, bands record remnant stratigraphy in the bedrock source. No 

systematic differences in lichen or tree size should occur on rock avalanche 
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deposits; on moraines, maximum lichens and trees size typically decreases 

upglacier (Porter and Orombelli, 1980). Large blocks derived from the pre-

collapse rock face however, may retain much of their original vegetation after 

deposition. 

1.7 Thesis objectives 

The primary goal of this thesis is to understand the relations between rock 

avalanches and the glaciers onto which they are deposited. The research aims to 

characterize rock avalanche debris on glaciers, to determine the 

sedimentological implications of emplacement of rock avalanche debris on 

glaciers, and the effects of the debris on glacier behaviour. Specific objectives 

are to:  

1. describe and interpret rock avalanche debris sheets on glaciers; 

2. determine whether post-deposition modification due to glacier flow 

complicates interpretation of these deposits; and 

3. investigate the impact of landslide debris on glacier flow and mass 

balance regime.  

1.8 Thesis outline 

This thesis comprises several chapters written in journal-style format. 

Each of the chapters has implications for the others, but constitutes a separate, 

independent contribution. Chapter 1 provides a general review of the relevant 
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literature on glacier responses to climate change, rock avalanches, and 

supraglacial debris transport, and outlines the research objectives. 

Chapter 2 describes the sedimentology of four rock avalanches that 

deposited large debris sheets on two glaciers in Alaska (Black Rapids and 

Sherman glaciers). I present results of field mapping at two of the landslides, as 

well as maps of the landslide debris produced with a GIS and remotely-sensed 

imagery. This chapter is In Press in Sedimentology (accepted 27 Jan 2011). 

Chapter 3 examines elevation changes at Black Rapids Glacier in the 

decades before the large landslides triggered by the Denali earthquake in 

November 2002. The changes were determined from a newly constructed digital 

elevation model, historical maps, and terrestrial surveys. The DEM described in 

Chapter 3 is necessary for the analysis contained in Chapter 4. Chapter 3 has 

been published in Journal of Glaciology (Shugar et al., 2010).  

Chapter 4 quantifies changes in the flow of Black Rapids Glacier that 

occurred following the three landslides in 2002. Velocity records from InSAR and 

radar speckle tracking are compared with ground survey measurements and 

output from two numerical ice flow models. This chapter has been submitted to 

Journal of Geophysical Research – Earth Surface. 

Chapter 5 summarizes the research and outlines avenues for future work. 

Appendix 1 describes details of satellite radar interferometry and radar speckle 

tracking not covered in Chapters 3 or 4. Appendix 2 describes basic glacier 

physics and the numerical modelling schemes used in Chapter 4. A bibliography 

of all cited work appears at the end of the thesis. 
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CHAPTER 2  
THE SEDIMENTOLOGY AND GEOMORPHOLOGY OF 

ROCK AVALANCHE DEPOSITS ON GLACIERS2 

2.1 Abstract 

We describe and compare the deposits of four large landslides on two 

glaciers in Alaska using field mapping and remote sensing. We use digital image 

analysis to compare the sedimentological characteristics of nearly 200,000 

individual surface blocks deposited by three landslides at Black Rapids Glacier in 

2002. The debris sheets of one of the three landslides on Black Rapids Glacier 

and a landslide emplaced on Sherman Glacier in 1964 are also investigated. The 

three landslides on Black Rapids Glacier have undergone little post-depositional 

modification by glacier flow, whereas the Sherman Glacier landslide has been 

transported supraglacially up to ~1 km over the past 46 years. The three debris 

sheets on Black Rapids Glacier have coarse blocky rims at their distal edges, 

and all four debris sheets have longitudinal flowbands characterized by 

differences in texture and produced by shearing within the moving debris. 

Elongated blocks are parallel to flow, except at the perimeter of the debris 

sheets, where they are aligned more perpendicular to flow. Blocks on the 

Sherman Glacier debris sheet have been reoriented by glacier flow. The matrix of 

all four debris sheets shows no systematic differences with depth or distance 

                                            
2 The following chapter is In Press in Sedimentology as Shugar. D.H., and Clague, J.J.. The 

sedimentology and geomorphology of rock avalanches on glaciers.  



 

 26

from the source. However, it appears to become coarser over a timescale of 

decades due to weathering. 

2.2 Introduction 

Rock avalanches are sudden, deep-seated rock-slope failures 

characterized by rapid and extreme fragmentation of the failed rock mass, high 

velocities, and long run-outs (Hewitt et al., 2008). Where unimpeded by 

topography, the flowing debris spreads out over a large area and is deposited as 

a relatively thin sheet. Most research on rock avalanches has focused on their 

surface morphology, dynamics, and emplacement mechanisms (Nicoletti and 

Sorriso-Valvo, 1991; Hungr, 1995; Davies et al., 1999; Evans et al., 2001; Davies 

and McSaveney, 2002; McDougall and Hungr, 2005; Locat et al., 2006; Evans et 

al., 2009b; McSaveney and Davies, 2009). However, with some notable 

exceptions (Cruden and Hungr, 1986; Hewitt, 1988; Couture, 1998; Hewitt, 1999; 

Dunning and Armitage, 2005; Dunning et al., 2005; Crosta et al., 2007), little 

attention has been paid to the internal structure and sedimentology of rock 

avalanche deposits. Hewitt (2009) provides one of the few examples of the role 

of glacier ice in the evolution of a rock avalanche debris sheet, and Shulmeister 

et al. (2009) discuss the sedimentary and geomorphic characteristics of moraines 

derived from landslide debris deposited on glaciers. Yet, although research on 

these aspects of rock avalanches is limited, landslides on glaciers are more 

common that previously thought (Geertsema et al., 2006; Hewitt, 2009), 

increasing the need to identify and characterize their deposits. 
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The sedimentology of rock avalanche deposits assumes importance 

because diamictons previously thought to be till or terminal moraines have been 

reinterpreted as landslide debris, with little or no climatic significance (Porter and 

Orombelli, 1980; Hewitt, 1999; Larsen et al., 2005b; Shulmeister et al., 2009). 

Hewitt (1999), for example, reinterpreted glacial deposits in the central 

Karakoram Range in the Himalaya as products of large rock avalanches, thereby 

casting doubt on the glacial history of the region. Several researchers (Larsen et 

al., 2005b; Tovar et al., 2008; Shulmeister et al., 2009) question the inferred 

glacial evidence for Late-Glacial inter-hemisphere climatic synchroneity by 

arguing that the Waiho Loop, a conspicuous end moraine deposited by Franz 

Josef Glacier in New Zealand, comprises rock avalanche debris and does not 

record atmospheric cooling. 

The objectives of this paper are to describe the sedimentology of some 

rock avalanche deposits on glaciers, to evaluate whether patterns exist within the 

debris sheets, and to determine whether post-deposition modification due to 

glacier flow complicates interpretation of the deposits. We describe and compare 

deposits of three rock avalanches that fell onto Black Rapids Glacier, Alaska, in 

2002, and one that fell onto Sherman Glacier, Alaska, in 1964. The four 

landslides are large (>106 m3) and had run-outs largely unconstrained by 

topography. 
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2.3 Study areas 

2.3.1 Black Rapids Glacier, Alaska 

Black Rapids Glacier is a 40-km long, surge-type valley glacier in the 

central Alaska Range of interior Alaska (Figure 2.1). It has an average width of 

~2.3 km and a mean downvalley slope of ~2° (Fatland et al., 2003). Its ablation 

zone lies in an east-trending valley that marks the trace of the Denali Fault. Most 

of the accumulation zone is in two north-facing valleys, one of which contains the 

Loket tributary (Figure 2.1).  

The Denali earthquake (M 7.9) in November 2002 triggered three large 

rock avalanches onto Black Rapids Glacier and others onto nearby Gakona, 

McGinnis, and West Fork glaciers (Harp et al., 2003; Jibson et al., 2006). 

Estimates of the total volume of landslide debris emplaced on Black Rapids 

Glacier range from 25 x 106 to 37 x 106 m3 (Jibson et al., 2004, 2006), and about 

11 km2 of the glacier was covered by the debris (Table 2-1). The debris consists 

mainly of quartz diorite and other granitic rocks. Jibson et al. (2004) describe 

multiple joint sets, both subparallel and orthogonal to the failure planes of the 

three landslides. Slabs 30-50 m thick broke along these joints and slid down the 

35-38º slopes. In this paper, we refer to the three landslide debris sheets as 

BRG-west, BRG-middle and BRG-east.  
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Figure 2.1 Locations of Black Rapids and Sherman glaciers and photographs of the 
landslide debris sheets. 
 

2.3.2 Sherman Glacier, Alaska  

Sherman Glacier is a 12-km long, non-surge-type valley glacier located in 

the Chugach Mountains of southern Alaska (Figure 2.1). It has an average width 

of ~1.5 km and a mean downvalley slope of ~5°. The glacier flows southwest 

towards Prince William Sound. 
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Table 2-1  Characteristics of the four rock avalanches that were studied. 

Name 
and date 

H 
(km) 

Da 
(km) 

L b  
(km)  

Width c 
(km) H/L Fd 

(º) 
Le

e 
(km) 

Dimensionless 
spreadingf 

Deposit 
areag 
(km2) 

Avg 
thickness 

(m) 

Vol  
(106 m3)h 

Sherman 
1964 1.08i 6.0i - 2.0h 0.18 10.2 4.4 3,260i/600 = 

5.4 8.3i 1.7j 13.7 

BRG-
west 
2002 

0.73k 3.4 - 1.0 0.21 12.1 2.3 1,430/300 = 
4.8 2.5 2-3 4.9-7.4 

BRG-
middle 
2002 

0.80k 3.0 5.6 1.5 0.14 8.1 4.4 3,050/400 = 
7.6 3.9 2-3 7.7-11.6 

BRG-
east 
2002 

0.98k 3.6 4.1 1.4 0.24 13.4 2.6 3,420/400 = 
8.6 4.7 2-3 9.3-14.0 

a D, distance measured from the highest point of the head scarp to the highest point of the deposit on the 
opposite slope. 
b L, total travel distance measured along the centerline of the rock avalanche. 
c Width measured on orthophotos at D/2.  
d Farboschung, H/L as º. 
e Excess travel distance, Le=L-H/tan32 º, measured on orthophotos. 
f Dimensionless spreading index, or Wmax/Winit. Maximum slide width measured on orthophotos; initial 
landslide width ("scar", Strom, 2006) measured using Google Earth unless otherwise noted. 
g Area of debris sheet determined from its digitized outline using ArcGIS.  
h Volumetric calculations vary widely amongst studies. We calculate volume as deposit area multiplied by 
average thickness. 
i Nicoletti and Soriso-Valvo (1991). 
j McSaveney (1978). 
kJibson et al. (2006). 

 

In March 1964, the great Alaska (“Good Friday”) earthquake (M 9.2) 

triggered thousands of landslides across southern Alaska (Keefer, 2002), 

including many onto glaciers. The largest and best studied of the landslides is the 

Sherman Glacier rock avalanche, which spread ~14 x 106 m3 debris over 8.3 km2 

of the glacier’s ablation area (Bull and Marangunic, 1967, 1968; Post, 1968; 

Tuthill et al., 1968; McSaveney, 1978). The failed rock mass was a pervasively 

jointed block of greywacke and argillite that slid along a 40º bedding plane 

(Shreve, 1966). McSaveney  (1975) notes that the landslide scarp is delineated 

by a set of curved fault planes. 
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2.4 Materials and methods 

We used orthorectified aerial photographs and geomatics tools, in 

combination with field mapping, to describe morphological and sedimentological 

features of the rock avalanche debris sheets and to map block distributions in the 

deposits (the definition of Neuendorf et al. (2005) for ‘block’ is adopted here – 

large (>256 mm), angular rock fragments). No universally accepted protocols 

exist for documenting the sedimentology of rock avalanche deposits (Dunning, 

2004), although Hewitt (1999) provides a useful checklist for describing related 

landforms in the field. A major difficulty in describing these deposits is their large 

range in particle size — from clay-size powder (McSaveney and Davies, 2007) to 

blocks tens of metres in diameter.  

2.4.1 Grain size distribution 

We used a modified version of Dunning’s (2004) method of characterizing 

the particle size distribution of rock avalanche debris. Dunning developed a 

sampling strategy, termed the ‘Evolved Sample Method’ (ESM), for obtaining the 

distribution of particle size in rock avalanche debris, from 0.002 mm to 256 mm. 

The method involves field sieving of the 8-256 mm fraction and laboratory 

analysis of the <8 mm fraction using a combination of sieving and laser diffraction 

measurements. In this study, we extended Dunning’s technique to particle sizes 

>256 mm using remote sensing.  

We used a Malvern Mastersizer 2000 to determine the particle-size 

distributions (<2 mm) of 65 matrix samples collected from the debris sheet of the 
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westernmost landslide on Black Rapids Glacier (BRG-west) and 18 samples from 

the Sherman Glacier debris sheet. Samples were non-cohesive and thus were 

not pretreated with a dispersant prior to analysis. Dunning (2004) found no 

differences in analytical results for rock avalanche samples pretreated in a 

Calgon solution from those dispersed in water alone.  

Subsamples (100-200 g) of sediment were wet-sieved on a 0.063-mm 

screen to remove silt and clay. The remaining sediment was oven-dried (24 h at 

105°C) and then dry sieved for 20 minutes through a nest of full-phi screens from 

0.063 to 4 mm, with additional 12.5 and 19 mm screens. Sediment on each 

screen was weighed to 0.1 g. No fine sediment was observed adhering to 

granules and pebbles following dry sieving. Sediment lost during sieving was <1 

percent and was therefore ignored (Blott and Pye, 2001). 

Volumetric data provided by the Mastersizer 2000 were integrated with 

weight data obtained by sieving using the technique outlined in the ‘Results 

Emulation’ module of the Mastersizer software. Matrix data were processed 

using the Gradistat grain size distribution and statistics package in Excel (Blott 

and Pye, 2001). The program calculates mean, standard deviation, sorting, 

skewness, and kurtosis using the method of moments (arithmetic and geometric 

values in μm, logarithmic values in φ) and Folk and Ward’s (1957) graphical 

method (both μm and φ). 
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2.4.2 Fabric analysis 

Clast fabric analysis has been used in many glacial geology studies 

(Giardino and Vitek, 1985; Bennett et al., 1999; Benn and Ringrose, 2001) and 

some landslide studies (Lundqvist, 1949) to infer mechanisms of transport and 

deposition. Data collection and analysis, however, are laborious: data typically 

must be extrapolated from a small number of sites to large areas. Furthermore, 

fabric studies of rock avalanche deposits are uncommon because of the difficulty 

of obtaining representative measurements of large clasts (Marangunic and Bull, 

1968; Gates, 1987; Blair, 1999).  

Using a Brunton geological compass, we measured the trend and plunge 

of 50 elongate clasts (a:b > 1.5:1, a > 10 cm) in landslide debris at each of 13 

sites on BRG-west and 11 sites on Sherman Glacier. Trends were recorded to 

the nearest 5° due to the difficulty of more precisely measuring the a-axes of 

irregularly shaped, elongate clasts.  

Bull and Marangunic (1968) made fabric measurements at Sherman 

Glacier two years after the 1964 rock avalanche. They report 16 fabric sets, with 

63-107 clasts per set; most sets have more than 100 clasts, with a total of 1596 

measurements. Their original tabular data no longer exist (C. Marangunic, pers. 

comm., 2008), but we extracted measurements from stereonets prepared by Bull 

and Marangunic (1968). We assumed that points in the stereonets lay at the 

center of a 10° grid cell, except in cases where they touched a grid line, in which 

case the trend or plunge was assigned that line’s value. We used the orientation 
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tensor method of Mark (1973) and Woodcock (1977) to calculate eigenvectors, 

such that the normalized eigenvectors S1+S2+S3=1. 

To document spatial variations in block size and orientation, and thus gain 

insight into clast transport processes, we created maps of blocks in the landslide 

debris on Black Rapids Glacier using a digital photo-sieving method, modified 

from Ibbeken and Schleyer (1986). Photo-sieving is a method of grain-size 

analysis of coarse sediment, performed by manually tracing the outline of each 

clast on photographs. Ibbeken and Schleyer (1986) claim that the method is as 

accurate as traditional sieving methods provided that image resolution is 

sufficiently high, although they did not offer quantitative data to support their 

assertion. Other digital grain sizing methods were attempted (e.g. WipFrag, PCI 

Geomatica unsupervised classification) but the results were not robust due to the 

monolithologic nature of the debris and the deep shadows caused by the 

angularity of the blocks and the low position of the sun when the photos were 

taken. In this study, we photo-sieved blocks on three landslides using large-scale 

orthophotographs and commercial GIS software.  

Vertical aerial photographs (scale 1:20,000) of Black Rapids Glacier were 

taken on September 7, 2004. We created a 10-m digital elevation model (DEM) 

of the three debris sheets and their environs on an Intergraph softcopy 

workstation using standard digital photogrammetric techniques (Cox and March, 

2004; Schiefer and Gilbert, 2007) to remove distortions generated by uneven 

surface topography, lens imperfections, and yaw, pitch, and roll of the aircraft. 

We then constructed a colour-corrected orthophotograph mosaic with 0.25 m 
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pixels. The Black Rapids Glacier images were taken less than two years after the 

landslides and thus likely record the debris sheet prior to significant glacial 

modification. 

We manually digitized individual blocks > 1 m2 in ArcGIS (Figure 2.2). We 

then computed the minimum area of a bounding rectangle for each identified 

block using Patterson’s (2008) Bounding Containers toolbox for ArcGIS. The 

toolbox computes the smallest rectangle possible around a polygon and 

calculates its length (a-axis), width (b-axis), azimuth, and the coordinates of its 

center. We analyzed the results using two statistical tools – Hot Spot spatial 

clustering and neighbourhood statistics. For a set of data points, the local Getis 

Ord Gi* (Hot Spot) statistic identifies areas with fewer or more points than would 

be expected by random chance based on the distribution of the entire population. 

GI* is calculated by summing the number of neighbours and dividing that value 

by the number of all features in the study area (Mitchell, 1999). The result is a 

map of Gi* z-scores (standard deviation) for each input point. A high Gi* value 

indicates a cluster or concentration of features with high attribute values, in this 

case, block length. Conversely, a group of features with low Gi* values indicates 

a cold spot. This statistic, however, retains no information about the relative sizes 

of clasts. 

To gain additional insight into the spatial distribution of blocks, we 

calculated the median and maximum (a-axis) block size within squares 

measuring 25 m x 25 m using the spatial statistics toolbox in ArcGIS. This tool 

calculates an output value for each non-overlapping neighbourhood based on the 
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values identified in each 625 m2 neighbourhood square. The result is a series of 

raster maps of median (d50) and maximum grain size for the entire debris sheet. 

 
Figure 2.2 Example of digitized blocks on a landslide. A. The orthophoto used for 
digitizing. B. Manually digitized polygons. C. Minimum bounding rectangles around each 
block. 
 

We digitized more than 194,000 blocks on the three debris sheets on 

Black Rapids Glacier (Table 2-2). Long axis clusters were identified using the Hot 

Spot tool; median (d50) and maximum block length within neighbourhoods were 

mapped using the spatial statistics described above. Block statistics within a 

circular neighbourhood with a radius of 50 m were then extracted along the 
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approximate flow path of each debris sheet. In this way, median block length 

along the flow path could be calculated and compared with travel distance. 

Table 2-2  Properties of digitized blocks on the three rock avalanche debris sheets on 
Black Rapids Glacier. 

Landslide Total number of 
digitized blocks a:b > 1.5 d50 (m) of 

total Longest block (m) 

BRG-west 25,712 16,951 2.5 26.1 
BRG-middle 58,280 32,021 3.1 37.3 
BRG-east 110,244 49,620 2.1 22.7 

 

To analyze and interpret the block orientations, we digitized flowbands 

(e.g. Figure 2.3) within the debris sheets visible on the orthophotos and 

interpolated the azimuth values over the landslide deposit. Each 10 m-long 

flowband line segment was converted to a unit vector, split into its scalar 

components, and interpolated separately. The interpolations were then combined 

by calculating the inverse tangent of each pixel. The resulting map contains a 

flow direction for each pixel on the debris surface. We then calculated the 

angular deviation of the a-axis of each rod-shaped (a:b > 1.5) block from the 

landslide flow direction and produced a map of deviations for each rod-shaped 

block on the debris sheet. Our analysis assumes that the a:b planes of blocks are 

horizontal, or nearly so. Observations in the field indicate that this assumption is 

valid (see section 2.6.2).  

Our analysis of fabric data depends critically on the accuracy of the flow 

lines drawn in the GIS. Fortunately, the conspicuous flowbands on the debris 

sheets of Black Rapids Glacier are reliable flow indicators. The three landslides 

on Black Rapids Glacier moved down-glacier slightly as they crossed the medial 

moraine; this change in direction is faithfully recorded by the flowbands (Figure 
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2.3). What appear to be crossing flow features are visible in the interior of the 

BRG-middle debris sheet. These features may indicate secondary flow (Kelfoun 

et al., 2008), but could also reflect tensile fractures in the underlying ice due to 

glacier flow. Although the flowbands are conspicuous in the orthoimagery, 

caution is required when interpreting the results. 

 
Figure 2.3 Photographs of rock avalanche debris on Black Rapids Glacier. A. Aerial 
photograph of northwest corner of ‘BRG-middle’, showing longitudinal flowbands (solid 
arrows) turning to the east near the lateral moraine on the north side of the glacier. The 
darker, finer stripe bounded by the middle and lower sets of arrows is discussed in 
section 2.6.3. Note apparent criss-crossing flow features and the downglacier deflection in 
flow where the debris surmounted the medial moraine (see text for discussion). B. 
Grusified block on BRG-west. The top half of the block is loose sand that retains the 
overall shape of the original block; the lower half is competent rock. Knife provides scale. 
C. Large jigsaw brecciated block on BRG-west. 
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2.5 Results 

We first describe the general morphology of the landslide debris sheets at 

our two study sites. We then present the particle-size distributions of the matrix of 

the westernmost debris sheet on Black Rapids Glacier (BRG-west) and the 

debris sheet on Sherman Glacier. Finally, we report field fabric measurements 

and fabric data derived from remote sensing observations at Black Rapids 

Glacier. 

2.6 General surface morphology 

Black Rapids Glacier landslides 

The three Black Rapids Glacier landslides differ in their morphologies and 

volumes, although all display similar runout features. All three landslides 

detached from steep north-facing rock slopes on the south side of the valley 

occupied by Black Rapids Glacier. The landslides flowed across the glacier, 

overtopping a medial moraine up to ~25 m high, and spread out over a total area 

of 11 km2 (Table 2-1). They came to rest after reaching the north side of the 

glacier. The debris sheets are uniformly thin; our fieldwork indicates the average 

thickness of the debris of the westernmost landslide is 2-3 m, yielding an 

estimated deposit volume of 22-33 x 106 m3. 

The smallest and westernmost of the three landslides (BRG-west) flowed 

over the medial moraine near the center of the glacier and came to rest on the 

debris-covered northern margin of the glacier, 3.4 km from the source. It has a 

Fahrböschung, F (H/L expressed as an angle) of 12.1º (Table 2-1). The medial 
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moraine altered the path of the debris at the east and west margins of the 

landslide. The debris sheet contains numerous longitudinal flowbands (sensu 

Dufresne and Davies, 2009) and transverse ridges, concentrated on the proximal 

side of the medial moraine. The longitudinal flowbands are 30-100 m wide and 

are defined by alternating stripes of fine debris and coarse blocks. Finer stripes 

are less common and narrower than bands of coarse blocks. No significant 

differences in relief were observed between the fine and coarse stripes, and no 

longitudinal grooves are present, as at Sherman Glacier (McSaveney, 1975). 

Boundaries between debris stripes are typically sharp. There is also a distal rim 

of very large blocks at the north edge of the debris sheet, which are clast-

supported and form a thicker deposit than elsewhere on the debris sheet. Large 

“jigsaw” brecciated blocks and blocks and cones of disintegrated rock are 

present over large areas of the BRG-west debris sheet (Figure 2.3). The latter 

have cores of competent unweathered rock that are abruptly bordered by loose 

sandy grus. Two hundred and fifty jigsaw blocks were identified; most are 

present in the central part of the debris sheet. Seventy-five grussified blocks 

were observed within a small region in the center of the debris sheet on the 

proximal side of the medial moraine. 

The other two Black Rapids landslides (BRG-middle and BRG-east) also 

have coarse blocky distal rims and longitudinal flowbands with strong textural 

and colour differences. Their Fahrböschungs are, respectively, 8.1º and 13.4º 

(Table 2-1). BRG-middle and BRG-east are larger and exhibit more complex flow 

behaviour than BRG-west. Flowbands on BRG-middle show that the rock 
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avalanche flowed north across Black Rapids Glacier, then turned abruptly to the 

east on reaching the north lateral moraine, and flowed down the glacier (Figure 

2.3); the total travel distance is 5.6 km. The medial moraine at BRG-middle is 

near the south margin of the glacier and forms a more imposing topographic 

barrier than at BRG-west. Flowbands on BRG-east indicate that some of the 

debris of that landslide traveled north, then, as at BRG-middle, swung to the 

east. However, much of the debris took a more direct path, traveling directly 4.1 

km to the northeast. BRG-east overtopped a looped medial moraine near the 

center of the glacier. Some BRG-middle debris overtopped the eastern margin of 

the BRG-west debris sheet, suggesting that the former landslide occurred just 

before the latter and flowed unconfined across the glacier. The BRG-middle 

debris sheet was partially confined where it came into contact with BRG-west on 

the north side of the medial moraine. BRG-east flowed with no confinement, 

either debris or moraines. 

The landslide debris on Black Rapids Glacier is an effective insulator, 

reducing melt during summer. Between 2002 and 2007, the debris sheets on 

Black Rapids Glacier have shut off or substantially reduced ablation, resulting in 

debris-covered pedestals ~15 m above the surrounding bare ice surface. 

Sherman Glacier landslide 

When it was deposited, the tongue-shaped debris sheet of the Sherman 

Glacier landslide resembled that of BRG-west. The debris sheet covered 8.3 km2 

of the glacier to an average depth of 1.7 m (McSaveney, 1978). The rock 

avalanche traveled 6 km along a front up to 3.7 km wide. It had a Fahrböschung 
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of 10.2 º (Table 2-1). Sub-parallel grooves and flowbands delineated the travel 

direction of the landslide and showed that the debris extended as it flowed down-

glacier. The original debris margin was digitate. Fissures transverse to the 

direction of flow were common in the distal part of the debris sheet, and 

transverse ridges were concentrated at its northeast corner. Shreve (1968b) 

describes a raised distal rim at the edge of the debris sheet, but this observation 

is questioned by McSaveney (1975). Shreve (1966) noted the presence of jigsaw 

blocks on the debris sheet, but few were observed during fieldwork in 2008. 

In the nearly five decades since the landslide, the debris sheet has been 

transported southwest by Sherman Glacier; some of the debris is now at the 

glacier terminus. Some blocks have tumbled down the steep terminal face of the 

glacier and are accumulating as a moraine. The distal arcuate lobes that 

characterized the fresh debris sheet have been extensively modified by glacier 

flow. The debris sheet protects underlying ice from ablation, and the terminus 

was advancing during our visit in 2008. The distal part of the debris sheet is 

vegetated. 

2.6.1 Matrix particle-size distribution 

Black Rapids Glacier 

The matrix of the BRG-west debris sheet is muddy sandy gravel and 

minor sandy gravel; with one exception (sample 003), samples are very poorly 

sorted to poorly sorted (Figure 2.4). Sorting, however, improves as mean particle 

size increases. 
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Figure 2.4 A. Particle size schematic of landslide debris on Black Rapids and Sherman 
glaciers. B. Sorting (standard deviation) as a function of mean particle size of landslide 
debris matrix on Black Rapids and Sherman glaciers. Data are analyzed using the 
geometric method of Folk and Ward (1957) and are from 2007 (BRG-west) and 2008 
(Sherman Glacier). 
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Pits were excavated at three sites through the debris sheet to the glacier 

surface (up to 1.7 m deep), and matrix samples were collected vertically through 

the debris. No systematic trend in matrix particle size is evident with depth in the 

debris sheet (Figure 2.5) or with distance from the source area at BRG-west 

(Figure 2.6). The sediment coarsens upward in pit DB3, but there is no 

systematic trend in matrix particle size in the other two pits (DB2 and ”temp pit”; 

Figure 2.5).  

The particle-size distributions of samples BRG-C, BRG-D, and BRG-I, 

from the proximal part of the debris sheet, are within the envelope delineated by 

BRG-F and BRG-K, the most distal samples. The matrix of the sample from the 

medial moraine at site Moraine 1 (Figure 2.6) is much finer than that of any of the 

landslide debris samples. A sample at a different location on the same moraine 

(Moraine 2; Figure 2.6), however, has a mean particle size similar to that of some 

of the landslide debris samples, although it is better sorted. 

Sherman Glacier 

The matrix of the Sherman Glacier landslide debris is poorly to moderately 

sorted, muddy sandy gravel and gravel (Figure 2.4). Debris pits were excavated 

at two sites on the debris sheet (Figure 2.5). Sediment in pit 1 is inversely 

graded, whereas no systematic vertical trend in particle size is evident in pit 2. 

Distal samples (Sherman-A, -B, -G) are typically finer than proximal samples 

(Sherman-E, -I, -J) (Figure 2.6). 
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Figure 2.5 Combined sieve-LDM (laser diffraction measurement) grain size curves for 
fine material collected from three vertical profiles within the BRG-west debris sheet (A, B, 
C), and from two profiles within the Sherman Glacier debris sheet (D, E). Distances are 
centimeters above the ice-rock interface. 
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Figure 2.6 Combined sieve-LDM grain size curves for fine material on (A) the surface of 
the BRG-west landslide and (B) the surface of the Sherman Glacier landslide. Sampling 
locations are shown in Figure 2.7.  

2.6.2 Field fabric characterization  

Fabric data collected at Sherman Glacier in 1966 (Marangunic and Bull, 

1968) and 2008, and at BRG-west in 2007 are summarized in Figure 2.7. All 40 

data sets are non-random at the 97.5 percent confidence limit, and all except one 

are significant at the 99 percent confidence limit.  

Mean orientation vectors are approximately parallel to landslide flow 

features at both BRG-west and Sherman Glacier (Figure 2.7). In general, 

eigenvector plunges are low (<10°), indicating that elongate blocks are lying with 

their longest axes nearly horizontal. Eigenvectors at BRG-west are mostly 

aligned parallel to landslide travel direction, except at sites BRG-F and BRG-J, 

which are located near the margins of the debris sheet. 

Most eigenvectors calculated from the 1966 Sherman Glacier fabric data 

(Figure 2.7) are parallel to flowbands evident on 1964 aerial photographs. 
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Eigenvectors at two sites at the margin of the debris sheet (sites 10 and 16 in 

Figure 2.7), however, are oblique to flowbands. Since 1964, flowbands have 

become distorted by glacier flow, which is oblique to the original travel direction 

of the landslide. The eigenvectors calculated from data collected in 2008 (Figure 

2.7) display a chevron-like pattern, pointing down-glacier but approximately 

parallel to flowbands. 

2.6.3 Remotely sensed fabric 

The Hot Spot cluster analysis reveals patterns of different block sizes on 

the debris sheets of the three landslides at Black Rapids Glacier. The block size 

patterns share some characteristics, but are not identical (Figure 2.8). All three 

debris sheets have clusters of large blocks in parts of their distal rims, but large 

blocks are not restricted to those regions and they are not, in all cases, most 

abundant there. The distal rim with the most conspicuous cluster of large blocks 

is that of BRG-east. Two clusters of large blocks in the distal rim of BRG-west 

are small in area relative to a much larger cluster of large blocks in the proximal 

half of that debris sheet. This larger cluster is almost entirely on the proximal side 

of the medial moraine. A small cluster of large blocks is present in the extreme 

southwest corner of the BRG-west debris sheet. 

Two clusters of large blocks are present in the northwest corner of the 

BRG-middle debris sheet. They could be interpreted as one very large cluster, 

bisected by a narrow stripe of finer blocks. Most of these blocks are on the distal 

side of the medial moraine, which is closer to the base of the failed slope than at 



 

 48

BRG-west or BRG-east. Several small clusters of large blocks occur on the east 

and north edges of the debris sheet, that is at its down-glacier margin. Clusters of 

large blocks are common in the distal rim of BRG-east, as well as the proximal 

region directly south of the medial moraine. 

 
Figure 2.7 Maps of fabric measurements and eigenvectors for landslides on (A) Sherman 
Glacier in 1966 and (B) 2008, and (C) BRG-west in 2007 (C). Eigenvectors in A, B and C are 
represented by short lines at the end of the leaders that show the stereonet locations. D. 
Eigenvalue ratio graph for Sherman Glacier landslide and BRG-west. The solid line 
extending from the origin (K=1) separates fabric clusters and girdles. The two lines 
perpendicular to the cluster-girdle transition line represent C=0.85 (N=50) and C=0.6 
(N=100), where C=ln(S1/S3). Fabrics that plot above C=0.85 are significant at the 99 percent 
level, whereas those that plot between the lines are significant at the 97.5 percent level. 
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Figure 2.8 Maps of (A) block size (Hot Spot) clusters, (B) maximum block length, and (C) 
deviation from the general flow direction for the Black Rapids Glacier landslides; the maps 
overlie an orthophoto mosaic. The source scars are delineated in A. Interpreted flowbands 
are shown in C. 
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No differences in block size are evident within and between clusters 

identified with the Gi* statistic. For insight into intra- and inter-cluster variation, 

we examined maximum and median (d50) block size within neighbourhoods. The 

map of neighbourhood maximum block size (Figure 2.8) provides additional 

information on the distribution of blocks on Black Rapids Glacier. Although the 

largest block (26 m) on BRG-west is near the middle of the debris sheet, 

individual blocks 8-16 m long are common in the distal rim. Large blocks 

(typically 4-11 m) are also common in the southwest corner of the debris sheet, 

but were deposited by a small rockslide that is separate from BRG-west. The 

remainder of BRG-west is characterized by blocks with maximum sizes of 4-5 m. 

Although neighbourhoods with large blocks are distributed across much of 

BRG-middle, the largest blocks occur in three regions: the up-glacier (west) edge 

of the debris sheet, including the northwest corner; the center of the debris sheet 

directly north of the medial moraine (Figure 2.3); and the down-glacier 

(southeast) edge of the debris sheet. These regions are separated by stripes of 

finer debris. The largest block (37 m) is located in the northwest corner, where 

neighbourhoods with blocks >10 m long are common. Many large blocks (>10 m) 

are present in the cluster directly north of the medial moraine, although most 

blocks are <8 m long. Large blocks (up to ~12 m) are also common at the 

southeast edge of the debris sheet. The finer stripes separating areas of large 

blocks include blocks that are typically <4 m. 

The distal reaches of BRG-east are dominated by neighbourhoods with 

maximum block sizes of 4-6 m, although there are some areas with blocks up to 
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~10 m. The proximal part of the debris sheet is covered by blocks <4 m long. 

Stripes of these finer blocks extend northeast into the distal reaches of BRG-east 

The largest block on BRG-east is 23 m long and is located within a train of very 

large blocks (>12 m long) in the distal half of the debris sheet. Most of the largest 

blocks are located within this train and in the distal rim, as at the two other 

landslides. 

The d50 of 25 x 25 m neighbourhoods within the most distal clusters at 

BRG-west are typically ~3 m; isolated neighbourhoods have d50 up to 5 m 

(Figure 2.9). On the proximal side of the medial moraine on BRG-west, however, 

neighbourhood d50 values are typically 3-6 m, with isolated values up to ~9 m. 

Neighbourhoods over the remainder of BRG-west typically have d50 values <3 

m.  

Groups of neighbourhoods with large blocks (d50 ~3-6 m) occur at the 

northwest corner of BRG-middle. Neighbourhoods with the largest median values 

(5-10 m), however, are located in a cluster directly north of the medial moraine. 

These two regions of larger blocks are bisected by a finer stripe, with typical d50 

values of 2-3 m. Elsewhere at BRG-middle, most d50 values are <3 m. 

Most neighbourhoods on BRG-east have median block sizes of <2 m. A 

few small clusters of larger blocks (~3 m) occur at the distal margin, with isolated 

neighbourhoods of 5-8 m in this area. Neighbourhoods with median block size of 

3 m are dominant in the proximal part of the debris sheet, with isolated 

neighbourhoods of 5 m.  
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Figure 2.9 Relation between median block length and transport distance. A. 
Neighbourhood d50 of blocks >1 m2; dashed lines show locations of transects shown in 
B. Each data point in B is the median block size within a 30 m-diameter circle. Median 
block size was calculated only for circles containing at least three blocks. 
 

Remotely sensed granulometric analysis of blocks on Black Rapids 

Glacier (Figure 2.9) reveals complex relationships between block size and travel 

distance. Of the three debris sheets, only BRG-west shows a statistically 

significant (significance level α=0.05) relationship between d50 and travel 
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distance. The coefficient of determination, however, is low for all debris sheets 

(BRG-west R2=0.09; BRG-middle R2=0.002; BRG-east R2=0.04). Median block 

size along axial profiles of BRG-west and BRG-east is large near the source (up 

to 5.1 m on BRG-west and 6.4 m on BRG-east) and rapidly diminishes away 

from the source. At BRG-west, block length ranges generally from 2 to 3 m along 

the transect but coarsens slightly at the distal end. Median block size along the 

axial profile of BRG-east is typically about 2 m, although it reaches 7.4 m 

approximately 80 percent along the transect. Block size along the BRG-middle 

axial profile is generally larger than at either BRG-west or BRG-east, ranging 

from 2 to 4.5 m, with a maximum of 7.1 m about 37 percent along the transect. 

The range in median block size is greater at BRG-middle than at either of the 

other two landslides. 

Elongate (a:b > 1.5) rod-shaped blocks are generally aligned parallel to 

the direction of flow of the landslide (Figure 2.8c). Small clusters of landslide-

perpendicular blocks are distributed across the debris sheets, most commonly at 

the edges. A small cluster of landslide-perpendicular blocks occurs at the 

northwest corner of the distal rim of BRG-west. Several clusters of landslide-

perpendicular blocks occur at the eastern periphery of BRG-east, and there is 

one distinct cluster at the western periphery of this debris sheet. 
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2.7 Discussion 

2.7.1 Debris sheet shape, flow features, and landslide mobility 

Longitudinal flowbands are present on the debris sheets of the Black 

Rapids and Sherman glacier landslides, but they are not a characteristic of all 

rock avalanches. The debris sheet of the 1903 Frank Slide in southern Alberta, 

for example, does not have flowbands. Dufresne and Davies (2009) differentiate 

between flowbands formed by rock avalanches that spread out onto glaciers and 

longitudinal ridges on the surfaces of other types of landslides. The latter rise up 

to tens of metres above the surrounding debris surface and generally are 

restricted to the proximal and medial parts of the debris sheet. In contrast, 

flowbands are not ridges, commonly extend the full length of the flow, and may 

be separated from adjacent flowbands by grooves or furrows. Shreve (1968b) 

notes that longitudinal grooves on the Sherman Glacier debris sheet separate 

bands of different lithologies. Flowbands at Black Rapids Glacier also are 

characterized by differences in lithology, clast size, and colour (Figure 2.3; Figure 

2.8). The stripes of finer blocks on the debris sheets of Black Rapids Glacier that 

were identified by the neighbourhood analysis (section 2.6.3) are flowbands. 

Dufresne and Davies (2009) argue that longitudinal flowbands are a 

fundamental characteristic of granular flows on glaciers. Water derived from the 

melt of ice and snow mixes with fragmenting rock, fluidizing it and reducing its 

frictional resistance to flow. Fluidization stretches the debris sheet, producing 

longitudinal bands of debris instead of hummocks or ridges. The absence of 
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flowbands at Frank Slide and other nonglacial rock avalanches may be due to 

the debris having been dry when deposited. 

Transverse compressional ridges are common on most rock avalanche 

debris sheets, and are present at Black Rapids and Sherman glaciers. 

Transverse ridges are most common on the proximal side of the medial moraine 

at Black Rapids Glacier, whereas they are located at the northeast corner of the 

Sherman Glacier debris sheet. McSaveney (1975) argues that compressional 

ridges at Sherman Glacier are folds resulting from buckling of the debris sheet as 

it came to rest. This theory is supported by physical modelling by Dufresne and 

Davies (2009), who show that sudden deceleration of the debris, due for example 

to an encounter with a topographic obstacle, promotes formation of 

compressional ridges or raised flow fronts. The 25-m-high medial moraine on 

Black Rapids Glacier was a barrier to flow and induced compression in the debris 

sheet. Schulz et al. (2008) describe the Black Rapids Glacier landslide deposits 

as being thicker on the proximal side (~3 m) than the distal side (~1-1.5 m) of the 

moraines, consistent with local compression of the moving debris. 

All of the rock avalanches studied here plot below the curve relating 

volume (V) and the Fahrböschung (Scheidegger, 1973), suggesting that they are 

anomalously mobile or that, as Strom (2006) suggests, the Fahrböschung is not 

the best measure of mobility. The angles described here are also at the low end 

of the spectrum reported by Evans and Clague (1999) for rock avalanches on 

glaciers in the Coast and St. Elias Mountains of British Columbia. Strom (2006) 

suggests that for unconfined rock avalanches, normalized debris apron area or 
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the dimensionless spreading parameter Wmax/Winitial – the maximum width of the 

debris apron divided by the scarp width – are better metrics of mobility, because 

friction acts over the entire basal surface and thus landslides that move over 

unconfined surfaces and form wide aprons are more mobile than those that move 

mainly in one direction. BRG-west has the smallest spreading index of the four 

landslides we studied (4.8 vs. 5.4-8.6 for the other rock avalanches, Table 2-1), 

but values for glacial rock avalanches are generally larger than those for non-

glacial rock avalanches such as the Frank Slide (Spreading index of 3.1, c.f. 

Nicoletti and Sorriso-Valvo, 1991). Snow and glacier ice enhance mobility of 

these rock avalanches, causing them to spread more than they would had they 

not occurred on glaciers, and consequently, leave much thinner debris sheets, 

especially in the absence of confinement. 

Several authors stress the role played by low-roughness substrates on the 

mobility and travel distances of landslides that run-out over glaciers. Evans and 

Clague (1988; 1999), for example, argue that the mobility of rock avalanches 

emplaced onto glaciers is enhanced by the low friction at the debris-glacier 

interface. They suggest that friction may be further reduced by water films 

generated by frictional heating of ice and snow and the development of high 

pore-water pressures at the base of the debris.  

Physical modelling by Friedmann et al. (2006), however, suggests that the 

properties of granular flows do not depend on the shape or roughness of the 

substrate. They conducted laboratory experiments on a variety of substrates, 

ranging from smooth Plexiglass to corrugated cardboard with furrows about ten 
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particle diameters deep, and found that deposit morphology did not change. They 

suggest that the range of patterns observed in natural deposits may be unrelated 

to substrate roughness, or that macroscopic features such as raised rims and 

longitudinal ridges can change from one morphological form to another with little 

perturbation in movement of the debris. Their experiments, however, do not 

explicitly mimic glacier substrates - Plexiglass has a higher coefficient of friction 

than snow and ice, and, of course, there is no frictional melting of Plexiglass or 

cardboard. McSaveney (1975) estimates that frictional energy may have melted 

70 kg m-2 of snow beneath the Sherman Glacier rock avalanche. 

2.7.2 Spatial patterns of block size 

Many of the largest blocks of the Black Rapids Glacier landslides, 

including some up to tens of meters in diameter, are concentrated along the 

peripheries and at the distal edges of the debris sheets (Figure 2.8). A large Hot 

Spot cluster with high d50 values occurs in the proximal half of the BRG-west 

debris sheet, south of the medial moraine (Figure 2.8; Figure 2.9). Caution is 

required, however, when interpreting the map of neighbourhood d50 values, 

because some areas with high values have low densities of blocks per unit area. 

For example, the large area of high d50 values in the proximal part of the BRG-

west debris sheet has a density of 3000-5000 blocks per km2, whereas the distal 

reaches are characterized by densities up to ~32,000 blocks per km2. The 

proximal 25 x 25 m neighbourhoods may contain only a few blocks that skew the 

median size. The apparent dichotomy of moderate-to-low d50 and large 
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maximum block size at the distal rim of the BRG-west debris sheet reflects poor 

sorting in that area – very large blocks are scattered among piles of smaller 

ones. Sorting in the proximal part of the debris sheet is much better, with many 

blocks of similar size and few very large or very small blocks. 

The coarse distal and lateral rims of the Black Rapids Glacier debris sheets 

are similar to those deposited on glaciers by rock avalanches elsewhere (Rapp, 

1959; Shreve, 1959, 1968b; Porter and Orombelli, 1980; Blair, 1999; Hewitt, 

1999; Delaney and Evans, 2008; Hewitt, 2009). It is notable, however, that raised 

margins are also associated with Martian landslides, although they occur more 

typically at the lateral margins than at the terminus (Lucchitta, 1979). Most 

published descriptions of raised rims do not reveal whether the blocks composing 

the rims are larger than those in the interior of the debris sheet (Shreve, 1959; 

Eisbacher, 1979; Stock, 2008) or, alternatively, whether more of them are piled 

up above the surrounding debris surface. Marangunic and Bull (1968), however, 

suggest that distal rims at Sherman Glacier were produced by bulldozing of 

debris over dirty snow. The coarse blocky rims at Black Rapids Glacier probably 

were formed by bulldozing and piling up of very large blocks. The distal rim at 

BRG-west comprises clast-supported blocks with little interstitial material. In 

many places, the rim is more than 3 m thick. The rims contrast with most of the 

debris sheet, which is finer and thinner and consists of matrix-supported 

diamicton capped by a coarser blocky carapace. The dearth of matrix in the rim 

at BRG-west suggests that the leading edge of the debris stream was less 

fragmented than the trailing body of debris. In this scenario, the coarse distal 
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rims are a product of less intense fracturing, perhaps due to less intense 

crushing during transport. 

Hewitt (2002) points out that rock units in the lowest part of the detachment 

zone form the distal deposits of rock avalanches. Initial fragmentation of a 

coherent rock mass occurs during the early stages of transport as the rock 

moves down the mountainside towards the foot of the slope (Davies et al., 1999), 

thus rock units lower in the detachment zone will fragment less than higher ones. 

The occurrence of huge clasts on the upper surface of rock avalanche deposits 

at Black Rapids Glacier and elsewhere (Dunning, 2006; Strom, 2006) suggests 

that fragmentation occurs mainly within, rather than at the surface of, the debris 

sheet. Fragmentation involves grinding and crushing, and the stresses needed to 

fracture rocks are greatest within the body of a rock avalanche; surface clasts are 

rafted, rather than sheared and disaggregated (Davies et al., 1999). Eisbacher 

(1979) suggests that debris traveling at the front of a rock avalanche is subject to 

dilation and thinning, an environment not conducive to fragmentation. 

McSaveney (1978) argues that the Sherman Glacier debris behaved as a 

Bingham plastic, with minimal grain crushing at the periphery. It is likely that a 

similar process operated with the landslides on Black Rapids Glacier. 

The lack of significant trends in median block size with distance along the 

axial profiles of the Black Rapids Glacier debris sheets (Figure 2.9) suggests that 

either block size on the surface of rock avalanches does not change with 

distance as suggested by Marangunic and Bull (1968), or axial profiles are not 

the best descriptor of block size variability. McSaveney (1975) argues that 
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irregular topography along the flow path of the Sherman Glacier rock avalanche 

contributed more to fragmentation of the debris than distance travelled. Based on 

the complex spatial patterns shown in Figure 2.8 and Figure 2.9, we suggest that 

a 1D transect is not appropriate for describing block size trends in a rock 

avalanche debris sheet. Instead, much valuable information can be gained by 

using a combined field-GIS method, such as that described here. 

2.7.3 Spatial patterns of block orientation 

Mean orientation vectors of elongate blocks at Sherman Glacier (1966 

data, Figure 2.7) and Black Rapids Glacier (Figure 2.7 Figure 2.8) indicate that 

clasts were aligned parallel to flow. Although flow-induced realignment is the 

most likely scenario, it is possible that this fabric represents the initial alignment 

of blocks. Flow-parallel fabrics can result from shear between adjacent semi-

coherent bands of debris. Most of the elongate blocks that are perpendicular to 

flow are in the distal parts of the debris sheets or on the proximal side of the 

medial moraine at Black Rapids Glacier, suggesting that clasts realign as the 

landslide slows and comes to rest or as the debris travels over obstacles. 

Alternatively, this pattern may result from less intense crushing at the leading 

edge than in the middle of the debris sheet. Blair (1999) describes a similar 

reorientation of clasts in the North Long John rock avalanche in California. 

McSaveney (1978) ascribes the rarer transverse fabric in the Sherman 

Glacier debris sheet  to the rolling of clasts rather than longitudinal stretching of 

the debris. On the rock avalanche deposits at Black Rapids Glacier, the 
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transverse fabrics are mostly observed at the margins of the debris sheets. A 

possible explanation is that these marginal blocks rotated shortly after coming to 

rest as other blocks collided with them. Heim (Heim, 1882; quoted in Eisbacher, 

1979) suggests that the trailing part of a rock avalanche will not overtake the 

front of the flow, but it will impact the front and push it forward. Strom (1996) 

argues for a similar mechanism, but concludes that if the trailing part of the 

debris has sufficient kinetic energy, it can outrun the leading edge. Modelling by 

Davies et al. (1999), however, suggests the opposite occurs – longitudinal 

dispersive forces reduce the debris thickness, causing the trailing debris to 

decelerate and the leading debris to accelerate. 

2.7.4 Post-depositional modification of rock avalanche matrix 

The matrix of the landslide debris on Sherman Glacier is coarser and better 

sorted than that of BRG-west. Samples plot closer to the gravel end of the 

spectrum of rock avalanche matrices (compare Figure 4 with figure 4 of Dunning 

and Armitage, 2005). These differences could reflect different source lithologies, 

different environments, or lengthy post-depositional modification of the debris on 

Sherman Glacier. The different lithologies at the two sites (granitoid rocks at 

Black Rapids Glacier, sandstone and argillite at Sherman Glacier) may influence 

the degree of fragmentation of blocks during transport. Differences in fall height 

and runout distance may also affect the degree of crushing, thereby producing 

different initial particle-size distributions. Finally, much of the fine matrix in the 

Sherman Glacier debris may have been removed by weathering since 1964. 
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We performed a laboratory test to evaluate the effect of the different 

lithologies on the particle-size distributions of the rock avalanche debris. We 

crushed nine samples of BRG-west and Sherman Glacier debris using a jaw 

crusher, disk mill, and pulverizer (10 seconds per sample), and measured the 

particle-size distributions of the crushed (<1 mm) matrix. All crushed samples are 

silty sand, but the samples from Sherman Glacier are slightly coarser than those 

from BRG-west (Figure 2.10), suggesting that lithological differences contribute 

at least partially to the differences in the particle-size distributions. Eyles and 

Rogerson (1978) however, report that particle-size distributions of debris on 

medial moraines of Berendon Glacier in northern British Columbia are 

independent of bedrock source. Hewitt (2009) describes relatively little change to 

the general morphology of rock avalanche debris sheets on Bualtar Glacier, 

Pakistan, after 20 years of supraglacial transport. The debris, however, has been 

substantially reworked over this time. The matrix has been weathered due to 

deflation by strong katabatic winds. 

The Sherman Glacier landslide has a larger vertical travel distance than BRG-

west (1.08 km vs. 0.73 km), as well as a longer horizontal travel distance (6.0 km 

vs. 3.4 km). Because fragmentation occurs continuously during transport (Davies 

et al., 1999), the matrix of rock avalanche debris should fine with distance of 

travel (Figure 2.6). Therefore, it seems unlikely that the greater fall height and 

longer travel distance of the Sherman Glacier landslide contributed to the 

observed difference in texture between its debris and that of BRG-west. 
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Figure 2.10 A. Particle size of crushed debris from Black Rapids and Sherman glaciers. B. 
Sorting (standard deviation) as a function of mean grain size for crushed material from 
Black Rapids and Sherman glacier debris; sorting calculated using the geometric Folk and 
Ward (Folk and Ward, 1957) method. C. Particle size of matrix of other large rock 
avalanches, including Falling Mountain (1929), Acheron (~1100 yr BP), Coleridge (~700 yr 
BP), Round Top (~1070 yr BP), Frank Slide (1903), Mt. Cook (1991), and Mount St. Helens 
(1980). Data for C provided by M. McSaveney, GNS Science, New Zealand. Some sites have 
more than one data point.  
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We compiled particle-size data for seven rock avalanche deposits (four in the 

20th century and three that are prehistoric) to elucidate factors responsible for the 

observed differences between the Sherman and Black Rapids debris (Figure 

2.10). McSaveney and Davies (2007) describe rock avalanche grains in sub-

micron sizes down to the resolution of their electron microscope (~0.077 µm). 

The smallest mean diameter measured in the current study is about 0.5 µm, 

although it is possible that grains too small for the laser particle size analyzer 

were present. All but two of the rock avalanche deposits studied here have 

gravelly matrices that are coarser than almost all the Sherman and Black Rapids 

samples. The two most recent events – the 1980 Mount St. Helens and 1991 

Mount Cook landslides – have the finest matrices (muddy sandy gravel) of the 

eight for which we have data, raising the possibility that at least some of the silt 

and clay in rock avalanche debris may be removed by weathering and erosion on 

a decadal timescale. McSaveney (1975) points out that much of the finer size 

material that may have been on the surface of the Sherman Glacier rock 

avalanche was removed by rain and melting snow. 

No systematic vertical textural variations were observed in the subsurface 

debris on BRG-west or Sherman Glacier, and no spatial variations were 

observed on BRG-west. The matrix of the Sherman Glacier landslide debris, 

however, fines with increasing distance from the source. Although inverse 

grading of rock avalanche deposits is described here and elsewhere, it relates 

only to the capping coarse carapace of blocks above the otherwise massive main 
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body of the debris sheet. Dunning (2006) draws a similar conclusion – no normal 

or inverse grading is apparent in the landslide deposits he studied.  

2.7.5 Post-deposition modification to large blocks  

Marangunic and Bull (1968) measured block fabric at Sherman Glacier in 

1966, two years after the landslide. Over this two-year period, the surface of the 

debris sheet was not significantly modified by differential ablation or glacier 

motion (C. Marangunic, pers. comm., 2009). The data in Figure 2.7 (Marangunic 

and Bull, 1968) thus come close to characterizing the unmodified landslide debris 

and can be compared to the measurements we made in 2007, more than 40 

years later. 

The 1966 measurements show that elongate clasts in the interior of the 

debris sheet are preferentially oriented parallel to the flow direction of the 

landslide. This pattern suggests that blocks rotate during flow due to shear within 

the moving debris mass. Streams of clasts may have moved past each other at 

different velocities, dragging the larger clasts into parallelism with the overall flow 

direction. Fabric data collected in 1966 from the periphery of the Sherman 

Glacier debris sheet are somewhat weaker and more variable – some sets have 

dominant trends parallel to flowlines and a few are normal to flow. This pattern 

may reflect mixing near the free boundary at the front of the debris sheet; clasts 

there are less constrained by their neighbours and may not readily orient parallel 

to flow. Further, if the leading edge of the debris sheet stalls, trailing debris is 

compressed behind it, causing frontal elongate clasts to reorient perpendicular to 
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flow. After deposition, blocks at the perimeter of the landslide may topple or slide 

due to differential melt of the adjacent bare ice. 

Four decades of supraglacial transport have modified the fabric of the 

Sherman Glacier debris sheet. The mean orientation vectors in 2008 (Figure 2.7) 

were still approximately parallel to flowlines, but have been substantially 

deformed by glacier flow. Downglacier transport of the debris sheet has been 

greatest at the center of the glacier and least at the margins. 

Modification of the fabric of a rock avalanche debris sheet by glacier flow 

is not surprising, because the blocks form a continuous thin interlocking sheet. 

Blocks along the centerline of the glacier move faster than those nearer the 

margins. These differential movements tend to reorient elongate blocks such that 

their long axes point downglacier (Figure 2.7). In cases where the flow direction 

of the landslide is parallel to the flow direction of the glacier, such as on the 

eastern half of BRG-middle, it is unclear whether post-deposition glacier flow will 

rework the debris enough to destroy or reorient block fabrics. 

2.8 Conclusions  

We describe the geomorphology and sedimentology of four rock 

avalanche debris sheets, three emplaced during an earthquake in 2002 and one 

nearly 50 years old in order to characterize the deposits and determine whether 

glacier motion and weathering significantly affect the debris. The four debris 

sheets share many characteristics, including a mono-lithologic mega-breccia 

texture, lobate form, and lack of vertical gradation except for a coarse surficial 
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carapace. Elongate clasts in the debris sheets are preferentially aligned parallel 

to the landslide flow direction, and distal coarse rims are found on parts of the 

three rock avalanche debris sheets on Black Rapids Glacier. Longitudinal 

flowbands occur on all four debris sheets. 

Since the Sherman Glacier landslide in 1964, glacier flow has reoriented 

clasts so that they now are nearly parallel to the direction of glacier flow. The 

finer fraction of the surface debris has been washed away, leaving a coarser, 

better sorted surface deposit.  

An important contribution of this study is the finding that 1D transects do 

not always portray a complete or appropriate picture of the geomorphology of a 

landslide deposit. Recent advancement in GIS now allow extremely detailed 

mapping of 2D and 3D surfaces with relative ease. Future efforts in landslide 

mapping should make use of this powerful tool. 
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CHAPTER 3  
ELEVATION CHANGES (1949-1995) OF BLACK RAPIDS 

GLACIER, ALASKA, DERIVED FROM A MULTI-BASELINE 
INSAR DEM AND HISTORICAL MAPS3 

3.1 Abstract 

We have constructed a new digital elevation model (DEM) of the 1995 

surface of Black Rapids Glacier, a surge-type glacier in the central Alaska 

Range, using ERS-1/2 repeat-pass interferometry. We isolated the topographic 

phase from three interferograms with contrasting perpendicular baselines. 

Numerous phase-unwrapping errors caused by areas of poor coherence were 

corrected in all three interferograms using a novel, iterative, semi-automated 

approach that capitalizes on the multi-baseline nature of the data set. 

Comparison of our DEM with a 1949 U.S. Geological Survey DEM and with 

1973-1995 ground survey data shows the gradual return of Black Rapids Glacier 

to a pre-surge hypsometry following a surge in 1936/37. Maximum elevation 

changes along the glacier centerline in the ablation and accumulation areas are, 

respectively, -249 m and +63 m (-5.4 m a-1 and +1.4 m a-1). Maximum elevation 

changes of survey points at nearby locations are -4.9 m a-1 (1975-84) and +0.5 m 

a-1 (1975-85). Centerline thickening of +62 m between 1949 and 1995 (+1.4 m a-

                                            
3 The following chapter has been published as Shugar. D.H., Rabus, B.T., and Clague, J.J. 2010. 

Elevation changes (1949-1995) of Black Rapids Glacier, Alaska, derived from a multi-baseline 
InSAR DEM and historical maps. Journal of Glaciology, 56(198), 625-634. 
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1), just above the Loket tributary in the upper part of the ablation zone, indicates 

dynamic thickening following the 1936/37 surge. 

3.2 Introduction 

Studies of historic glacier change commonly are based on comparison of 

a digital elevation model (DEM) and an older DEM or topographic map (D'Agata 

et al., 2005; Granshaw and Fountain, 2006; Surazakov and Aizen, 2006; D'Agata 

and Zanutta, 2007; Jackson and Fountain, 2007; Racoviteanu et al., 2007; 

Schiefer et al., 2007; Wang et al., 2008). The accuracy of the derived elevation 

and volume changes is dependent on how accurately the glacier surface is 

represented in these topographic datasets. 

Low photogrammetric contrast in the accumulation areas of alpine glaciers 

can introduce large errors in DEMs, even using modern software and 

workstations (Cox and March, 2004). Even recent, non-photogrammetric, digital 

elevation data sets that allow a more rigorous analysis of error can be biased 

over glaciers. Schiefer et al. (2007), for example, showed that DEMs produced 

for some British Columbia (Canada) glaciers from single-pass Interferometric 

Synthetic Aperture Radar (InSAR) provided by the Shuttle Radar Topography 

Mission (SRTM) have elevation errors of up to 12 m km-1, approximately twice 

the error reported for SRTM data sets by others (Berthier et al., 2006; Paul, 

2008). 

Given these errors, independent audits of glacier surface elevations are 

needed to assess the reliability of published maps and DEMs. The European 
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Remote Sensing satellite (ERS)-1/2 tandem repeat pass InSAR dataset, with its 

near-global coverage in 1995/96, is a valuable resource for producing both DEMs 

and maps of Earth surface displacement (Goldstein et al., 1993; Rabus and 

Lang, 2000), especially in high-latitude areas beyond the range of the 2001 

SRTM. Caution is required, however, in using these datasets, because 

differential, repeat-pass interferometric (D-InSAR), processing techniques (e.g. 

Joughin et al., 1998) may introduce substantial systematic errors over valley 

glaciers where topography is unknown and surface velocity changes seasonally. 

We describe a new D-InSAR method for constructing an accurate DEM of 

a glacier surface and apply the method to Black Rapids Glacier, Alaska, USA. 

We use the new DEM to assess the accuracy of other topographic datasets and 

to show how Black Rapids Glacier has adjusted to its last surge in 1936/37. 

3.3 Study area 

Black Rapids Glacier is a 40-km long valley glacier located in the central 

Alaska Range of interior Alaska (Figure 3.1). The glacier has been extensively 

studied by scientists working for the U.S. Geological Survey, University of Alaska 

Fairbanks, and University of Washington since the 1960s (Post, 1960; Harrison 

et al., 1975; Heinrichs et al., 1996; Truffer et al., 1999; Rabus and Fatland, 2000; 

Amundson et al., 2006).  
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Figure 3.1 Map of Black Rapids Glacier showing the trace of the Denali Fault (dashed 
line) and distances from the head of the glacier in 5-km increments (modified from 
Amundson et al., 2006). The location of the Susitna-Black Rapids glacier divide is shown. 
 

Black Rapids Glacier is a surge-type glacier. It last surged about 6.4 km in 

1936/37, nearly blocking Delta River in the trunk valley below the glacier (Hance, 

1937; Péwé, 1951). There is geologic evidence for several late-Holocene surges 

of Black Rapids Glacier, at least two of which completely blocked Delta River 

(Reger et al., 1993; Heinrichs et al., 1996). The surge periodicity of Black Rapids 

Glacier is not known with certainty, although Heinrichs et al. (1996) estimate it to 

be about 50-75 years based on the size and position of surge loop moraines that 

are being pushed out by the Loket tributary. It is also unclear whether the 

pronounced warming of climate that is occurring today in the Alaska Range will 

terminate the surge cycle of Black Rapids Glacier, as has been the case in other 

regions (Hoinkes, 1969; Dowdeswell et al., 1995). 

The ablation zone of Black Rapids Glacier lies in an east-trending valley 

that also contains the trace of the Denali Fault. Most of the accumulation zone is 

in two north-facing valleys (Heinrichs et al., 1996), one of which contains the 
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Loket tributary. The Loket tributary supplies substantial ice to Black Rapids 

Glacier between surges. 

3.4 Methodology 

We constructed a DEM of the 1995 surface of Black Rapids Glacier using 

ERS-1/2 repeat-pass satellite radar interferometry. Interferometric phase, φ, is 

computed as a difference between two SAR acquisitions. It comprises 

independent contributions from orbit geometry, φo, surface topography, φt, 

surface motion, φm, atmospheric changes, φa, and sensor noise, φn (e.g. Rabus 

and Fatland, 2000): 

namto φφφφφφ ++++=      (3-1) 

The topographic contribution is proportional to the baseline B┴, which is 

the difference in satellite positions between the SAR acquisitions measured 

perpendicular to the satellite line-of-sight. The motion contribution is proportional 

to the scalar product of the surface displacement vector d and the satellite line-

of-sight vector nLOS (Rabus and Fatland, 2000): 

⊥∝ Btφ      (3-2) 

LOSnd ⋅∝mφ        (3-3) 

The goal of D-InSAR is to isolate φm by removing all other contributions. 

Orbital parameters are provided with the SAR data, so φo can be modelled. φt can 

be calculated from an accurate external DEM if it is available; otherwise φt must 

be determined simultaneously with φm using two or more interferograms with 
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different B┴. A variant of this approach is used here. The φa and φn are generally 

sources of error that limit the accuracy of φm and φt. The latter can be reduced by 

spatial low-pass filtering, but at the cost of spatial resolution. In some cases, as 

in this study, φa can be estimated and removed from the data. 

Black Rapids Glacier is north of 60ºN, so no SRTM data are available as 

an external DEM. A high-resolution (10 m) InSAR DEM was produced by 

Intermap Technologies in 2001, but it only covers the lowermost parts of the 

ablation area. An old U.S. Geological Survey (USGS) topographic dataset is 

available for Black Rapids Glacier (U.S. Geological Survey 1951a; 1951b). It was 

published as a digital elevation model in 1999 but is based on topographic maps 

(Mt Hayes B-4, B-5 and B-6) published in 1951. Map sheet B-5 covers most of 

Black Rapids Glacier, and most of the mapping photography was acquired in 

1949 (Heinrichs et al., 1996). We therefore assume that the USGS DEM 

represents the glacier surface in 1949. The DEM has approximately 60 m 

resolution and 7-15 m vertical accuracy. Heinrichs et al. (1996) pointed out that 

the USGS maps may have significant biases, especially over the accumulation 

area of Black Rapids Glacier, which was a featureless snowfield at the time of 

photography. They were unable, however, to make a quantitative assessment of 

the error. 

Figure 3.2 shows the approach we used to analyze the ERS tandem data 

for Black Rapids Glacier. We created small and large baseline interferograms to 

(i) determine the degree to which velocity is temporally constant and (ii) isolate 

the phase due to elevation difference with respect to the USGS DEM. After 
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unwrapping this difference phase, we (iii) corrected unwrapping errors with a new 

semi-automatic multi-baseline approach and (iv) reduced the atmospheric phase 

error from all original interferograms through a combination of filtering and 

interpolation. Lastly, (v) we produced a new DEM in map coordinates as the sum 

of the USGS DEM and the D-InSAR-derived difference DEM. 

 
Figure 3.2 Flowchart for DEM construction used in this study. Labels (i) to (v) refer to 
steps described in the text.  
 

Figure 3.3 shows the two differential interferograms involved in step i of 

the process, one with a large baseline (-468 m) and the other with a small 

baseline (8 m). The differential interferograms were produced from three, 1-day 

repeat interferograms and flattened with the USGS DEM. The baselines of the 
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differential interferograms are the differences of the baselines of the original 

tandem interferograms. For example, the tandem interferograms from November 

1995 (Nov. 12 and 13, B┴ = 166 m) and December 1995 (Dec. 17 and 18, B┴ = 

158 m) yields a differential baseline of 8 m. 

 
Figure 3.3 Differential interferograms of Black Rapids Glacier and its surrounding area: 
a) topography change only; b) velocity change only. Black areas in each panel are areas of 
layover, shadow and poor coherence. Note the high density of fringes on the glacier in (a) 
and the lack of fringes on the glacier in (b). 
 

Differential interferograms contain signals of both temporal velocity 

change and topographic change, the latter relative to the external DEM. If, 

however, velocity is constant between the repeat interferograms, the differential 

interferogram records only topographic change. The small baseline differential 

interferogram has a negligible topographic signal and can therefore be used to 

assess the magnitude of velocity change over the acquisition period of the 

complete tandem dataset. Inspection of the small baseline differential 

interferogram shows that velocity changed little between mid-November and mid-

December 1995 (Figure 3.3b) – significantly less than one fringe everywhere on 

the glacier surface. We conservatively estimate the corresponding velocity 
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change to be <2 cm d-1 along the line-of-sight. This finding is consistent with 

independent observations of small winter velocity variations of Black Rapids 

Glacier (Rabus and Fatland, 2000).  

A consequence of this finding is that we can assume that the large-

baseline (-468 m) differential interferogram between October 1995 (Oct. 8 and 9, 

B┴ = -302 m) and November 1995 is dominated by topography. In the ablation 

zone of Black Rapids Glacier, where significant surface change is expected with 

respect to the USGS DEM, the large-baseline differential interferogram (Figure 

3.3a) shows a high fringe density, whereas in areas where the USGS DEM 

should be accurate, such as in the Delta River valley, the fringe density is much 

lower. 

The next step (ii in Figure 3.2) is to unwrap the large-baseline differential 

interferogram. We improved the coherence with an adaptive spectral filter 

(Goldstein and Werner, 1998) and then used Costantini’s (1996; 1998) minimum-

cost flow algorithm to unwrap the phase using the coherence as costs. The 

adaptive spectral filter is non-linear but on average reduces the spatial resolution 

of the data from 20 m to ~30 m. Since radar phase values are periodic functions 

of 2π, they automatically wrap after reaching 2π, for example as a result of 

surface motion. Phase unwrapping allows retrieval of the phase information, but 

requires control points of known velocity. The minimum-cost flow unwrapper 

minimizes the weighted deviations of unwrapped phase between neighbouring 

pixels. 
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The next step (iii) is to correct for phase unwrapping errors originating 

from fringe aliasing due to strong velocity gradients and numerous noisy 

(incoherent) areas. The latter result from SAR layover on steep slopes 

surrounding the glacier. SAR layover occurs where slopes facing the satellite are 

steeper than the sensor’s look angle. Phase unwrapping errors are typically 

manifested as polygons that are an integer multiple (N) of 2π above or below the 

background phase surface. If there are numerous error polygons, it may be 

impossible to recognize and correct them automatically, and it can be difficult to 

correct them interactively. 

Interactive delineation and correction of unwrapping errors depend on the 

colour range specified by the user to display the interferograms. If the colour 

range spans the full spectrum of the unwrapped phase values, the contrast may 

be insufficient to detect and delineate error polygons for which N is a small value, 

because those error polygons will have about the same colour as the 

background. 

An alternative way of visualizing the error polygons is to remove the 

topography, which contains the unwrapping errors of the large-baseline 

interferogram, from an original, wrapped, tandem interferogram. These errors are 

then revealed as sharply delineated polygons differing from the background 

colour in the now-flattened, wrapped tandem interferogram. This procedure 

allows us to manually digitize the error polygons in ArcGIS and to eliminate them 

by iteratively raising or lowering the polygons in the unwrapped, large-baseline 
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differential interferogram. The correct multiple, N, of 2π is found when the colour 

differences disappear. 

A phase-unwrapping error polygon is only evident in a tandem 

interferogram if N is different from an integer multiple of the baseline ratio 

between the large-baseline differential interferogram and the tandem 

interferogram. For example, the baseline ratio of the large baseline (B┴ = -468 m) 

interferogram to the November 1995 (B┴ = 166 m) tandem interferogram is ~3, 

which means that erroneous polygons of N = +/-1 and N = +/-2 will be revealed, 

but polygons of N = +/-3 will not be visible. However, if a second tandem 

interferogram (e.g. Mar. 31 and Apr. 1, B┴ = 65 m) is considered, the baseline 

ratio is about 7 and phase error polygons of N = +/-3 are clearly visible. Our 

method, therefore, requires production of colour representations of several 

topography-corrected tandem interferograms with different baseline ratios (Figure 

3.4).  

Our proposed interactive technique to correct unwrapping errors is similar, 

and complementary, to the multi-baseline procedure for generating DEMs without 

unwrapping proposed by Eineder and Adam (2005). Although our manual 

approach is considerably more time-consuming, it is successful with small 

numbers of multi-baseline interferograms where an automated approach would 

fail. 

Shifting identified error polygons in the unwrapped topographic phase of 

the large-baseline differential interferogram and updating the colour 

representations of the topo-corrected tandem interferograms are done in real 
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time using ArcGIS and an IDL-based interactive computer display. The values of 

N required to correctly raise or lower the polygons are determined by trial and 

error, and are iteratively done until no interferograms have abrupt breaks in 

colour (Figure 3.4). Using this method, we removed all unwrapping error 

polygons of ~250 pixels or larger and corrected the unwrapped topographic 

phase of the large-baseline differential interferogram. 

 
Figure 3.4 Examples for (a) 12 and 13 November 1995 and (c) 31 March and 1 April 1996, 
of phase-unwrapping error polygons (white arrows), and (b) and (d) corresponding 
interferograms. 
 

To reduce the error introduced by atmospheric changes (step iv), we 

estimated the atmospheric contribution, φa (Eq. 3-1), by using a spatial low-pass 

filter (cutoff wavelength ~7 km) after first masking and interpolating all areas with 
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motion bias or poor coherence (Rabus and Ghuman, 2009). Shorter scale 

atmospheric disturbances may remain; an evaluation of these remnants in the 

Delta River valley suggests a remaining atmospheric error of <0.2 fringes. We 

assume that the 1949 USGS DEM is correct in ice-free areas at scales larger 

than the filter wavelength. After subtracting φa from the interferogram, we 

produced a topography-change map that displays the difference between the 

1949 USGS data and the topographic signal in the 1995 ERS data (Figure 3.5). 

Areas in the topography-change map that contain significant SAR layover or poor 

coherence were masked and populated with values from the USGS DEM. Most 

of these areas are in steep, north-oriented valleys outside the glacier surface. 

Figure 3.5 thus shows the actual surface change over the 46 years between 

1949 and 1995, but it still contains 1949 map error. We then overlaid the 

topography-change map on the USGS map to produce a revised DEM, in map 

projection, that represents the 1995 surface of Black Rapids Glacier and its 

surroundings. 

3.4.1 Error analysis 

The agreement between the ground elevations surveyed in 1995 and 

those extracted from the 1995 ERS DEM (see below) is evidence that the DEM 

we created is accurate. We quantified the error in the DEM by estimating all 

independent error contributions to the InSAR phase (adapted from Rabus and 

Fatland, 2000): 
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Figure 3.5 Topography change map, based on the difference of the InSAR DEM (1995) 
and the USGS DEM (1949). 
 

where λ is the wavelength of the SAR signal (5.65 cm), R is the slant range 

distance (~850 km), and θ  is the incidence angle of the SAR (23.5°). Baseline 

errors are small for the precise ERS orbits. We estimate that, after the 

atmospheric correction, the combined error contribution of atmosphere, orbit, and 

sensor noise effects is < 0.25 fringes (Rabus and Fatland, 2000). The error 

stemming from non-constant glacier velocity is estimated from Figure 3.3 as <0.5 

fringes. A total maximum error of ~0.75 fringes corresponds to a possible error of 

about 11 m in the ERS DEM. Dry snow is largely transparent to C-band radar, 

while penetration into ice is minimal (<1 m). In temperate firn, an error up to 4 m 

is possible (Rignot et al., 2001). Our DEM, which is constructed from winter 

scenes with dry snow cover, therefore closely represents the ice surface in the 

ablation area, while in the firn area the DEM surface may be slightly biased to 
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below the firn surface. The horizontal geolocation error is about 25 m (1.25 

pixels), or 2.3 (1/tan(incidence angle)) times the elevation error. 

3.5 Results 

We compare the 1995 ERS DEM (Figure 3.6) with several elevation 

datasets, including the 1949 USGS DEM, ground survey data collected from the 

1970s to 1995 (Truffer, 2005), a high-resolution (10 m) Intermap DEM of the 

lower ~10 km of the glacier in 2001, and the newly released ASTER global DEM 

(GDEM) based on imagery acquired between 2000 and 2009. Most of the data 

used to construct ASTER GDEM tiles N63W146 and N63W147, which include 

Black Rapids Glacier, date to before 2002 because the landslides triggered by 

the Denali Fault earthquake are not visible on them. We thus refer to this DEM as 

the 2001 ASTER GDEM. The ground survey measurements are not complete for 

every station. Sites that are difficult to access, such as at km2 and km4, were 

discontinued when the U.S. Geological Survey transferred the project to the 

University of Alaska. 

3.5.1 Comparisons with USGS DEM and ground survey data 

The ERS DEM reveals much detail of the surface of Black Rapids Glacier, 

including lateral and medial moraines up to 35 m high emanating from the Loket 

tributary (Figure 3.7). Pothole lakes located near the Susitna-Black Rapids 

divide, described by Sturm and Cosgrove (1990), are also prominent on the ERS 

DEM. The USGS DEM, on the other hand, shows a nearly featureless, relatively 

flat glacier surface with local artifacts resulting from interpolation between 
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topographic map contours. The moraines and potholes are not evident on the 

DEM, although some of the moraines are visible on the original paper 

topographic maps. 

 
Figure 3.6 1995 ERS DEM. Glacier surface delineated by dashed boxes (A and B) is 
shown in more detail in Figure 3.7. 
 

There are significant differences in the elevation of the surface of Black 

Rapids Glacier between 1949 and 1995 (Figure 3.5), suggesting major thinning 

near the terminus and thickening in the accumulation area. The greatest 

thickening is in the upper ablation area. These results are discussed below. 

Our ERS DEM matches the ground survey elevations closely, with a 

maximum difference of 16 m at km 29 (Figure 3.8, Table 3-1). At all other sites 

where 1995 survey data exist, the ERS DEM surface differs from the survey 

elevations by +/-3 m, which is significantly less than the calculated root-mean-

square error for the ERS DEM. In comparison, the 1949 USGS DEM is typically 
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40-60 m lower than the 1995 survey elevations, although at the most downglacier 

site (km29), the USGS surface is 18 m above the surveyed elevation. 

 
 

Figure 3.7 Details of DEMs (see Figure 3.6 for locations of a and b). Note the interpolation 
artifacts in the USGS DEM, the mole-run and linear artifacts in the ASTER GDEM, and the 
moraines in the 1995 ERS DEM. 
 

The calculated area-averaged thinning rate for the main trunk of Black 

Rapids Glacier and the Loket tributary between 1949 and 1995 is 0.17 m a-1. 

Maximum elevation changes along the centerline in the ablation and 

accumulation zones of Black Rapids Glacier over the same period are -249 m 

(km41.1) and +63 m (km6.3). Average rates of elevation change over this 46-



 

 85

year period are, respectively, -5.4 m a-1 and +1.4 m a-1. Ground survey elevation 

changes at nearby locations are -4.9 m a-1 (km38) and +0.5 m a-1 (km 8) for the 

period 1975-1985, and +0.2 m a-1 (km 8) for the period 1985-1994. The 

maximum rate of surface lowering along the centerline of the glacier between 

1949 and 1995 is comparable to the rate calculated from the ground survey data, 

which is based on the period 1975-1984. The average thickening rate along the 

centerline in the accumulation area between 1949 and 1995, on the other hand, 

is three times larger than the rate calculated from surveyed elevation changes 

between 1975 and 1985, and seven times the rate calculated between 1985 and 

1994. 

 
Figure 3.8 Comparison of 1995 ERS DEM elevations, 1995 surveyed elevations, and 
elevations derived from the 1949 USGS DEM, 2001 Intermap DEM, and 2001 ASTER DEM. 
All elevations are along the centerline of the glacier (see upper-right inset). Error bars 
represent the cumulative error of the ERS DEM and the USGS map. The inset at the 
bottom-left shows elevations between km5 and km15 in more detail. 
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Table 3-1  Summary of changes in elevations and annual rates of change along 
centerline of Black Rapids Glacier over different periods. 

Centreline 
Distance  

ERS-
survey 
(1995)a 

ERS-USGS  
(1995-1949) 

ASTER-ERS 
(2001-1995) 

Intermap-ERS  
(2001-ERS) 

Surveys 
(1985-
1975) 

Surveys 
(1995-
1985) 

Surveys 
(2005-
1995) 

km m m m a-1 m m a-1 m m a-1 m m a-1 m m a-1 m m a-1 
4  25 0.5 7 1.4   4 0.4     

6.3b  63 1.4 -18 -3.6         
8 1 40 0.9 -3 -0.6   5 0.5 2f 0.2 -2 -0.2 

11 -3 48 1.0 -1 -0.2       -4 -0.4 
14 0 43 0.9 -9 -1.8   2 0.2 1 0.1 -3 -0.3 
20 0 61 1.3 -5 -1.0   -2 -0.2 2f 0.2 -5h -0.5 
21c  62 1.4 -9 -1.9         
26  10 0.2 -8 -1.7   -14 -1.4     
29 -16 -34 -0.7 -9 -1.7 -11 -1.9   -6g -2.1 -11i -1.6 
32  -97 -2.1 -7 -1.3 -13 -2.2 -26 -2.6     
38  -169 -3.7 -74 -14.8 -31 -5.1 -44e -4.9     

41.1d  -249 -5.4 -23 -4.6         
 

a Only changes in elevation are shown because the ERS and survey data date to 1995. Survey 
data provided by Truffer (unpubl. data). 
b Maximum accumulation area thickening. 
c Maximum ablation area thickening. 
d Maximum ablation area thinning. 
e Based on surveys in 1975 and 1984. 
f Based on surveys in 1985 and 1994. 
g Based on surveys in 1992 and1995. 
h Based on surveys in 1994 and 2005. 
i Based on surveys in 1995 and 2002. 

 
The glacier thickened 62 m (1.4 m a-1) in the upper ablation area (km 21), 

directly upglacier of the Loket tributary between 1949 and 1995. The bulge is 

asymmetric along the centerline – larger at the south than the north (Figure 3.5). 

Between 1975 and 1995, the glacier has had a net elevation change of 0 m at km 

20. Between 1995 and 2005 however, the glacier surface at km 20 lowered 5 m. 

3.5.2 Comparison with Intermap DEM  

The 2001 Intermap DEM extends only about 10 km up Black Rapids 

Glacier from the terminus, but it provides an additional check on the accuracy of 
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the 1995 ERS DEM. Centreline elevation differences between the ERS and 

Intermap DEMs are small – the Intermap surface is <31 m below the ERS 

surface at the survey stations (Figure 3.8). Ground surveys between 1995 and 

2001 at km29, on the lower part of the glacier, indicate surface lowering of ~9 m. 

Both DEMs have similar surface features, and moraines are well defined on both. 

Downglacier migration of the moraines over the six years separating the two 

DEMs is ~160 ± 20 m (27 ± 3 m a-1), which is similar to the surveyed velocity of 

~30 m a-1 reported by (Truffer, 2005) at km 29, near where the measurements 

were made. 

3.5.3 Comparison with ASTER GDEM  

Much of the surface of Black Rapids Glacier on the 2001 ASTER GDEM is 

within +/-10 m from the glacier surface on the 1995 ERS DEM. At the glacier 

terminus (km38), the ASTER surface is 74 m lower than the ERS surface and 43 

m lower than the 2001 Intermap surface. Ground surveys, however, show that 

the glacier surface between km 8 and km 20 changed <1 m between 1995 and 

2001; in the lowermost ablation area (km29), the glacier thinned only 10 m over 

this period (1.6 m a-1) (Truffer, 2005). The ASTER GDEM glacier surface has 

numerous ‘mole-run’ artifacts, which are described in the literature that 

accompanies the dataset (JPL/METI, 2009). These artifacts are related to the 

linear and curvilinear boundaries that separate the various DEMs that were used 

to create the final product. 
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3.6 Discussion 

The comparisons presented above suggest that our ERS DEM is an 

accurate representation of the 1995 glacier surface. The ERS-Intermap DEM 

elevation differences are reasonable, but apply only to the lower ablation zone. 

The ASTER GDEM is locally compromised by artifacts, making quantitative 

comparison with other data sets difficult. We therefore restrict our discussion of 

the glaciological implications of our work to comparisons of the ERS DEM with 

the 1949 USGS DEM and the ground survey data. Our discussion deals, 

successively, with the lower ablation zone, upper ablation zone, and 

accumulation zone. 

3.6.1 Lower ablation zone thinning 

The maximum thinning of 249 m in the lower ablation zone between 1949 

and 1995 (5.4 m a-1), although large, is consistent with rapid wasting of a 

stagnant glacier terminus after a surge. Ablation of the debris-covered terminus 

of Black Rapids Glacier is dominated by surface erosion, rainfall, and high 

temperatures during summer (Schomacker, 2008). Glaciokarst is prominent at 

the glacier terminus, a sign of rapid surface lowering. Schiefer et al. (2007) 

calculated thinning rates of up to 9 m a-1 between 1985 and 1999 for glaciers in 

the southern Coast Mountains of British Columbia, none of which exhibit surge 

behaviour. It is difficult to extrapolate these thinning rates back to the 1949 and to 

a different climatic zone, but they suggest that hundreds of metres of thinning are 

possible. Berthier et al. (2010) report up to 6 m a-1 of thinning of glaciers in the 

Alaska Range since 1949, which is consistent with our findings. 
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3.6.2 Upper ablation zone thickening 

Black Rapids Glacier thickened up to 62 m between 1949 and 1995 (+1.4 

m a-1) over ~6 km of its length centered near km 20 in the upper ablation zone. 

We offer three possible explanations for the thickening near km 20. First, it could 

result from an increase in mass balance due to locally higher snowfall or lower 

ablation. Second, it may represent dynamic thickening of the glacier due to a 

change in basal boundary conditions or interaction with ice from the Loket 

tributary. Third, it may reflect a significant error in the USGS DEM. 

A local change in mass balance over the four decades is possible but 

unlikely. Dynamic thickening of the glacier could occur if ice flowing east from the 

main accumulation area of Black Rapid Glacier ponded upstream of the Loket 

tributary. Heinrichs et al. (1996) concluded that this effect caused the glacier to 

thicken ~50 m at km 20 between 1949 and 1977 (+1.8 m a-1), and surveying 

since then has shown further thickening of 6 m between 1980 and 1989 (+0.7 m 

a-1). Since 1990 however, thickening at km 20 has ceased, and Truffer (2005) 

reported thinning of 0.2 m a-1 between 1990 and 1999 and 1.2 m a-1 between 

2000 and 2009. The thickening reported by Heinrichs et al. (1996) between 1980 

and 1989 was preceded by five years of thinning of nearly the same amount, 

resulting in a net zero elevation change between 1975 and 1994 at km 20. Over 

the full ground survey period (1975-2009) at km 20, the glacier has thinned 12 m 

(-0.35 m a-1). If dynamic thickening occurred at km 20 between 1949 and 1975, it 

had to have been at a rate of ~ +2.4 m a-1, more than three times higher than the 

rate reported by Heinrichs et al. (1996) for the 1980s (0.7 m a-1). 
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The behaviour of the glacier over the first 35 years following the surge in 

1936/37 is unknown. However, considering the typical behaviour of glacier 

surges, it is likely that the surge thinned the glacier markedly upstream of the 

Loket tributary, leading to subsequent long-term thickening. The elevation of the 

glacier at km 20 on the 1949 USGS map is 1451 m a.s.l. The surveyed elevation 

of the ice surface at km 20 in 1975, 26 years later, was 1514 m a.s.l. (Truffer, 

2005). It is important to note that the bulge reported by Heinrichs et al. (1996) 

and shown here in Figure 3.5 is not the result of an increase in elevation in the 

1995 ERS DEM, but rather a depression in the USGS surface (Figure 3.8), which 

is consistent with exceptional thinning of the glacier at km 20 during the 1936/37 

surge. 

The third explanation – that the USGS DEM is significantly in error (> 60 

m) in the vicinity of km 20 – cannot be precluded, but it seems unlikely because 

photogrammetry over bare ice is generally reliable (Schiefer et al., 2007). Figure 

3.5 shows the shape and extent of the bulge described by Heinrichs et al. (1996). 

The elevation changes around the bulge are smooth and gradual, further 

suggesting that a large photogrammetric error is unlikely. In conclusion, the bulge 

is mostly likely due to dynamic thickening of the glacier following the 1936/37 

surge. 

3.6.3 Accumulation zone thickening 

The question arises as to whether the inferred thickening in the 

accumulation area is sensible. The inferred maximum centreline thickening at 

km6.3 between 1949 and 1995 is 63 m (+1.4 m a-1). Ground surveys at the 
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closest survey station, km 8, however, indicate only about 5 m of thickening 

between 1975 and 1985 (+0.5 m a-1) and 2 m of thickening between 1985 and 

1994 (+0.2 m a-1). The thickening rate at km6.3 between 1949 and 1975 would 

have to be nearly six times higher (+2.2 m a-1) than the rate at km 8 between 

1975 and 1994 (+0.4 m a-1) for these two findings to be consistent. Given the 

large differences in estimated thickening rates between the repeat surveys and 

the 1949 and 1995 DEMs, the 1949 USGS map is likely in error in the 

accumulation area (Heinrichs et al., 1996). Such a large error is not unexpected 

given the difficulties of accurately delineating the snow surface in the featureless 

accumulation zone of Black Rapids Glacier on aerial photographs on which the 

USGS map is based. 

3.7 Conclusions 

We present a new method of producing accurate digital elevation models 

of alpine glaciers using ERS-1/2 repeat-pass data and an iterative, semi-

automatic, multi-baseline InSAR method. Using this method, we produce a DEM 

of Black Rapids Glacier that is an accurate representation of the 1995 surface of 

the glacier. The method can be used to create reliable DEMs of other alpine 

glaciers. 

We use the new 1995 DEM to evaluate errors in a 1949 USGS DEM and 

changes in the glacier during intervening years. Maximum glacier centerline 

elevation changes between 1949 and 1995 are -249 m in the ablation zone and 

+63 m in the accumulation zone. A bulge developed in the upper ablation zone 

between 1949 and 1995, accompanied by centerline thickening of 62 m. Survey 
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data collected on Black Rapids Glacier over nearly 40 years indicate that thinning 

over the lowest part of the glacier and thickening in the upper ablation zone are 

real. On the other hand, the maximum inferred thickening of 63 m likely stems 

from errors in the USGS DEM, although some thickening would be expected over 

that part of the glacier. 
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CHAPTER 4  
THE RESPONSE OF BLACK RAPIDS GLACIER, 
ALASKA, TO THE DENALI EARTHQUAKE ROCK 

AVALANCHES4 

4.1 Abstract 

We describe the impact of three simultaneous rock avalanches on the 

dynamics of Black Rapids Glacier, Alaska, using space-borne radar imagery and 

theoretical modelling. We measured the velocity of the glacier before and after 

landslide deposition in 2002 using a combination of ERS 1/2 tandem, 

RADARSAT-1 and ALOS Palsar synthetic aperture radar data. Ice velocity above 

the debris-covered area of the glacier first increased by up to 14% after the 

earthquake, but then decreased 20% by 2005. Within the area of the debris 

sheets, mean glacier surface velocity increased 44% within two years of the 

landslides. At the downglacier end of the lowest landslide, where strong 

differential ablation produced a steep ice cliff, velocities increased by 100% over 

the same period. By 2007 ice velocity throughout the debris area had become 

uniform, consistent with a constant ice flux resulting from drastically reduced 

ablation at the base of the debris. It is unclear a priori whether the velocity 

changes resulted from the landslides, because Black Rapids Glacier displays 

seasonal and interannual variations in velocity. However, a full-Stokes numerical 

                                            
4 The following chapter has been submitted to Journal of Geophysical Research – Earth Surface 

as Shugar. D.H., Rabus, B.T., Clague, J.J. and Capps, D.M. The response of Black Rapids 
Glacier, Alaska, to the Denali earthquake rock avalanches. 



 

 94

ice-flow model of a simplified glacier geometry produces a reversal of the velocity 

gradient after five years, which supports our interpretation that the recent 

changes in the velocity field of the glacier have been dominated by landslide-

induced changes to slope and mass balance.  

4.2 Introduction  

Large catastrophic landslides on glaciers are generally well documented, 

but few studies include enough reliable pre-event data to allow for a quantitative 

assessment of the effects of landslide deposition on glacier dynamics. The lack 

of pre-event data is not surprising, because few glaciers are regularly and 

repeatedly surveyed. At the same time, qualitatively, there is indication that in 

some cases significant changes in glacier dynamics such as advances, or even 

surges, may be attributable to large landslides and mass movements (Tarr, 1910; 

Gardner and Hewitt, 1990; Deline, 2005).  

The glaciological impacts of rock avalanches include changes to ice 

surface topography, glacier hydrology, and ice velocity. Several authors have 

commented that glacier mass balance is altered by reduced ablation following 

emplacement of rock avalanche debris sheets on glaciers. Bull and Marangunic 

(1967; 1968) reported that the 1964 Sherman Glacier landslide reduced the 

ablation of the glacier by 40%, thus changing the mass balance from slightly 

negative to strongly positive. By the end of the 1965 ablation season, the debris 

sheet sat on a pedestal ~10 m above the adjacent bare ice. Deline (2005) 

attributed a 500-m advance of Brenva Glacier in the European Alps to insulation 

from a rock avalanche debris sheet deposited in 1920, a time when neighbouring 
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glaciers were retreating. Recently, Vacco et al. (2010) modelled a theoretical 

glacier advance attributed to reduced ablation resulting from a landslide-derived 

supraglacial debris cover.  

Several authors have examined the effect of changing ice surface elevation 

on hydraulic potential (Fountain and Vaughan, 1995; Fischer et al., 2005), and 

others have linked changes in supraglacial and englacial drainage to supraglacial 

debris cover (Reynolds, 2000; Gulley and Benn, 2007). Fischer et al. (2005) 

found that an increase in medial moraine height formed hydraulic barriers at the 

glacier bed, leading to subglacial channels that paralleled supraglacial moraines 

and did not migrate across the glacier. These studies hint that landslide-derived 

debris blankets would similarly affect subglacial plumbing. 

Recent studies suggest that large landslides are more common in 

glacierized mountains than previously thought (Geertsema et al., 2006). Ice 

velocity data for glaciers that have experienced rock avalanches, however, are 

rare. Bull and Marangunic (1968) attributed an ~10% increase in surface velocity 

of Sherman Glacier to the 1964 rock avalanche, although no pre-landslide 

velocity measurements were published. During field work in 2008, we observed 

that Sherman Glacier was advancing. Gardner and Hewitt (1990) attributed the 

1987 and 1989 surges of Bualtar Glacier in Pakistan to three landslides in 1986, 

and Truffer (unpublished data, 2006; available at 

http://www.gi.alaska.edu/~truffer/) documented a 2006 surge of McGinnis 

Glacier, most of which was covered by debris from two rock avalanches triggered 

by the 2002 Denali earthquake. Shulmeister et al. (2009) provide a simple 
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theoretical model for acceleration of glaciers following rock avalanches, but were 

unable to validate the model with field data.  

The objective of this study is to quantify and understand the glaciological 

response of Black Rapids Glacier to the earthquake-triggered rock avalanches in 

2002. We compare pre- and post-landslide ice velocities derived from space-

borne radar satellite data and ground survey measurements, and use a full-

Stokes ice-flow model to try to explain the observed changes in the velocity field. 

4.3 Setting 

Black Rapids Glacier is a 40-km long, surge-type valley glacier in the 

central Alaska Range of interior Alaska (Figure 4.1). The glacier last surged in 

1936-1937 (Hance, 1937) and has been extensively studied since then (Péwé, 

1951; Post, 1960; Harrison et al., 1975; Heinrichs et al., 1996; Truffer et al., 

1999; Rabus and Fatland, 2000; Amundson et al., 2006; Shugar et al., 2010).  

The Mw7.9 Denali Fault earthquake, which occurred on 3 November 2002, 

triggered many landslides across the Alaska Range, including three large rock 

avalanches on Black Rapids Glacier (BRG-west, BRG-middle, and BRG-east; 

Figure 4.1). The landslides provide an opportunity to study the ice dynamics 

response to the instantaneous emplacement of ~30 x 106 m3 of debris over ~11 

km2 of the glacier’s ablation zone (Shugar and Clague, In press). Black Rapids 

Glacier, however, presents challenges for such a study, because of its spatially 

and temporally complex velocity field (Nolan, 2003) and difficulties in applying 

radar remote sensing methods to temperate glaciers (Massom and Lubin, 2006).  
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Figure 4.1 A. Map of Black Rapids Glacier showing the trace of the Denali Fault (dotted 
line), the three landslide debris sheets, and distances from the head of the glacier in 5 km 
increments (modified from Amundson et al., 2006). Locations of Fairbanks and Black 
Rapids Glacier are shown on the inset map with an open circle and star, respectively. B. 
Photograph of the BRG-east debris sheet looking west. The BRG-middle debris sheet is in 
the background Photo courtesy of Dennis Trabant (US Geological Survey). 
 

Since it was first surveyed in 1973, the surface velocity of Black Rapids 

Glacier has oscillated, with an approximate period of 12 years (Heinrichs et al., 

1996). The pattern and timing of these oscillations are consistent at km 20 and 

km 14, suggesting strong longitudinal stress coupling (Nolan, 2003) in the middle 

reach of the glacier. Heinrichs et al. (1996) attributed these flow variations to 

changes in basal motion rather than ice deformation. No significant decadal 

velocity cycles have been observed below km 20, but survey data on the lower 

half of the glacier are limited.   
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Black Rapids Glacier also exhibits strong seasonal velocity fluctuations, 

with a peak in June and much lower and generally less variable velocities in 

winter (October - February, Heinrichs et al., 1996; Rabus and Fatland, 2000). 

Survey stations that exhibit marked seasonal speed variations (km 14, km 20, km 

26, and km 32) lie on or near the Denali Fault; they are the sites that have also 

experienced the largest long-term changes in annual velocity (Heinrichs et al., 

1996).  

4.4 Data and methods 

We generated pre-landslide glacier velocity maps using interferometric 

synthetic aperture radar (InSAR), and post-landslide velocity maps using SAR 

speckle tracking. The satellite data are compared with ground-based survey 

measurements made since the 1970s and numerical model results of glacier 

dynamics. A summary of all satellite data used in the study is shown in Table 4-1.  

4.4.1 Interferometric velocity measurements  

Interferograms were generated from ERS-1/2 tandem data. The 

topographic signal was removed using the 30-m DEM of the 1995 surface of 

Black Rapids Glacier produced by Shugar et al. (2010). Atmospheric errors were 

filtered manually by masking glacierized areas and creating a smooth 

atmospheric screen, which was then subtracted from the interferogram. 

Our approach differs from the similar method used by Mohr et al. (2003), 

in that we did not assume surface-parallel flow, but rather used flow direction 

vectors constrained by flow features and valley walls (Lang et al., 2004). In this 
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manner, complete fields of surface parallel and surface normal (emergence) 

velocity can be computed, with the proviso that flow did not vary between image 

acquisitions.  

Instead of using the Cartesian coordinate system (X, Y, Z) (Joughin et al., 

1998), we rotated the flow field into a system with axes oriented parallel (II), 

perpendicular (┴), and transverse (t) to the glacier flow direction. The velocity, v
v

, 

and the direction vectors, ηv , use this same notation: 

ttIIII vvvv ηηη vvvr
++= ⊥⊥     (4-1) 

Assuming the transverse velocity, vt, is zero, velocities in the satellite line-

of-sight direction (LOS) for the ascending (A) and descending (D) passes, are: 

( ) ( ) ( )( ) ( )( )A
LOS

A
LOSIIII

A
LOS

A vvvv ηηηηη vvvvvr
⋅+⋅=⋅= ⊥⊥    (4-2) 

( ) ( ) ( )( ) ( )( )D
LOS

D
LOSIIII

D
LOS

D vvvv ηηηηη vvvvvr
⋅+⋅=⋅= ⊥⊥    (4-3) 

Solving for the surface parallel and normal (emergence) components, we 

obtain, respectively: 

( ) ( )( ) ( ) ( )( )
( )( ) ( )( ) ( )( ) ( )( )AD
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Two descending-pass C-band (λ=0.056 m) ERS-1/2 tandem images from 

8 and 9 October 1995, and two ascending-pass images from 11 and 12 October 
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1995 were used in this study (Table 4-1). The period spanned by these tandem 

images is 1 day (24 hours). 

 

Table 4-1  Details of radar satellite images used in this study. 
Sensor Date (mm/dd/yyyy) Spatial resolution (m) Wavelength (cm) Flight direction 
ERS-1 10/08/1995 
ERS-2 10/09/1995 

descending (B┴ = -302 m) 

ERS-1 10/11/1995 
ERS-2 10/12/1995 

30 5.66 
ascending 

(B┴ = 178 m) 
06/21/2003 
07/15/2003 
08/08/2003 
09/01/2003 
06/15/2004 
07/09/2004 
08/02/2004 
08/26/2004 
09/19/2004 
05/17/2005 
06/10/2005 
07/04/2005 
07/28/2005 
08/21/2005 
09/14/2005 
05/12/2006 
06/05/2006 
07/23/2006 
08/16/2006 
09/09/2006 
05/07/2007 
05/31/2007 
06/24/2007 
07/18/2007 
08/11/2007 
09/04/2007 

RADARSAT-1 

09/28/2007 

8 5.66 descending 

06/22/2007 
08/07/2007 
07/09/2007 

ALOS Palsar 

08/24/2007 

10 23.6 descending 

 

Possible errors in the InSAR data are difficult to quantify. As a 

displacement measurement, InSAR is much more accurate than speckle 

tracking, thus most of the error derives from upscaling the error of the 1-day 

tandem acquisitions to an annual equivalent. Random errors are considerably 

reduced by averaging to the lower spatial resolution of the speckle tracking (420 
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m x 315 m, see below). Systematic errors from residual atmospheric phase will, 

however, be amplified by upscaling from one day to one year. For the present 

study it is sufficient to state that the error of the InSAR derived velocity maps 

conservatively is not larger than that of the velocity maps derived from speckle 

tracking over annual periods (see below).   

4.4.2 Speckle tracking velocity measurements 

If local phase shifts are too large due to rapid ice motion, or random due to 

redistribution of snow, surface melt, or both, the phase can become decorrelated. 

The long temporal baselines of most spaceborne SAR systems result in 

generally poor phase correlation over temperate glaciers. 

A complementary approach to InSAR is speckle tracking. This method 

generates registration offsets between two SAR images in both slant range 

(satellite line-of-sight) and azimuth (parallel to satellite orbit) to map 

displacements (Strozzi et al., 2008). Offset fields are generated by cross-

correlating patches of SAR intensity images. The location of the peak of the 

normalized two-dimensional, cross-correlation function yields the image offset 

(Strozzi et al., 2008). Although less accurate than InSAR, radar speckle tracking 

has several advantages. The offset values are unambiguous 2D velocity 

measurements and do not require phase unwrapping, which can be difficult in 

steep mountains (Shugar et al., 2010), or for areas of fast ice flow (Short and 

Gray, 2004). When InSAR phase becomes decorrelated so does the speckle 

pattern between the image pair. However, speckle tracking may still find 

meaningful offsets by tracking macrospcopic features (edges, ridges, crevasses) 
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even in the complete absence of speckle correlation. The technique is accurate 

to around 0.05 pixels (Murray et al., 2002). For a pixel size of 8 m (RADARSAT-1 

Fine Mode), an error of 0.05 pixels corresponds to 40 cm over 24 days (1.7 cm d-

1) or 0.1 cm d-1 for an annual pair. In comparison, a one-day repeat (e.g. ERS 

tandem) interferogram measures range displacements to a small fraction of the 

radar wavelength, down to 1 mm accuracy assuming prior compensation of the 

atmospheric error. To directly compare the speckle tracking and InSAR results in 

this study, we spatially average all velocity data over a series of image subsets 

(chips), each 420 x 315 m on the ground.  

We computed velocity maps of Black Rapids Glacier in the vicinity of the 

landslides using 27 C-band (λ=0.056 m) RADARSAT-1 images acquired during 

the melt seasons of 2003 to 2007 and four L-band (λ=0.236 m) ALOS Palsar 

images from the melt season of 2007 (Table 4-1). We determined offsets for 

consecutive monthly scenes (e.g. 4 July and 28 July 2005) and annual pairs (e.g. 

28 July 2005 and 23 July 2006). We were thus able to quantify the glacier’s 

seasonal velocity pattern with high spatial and temporal coverage, as well as the 

longer-term changes over the years following the earthquake and landslides. 

4.4.3 Ice dynamics modelling 

We used both simple and more sophisticated ice-dynamic models to 

understand the response of Black Rapids Glacier to debris cover by the rock 

avalanches. The simple model uses the shallow ice approximation, which ignores 

longitudinal stresses, whereas the complex model solves the full Stokes 
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equations, which contain both longitudinal stress coupling as well as coupling 

with the basal boundary condition (sliding law). 

The DEM produced by Shugar et al. (2010) provides a 1995 surface 

elevation profile of Black Rapids Glacier along its centerline. However, ice 

thickness and thus bed elevation are known at only a few discrete locations on 

the basis of Ground Penetrating Radar (GPR) measurements (Heinrichs et al., 

1995; Gades, 1998). Interpolation of point bed elevations gives a bed profile with 

much less detail and accuracy than the surface profile. To produce a consistent 

pair of bed and surface elevation profiles, and to advance the glacier geometry to 

the time of the earthquake, we let the DEM surface evolve by running the full-

Stokes model (see below) for several years and updating the surface after each 

year by adding the difference between emergence velocity and local surface 

mass balance. The upper and lower surfaces of the two-dimensional flowband 

are then interpolated to an even 50-m spacing using a spline. For the shallow ice 

model runs, emergence velocity data come from terrestrial surveying (Heinrichs 

et al., 1995). Net balance data used in both models come from mass balance 

measurements made over the past 40 years, and were scaled by the area-

altitude distribution (Heinrichs et al., 1995). This approach makes the simplifying 

assumption that centerline balances extend to the glacier margins (Arendt et al., 

2002; c.f. Berthier et al., 2010). The slope of the edge of the debris sheets is kept 

at or below the angle of repose.  

Ice is treated as an incompressible non-Newtonian fluid with strain 

described by Glen’s law, nAτε =& , with A = 3.17 x 10-24 s-1 Pa-3 and n = 3. Our 
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choice of A is influenced by Amundson et al. (2006) and is close to the 

recommended value for temperate ice, A=2.4 x 10-24 Pa-3 s-1 (Cuffey and 

Paterson, 2010). 

Ice creep velocity, u, according to the shallow ice approximation is:  

( ) 1

1
2 +

+
= nn hsingf

n
Au αρ ,     (4) 

where ρ, g, and f are, respectively, ice density, gravitational acceleration, and a 

shape factor. The αand h denote smoothed (Kamb and Echelmeyer, 1986) 

surface slope and ice thickness, respectively. Basal motion is not included in this 

analysis. 

We also used a model that solves the full Stokes equations with the 2D 

finite element method for the same initial vertical flowband as above. We solve 

the equations to investigate whether small changes in surface topography, slope, 

and mass balance are adequately captured by the shallow ice approximation. 

This model contains all stress couplings and enforces a Weertman basal sliding 

law, m
BB ku τ= , for the basal boundary condition, where k is a sliding parameter, 

Bτ  is the basal shear stress, and m is a positive constant. From the 2D finite 

element model output, one-dimensional curves of both surface-parallel and 

surface-perpendicular velocity can be read out along the glacier surface. We 

verified the model against the Ice Sheet Model Intercomparison Project-Higher 

Order Models (ISMIP-HOM) benchmark using test data and experiments from 

Haut Glacier D’Arolla (Pattyn et al., 2008).  



 

 105

Because bottom topography is poorly known, basal motion can only be 

roughly modelled in the full-Stokes model. We make no attempt to model the 

inter-annual velocity fluctuations of Black Rapids Glacier that are believed to 

stem from the slow evolution of basal conditions (Truffer et al., 2001). We also do 

not consider what is likely the complex influence of the Loket tributary on the flow 

of the main glacier trunk (Figure 4.1). We therefore do not expect our results to 

closely match observed velocities but rather are more interested in recognizing 

characteristic spatio-temporal patterns of velocity and elevation change. By 

comparing modelled patterns of velocity change to measurements, we try to 

understand whether the observed velocity fluctuations are mainly caused by the 

rock avalanches or, instead, are only the result of the quiescent evolution of this 

surge-type glacier. 

For each of the described models, we ran two experiments to investigate 

the role of landslide debris on ice velocity. In our control run, we allowed the 

glacier surface and velocity structure to evolve for five years (e.g., 2002-2007) 

without any surface debris, thus simulating the evolution of the glacier without a 

landslide. We separately added a landslide and allowed the velocity to adjust to 

the new surface profile. Landslide deposition was simulated by locally increasing 

h by the equivalent of a 2-m sheet of rock debris (bulk density 2400 kg m-3) over 

a horizontal distance of 7 km, between km 25 and km 32. The mass balance, bm, 

under the debris-covered area was set to zero. The upper surface was iteratively 

updated according to the difference between mass balance and emergence 

velocity.   
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4.5 Results 

4.5.1 Ice velocity from SAR and ground surveys 

Figure 4.2 shows the surface-parallel velocity field in the ablation area of 

Black Rapids Glacier in October 1995, obtained with SAR interferometry using 

ERS tandem data. The pattern and magnitudes of the velocity match those 

reported by Fatland et al. (2003) for January 1992 and December 1995, as well 

as survey velocities from 1995. The longitudinal velocity profile (Figure 4.2, inset) 

shows that the velocity just above the Loket tributary (km 23) is 50% of that 

between km 15 and km 20. The longitudinal velocity below the Loket tributary 

rapidly recovers spatially to almost the values between km 15 and km 20. A 

second slowdown, smaller spatially and in magnitude than that observed at the 

Loket tributary, occurs at about km 34, where a minor tributary joins Black Rapids 

Glacier. A velocity plateau is evident where another minor tributary joins the trunk 

glacier at km 30.  

Five cross-glacier velocity profiles from the ablation area are also shown 

in Figure 4.2. The outer inflection points on each profile mark the transition from 

active to dead ice or moraine. The irregular form of profiles D and E reflects the 

influence of several minor tributaries and moraines.  

The seasonal evolution of surface ice flow in the vicinity of the landslides 

is shown in Figure 4.3 and Figure 4.4. These results were obtained with the 

speckle tracking method using RADARSAT-1 and ALOS Palsar data. The 

velocity fields between 2003 and 2007 (Figure 4.4) are more variable and 

spatially heterogeneous than the velocity field in 1995 (Figure 4.2). High monthly 
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velocities are common across BRG-west and BRG-middle (Figure 4.4), whereas 

velocities across BRG-east, the lowest debris sheet, are the lowest. The highest 

seasonal velocities are in late May and June 2005 and in May and June 2007. 

Across chips 1-4 (see Figure 4.3a for chip locations), which correspond to BRG-

west and the upper half of BRG-middle, ice velocities ranged from around 23 cm 

d-1 between late May and mid-June 2005, slowing to around 19 cm d-1 from mid-

June to early July 2005. The upper margin of BRG-west had a velocity of nearly 

22 cm d-1 in June 2007, decreasing to 12 cm d-1 in July of that year. By the end of 

the melt seasons in 2003-2007, ice velocities were nearly the same (5-8 cm d-1) 

across the area covered by all three landslides. 

 

Figure 4.2 Surface-parallel velocity of Black Rapids Glacier in October 1995 overlain on a 
geocoded SAR amplitude image. The inset is a profile of ice velocity along the glacier 
centerline. The black strips are the locations of transverse velocity profiles, shown at the 
right. The transverse profiles were obtained by averaging 50-pixel-wide rectangles 
perpendicular to flow direction. The dashed box outlines area covered by panels in Figure 
4.4. The ascending ERS scenes are restricted to the ablation area of the glacier; as a result 
the velocity map terminates just upstream of the bend near the equilibrium line.  
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Figure 4.3 Black Rapids Glacier velocity field derived from RADARSAT-1 speckle 
tracking. (A) 31 May – 24 June 2007. (B) 11 August – 4 September 2007. Survey stations km 
20, 26, 29, and 32 are shown in A, along with chip outlines.  
 

The interannual velocity pattern recorded by SAR is shown in Figure 4.5. 

Representative velocities across the debris sheet are calculated in two different 

ways and compared (Table 4-2). Figure 4.5a shows the mean velocity over the 

upglacier and downglacier halves of the debris sheet (chips 1-5, and 6-10, 

respectively), averaged for each annual measurement in a particular melt 
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season. Figure 4.5b shows the mean velocity of the uppermost chip (chip 1, see 

Figure 4.3) and the lowermost chip (chip 10). The mean velocity over the entire 

debris sheet (chips 1-10) is also shown in Figure 4.5a and b. Figure 4.5c shows 

the decrease in longitudinal velocity gradient with time, from 5.7 x 10-3 a-1 in 1995 

to 4.1 x 10-3 a-1 in 2004 and only 1 x 10-3 a-1 in 2007. 

 

Figure 4.4 Twenty-four day leapfrog speckle tracking velocity fields for the period 2003-
2007. (A) RADARSAT-1 speckle tracking maps in the vicinity of the rock avalanche debris 
sheets. (B) Average velocity at each debris sheet based on RADARSAT-1 and ALOS Palsar 
data.  
 

Mean InSAR-measured ice velocity from km 25 to km 32 in 1995 is similar 

to the 1995 surveyed velocity at km 29 (Figure 4.2). The mean velocity of the 
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upglacier chip in 1995 (open circle in Figure 4.5b) is slightly lower than the 

surveyed velocity measured at km 20. The velocity of the downglacier chip is 

much lower than the surveyed velocity at km 29. Despite an acceleration 

between 1995 and 1997, surveyed velocities at km 20 (Figure 4.5a, b) were the 

same in 1995 and 2002, before the earthquake. Similarly, the surveyed velocities 

at km 29 are about the same in 1995 and 2002. Thus, we infer that the mean 

velocity in the vicinity of the landslide debris immediately before the earthquake 

was approximately equal to the mean InSAR velocity for 1995 (Figure 4.5). 

 

Figure 4.5 Velocity time series from ground surveying, InSAR, and speckle tracking. (A) 
Mean of the upglacier and downglacier halves of the debris-covered ice. (B) Mean of 
uppermost and lowermost chips (1 and 10). Velocities at km 20 were measured until 2005 
and again in 2009. The survey marker at km 29 was destroyed by the landslides in 2002; 
the thin dash-dot line is the record from km 14 projected to km 29. (C) Longitudinal 
velocity gradient from 1995 to 2007 for the part of the glacier covered by landslide debris. 
The 1995 data point is an InSAR-derived velocity for October 1995, averaged over the 
same chips as for the speckle tracking (Figure 4.3) and converted to an annual equivalent 
velocity (Rabus and Fatland, 2000). Note different time scale on panel C. 
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The annual surveyed velocities above the landslides (km 11, km 14, and 

km 20) show a short-lived, small acceleration (6-14%) in 2003, followed by a 

rapid deceleration to values slightly less than in 2002 (Figure 4.5). In 2009, the 

glacier was still slowing down at km 14 and km 20, although the exact velocity 

pattern at km 20 between 2005 and 2009 is unknown, because no survey 

measurement was made in 2007. We assume that velocity at km 20 is 

comparable to that measured at km 14, based on the similarity of the two series 

throughout the period of record. 

 

Table 4-2  Surface velocities (cm d-1) measured by ground surveying and radar. 

Ground survey  SAR Location 
1995 2002 2003 2004 2005 2007 2009  1995 2004 2005 2006 2007 

Km 11 20.2 20.3 22.2 21.9 18.3         
Km 14 16.7 15.8 18.1 16.8 14.0 13.3 12.7  17.2     
Km 20 14.2 14.2 15.1 13.2 13.2  10.6  15.2     
Km 29 8.6 8.9       8.8     

              
Chips 1-10         8.9 12.8 10.7 10.0 9.4 

Chip 1          13.1 13.1 12.9 10.6 9.9 
Chips 1-5          11.5 13.1 11.6 10.5 9.3 

Chips 6-10          6.4 12.6 9.9 9.5 9.5 
Chip 10          4.5 9.4 7.3 7.6 8.3 

 

The survey marker at km 29 was destroyed by one of the 2002 rock 

avalanches. Because the velocity pattern at km 29 is similar to that at km 20 

between 1992 and 2002, we calculated an offset and projected the post-

earthquake km 20 data to km 29 for 2007 (dashed continuation of km 29 line in  

Figure 4.5a and b). Using this approach, we estimated what the velocity at km 29 

might have been in the absence of the landslides. The continued slowdown at km 
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29 in the absence of a landslide is confirmed by numerical modeling (see next 

section). 

SAR speckle tracking measurements downglacier of km 20 reveal spatial 

and temporal velocity changes that are likely too large and complex to be 

explained by processes unrelated to the landslides. Notably, the measurements 

record a rapid increase in velocity by 2004. The mean velocity for the entire 

debris sheet in 2004 is 44% higher than velocity in the same area (km 29) in 

2002 (Figure 4.5a). The mean velocity in the area of the debris sheet decreases 

in each subsequent year, at a greater rate than at survey sites higher on the 

glacier. Between 2004 and 2007, the mean velocity of the debris-covered ice 

decreased 30%, approaching the same velocity as measured by InSAR in 1995. 

Over the same period, ice velocity at site km 14 decreased by only 20%.  

The changes in ice velocity are more obvious when the area of landslide 

debris is subdivided into upglacier and downglacier halves. The velocity of the 

upglacier half of the debris (chips 1-5; open circles in Figure 4.5) increased only 

14% relative to the same area in 1995, as measured by InSAR. Over the same 

period, the velocity of the downglacier half of the debris sheet (chips 6-10; 

asterisks in Figure 4.5) increased 97%. The velocities at the uppermost and 

lowermost chips tell a similar story: the velocity of the upglacier chip remained 

constant, while the velocity of the downglacier chip doubled between 1995 and 

2004. Between 2005 and 2007, the velocity of the downglacier chip 10 continued 

to increase (Figure 4.5b), while the velocity of the downglacier half of the debris 

sheet decreased slightly (Figure 4.5a). 
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The spatial pattern of velocity also changed after the landslides in 2002. 

Radar speckle tracking records progressive downglacier increases in ice velocity 

across BRG-west and BRG-middle, with the downglacier edge of each landslide 

moving slightly faster than the upglacier edge, resulting in locally extending flow 

(Figure 4.4a). The highest recorded annual velocity (~22 cm d-1; 17 May 2005 to 

12 May 2006) is at chip 6 at the downglacier margin of BRG-middle. 

4.5.2 Ice velocity from shallow ice approximation and finite element 
models 

Figure 4.6 shows the model geometry, mass balance, and emergence 

velocity curves used to calculate ice deformational velocity assuming the shallow 

ice approximation. Figure 4.7 shows changes to the calculated ice velocity with a 

2-m-thick sheet of landslide debris after two years and after five years.  

In the control run, the glacier thins and flattens slightly in the ablation area 

over five years according to the shallow ice model (Figure 4.7); the driving stress 

is reduced and ice velocity decreases from a local maximum of 11.3 cm d-1 to 

10.3 cm d-1 at about km 18. Between km 25 and km 32, velocities decrease only 

0.5 cm d-1 from initial calculated values of 3.2-8.1 cm d -1. With 2 m of debris, ice 

thickness rapidly increases locally due to the marked reduction of ablation. The 

surface slope under much of the debris sheet decreases because the emergence 

velocity at the downglacier end of the debris sheet is higher than that at the 

upglacier end (Figure 4.6b). Steep ablation ramps develop at the upglacier and 

downglacier margins of the debris sheet due to normal ablation of bare ice and 

reduced ablation of ice under the debris. Thus the surface slope reverses at the 
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upglacier end of the debris sheet, but steepens at the downglacier end. 

Smoothing the surface slopes (Kamb and Echelmeyer, 1986) has the effect of 

eliminating the reversed slope at the upglacier end of the debris sheet (Figure 

4.7), leaving instead a shallower slope than observed in the control run. The 

slope change at the upglacier end has a major effect on driving stress and 

therefore velocity, even if averaged over the length of the debris sheet. Although 

ice continues to thicken under the debris during the model run, ice deformation is 

more sensitive to changes in surface slope. Because pre-slide slopes are small, 

relative changes to slope are very large. 

 

Figure 4.6 (A) Glacier geometry and (B) net balance and vertical velocity used for simple 
1D flowline model. Bed elevations and ice thicknesses are from Heinrichs et al. (1995) and 
Gades (1998); surface elevations are from Shugar et al. (2010). (C) Calculated surface 
velocity in 1995 with no sliding, using A=3.17 x 10-24 s-1 Pa-3 (Amundson et al., 2006). Open 
circles represent annual velocities determined from GPS measurements (M. Truffer, 
unpublished data, 2006; available from http://www.gi.alaska.edu/~truffer/); dashed line is 
derived from InSAR surface-parallel velocities converted to annual velocities. The Loket 
tributary enters the main trunk of the glacier around km 25, causing a reduction in surface 
velocity immediately upglacier of the confluence. 
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Figure 4.7 Measured ice thickness (unsmoothed), and surface slope (smoothed), and 
calculated driving stress, and horizontal surface velocities for the case of the control run 
(no landslide debris, left-hand column) and landslide debris from km 25 to km 32 (right-
hand column) using the shallow ice approximation. 
 

Over five years, the deformational velocity at the upstream end of the 

debris sheet (km 25) decreases 20% and the velocity at the downstream end (km 

32) increases 34% (Figure 4.7) as a result of the debris cover and changes to 

mass balance. The assumption of constant emergence velocity, however, is not 

strictly correct because the rate of emergence is inversely proportional to 

longitudinal strain. A more complex model is thus required.  
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In the full-Stokes model control run (Figure 4.8), surface velocities 

decrease slightly over much of the glacier between 2002 and 2007, because the 

driving stress is reduced, mostly by thinning. The differences are greatest around 

km 20, which experiences a reduction of velocity of about 8%. Below km 30, 

there is little change in velocity over the five-year period.  

 

Figure 4.8 Modelled horizontal surface velocities for (A) no landslide debris and (B) 
landslide debris from km 25 to km 32, using a finite element method. Open circles in C and 
D represent the mean velocity from km 25  to km 28.5 (upglacier half of the debris-covered 
area); asterisks represent the mean velocity from km 28.5 to km 32 (downglacier half of 
debris-covered area); the straight line represents the velocity gradient between km 25 and 
km 32. 
 

Between km 25 and km 32 – the main area of interest in this study – the 

longitudinal velocity gradient is steep in 2002 (4.3 x 10-3 a-1) and changes little 

with time (4 x 10-3 a-1 in 2007) in the control run. Between km 25 and km 28.5, 
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which corresponds to the upglacier half of the area covered by landslide debris, 

the mean ice velocity without debris is about 4 cm d-1 higher than between km 

28.5 and km 32 (Figure 4.8c). 

Following the addition of the debris sheet between km 25 and km 32, the 

upglacier end of the debris slows and the downglacier end accelerates, resulting 

in a reversed velocity gradient by 2006 (Figure 4.8b, d). The velocity gradient 

between km 25 and km 32 decreases from 4.3 x 10-3 a-1 in 2002 to -1.5 x 10-3 a-1 

in 2007. At km 25, the ice velocity decreases 28% between 2002 and 2007; in 

contrast at km 32, the velocity increases 73%. Figure 4.9 shows the changes in 

the full-Stokes modelled 2D centerline velocity profile with and without the debris 

sheet. If the glacier is not covered by a debris sheet, the velocity vectors change 

little over five years, and flow is primarily emergent. With the addition of debris 

however, the velocity becomes slightly submergent at the upglacier end of the 

debris sheet, and slightly less emergent at the downglacier end due to locally 

extending flow across the debris sheet.  

4.6 Discussion 

Post-earthquake changes to the surface velocity field of Black Rapids 

Glacier in the vicinity of the rock avalanches include a substantial, but short-lived 

initial speed-up followed by a gradual slowdown to pre-earthquake values (Figure 

4.5). The velocity changes under the debris are more rapid and of a higher 

magnitude than changes higher on the glacier, which are discussed below. 

Superimposed on these trends is a reduction of the longitudinal velocity gradient 

in the area covered by the debris sheet– the velocity of the downglacier half of 
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the debris sheet increases, while the velocity of the upglacier half decreases. 

Notably, the entire debris-covered part of the glacier trends towards a uniform 

surface velocity over the period of observation due to a reduction of surface 

slope of the debris-covered ice.  

 

Figure 4.9 Centerline velocity profiles for (A) 2002 prior to landslide, (B) 2007 control run, 
and (C) 2007 with a landslide added. Arrows are velocity vectors. 
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Gardner and Hewitt (1990) noted a similar reduction in velocity gradient 

following deposition of three large landslides on Bualtar Glacier. In the 10 months 

following the landslides, ice near the leading edge of the debris sheet moved four 

times faster than ice near the trailing edge. In the following 13 months, however, 

this pattern reversed, with ice near the trailing edge moving twice as fast as that 

near the leading edge.  

The ice surface velocity upglacier from the debris sheets increased slightly 

between 2002 and 2003. We propose three possible explanations for this speed-

up. First, it may not represent a change in ice velocity, but rather an offset on the 

Denali fault during the earthquake. Right-lateral offset near the terminus of Black 

Rapids Glacier was about 4 m (about 1 cm d-1 equivalent) (Haeussler et al., 

2004). However, elevated velocities were observed over two consecutive 

seasons (2002-2003 and 2003-2004) at several survey sites (e.g. km 11 and km 

14), suggesting that earthquake displacement is probably not the cause of the 

increase in speed. It is possible that earthquake displacement caused at least 

part of the observed change in velocity. Second, a short-lived speed-up might 

have been caused by an earthquake-generated change to the subglacial 

plumbing system. Although many authors have examined relationships between 

ice velocity and water pressure (e.g. Truffer and Iken, 1998; Kavanaugh and 

Clarke, 2001; Truffer and Harrison, 2006), none to our knowledge has specifically 

examined a possible relationship between earthquake shaking and till failure by 

excess pore water pressures. The observed speed-up at km 8 (see Truffer, M., 

unpublished data, 2006, available from http://www.gi.alaska.edu/~truffer/), which 
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is not on the Denali fault, casts doubt on this explanation, although the possibility 

of longitudinal coupling between the Denali fault and km 8 does not necessarily 

preclude it. Third, the speed-up may be associated with the decadal scale 

oscillations noted earlier. Nolan (2003) reports that velocity oscillations within the 

glacier’s quiescent phase have a period of about 12 years. The velocity increase 

in 2002-2004 is smaller and has a shorter onset phase than that of the ~1992-

2001 cycle, which itself is smaller and shorter than the first recorded cycle from 

~1980 to 1992. The rapid termination and small magnitude of the most recent 

oscillation may be indicative of a trend towards more temporally constant flow. 

With only two or possibly three such oscillations, however, this argument is 

tenuous. In any case, the speed-up recorded by surveys at km 8, km 11, km 14, 

and km 20 is small and likely unrelated to the much larger speed-up of the 

debris-covered ice between km 25 and km 32 identified with the SAR speckle 

tracking.  

Several authors (Gordon et al., 1978; Shulmeister et al., 2009) have 

suggested that landslide debris may alter glacier flow. The bulk density of rock 

avalanche debris is probably about 2400 kg m-3 (Vacco et al., 2010), equivalent 

to about 2.6 m of ice-equivalent for every meter of debris. In the case of thin 

glaciers, an additional few meters of rock debris may increase the driving stress 

sufficiently to cause the glacier to speed-up. Black Rapids Glacier, however, is 

more than 450 m thick in the area of the landslides, and a few meters of rock 

debris alone is unlikely to alter the velocity significantly. An increase in ice 

thickness equivalent to 2-m of rock debris would result in less than a five percent 
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increase in deformational velocity (Eq. 4) for a 450-m thick glacier. More 

important factors are changes in mass balance resulting from strongly reduced 

ablation beneath the debris, changes in the vertical velocity under the debris 

resulting from extending flow, and changes in the surface slopes generated by 

the differential ablation at the margins of the debris sheet. During fieldwork in 

2007, the upglacier end of the 2-m-thick BRG-west debris sheet was perched on 

a pedestal of ice about 15 m high that dipped upglacier. The downglacier end of 

the BRG-west debris sheet similarly rested on a pedestal about 15 m high, but 

dipping downglacier. Thus, the surface slope at the upglacier end was reversed, 

whereas the slope at the downglacier end was steeper than in 2002. An increase 

in ice thickness of 20 m, equivalent to 15 m of unmelted ice and 2 m of rock 

avalanche debris, results in nearly a 20% increase in velocity (Eq. 4).  

In our simple shallow ice model (Figure 4.7), the upglacier end of the 

debris sheet slows while the downglacier end speeds up in response to changes 

in longitudinally-averaged local slope and thickness. The changes in slope result 

from differential ablation at the upglacier and downglacier ends of the debris and 

greater emergence velocities at the downglacier end than at the upglacier end, 

which pivot the glacier surface towards the horizontal. The emergence velocity is 

kept constant in this simple model, but in reality it adjusts to the switch from 

compressive flow in the ablation area to locally extending flow over a horizontal 

distance of 7 km. The full-Stokes model (Figure 4.8) confirms that the velocity 

gradient of the debris-covered area is reduced and reversed over time. Taken 

together, these results indicate that the modeled scenario is a reasonable 
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representation of the short-term evolution of the surface velocity of a glacier 

covered by landslide debris.  

The spatial velocity pattern observed with SAR speckle tracking at Black 

Rapids Glacier is more complex than the models would suggest (Figure 4.4a). 

Small regions of faster flow are observed at the upglacier end of the debris 

sheets, for example in spring 2007 (Figure 4.3b). This acceleration is likely due to 

the introduction of meltwater to the basal plumbing system. The remote sensing 

data show a supraglacial lake forming in spring 2007, upglacier of the BRG-west 

margin. The lake had mostly drained by mid-July 2007 (Figure 4.10). In the 24 

June RADARSAT-1 image, the lake was approximately 140 m wide and 840 m 

long; assuming a constant surface slope of 2°, we estimate that it contained a 

minimum of ~2.9 x 105 m3 of water. By 18 July, the lake contained only ~1.5 x 

104 m3 of water. The lake is not visible on the 7 May or 31 May SAR images, but 

the reflectance of the pixels is very low, indicating a surface saturated with 

meltwater. During fieldwork in summer 2007, we observed the last remnants of 

the lake (Figure 4.10d), as well as a moulin about 3 m in diameter at the 

downglacier margin of the lake. The moulin drained the much larger lake earlier 

in the melt season. 
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Figure 4.10 SAR images showing (A) a melting glacier surface on 31 May 2007, (B) a large 
lake upglacier of BRG-west on 24 June 2007, and (C) the much smaller, drained lake on 18 
July 2007. (D) Photo collage of the lake on 8 July 2007. Glacier flows from left to right in all 
panels. 
 

The highest velocities measured by speckle tracking in 2007 occurred 

between 31 May and 24 June; the lowest velocities were measured in early 

autumn. We suggest that leakage from the supraglacial lake in May and June 

2007 kept water pressure high, leading to low effective pressure and enhanced 

basal sliding. In late June, the lake drained through one or more moulins, 

perhaps creating an efficient tunnel system, with a concomitant reduction in basal 

sliding and thus surface speed. This ice dynamics scenario is similar to that 

observed during the 1996 jökulhlaup from subglacial Lake Grímsvötn, although 

on a much smaller scale. Magnússon et al. (2007) showed that during the 1996 

Grímsvötn jökulhlaup, ice velocity increases up to three-fold were accompanied 

by local uplift, which those authors attribute to increased water pressure forcing 
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water into areas outside the channels, thus reducing the coupling of ice with the 

glacier bed. Slow lake leakage after the 1996 Grímsvötn jökulhlaup kept a tunnel 

open at low water pressure, draining water from the surrounding distributed 

drainage network (Magnússon et al., 2010). Truffer et al. (2005) note that the low 

ice velocities measured on Black Rapids Glacier in 2004, which are some of the 

lowest in 32 years of record, are likely the result of an efficient water drainage 

network established at times of high runoff. Rapid transfer of a significant volume 

of water from a supraglacial lake to the glacier bed should have a similar effect.  

4.7 Conclusions 

This study reports the impacts of three earthquake-triggered landslides on 

the behaviour of Black Rapids Glacier. Observations and numerical modelling 

suggests that Black Rapids Glacier responds to a landslide-induced shut down of 

ablation by reducing the local velocity gradient. Surveying above the landslide 

debris sheets indicates a small acceleration of the glacier immediately after the 

earthquake (2002-2004) and a widespread slowdown thereafter. InSAR and 

satellite radar speckle tracking (2003-2007) show a large increase in velocity in 

the area of the landslide debris sheets, especially at the downglacier end of the 

lowest debris sheet, where velocities nearly doubled. A full-Stokes, numerical 

ice-flow model produces similar results, suggesting that changes to mass 

balance, surface slope and a switch from compressional to extensional flow are 

responsible for the observed changes in surface velocity.  
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CHAPTER 5  
GENERAL CONCLUSIONS  

For the most part, glaciers worldwide have been undergoing substantial 

mass loss since the end of the Little Ice Age. In some cases, thinning has been 

accompanied by debuttressing-induced slope deformation. Especially in 

seismically-active areas such as the St. Elias Mountains or the Alaska Range, 

this slope deformation has often taken the form of catastrophic rock avalanches 

following large earthquakes. Although recent work has suggested that large rock 

avalanches on glaciers are more common than otherwise thought to be, relatively 

little work has been done on them. This may be due to logistical difficulties of 

reaching landslides before they are buried by snow or substantially modified by 

glacier flow, or it may be due to the dangers of working on angular debris on a 

glacier surface. Alternatively, the lack of research may be due to the sheer scale 

of the landforms and difficulty associated with characterizing them. Further, 

volume thresholds for long-runout rock avalanches preclude physical laboratory 

modelling as a means to investigate flow mechanics.  

The work presented in this thesis is a study of the interactions between 

rock avalanche debris and the glaciers onto which they are deposited. I have 

focused on the spatial patterns of debris of four landslides on two glaciers, and 

the response of one glacier to three landslide debris sheets. Field mapping on 

the debris sheets of two landslides was undertaken at Black Rapids Glacier, 
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Alaska, and Sherman Glacier, Alaska, during summers of 2007 and 2008, 

respectively. These measurements, which include fabric measurements of ~1200 

clasts, collection of samples for laboratory grain size analysis, and 

measurements of the temperature within the landslide debris, help characterize 

the landslide debris sedimentology. In the case of the Sherman Glacier landslide, 

the sedimentological data collected in 2008 is compared with similar data 

collected in 1965, soon after the landslide occurred, to illustrate the effects of 

several decades of glacier flow on supraglacial debris sheets. The field mapping 

is complemented by a GIS analysis of nearly 200,000 individual blocks on the 

three landslide debris sheets on Black Rapids Glacier. Spatial statistics show 

large-scale patterns not previously quantified for rock avalanches, including a 

description of the coarse distal rim often noted on rock avalanches. The 

descriptions of rock avalanche sedimentology and geomorphology presented in 

this thesis provide a valuable step for understanding the flow mechanics of large 

landslides. 

A Digital Elevation Model (DEM) of the 1995 surface of Black Rapids 

Glacier is constructed using ERS-1/2 repeat-pass interferometry. Phase 

unwrapping errors are corrected with a new, iterative and semi-automated 

approach that capitalizes on the multi-baseline nature of the data set. 

Comparison of the new InSAR DEM with older datasets and ground survey data 

shows the gradual return of Black Rapids Glacier to a pre-surge hypsometry 

following a surge in 1936/37. Maximum elevation changes along the glacier 

centerline in the ablation and accumulation areas between 1949 and 1995 are, 
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respectively, -249 m and +63 m (-5.4 m a-1 and +1.4 m a-1). Centerline thickening 

of +62 m between 1949 and 1995 (+1.4 m a-1), just above the Loket tributary in 

the upper part of the ablation zone, most likely indicates dynamic thickening 

following the 1936-1937 surge. It is likely that much of the thickening observed in 

the accumulation area is due to USGS map error rather than real mass balance 

changes. 

The surface velocities of Black Rapids Glacier prior to, and following the 

2002 Denali earthquake and landslides are quantified with InSAR and radar 

speckle tracking using ERS-1/2, RADARSAT-1 and ALOS Palsar data. Pre-

landslide glacier velocities are obtained with conventional InSAR, using the 1995 

InSAR DEM described in Chapter 3 to remove the topographic component of 

interferometric phase. Post-landslide glacier velocities near the landslide debris 

sheets were quantified with radar speckle tracking due to phase decorrelation. 

The measured velocities are compared with ground survey data and outputs from 

a full-Stokes finite element model. Five years after deposition of the landslide 

debris, the most significant change to the glacier regime is a reduction and 

reversal of the velocity gradient over the 7 km covered by landslide debris. This 

adjustment results in higher velocities at the downglacier end of the debris sheet, 

and lower velocities at the upglacier end, due to landslide debris-induced 

changes to glacier mass balance. 
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5.1 Future work 

As with any research project, this thesis does not answer all of the 

questions concerning rock avalanches on glaciers. Future work should focus on 

the following themes. 

• Field measurements of decadal changes to ablation under thick supraglacial 

debris. Does the addition of a few meters of landslide debris completely shut 

off ablation, or just dampen it severely? Does this effect continue over 

decadal timescales? Do changes to supraglacial grain size distribution with 

time affect ablation of underlying ice? 

• Comparisons of glacial and non-glacial rock avalanche debris sheets. Are 

supraglacial rock avalanches identifiable in the sedimentary record? Is it 

possible to distinguish the deposits of rock avalanches rafted on glaciers, 

from those deposited in non-glacial terrain? What are the paleoenvironmental 

implications of mistaking a glacial rock avalanche for a non-glacial one? 

• Field study or numerical modelling of englacial and/or subglacial plumbing 

following a rock avalanche. Does a rock avalanche on the glacier surface 

significantly affect the routing of meltwater? If so, does this have an effect on 

driving stress through the hydraulic potential?  

• Inquiry into the precursor conditions necessary for catastrophic rock 

avalanches. Regional tectonics, seismicity, geological structure, lithology, 

climate and relief act together to precondition slopes to fail. The links between 

deep-seated gravitational creep and catastrophic slope failure are however, 
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not well understood. How does a rock slope respond to stress redistribution 

once a rock avalanche occurs? Is the slope likely to continue failing, or to 

reach a new steady state? 

• Laboratory investigations into the effects of sudden shocks on till. Does rapid 

loading of a glacier, or strong shaking produced by an earthquake stimulate 

excess pore pressures in basal till, thereby increasing basal slip rates? 
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APPENDIX A:   
RADAR INTERFEROMETRY AND SPECKLE TRACKING 

This appendix presents details on satellite radar interferometry and 

speckle tracking to supplement what is covered in Chapters 3 and 4.  

Remote sensing satellites carry either passive or active sensors. Passive 

sensors record electromagnetic energy from the sun, either directly reflected or 

transformed and emitted by Earth in the thermal or microwave bands. Active 

sensors emit pulses of electromagnetic energy at specific frequencies, typically in 

the microwave (radar) or optical bands (Lidar), and record the backscatter. 

Because they are active and the atmosphere is largely transparent to 

microwaves, radar satellites can operate during the polar night and with heavy 

cloud cover (Short and Gray, 2004). This ability, together with the sensitivity of 

the backscatter to moisture and small-scale surface roughness make space-

borne radar an excellent tool for studies of glaciers.  

A real aperture radar (RAR) system is one in which the spatial resolution 

in azimuth (flight direction) is proportional to the physical length of the antenna 

and inversely proportional to the wavelength and range, the latter being the 

distance from the ground along the radar look direction. Although data 

processing is simple with RAR, its spatial resolution is poor, limiting its use to 

low-altitude missions and short wavelengths. The latter are more prone to 

atmospheric noise and decorrelation (see below), and the low altitude means that 

only narrow strips of data are obtained. Because image resolution is inversely 

proportional to antenna length, an unrealistically long antenna is required to 
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obtain the high image resolution and wide swaths desired by users. Synthetic 

aperture radar (SAR) overcomes the resolution issue by illuminating a target 

coherently over a range of incidence angles in azimuth and simulating a long 

antenna or focusing mirror in the computer later. This synthetic, or computer-

generated, aperture leads to a spatial resolution that is equal to half the antenna 

size and is independent of range. The fact that SARs record each echo 

coherently allows focusing both amplitude (gray level) and phase images. The 

latter carry information on the distance of the target from the satellite at the sub-

wavelength level. However, the information content in individual SAR phase 

images cannot be used directly, because there are unknown random phase 

offsets associated with every image pixel. 

Synthetic aperture radar interferometry (InSAR) determines the difference 

of two phase images acquired from two slightly different positions in space to 

detect changes on Earth’s surface (Massom and Lubin, 2006). If the surface of 

Earth remains more-or-less undisturbed from one image to the next, the random 

phase offsets cancel and the resulting interferogram shows minute differences in 

path length, ΔR, that are due to ground surface deformation and parallax from 

surface topography (Figure A 1).  
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Figure A 1 Interferometric imaging geometry for repeat-pass SAR. Satellite flight 
direction is perpendicular to the page. B┴ is perpendicular baseline; z is surface elevation 
above the Earth ellipsoid; Ø is the look angle from vector to the centre of Earth; θ is 
incidence angle between line-of-sight (LOS) and surface normal vector; and R is the 
distance from acquisition position to the ground along the LOS (slant range). Not to scale. 

Single- and repeat-pass SAR 

Spaceborne radar sensors emit coherent pulses of radiation with both 

amplitude and phase (Figure A 2). For InSAR, two or more SAR images of the 

same area are acquired with slightly different view angles. The different view 

angles can be accomplished by single-pass or repeat-pass campaigns. With the 

former, two radar images of the same region are acquired simultaneously by two 

antennae fixed on an aircraft or spacecraft and separated by a known 

perpendicular baseline, B┴. The Shuttle Radar Topography Mission (SRTM), 

which mapped Earth’s topography between 60ºN and 56ºS latitudes in 2000 

(Rabus et al., 2003), is the only example to date of a single-pass spaceborne 

campaign, although many single-pass airborne systems have been developed 

and operated.  
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Figure A 2 A. Schematic representation showing the relation between radar wavelength, 
amplitude, and phase differences between acquisitions (modified from Massom and Lubin, 
2006). B. Amplitude and C phase of a RADARSAT-1 acquisition over Vancouver (data 
courtesy MDA). 
 

Most glacier studies using InSAR have taken advantage of repeat-pass 

SAR. In this case, two or more images are acquired from slightly different 

positions in space (separated by B┴) and with a temporal baseline ranging from 

days to weeks. Repeat-pass SAR is achieved by either a single SAR that images 

once per revolution around Earth (e.g. RADARSAT-1) or by identical SARs on 

two satellites, operating in a tandem (constellation) mode (e.g. ERS-1/2) 

(Massom and Lubin, 2006).  
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Current radar satellite sensors 

Radar sensors aboard satellites are most commonly X-band, C-band, or 

L-band (Table A 1). Shorter wavelengths offer higher resolution but suffer from 

increased atmospheric disturbances and decorrelation with long repeat times. In 

this thesis, I used data from ERS-1/2, RADARSAT-1 (both C-band) and ALOS-

Palsar (L-band).  

The European Space Agency launched two European Remote-sensing 

Satellites (ERS-1 and ERS-2) in 1991 and 1995, respectively. For eight months 

from October 1995 until June 1996, the two satellites flew in tandem mode with a 

one-day repeat cycle with respect to each other, producing vast amounts of high-

quality data suitable for interferometry. ERS satellite data have been used in 

studies of glacier surge dynamics (e.g. Luckman et al., 2002; Murray et al., 

2003), subglacial water transport (e.g. Capps et al., 2010; Magnússon et al., 

2010), polar glacier dynamics (e.g. Rignot and MacAyeal, 1998; Lang et al., 

2004), earthquake displacement (e.g. Massonnet et al., 1993), and landslide 

monitoring (e.g. Singhroy et al., 2004). Each satellite has a repeat cycle of 35 

days.  

ERS-1 failed completely in 2000. The gyroscopes aboard ERS-2 failed in 

2001, and in 2003 the onboard data storage was crippled. The European Space 

Agency launched Envisat-ASAR in 2002 to replace the ERS satellites. 
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Table A 1  Attributes of selected SAR sensors  

Sensor Dates 
active 

Band 
(λ, 

cm) 

Repeat 
time 
(d) 

Approx. 
resolution 

(m)1 
Swath width 

(km) 

Incidence 
angle (º) 
at scene 
center  

Comments 

ERS-1 1991-
2000 

C 
(5.66) 3, 35 25 100 23.5 

ERS-2 1995-
20012 

C 
(5.66) 35 25 100 23.5 

During 
1995/96, 
ERS-1/2 

operated in 
tandem mode 

with 1-day 
repeat. 

Envisat 
ASAR 

2002-
present 

C 
(5.66) 35 30 60-110 30  

RADARSAT-
1 

1995-
present 

C 
(5.66) 24 

8 Fine   
 30 Standard 

30 Wide 

45 Fine           
100 Standard 

150 Wide 

42 Fine 
35 Standard 

32 Wide 
 

RADARSAT-
2 

2007-
present 

C 
(5.66) 24 

1 Spotlight 
3 Ultrafine 

8 Fine 
25 Standard 

25 Wide 

10 Spotlight    
20 Ultrafine 

 50 Fine 
100 Standard 

150 Wide 

35 Spotlight 
40 Ultrafine 

40 Fine 
35 Standard 

35 Wide 

A RADARSAT 
constellation 

mission is 
planned; 

RSAT-2 is 
fully 

polarimetric3 

JERS 1992-
1998 

L 
(23.6) 44 18 75 35  

ALOS Palsar 2006-
present 

L 
(23.6) 46 7-44 Fine 40-70 Fine 34 Fine  Fully 

polarimetric 

COSMO-
SkyMed 

2007-
present X (3.1) 

16         
(1 sat.) 

0.5        
(4 sat.) 

1 Spotlight     
3-15 Stripmap 

10 Spotlight    
30-40 Stripmap 34 

COSMO-
SkyMed is a 

4-satellite 
constellation 

equipped with 
polarimetric 

SAR 

TerraSAR-
X4 

2007-
present X (3.1) Variable, 

3-11 d 
1 Spotlight 
3 StripMap 

10 Spotlight  30 
Stripmap 

37 Spotlight 
32 StripMap 

Antennae can 
be aligned to 
change point 
of view; fully 
polarimetric 

1Many sensors also have ‘ScanSAR’ or similar modes with lower resolution and wider swaths, but these are not typically 
used for InSAR at present. 
2Although still acquiring data, ERS-2 was crippled in February 2001 when its gyroscope failed. In June 2003, the tape 
drive failed, rendering data storage impossible and leaving the instruments operating only within visibility of a ground 
station. 
3Polarization refers to the alignment of the electromagnetic wave pulse, as emitted from a source such as a radar. When 
an EM wave is emitted, it propagates in a plane perpendicular to the direction of travel. The two fields (electric and 
magnetic field components) are orthogonal to one another. This capability allows measurement of different properties on 
the ground. 
4In 2010, TanDEM-X was launched. This clone of TerraSAR-X will fly several hundred metres behind its sister, creating 
extremely accurate DEMs of the Earth. 

 



 

 137

The Canadian Space Agency launched RADARSAT-1 in 1995 and 

RADARSAT-2 in 2007. RADARSAT-1 has a repeat-time of 24 days, making it 

less ideal for studies of temperate glaciers than the one-day tandem mode of the 

ERS satellites. Nevertheless, RADARSAT-1 data have been used for studies of 

ice discharge and subglacial water transport in Antarctica (e.g. Joughin et al., 

1999; Rignot et al., 2004; Gray et al., 2005) and the Arctic (e.g. Short and Gray, 

2005), landslide monitoring (e.g. Singhroy and Molch, 2004; Singhroy et al., 

2005) and earthquake displacement (e.g. Biggs et al., 2009). A RADARSAT 

constellation with three satellites and shorter repeat-times (four days) is currently 

in the planning stages. 

In 2006, the Japanese Space Agency launched ALOS-Palsar, an L-band 

SAR. With its longer wavelength (23.6 cm), ALOS-Palsar’s L-band complements 

other SAR wavelengths for studies of land subsidence (e.g. Strozzi et al., 2003), 

glacier motion (e.g. Michel and Rignot, 1999), landslides (e.g. Strozzi et al., 

2005) and active rock glaciers (e.g. Strozzi et al., 2004). The radar wavelength 

strongly determines the degree to which surface change affects interferometric 

correlation (see “Constraints to usage” below). An L-band SAR is less 

susceptible to decorrelation than a C-band SAR, in theory allowing for a longer 

temporal baseline for L-band data. The longer revisit time of ALOS-Palsar means 

that more displacement occurs between acquisitions, although the same amount 

of displacement produces a smaller phase change than with C-band radar. 
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Constraints to usage 

Regardless of the approach used, the success of InSAR depends critically 

on the ground retaining coherence between SAR acquisitions. If the sub-

resolution properties of scatterers change between acquisitions, pixels become 

temporally decorrelated (Figure A 3) and InSAR is not possible. On glaciers 

decorrelation can be due, among other things, to significant melt or a heavy 

snowfall. Likewise strong motion gradients, due for example to fast glacier flow or 

rapid mass movement, can lead to phase aliasing (more than one fringe per 

pixel), which again can render the data spatially decorrelated. It is for these 

reasons that the majority of InSAR studies of temperate glaciers have used data 

from the ERS tandem mission, with its short temporal baseline that minimizes 

both phase decorrelation and aliasing.   

 
Figure A 3 Examples of coherence maps of Black Rapids Glacier derived from (A) a one-
day repeat ERS-1/2 tandem interferometric pair and (B) and a 24-day repeat RADARSAT-1 
pair. White arrow in B shows the location of the debris sheet of the BRG-middle landslide. 
Note that areas covered by ice in B are incoherent, but the debris sheet surfaces retain 
coherence over 24 days.  
 

In addition to temporal decorrelation and aliasing in areas undergoing 

rapid change, SAR systems suffer from information loss in areas of high relief 
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with steep slopes (Figure A 4). Loss of information is due to the geometric effects 

of foreshortening, layover, and shadow. These effects depend primarily on the 

relation between the radar incidence angle and the configuration of the terrain 

(Massom and Lubin, 2006). Foreshortening is manifested as a spatial distortion 

that occurs where terrain slopes facing the SAR have a compressed scale 

relative to their actual area. This effect makes sensor-facing slopes appear as if 

they are tilting or falling towards the sensor.  

 
Figure A 4 Schematic diagram showing radar foreshortening, layover, and shadow. In 
panel A, path length SA=SB, meaning no foreshortening occurs. Because path SC is 
shorter than SD, slope CD will be foreshortened, appearing to tilt towards the sensor at the 
left. In panel B, the radar beam reaches the top of the hill before the bottom (SA<SB), and 
layover occurs on the sensor side of the hill. In panel C, the lee of the hill is steeper than 
90 minus the incident angle, causing shadowing. 
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Foreslopes that are steeper than the radar look angle will “layover”, an 

extreme form of foreshortening, in which the top of the slope facing the sensor is 

imaged over the lower slope, causing a loss of information. The effect is most 

severe with small incidence angles (e.g. ERS-1/2), and at the near-range (closest 

to sensor) of a swath. Steep slopes facing away from the sensor will be in 

shadow if the slope is steeper than 90 minus the incidence angle.  

Shadow occurs when the radar beam is not able to illuminate the ground 

surface, and is a more severe problem with sensors with large incidence angles 

(e.g. RADARSAT, Palsar) and at the far side of a swath. For a steep-looking 

sensor, such as ERS, a scene in high mountains will suffer from layover, but little 

shadow. The presence of layover or shadow severely hinders phase unwrapping 

efforts (see “Phase unwrapping” section). 

Interferometric phase components 

The radiation transmitted from a radar has to reach scatterers on the 

ground and then come back to the sensor to form the image (two-way travel). 

Due to the coherent nature of the transmitted radar signal, this delay is 

equivalent to a phase change between transmitted and received signals. The 

phase (φ) change is proportional to the two-way travel distance, 2R, divided by 

the wavelength (Figure A 1) (Rabus et al., 2003): 

λ
π

λ
πφ RR 422

== .    Equation A 1 

However, due to the sinusoidal form of the signal, travel distances that 

differ by an integer multiple of the wavelength introduce exactly the same phase 
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change. As a result, the phase must be unwrapped to give a measure of absolute 

motion (see “Phase unwrapping” section). 

Interferometric phase is the difference between two SAR acquisitions of 

the same location on Earth. It contains independent contributions from orbit 

geometry (φo), surface topography (φt), surface motion (φm), atmospheric changes 

(φa), and sensor noise (φn) (Rabus and Fatland, 2000): 

namto φφφφφφ ++++= .    Equation A 2 

 

Generally, the goal of differential InSAR is to isolate φm by removing all 

other contributions. The terms φa and φn are minimized by the selection of 

suitable interferometric image pairs. After correction for flat-Earth geometry (φo), 

Equation A 2 reduces to a function of the topographic and motion phase 

components. Motion and topography cannot be unambiguously separated 

without a priori data or knowledge. To retrieve the motion component, the 

topographic component must be neglected or removed, and vice-versa. Several 

methods exist for separating the two components (Massom and Lubin, 2006):  

1. Single interferometric pair and near-zero baseline. If multiple data 

acquisitions are made from the same position (B┴≈0), the phase is not 

sensitive to topography and so the interferogram, after corrections or 

assumptions about the other parameters, contains only motion. This scenario 

is relatively rare. 

2. Single interferometric pair and non-zero baseline. In this case the 

interferometric phase contains both topography and motion. The topographic 



 

 142

component can be removed by using an existing DEM, after first converting 

the topography from length to phase, and from geographic coordinates to 

SAR coordinates. The synthetic φt is subtracted from the total phase in the 

interferometric pair, leaving only φm. The quality of the DEM has a substantial 

bearing on the accuracy of the InSAR product, because elevation errors in the 

DEM will translate to apparent motion in the final interferogram (see “Height 

ambiguity” below). This technique is commonly used. 

3. Two image pairs and no motion in one of them (e.g. spanning an 

earthquake). If an external DEM is unavailable, three or four SAR images 

from separate passes can be used to remove the topographic component. 

Topography is removed by differencing two interferograms, one of which 

contains only the topography; the resultant differential interferogram therefore 

contains only motion. Because the same set of motion fringes will be present 

in both interferograms, this approach assumes motion is constant between all 

acquisitions. Such a scenario is rare. 

4. Two image pairs and constant motion. In this case, the differential 

interferogram contains only topography and can be used to remove the 

topographic signal from the individual interferograms. 

Height ambiguity 

The sensitivity of an interferometric pair to topography is known as the 

height ambiguity, ha, which is defined as the topographic height required to 

introduce one fringe, or an interferometric phase change of 2π. If the topographic 
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phase, φt has already been removed from the total phase, ha is equal to the error 

in the DEM. The height ambiguity is inversely proportional to the perpendicular 

baseline, B┴ (Rabus and Fatland, 2000): 

⊥

=
B
sinRha 2

θλ
.    Equation A 3 

For example, for a pair of ERS-1/2 scenes (λ =5.66 cm, θ=23.5º, R=850 

km) ha≈100 m for B┴=100 m, whereas ha≈500 m for B┴=20 m, A smaller height 

ambiguity increases the sensitivity of the phase to topography, thus improving 

the signal with respect to phase noise (SNR). However, ensuing high fringe 

gradients make phase unwrapping more challenging because phase noise is 

exacerbated by aliasing (see next section). 

Phase unwrapping 

InSAR measurements provide a phase which is inherently ambiguous 

because the wavelength is only 2π, and the signal wraps thereafter (Figure A 5). 

For example, if a single rotation of phase represents a 100-m change in height in 

a particular image, it is impossible to differentiate between heights of, for 

example, 110 m and 210 m, because both will have the same phase value. 

Consequently, it is necessary to add the correct integer number of phase cycles 

to each interferometric phase measurement. The process of solving for this π2  

ambiguity is called phase unwrapping and continues to be one of the most 

problematic areas of InSAR processing. 
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Figure A 5 Example of phase unwrapping at Mt. Etna (courtesy Bernhard Rabus, 
unpublished data). Panel A shows relative phase, with elevation contours represented by 
phase fringes. B. shows the wrapped phase converted to elevation. Note the elevation 
drop with each fringe (in A), so that the total elevation range in B is the equivalent of one 
fringe. C. shows the unwrapped (absolute) phase, with the elevation range shown 
correctly.  
 

Most applications require absolute phase, and therefore absolute surface 

motion, which is proportional to range. In order to obtain absolute surface motion 

measurements, the phase must be unwrapped from an initial seed point of 

known velocity. Many phase-unwrapping algorithms have been developed, but 

they are generally only able to unwrap the isolated coherent fringe5 zones 

separately, each from a specified and unique seed point. If no point of known 

velocity is available within such an area, unwrapping is not possible and only 

relative motion is known. Similarly, if there are strong spatial motion gradients, 

phase wrapping can cause fringe aliasing (more than one fringe per pixel), 

compromising spatial coherence and leading to errors in the recovered absolute 

                                            
5 Interferometric fringes can be interpreted as elevation contour lines in topography-only 

interferograms or velocity contours in velocity-only interferograms. 
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phase. In cases where phase unwrapping is hindered by fringe aliasing or by a 

lack of seed points, radar speckle tracking (“intensity tracking”) provides an 

alternative, although less accurate, approach. 

In ideal cases, where the phase between adjacent pixels lies between π+  

and π− , phase unwrapping is a straightforward integration of phase gradients 

over the dataset, starting from a reference location of known velocity (Massom 

and Lubin, 2006). Phase gradients > π±  typically occur due to phase noise or 

aliasing, resulting from an insufficient sampling rate. Further problems exist in 

shadow regions where no phase exists and in layover areas in which phase from 

two areas on the ground is superimposed leading to either incoherence or 

ambiguity. Phase noise can be reduced by spatial filtering techniques (e.g. 

Goldstein and Werner, 1998). 

Algorithms for phase unwrapping are of two main types: local path-

following methods and global minimum-norm methods (Massom and Lubin, 

2006). Path-following methods integrate wrapped-phase differences over a path 

that covers the entire phase dataset. These methods locate phase discontinuities 

of > π±  and connect them with ‘branch cuts’ (Goldstein et al., 1988). The phase 

discontinuities act as positive and negative charges and the branch cuts act as 

discharge passes. The fully discharged network can then be integrated. 

Costantini’s (1996; 1998) Minimum Cost Flow (MCF) network algorithm is an 

efficient way to find optimum branch cuts, by changing the phase in the least 

invasive way to allow integration. Branch cuts are routed through areas that carry 



 

 146

no or little information due to low coherence, thus minimizing the total cost of 

integration.  

Minimum norm techniques are based on a global approach and are more 

computationally expensive than path-following techniques. An example is the 

least-squares method, which iteratively estimates and improves a best-fit of an 

unwrapped phase model to a subsample of the image. 

InSAR processing chain 

Interferometric processing of complex (both phase and amplitude) SAR 

data combines two single look complex (SLC) images into an interferogram. 

Selection of suitable image pairs is non-trivial, involving a number of criteria 

including the availability of suitable SAR data, dates of the slave relative to the 

master scene, the season of acquisition, and satellite orbits. RADARSAT data, 

for example, are acquired only when the satellite is specifically tasked; historic 

data for a particular event therefore may not be available. For motion studies, a 

short temporal baseline is desirable, although with current sensors the choice is 

limited. The seasonality of the data is also an important consideration, because, 

for example, coherence can easily be lost on a glacier surface during the melt 

season. The date of acquisition is also important for surfaces that are vegetated 

or subject to moisture content changes. Lastly, the perpendicular baseline 

between acquisition locations, B┴ must be less than the critical baseline, Bcr 

(Zebker et al., 1994; Richards, 2009); otherwise coherence goes to zero:   
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θ
λ
cosr
RB

g
cr 2
= ,    Equation A 4 

where rg is the ground range (across-track) resolution. For 25-m C-band ERS, 

orbiting at an altitude of ~785 km (R = 855 km), Bcr ≈ 1.1 km. For 7 m L-band 

Palsar at an orbit altitude of 690 km (R ≈ 833 km) and with an incidence angle of 

34.1º, Bcr ≈ 17 km. Thus, SARs with longer wavelengths have longer critical 

baselines and therefore provide more usable interferometric pairs. For motion 

studies, however, B┴ should be minimized. 

After the selection of suitable data, the first step in the InSAR processing 

chain (Figure A 6) is to generate resampled multi-look images (RMLI) from raw 

data. The GAMMA Interferometric SAR Processor (ISP) and proprietary software 

developed at Macdonald Dettwiler and Associates (MDA) was used to process all 

SAR data.  

 
Figure A 6 The first step in the InSAR processing chain involves resampling and multi-
looking (spatial averaging) of raw data. Rectangles represent products, and ovals 
represent processes. Thick grey line shows general direction of steps. 
 

Raw data are focused into Single-Look Complex (SLCs) images and 

resampled to a common master scene as Resampled Single Look Complex 
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(RSLC) images. SAR focusing involves removal and compensation of path length 

differences between acquisitions from the antenna to the target on the ground. 

Generally, resampling involves two steps: (i) changing each pixel location in the 

slave image with respect to the master; and (ii) recalculating the phase and 

amplitude information by interpolation of each pixel in the slave image (Massom 

and Lubin, 2006). Resampling ensures that the master and slave scenes share 

the same number of rows and columns and are co-registered. The RSLCs retain 

their native 1x1 pixel resolution in radar (slant range) coordinates.   

The amplitude from each RSLC is then converted to a Resampled Multi 

Look Image (RMLI), and a spectral coherence map is generated by complex 

cross-correlation between the master and co-registered slave(s). Because some 

SAR pixels are longer in range (across-track) than azimuth (along-track), the 

RMLIs are averaged (multi-looked) to reduce spatially random noise by 

averaging adjacent pixels, such that the output pixels are square. For example, a 

RADARSAT-1 fine-mode SLC with 8x5 m pixels will be multi-looked at 2x3 or 

8x12, resulting in a resolution cell (ground pixels) of about 15x15 m or 60x60 m, 

whereas an ERS SLC (25x5 m) will be multi-looked at 1x5, resulting in an RMLI 

with 25x25 m pixels. Multilooking thus trades geometric resolution for a reduction 

of speckle noise.  

The second step in the InSAR processing chain (Figure A 7), which can 

be completed simultaneously with step 1, is to project an external digital 

elevation model (DEM) from ground coordinates to radar coordinates. The 

purpose of this step is twofold: (1) the synthetic phase from the re-projected DEM 
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is subtracted from the interferometric phase, removing the topographic 

component and generating a differential interferogram; and (2) the pixel-to-pixel 

transformation allows refinement of image co-registration. In cases where data 

from different look directions (e.g. ascending and descending orbits) are used, 

the DEM must be separately projected for each data stack.  

 
Figure A 7 The second step in the InSAR processing chain involves projecting a DEM 
into the SAR coordinate system. 
 

A coarse initial lookup table (LUT), which defines each pixel’s projection 

from geographic/UTM coordinates to radar (slant range) geometry (or vice-

versa), is generated from a simulated intensity image of the DEM. The slant 

range intensity image (simulated from DEM) and average RMLI are then co-
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registered, and the initial LUT is refined using a second-order offset polynomial. 

This refined LUT is then used to project the DEM to SAR coordinates. 

The third step is to generate a geocoded LOS motion map (Figure A 8). 

One or more interferograms are generated by cross-multiplying, pixel by pixel, 

the master SAR image with the complex conjugate of the slave. In other words, 

the interferogram amplitude is the product of the scene amplitudes, whereas the 

interferogram phase is the difference of the scene phases (Massom and Lubin, 

2006). Interferograms are produced first at low resolution.  

The resultant wrapped (low-resolution) interferogram contains 

contributions from orbit geometry, surface topography, surface motion, 

atmospheric changes, and sensor noise (Equation A 2). The interferogram is first 

flattened to remove phase related to Earth’s ellipsoid; then topography is 

removed by subtracting the simulated topographic phase from the slant range 

DEM (step 2, Figure A 8).  

After the interferogram is flattened and topography has been removed, the 

interferograms are filtered to remove phase noise and atmospheric effects. A 

variety of filters are available; I used an adaptive spectral filter (ADF, Goldstein 

and Werner, 1998). The ADF filter smoothes the intensity with a two-dimensional, 

fast-Fourier transform, in which spatial resolution adapts to local phase 

variations. Large-scale atmospheric effects are filtered manually. In non-

glacierized areas, the phase residual should, at this point, be zero. Any large-

scale ramps therefore, are related to atmosphere. To remove this contribution, 

the analyst masks scene elements that contain motion (e.g. ice masses) and 
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creates a smoothed and interpolated atmospheric screen. This screen is then 

subtracted from the unmasked interferogram (Figure A 9). The procedure is 

repeated with increasing smoothing lengths until no colour ramps appear. 

 
Figure A 8 The third step in the InSAR processing chain involves producing a geocoded 
LOS motion map by interferometry. 
 



 

 152

 

Figure A 9 Inputs and results from atmospheric phase removal. (A) shows wrapped 
phase-only interferogram of Black Rapids Glacier from Oct 8-9 1995; (B) shows ice mask; 
(C) shows atmospheric screen; and (D) shows wrapped phase interferogram from Oct 8-9 
1995, with atmosphere removed. Note steep phase gradient in A between bottom of Delta 
River valley (pink colour) and up sides of eastern side of valley (cyan). This atmospheric 
ramp is contained in the screen (C) and removed in (D). 
 

The motion-only (low-resolution) interferograms (Figure A 10) can then be 

unwrapped. I use Costantini’s (1996; 1998) robust minimum-cost flow algorithm 

to unwrap the phase using the coherence as costs. Phase unwrapping on the 

low-resolution motion-only interferograms allows baseline (orbit parameters) 

improvement. High-resolution interferograms are then produced using these 
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improved baselines; they are then filtered and unwrapped again. The unwrapped 

motion-only (high-resolution) interferogram is then converted to LOS 

displacement and geocoded to geographic coordinates using the lookup table 

produced in step 2.  

 
Figure A 10 Example ADF-filtered, wrapped slant-range interferograms of Black Rapids 
Glacier for descending (A) and ascending (B) look directions. Data are from Oct 12/13 (A) 
and Oct 11/12, 1995 (B). Note the edge of the scene in B cuts off the glacier at the bend at 
approximately km 11. Interferograms show both phase and amplitude. 
 

The final step involves projecting the geocoded LOS velocity maps to 

surface-parallel and surface-perpendicular velocities (Figure A 11). Joughin et al. 

(1998) propose a method of estimating all three components of the ice-flow 

velocity field by combining two interferograms produced from ascending and 

descending passes, and separated by a small temporal baseline, with the 

additional assumption that ice motion is parallel to the ice surface. In the case of 

valley glaciers, where the ice flow direction can be determined from flow features 

and valley walls, the surface-parallel flow assumption can be relaxed by 
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assuming that the surface-parallel velocity component perpendicular to the flow 

feature direction is zero (Rabus and Lang, 2000). With this assumption, the 

analyst can solve for both surface-parallel velocity in the flow direction and 

surface-perpendicular velocity (Lang et al., 2004). 

 
Figure A 11 Step 4 in chain involves combination of two velocity maps, from different look-
directions, with a field of flow direction vectors, to produce maps of surface-parallel and 
perpendicular velocity. 
 

In this study, I digitized more than 520 flow direction angles on Black 

Rapid Glacier from a geocoded Landsat image (Figure A 12). These directions 

are long-term averages of flow; the actual flow direction could be different due to 

non-steady state effects or due to misinterpretation of features, although 

probably not by much. Velocity vectors obtained by surveying on Black Rapids 

Glacier between 1973 and 2005 (Heinrichs et al., 1996; Truffer, 2005) were used 

to check the accuracy of the digitized flow arrows. The digitized flow arrows were 
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then interpolated onto a regular grid with a Delauney triangulation to produce 

glacier surface-parallel flow direction vectors IIηv . For alpine glaciers, these 

vectors can be more accurate than those derived from the steepest descent 

extracted from a DEM, because of the complicating effects of medial moraines 

and glaciokarst, the resolution of the DEM, and the relatively low gradient of 

many valley glaciers (Reeh et al., 2003). 

 
Figure A 12 Digitized flow direction vectors (black arrows) on Black Rapids Glacier, 
overlain on a 2000 Landsat image. Glacier outline shown in red. 
 

To georeference the flow vectors, I used a coordinate system with axes 

parallel, perpendicular, and transverse to the glacier flow direction instead of the 

Cartesian coordinate system (X, Y, Z) used by Joughin et al. (1998): 

ttIIII vvvv ηηη vvvr
++= ⊥⊥    Equation A 5 

where II, ┴,  and t are, respectively, the surface-parallel, surface-perpendicular, 

and transverse components of velocity, v. The direction vectors, ηv , use the 

same notation. If we assume that the transverse velocity, vt, is zero, the LOS 

velocities for the ascending and descending passes are:  
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( ) ( ) ( )( ) ( )( )A
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LOSIIII
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D vvvv ηηηηη vvvvvr
⋅+⋅=⋅= ⊥⊥   Equation A 7 

 
where (A) and (D) refer to the ascending and descending orbits, respectively. By 

substituting equations A 6 and A 7 into A 5 and splitting into parallel and 

perpendicular velocity (e.g. emergence, submergence) components, we arrive at: 
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If data are available for only one look-direction, only one velocity component can 

be computed, with the assumption that the other is negligible (e.g. Capps et al., 

2010).  

Radar speckle tracking  

Because InSAR utilizes the interferometric phase, its application is limited 

where large displacements in the slant range (LOS) direction result in phase 

aliasing causing decorrelation. Instead, several authors (Werner et al., 2001; 

Murray et al., 2002; Strozzi et al., 2002; Joughin et al., 2004; Luckman et al., 

2007) have measured geophysical displacement via coherent or incoherent 

cross-correlation of SAR image speckle.  

In cases where temporal or spatial coherence is lost, the speckle-tracking 

technique is very similar to feature-tracking algorithms used with optical satellite 

data. However, if some coherence is maintained, there is an important difference: 
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the image speckle, a characteristic of the signal recorded by a coherent imaging 

system, which gives SAR images their distinctive ‘salt and pepper’ appearance, 

can be correlated over time. Although less accurate than conventional InSAR, 

radar speckle tracking can yield complementary information, especially in areas 

where InSAR breaks down due to strong motion gradients or long SAR repeat 

times (Figure A 13). No unwrapping is necessary and the technique returns 

offsets in both range and azimuth. Two alternatives are available: coherence 

tracking and intensity tracking. 

 
Figure A 13 (A) SAR multitemporal change detection, (B) speckle (intensity) tracking 
radargram., and (C) LOS interferogram of 2002 Denali Fault earthquake based on images 
taken on 24 October 2002 and 4 January 2003 (modified from Elliott et al., 2007, with 
unpublished data from Bernhard Rabus). Red colour in A represent large-scale changes, 
especially rock avalanches on glaciers. Coloured circles in B represent GPS displacement 
data using same colour scale. 
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With coherence tracking (aka fringe visibility algorithm, Werner et al., 

2001), small data patches or kernels are selected and a series of small 

interferograms with changing offsets are constructed and coherence estimated. 

The location of the coherence maximum yields the offset. Reliable offset 

estimates depend on a sufficiently high coherence level (Strozzi et al., 2002); 

areas with low coherence such as a melting glacier surface, for example, do not 

produce reliable offsets with this technique. 

A complementary method is intensity tracking, in which offset fields are 

generated with a normalized cross-correlation of image patches within SAR 

intensity images (Strozzi et al., 2002). The location of the peak of a two-

dimensional cross-correlation function yields the image offset in range and 

azimuth (Werner et al., 2001). The success of the method depends on the 

presence of nearly identical speckle features in the two SAR images at the scale 

of the chosen patches. If coherence is maintained, the image speckle of the two 

images is correlated.  

Unlike traditional feature-tracking techniques, no recognizable image 

features, such as crevasses are required for correlation. Speckle is spatially 

random from one pixel to the next, but should be temporally constant, that is the 

spatial pattern should repeat in subsequent images of the same scene if the 

relative positions of sub-pixel scatterers do not change (Figure A 14).  

In order to improve accuracy, pixels can be oversampled up to four times. 

Murray et al. (2002) estimate range- and azimuth-offset estimation errors of 0.05 

pixels. For a pixel size of 8 m (RADARSAT-1 Fine Mode), an error of 0.05 pixels 
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corresponds to an accuracy of 40 cm, which is considerably less accurate than 

for an interferogram, which measures range displacement relative to a fraction of 

the radar wavelength (up to 1 mm accuracy).  

 

 
Figure A 14 Schematic of speckle tracking, between (A) T=0 and (B) T=1, and (C) through 
time. Grayscale tones within pixels represent spatially random scattering from sub-pixel 
elements. The block of pixels outlined in red moves two pixels to the east between A and 
B, while the block outlined in blue moves only one pixel eastward. The single block 
outlined in green loses coherence between A and B, due to chaotic rearrangement of sub-
pixel scatterers. Panel C modified from Reigber et al. (2008). 
 

Intensity tracking processing chain 

Radar intensity tracking involves computation of a normalized intensity 

cross-correlation between two single-look complex images (Figure A 15). The 

inputs for the technique are co-registered Resampled Single Look Complex 

images and a lookup table, generated in steps 1 and 2 of the InSAR chain.  

Once the files are generated, intensity tracking involves automatically 

dividing the image into small data chips. The chip size is determined by the user 

and should correspond to some length scale appropriate to the features of 
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interest. These chips are used to determine the local range and azimuth offset 

fields within a user-set search window size. In my study, chips were 64x64 and 

56x100 pixels in slant range for RADARSAT-1 and Palsar data, respectively. 

Palsar chip dimensions were chosen to mimic the RADARSAT chips. On the 

ground, both chips are 420x315 m. 

 
Figure A 15 Speckle tracking processing chain. Oversampling is optional. 
 

An intensity cross-correlation function is calculated for each such offset 

estimate. Oversampling of the correlation function between the images is an 

optional step to boost accuracy (Figure A 15). I oversampled by 4x, which is the 

maximum recommended; higher oversampling is computationally expensive and 

provides little additional improvement (Wegmuller and Werner, 2006). The 

location of the correlation maximum is determined using a two-dimensional 

quadratic least squares fit. Once offsets are computed, the results are geocoded 

to ground coordinates. 
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APPENDIX B:   
GLACIER FLOW MODELLING 

This appendix provides details of glacier flow modelling to supplement 

what is presented in Chapter 4. The governing equations and constitutive 

relations describing ice flow are presented, and the two modelling approaches 

used in the thesis are summarized. The equations in this section come primarily 

from Paterson (1994), Greve and Blatter (2009), and van der Veen (1999). The 

appendix concludes with a set of sensitivity tests. 

Several approaches have been used to model and understand glacier 

flow. A range of simplifications have been proposed to reduce the complexity and 

computational expense of solving the Stokes equations for glacier and ice sheet 

motion. I describe two end members of the simplification spectrum – the simple 

shallow ice approximation and a more complex model, which provides a solution 

of the full Stokes equations using the finite element method.  

Due to complicating effects of decadal flow oscillations, its surge-type 

nature and the significant influence of the Loket tributary, the model runs 

presented in this thesis are not intended to be an exact representation of the 

quantitative flow dynamics of Black Rapids Glacier. Rather we explore the 

response of an idealized glacier of comparable dimensions (40-km long, 500-m 

thick) to a landslide comparable in size to that affecting Black Rapids, that is 

covering a total of 7-km of the ablation area.  
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Model domain 

A longitudinal glacier-bed profile of Black Rapids Glacier was obtained by 

radio echo sounding (Gades, 1998) and Ground Penetrating Radar (Heinrichs et 

al., 1995). The echo-sounding profiles were evenly spaced about every 2 km 

between about km 6.5 and km 20 and interpolated by Gades (1998) to produce a 

contour map; the transverse GPR profiles are unevenly spaced between km 14 

and the glacier terminus, with a maximum of about 4.9 km between profiles. The 

glacier surface comes from an InSAR-derived DEM (see Chapter 3).  

Using the velocity vector solution derived from the 2D finite element 

model, 1D curves of both surface-parallel and surface-perpendicular 

(emergence) velocities are read out along the glacier surface. To model the 

temporal evolution of surface-parallel and surface-perpendicular velocities (for 

the full-Stokes model), we impose a local surface mass balance curve and run 

the model in prognostic mode, updating the surface elevation at each step by 

adding the difference between emergence velocity and local surface mass 

balance. The model is run forward for seven years and the glacier surface 

updated each year to produce a surface representative for 2002 when the 

landslides occurred. This surface is used for the experiments described below. 

Full-Stokes model solved using Finite Element Method6 

Hindmarsh (2004) compared the approximations to the Stokes equations 

used in ice sheet and glacier modelling. He argued that in order to study small 

                                            
6 The full-Stokes code used in this thesis was written by Dr. Bernhard Rabus and has been used 

with his permission. It is written using COMSOL Multiphysics within a MATLAB environment. 
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perturbations to the ice surface, numerical models must solve the full set of 

Stokes equations and include all stress tensor components. With increasing 

computational power, higher-order numerical models, including full-Stokes 

models, are becoming more common in glaciology (e.g. Raymond and 

Gudmundsson, 2005; Jarosch, 2008; Pattyn et al., 2008). 

Consider a Cartesian coordinate system (x, y, z) with the z-axis pointing 

vertically upwards. The Navier-Stokes equation is a partial differential equation, 

which determines the velocity, v
v

, of an incompressible fluid with a potentially 

non-linear viscosity, η : 

( )( ) gpvvvv
t
v ρηρ Τ =∇+∇+∇⋅∇−⎟

⎠
⎞

⎜
⎝
⎛ ∇⋅+
∂
∂ vv
v

   B 1 

 
where ρ is density, p is pressure, and g is gravity. For highly viscous fluids such 

as ice, we can neglect the first term in equation B 1, which then simplifies to the 

Stokes equation: 

( )( ) gpvv ρη Τ =∇+∇+∇⋅∇−
vv

.    B 2 

 
The viscosity of ice is stress-dependent (Glen, 1955) and is described by 

a constitutive relation relating strain rate tensor, ε& , to the deviatoric stress 

tensor, σ ′ : 

σε ′= −1n
eAτ&       B 3 

 

where the flow-law exponent, n, describes the rheology of ice, A is a 

temperature-dependent constant, and τe is the effective stress. The constitutive 
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relation can be written as a function of the effective viscosity (Pattyn et al., 2008; 

Cuffey and Paterson, 2010): 

( )
n

n
nA

−−
=

11

2
1 εη & .     B 4  

The flow-law parameter A depends on the physical properties of ice, 

specifically temperature, impurity and water content, and density, and ranges 

from about 2.4 x 10-24 Pa-3 s-1 at 0ºC to 2.6 x 10-27 Pa-3 s-1 at -50ºC (Cuffey and 

Paterson, 2010). For temperate glaciers such as Black Rapids Glacier, 

temperature and the equation of heat transfer can be ignored in an analysis of 

flow because the influence of temperature-dependent viscosity on the flow field 

of the glacier is negligible. 

For n =1, the relationship between stress and strain rate (equation B 3) is 

linear and ice would be a viscous Newtonian fluid. If ∞→n , ice would be 

perfectly plastic and would show little deformation when subjected to stresses 

below the yield stress. It is common in glaciology to use the mean value of n =3 

derived from laboratory and field deformation measurements (e.g. Paterson, 

1994), which corresponds to a non-linear viscous fluid (Figure B 1).  

The change in mass of a cube with sides of length ,x∂  ,y∂  ,z∂  can be 

written as: 

zyx
v
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∂

=⋅∇
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      B 5 

where υ , ν , and ω  denote the velocity components along the cube’s three axes. 
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Figure B 1 Relation between stress and strain rate for three different values of n: perfect 
plasticity (n=∞), a power law with n=3, and a Newtonian viscous fluid (n=1). The yield 
stress is the intersection of the n=∞ curve with the x-axis. Modified from Paterson (1994).  
 

Because glacier ice is incompressible, conservation of mass is written as: 

0=⋅∇ v
v

.       B 6 

Because glaciers move so slowly, acceleration can be neglected and Newton’s 

Second Law produces a balance between the forces applied to the surface of the 

body (traction forces, e.g. shear) and the forces that act on all its parts (body 

forces, e.g. gravity) (van der Veen, 1999). These stress equilibrium equations, 

also known as the conservation of momentum, can be written as follows: 
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where xσ , yσ , zσ  are the normal stress components, and xyτ , yzτ , xzτ  are the 

shear stress components. 
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The Stokes equation is solved for a given geometry and boundary 

conditions by using the finite element method in COMSOL Multiphysics. The 

boundary condition on the upper surface is atmospheric pressure. For the basal 

boundary condition, the model enforces a Weertman basal sliding law 

(Weertman, 1957; Raymond and Harrison, 1987): 

m
BB kτυ =        B 10 

where k is a sliding parameter, Bτ  is the basal shear stress, and m is a positive 

constant. For simplicity, the effect of water pressure on sliding velocity is not 

modelled, even though it is significant. In the model, the sliding term, Bυ , is 

varied until the ratio of basal to total motion, as well as the magnitude of total 

motion, are reasonably close to known values for Black Rapids Glacier (e.g. 

Rabus and Fatland, 2000; Truffer et al., 2000). Lateral drag is approximately 

taken into account via shape factor modification of the flow-law coefficient, 

according to Nye (1965). The shape factor, f, depends on the ratio of valley width 

to ice thickness and on the shape of the glacier’s cross-section; a value of f =1 is 

equivalent to a laterally-infinite slab. 

We calculate the change of the glacier surface, as well as the surface-

parallel and surface-normal velocity components over time. An adaptive 

triangular mesh is initially generated with 25-m spacing at the upper and lower 

boundaries. The mesh is refined by a factor of approximately two. For each 

individual time step, the full-Stokes model is initialized with a fixed surface 

satisfying the described basal and surface boundary conditions. For the first run, 
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an arbitrary seed solution is used for the non-linear FEM solver; later iterations 

use the solution of the previous step to initialize.  

Bernhard Rabus (pers. comm., 2010) has compared model results against 

the Ice Sheet Model Intercomparison Project – Higher-Order Models (ISMIP-

HOM) (Pattyn et al., 2008). The experiment (experiment 'E' in Pattyn et al., 2008) 

adopts the Little Ice Age geometry of Haut Glacier d’Arolla, Switzerland, under 

two basal boundary conditions – no basal slip and local free-slip. Results of these 

experiments show that the full-Stokes model is within the standard deviation 

envelope for all tested cases (Figure B 2).  

 

Figure B 2 Surface velocity (left) and basal shear stress (right) in the direction of ice flow 
for Haut Glacier d'Arolla for two cases. (A,B) no-sliding and (C, D) local free-slip. The 
results of the full-Stokes model used in this study are shown in red. All ISMIP-HOM 
participating models are shown. Modified from Pattyn et al. (2008). 
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Shallow Ice Approximation 

An extensively used approximation in ice sheet models is the shallow ice 

approximation (Hutter, 1983), in which the thickness of the ice sheet is small 

compared to its lateral extent and thus the x-derivatives of stress, velocity, and 

temperature are small compared with the z-derivatives (Paterson, 1994). With 

the shallow ice approximation, the velocity is a function only of local surface 

slope and thickness and longitudinal stresses are ignored. 

Because of its computational efficiency and ease of coding, the shallow 

ice approximation has been used for smaller ice masses (e.g. Le Meur and 

Vincent, 2003; Leysinger Vieli and Gudmundsson, 2004). Pattyn et al. (2008), 

however, have demonstrated that the shallow ice approximation is not valid for 

computing a diagnostic velocity field for glaciers with high aspect ratios such as 

mountain glaciers.  

Using the shallow ice approximation, ice is treated as a non-linear viscous 

fluid flowing down an inclined channel with a rheology described by Glen’s flow 

law, with n = 3: 

( ) 1

1
2 +

+
= nn hsingf

n
Au αρ      B 11 

where u is creep velocity, A is the temperature-dependent flow-law coefficient, ρ 

is ice density, g is gravitational acceleration, f is a shape factor, α is surface 

slope, and h is ice thickness. Equation B 11 enables local, depth-integrated ice 

velocity to be calculated based on surface gradient and depth. 



 

 169

Glacier modelling sensitivity testing 

Several quantities and parameters (A, h, l, α) used in the glacier modelling 

in this thesis are subject to uncertainty. In this section, I test the sensitivity of the 

shallow ice model to changes in these quantities and parameters. In each 

experiment, I vary the value of the parameter of interest while keeping the other 

parameters constant. The default values used in the sensitivity tests are: A = 2.4 

x 10-24 Pa-3 s-1 corresponding to temperate ice; h = ice thickness measured with 

Ground Penetrating Radar; l = 3h. I also performed an experiment to understand 

the influence of a changing surface slope, α, on deformational velocity. 

Sensitivity to the flow-law coefficient, A 

The rheology of ice, and therefore its deformational velocity, are 

dependent on ice temperature through the flow-law coefficient, A. Cuffey and 

Paterson (2010) recommend values of A for temperatures ranging from 0°C to -

50°C. The value for temperate ice suggested by Cuffey and Paterson (2010) is 

about three times smaller than that recommended by Paterson (1994). Using a 

cubic interpolation, I obtain values of A for other temperatures from 0°C to -10°C. 

Table B 1 shows values of A used in the sensitivity test (Figure B 3).  

Figure B 3 shows the effect of the flow-law coefficient on ice flow. An 

approximate doubling of the flow-law coefficient, for example from A=1.7 x 10-24 

to A=3.17 x 10-24 Pa-3 s-1, results in a doubling of deformational velocity.  
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Table B 1  Temperatures and associated flow-law coefficients used in the sensitivity 
testing.  

Ice temperature (°C) Flow-law coefficient, A (Pa-3 s-1) 

0 2.4 x 10-24 

-1 2.0 x 10-24 

-2 1.7 x 10-24 

-5 9.3 x 10-25 

 

 

Figure B 3 Sensitivity of creep velocity to flow-law coefficient for five ice temperatures. 
Also shown are the winter 1995 InSAR and GPS survey velocities (Chapter 4).  

 

The Loket tributary enters the main trunk of Black Rapids Glacier around 

km 25, causing a reduction in surface velocity upstream of the confluence. The 

flow-law parameter used by Amundson et al. (2006) for Black Rapids Glacier (A 

= 3.17 x 10-24 Pa-3 s-1), which is used in this thesis, corresponds to slightly softer 

ice than suggested by Cuffey and Paterson (2010). 
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Sensitivity to the ice thickness, h 

The thickness of Black Rapids Glacier is known at only a few locations. I 

performed a simple test to understand how different ice thicknesses affect creep 

velocity. I first calculated the centreline velocity (equation B 11) using the 

measured and interpolated values of ice thickness, h, described in Chapter 4. 

The calculations were then repeated for 0.90 h, 0.66 h, and 0.50 h (Figure B 4). 

The h has a major influence on deformational velocity. A reduction in ice 

thickness of 10% decreases the deformational velocity by 34%; a reduction in ice 

thickness of 50% decreases the deformational velocity by 94%. 

 

Figure B 4. Sensitivity of creep velocity to ice thickness, h. Ice thickness along the 
centerline of Black Rapids Glacier is derived form radio echo sounding (Gades, 1998) and 
Ground Penetrating Radar profiles (Heinrichs et al., 1995) and from the InSAR-derived 
DEM (Chapter 3). Centreline creep velocity (with A = 2.4 x 10-24 Pa-3 s-1) was calculated 
using h, 0.9h, 0.66 h, and 0.5 h. 
 

Sensitivity to the surface slope, α  

From equation B 11, it is clear that creep velocity is strongly dependent on 

surface slope. I investigated the sensitivity of creep velocity to glacier surface 

slope by calculating velocity for α =2.16° to α =1.16° in increments of 0.1° (Figure 
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B 5). I use h = 456 m, f = 0.675, and initial α = 2.16º, corresponding to average 

values for Black Rapids Glacier between km 25 and km 32 which is 

approximately the zone of the landslide debris sheets. I then repeated the 

calculations, but added two degrees to the initial slope. Longitudinal averaging is 

unnecessary because the experiment assumes the glacier is a slab. 

 

Figure B 5 Sensitivity of creep velocity to surface slope, α. (A) Velocity as a function of 
surface slope for a range of slopes starting at α = 2.16° and α = 4.16°, and decreasing by 
0.1°. (B) Percent change in velocity as a function of the change in slope in degrees. (C) 
Percent change in velocity as a function of the percent change in slope. 
 

Figure B 5 indicates that creep velocity is sensitive to small slope 

changes, especially at shallow slopes. For α = 2.16º, a reduction in slope of 0.3º 

results in a 36% reduction in surface velocity (Figure B 5b); a reduction of 1º 

results in a 84% reduction in velocity. For an initial slope of α = 4.16º, reductions 

in slope of 0.3º and 1º result in velocity decreases of, respectively, 20 and 56%.  
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An ~10% decrease in surface slope results in an ~35% decrease in 

surface velocity, regardless of whether the initial slope is 2.16° or 4.16° (Figure B 

5c). Thus, at Black Rapids Glacier, which has a mean slope of about 2.04º 

(Chapter 3), small perturbations to slope can cause large changes in creep 

velocity. 

Sensitivity to the longitudinal averaging length, l 

The parameter l provides a measure of the distance over which local 

slope and local thickness are averaged in order to crudely account for the effect 

of longitudinal stresses. Kamb and Echelmeyer (1986) suggest a value of l of 

one to three ice thicknesses for valley glaciers and more for ice sheets or surging 

glaciers. For glacier flow calculations, they suggest using a triangular averaging 

window of length 4l, which they term the longitudinal averaging length. Here, the 

longitudinal averaging length l was varied from 1 to 5 multiples of ice 

thicknesses.  

Figure B 6 compares different longitudinal averaging lengths, from l =h to 

l=5h. Because the averaging length is varied as a function of local ice thickness, 

the calculated deformational velocity does not change appreciably where the ice 

is thin. Truffer (2004) states that the typical value of the longitudinal averaging 

length for valley glaciers is 3h; this value was thus used in the shallow ice model 

in this thesis.  
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Figure B 6 Sensitivity of creep velocity to longitudinal coupling length, l, as a function of 
smoothed local ice thickness.  
 

The results of these sensitivity tests indicate the response of calculated 

deformational velocity to minor changes in the input parameters. A reduction of 

ice thickness by only 10% results in a velocity reduction of more than one-third. 

Similarly, a small reduction in surface slope can reduce the velocity of the glacier 

considerably, especially when slopes are small. The most important changes to 

glaciers related to landslides are to surface slope and thickness, through 

changes to mass balance. Although these effects are not always spatially 

extensive, they can considerably alter ice velocity. 
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