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Abstract 

Antarctic sea ice is hypothesized to have played an important role in modulating ocean 

circulation, marine productivity, and atmospheric carbon dioxide (CO2) concentrations on 

glacial-interglacial timescales; however, few reconstructions exist to directly link them. 

Here I reconstruct past winter sea ice concentration, sea surface temperature, and 

biogenic opal burial in a marine sediment core from the Southern Ocean over the last 

140,000 years. The results suggest that Antarctic sea ice expansion was not a major 

contributor to CO2 drawdown early in the glacial cycle, but a weakening of meridional 

temperature gradients could have contributed to early atmospheric CO2 drawdown via 

their impact on air-sea gas exchange. Furthermore, sea-ice expansion appears linked to 

reductions in intermediate water mass production. Opal burial was high during the 

Holocene period and reduced during times of sea-ice expansion. Opal reductions may 

also be associated with southward migrations in the Antarctic Polar Front during 

warming periods. 
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Chapter 1: Climate Proxies and Their Use 

1.1 Introduction 

Ever since the high-resolution Vostock ice cores were retrieved from Antarctica in 

the 1980s (Delmas, 1980; Neftel et al., 1982), paleoclimatologists have been working to 

better understand the mechanisms driving the observed cyclicity in atmospheric carbon 

dioxide (CO2) concentrations over the last 800 thousand years (ka). Ice core 

reconstructions have shown that atmospheric CO2 has varied between ~190 parts per 

million (ppm) during glacial maxima and ~280 ppm during warm interglacial periods, 

corresponding to fluctuations in global temperature and the expansion and collapse of 

global ice sheets (e.g., Petit et al., 1999; Denton et al., 2010). The changes in atmospheric 

CO2 concentration cannot be explained by variations in the Earth’s orientation and orbit 

alone, suggesting that internal positive feedbacks likely play a key role in governing the 

timing and amplitude of these climate changes (e.g., Sigman et al. 2010; Gregoire et al., 

2015). The relative size of the ocean as a carbon reservoir, which is approximately 60x 

larger than the atmosphere, suggests that small changes in how the marine carbon cycle 

operates could have large impacts on atmospheric CO2 concentrations (e.g., Broecker and 

Peng, 1982; Sigman and Boyle, 2000). The Southern Ocean is a location of particular 

interest as it is one of the few locations where the deep ocean directly interacts with the 

atmosphere (e.g., Jaccard et al., 2013; Stein et al., 2020). Proposed mechanisms linking 

the Southern Ocean to changes in atmospheric CO2 include physical and biological 

processes, including (but not limited to): increased sea ice coverage and reduced air-sea 

gas exchange (Stephens and Keeling, 2000), sea ice-related changes in ocean circulation 

and ventilation (Toggweiler, 1999; Bouttes et al., 2010; Ferrari et al., 2014); and changes 

in the biological pump, either through iron fertilization (e.g., Martin et al., 1990; Archer and 

Johnson, 2000) or through a regime shift in primary production via changes in the supply 

of nutrients (e.g., Brzezinski et al., 2002; Matsumoto et al., 2002). Despite coordinated 

global efforts to better understand the main drivers of glacial-interglacial CO2 fluctuations, 

the precise mechanism(s) remain undetermined. 

This thesis uses marine sediment core TAN1302-96 (59.09°S, 157.05°E, water 

depth 3099 m) extracted from the southwestern Pacific sector of the Southern Ocean to 
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produce novel paleoclimate reconstructions using proxy data to help address the following 

research questions: 

[1] How has sea ice changed in the southwestern Pacific sector of the Southern 

Ocean over the last 140 ka?  

[2] How do these changes relate to changes in ocean circulation, marine primary 

production, and changes in atmospheric CO2? 

This chapter provides background information on the climate proxies used in this 

thesis, introduces the Southern Ocean and the influence of sea ice on carbon cycle 

processes, outlines what we currently know about sea ice reconstructions, and identifies 

some major gaps in our knowledge. Chapter 2 provides new winter sea ice concentration 

(WSIC) and summer sea surface temperature (SSST) estimates over the last 140 ka; 

evaluates the timing of sea ice advance and its potential impact on CO2 sequestration; 

and highlights a potential link between sea-ice expansion and intermediate water 

production and subduction. Chapter 3 compares sea ice expansion estimates from 

TAN1302-96 with a new analysis of biogenic opal and calcium carbonate (CaCO3) 

concentrations, mass accumulation rates (MARs), and iron deposition. This chapter 

provides an evaluation of the interplay between these factors over a full glacial-interglacial 

cycle, highlighting the role of sea ice, migrating ocean fronts, and other sedimentary 

factors in governing in opal burial. Finally, Chapter 4 provides a conclusion on the major 

findings outlined in this thesis.  

1.2 Climate Proxies 

Observations of today’s climate, including current sea surface temperatures, 

regional precipitation, and seasonal sea-ice extent, are made using a variety of 

instruments that have been in use for around a century or two (depending on the 

instrument). These instrumental records provide precise measurements of physical 

phenomena, but they can only provide information since their use and records began. Sea 

surface temperature measurements, for example, have been collected for nearly 200 

years during ship voyages by sailors and other crew (Chan, 2021). On the other hand, 

sea-ice extent was not well documented until 1979 when satellite imaging allowed for more 

precise measurements (Parkinson & Cavalieri, 2012), although whaling and ship’s log 
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records have provided some rough estimates of sea-ice coverage before this time 

(Armand et al., 2017). To understand what the climate was like before these records 

began, climate proxies are employed to extend our baseline back into the past.  

Climate proxies are a way of understanding the past climate through indirect 

measurements, such as through an analysis of tree pollen, diatoms, or geochemical 

signatures, all of which are influenced by, and therefore capture, some aspect(s) of the 

past environment. For example, diatoms (i.e., single cellular aquatic algae) live in the top 

layers of the ocean, and the relative abundances of diatom species tend to reflect local 

sea surface temperature because each species has relatively narrow temperature 

preferences (Resende et al., 2005). Diatom assemblages from the polar waters just off 

the coast of Antarctica are dominated by diatom species with very cold temperature 

preferences. Conversely, if we were to also look at the diatom assemblages from the Sea 

of Cortez in Mexico, we would find diatoms with warmer temperature preferences. Diatoms 

are particularly useful climate proxies because they have narrow ecological preferences 

and because their cell walls are made of silica (Si), which allow them to preserve well in 

marine sediments. As a result, sediment cores from the bottom of the ocean allow us to 

assess diatom assemblages at different depth intervals to interpret how the past 

environment has changed. By combining the identified diatom assemblages with a 

constructed age model (outlined below) and a statistical framework that relates diatom 

assemblages to today’s environment, we are able to quantitatively reconstruct past 

environments, including past temperatures and sea-ice extent. 

1.2.2 Diatoms 

Diatoms (Figure 1) are single-celled phytoplankton that live in aquatic 

environments around the world (Smol & Stoermer, 2010). They provide a significant 

amount of the world’s oxygen and constitute roughly 23% of the world’s total global primary 

productivity and about 40% of marine primary production (Snoeijs et al., 2002; Serôdio & 

Lavaud, 2020). Estimates of the number of diatom species range from ~2,000 to over 

200,000 (Mann & Droop, 1996), making them both ubiquitous and diverse. Diatoms have 

relatively narrow ecological preferences, including specific temperature, salinity, and sea-

ice tolerances, which create diverse species assemblages depending on local climate 

parameters (Resende et al., 2005). Diatom frustules (shells) are made of silica, which 

allow them to preserve well in ocean sediments over millions of years (Serôdio & Lavaud, 
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2020; Westacott et al., 2021). Between the ubiquity, diversity, narrow ecological 

preferences, and good preservation, fossil diatoms are excellent proxies for 

paleoceanographic reconstructions.  

 

 

Figure 1: Scanning electron microscope (SEM) image of pennate and centric diatoms. Image retrieved from 
https://jgi.doe.gov/csp-2021-100-diatom-genomes/. 

 

1.2.2.1 Using Diatoms to Estimate Past Environmental Conditions 

 Statistical comparisons of fossil diatom assemblages with modern assemblages 

with known environmental parameters can yield quantitative reconstructions of past 

conditions, including sea-ice concentrations (SIC), which describes the fraction of ocean 

area covered by sea ice, and sea surface temperature (SST) (e.g., Imbrie and Kipp, 1971; 

Crosta et al., 1998; Esper and Gersonde, 2014; Ferry et al., 2015). These paleocological 

‘transfer functions’ are empirically derived equations that allow for the calculation of 
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quantitative estimates of past environmental conditions. Two of the primary transfer 

functions used in reconstructing SIC and SST via diatoms are the Imbrie and Kipp Method 

(IKM) (Imbrie and Kipp, 1971), and the Modern Analog Technique (MAT) (Hutson, 1980). 

The MAT is the transfer function used in this thesis and will be the primary focus of this 

section. The Generalized Additive Model (GAM) (Ferry et al., 2015; Armand et al., 2017) 

is a relatively new statistical model that has been applied to fossil diatoms to estimate SIC 

and SST; however, the GAM is not as widespread as either the MAT or IKM.  

The MAT provides a statistical comparison between a fossil assemblage and a 

range of modern assemblages across a variety of sample sites to find a ‘modern analog’, 

i.e., the modern assemblage existing today that is most similar to the fossil assemblage 

being examined (Hutson, 1980; Crosta et al., 1998). This comparison requires a reference 

dataset (also known as the training dataset) based on modern, core top diatom 

assemblages and their respective environmental parameters, such as SST and SIC. The 

MAT then calculates a dissimilarity coefficient based on the squared chord and/or log 

distance, which is a measure of the degree of dissimilarity between the fossil assemblages 

and modern reference assemblages (Prell, 1985). The modern analogs that are selected 

as the most similar then provide estimates of environmental parameters that are the best 

match to the fossil assemblage, thus allowing for quantitative reconstruction estimates 

with associated errors. 

Crosta et al. (1998) found that the IKM, which is a similar transfer function based 

on Q-mode factor analysis, produces similar quantitative estimates as the MAT, although 

the IKM approach has a tendency to overestimate sea-ice coverage relative to the MAT. 

The MAT was also found to have other advantages over the IKM, including: [1] it can be 

applied directly to the fossil assemblage without the need for a factor analysis; [2] new 

reference data can easily be added to the training dataset without the need of recalculating 

the transfer function equation (as is the case with IKM); and [3] uncommon species play 

as important of a role as common species in the reconstruction of past environments 

(Crosta et al., 1998). Many groups maintain that the MAT provides the most robust 

estimates (e.g., Crosta et al., 1998; Esper & Gersonde, 2014), although new work has 

suggested that the relatively new GAM provides the most accurate estimates of sea-ice 

extent and sea-surface temperature changes (e.g., Armand et al., 2017). Ferry et al. 

(2015) compared the MAT and GAM estimates and found that the MAT underrepresented 

sea ice estimates relative to the GAM, although results were comparable. Despite this 
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debate, there is good evidence that the MAT produces robust estimates for diatom-based 

sea ice reconstructions (e.g., Crosta et al., 1998; Esper & Gersonde, 2014; Ferry et al., 

2015), and at the time of writing, it remains a standard method for reconstructing WSIC 

and SSST. 

Irrespective of the selected transfer function used to reconstruct past 

environmental conditions, all rely on several fundamental assumptions, including that: [1] 

a multivariate approach provides better estimates than a single-species approach (Sachs, 

1973); [2] species assemblages are systematically related to the environmental 

parameters of interest, such as sea ice coverage or temperature (Imbrie & Kipp, 1971; 

Sachs, 1977); and [3] that the same relationships between modern environmental 

parameters and species assemblages exist today as they did in the past, and that species 

evolution has not dramatically altered morphology or environmental parameters1.  

1.2.3 Marine Geochemistry & Biogenic Fluxes 

The use of geochemistry in paleoclimatology is particularly useful when 

reconstructing past marine environments. Observations of today’s ocean and sedimentary 

chemistry allows for an understanding of processes that govern the distribution of heat, 

salt, nutrients, and the partitioning of isotopes throughout the ocean. Assuming the 

processes controlling sedimentary geochemistry were the same in the past as they are 

today, researchers are able to analyze the geochemical composition of fossils and other 

components of marine sediment cores to reconstruct changes in global climate, ocean 

circulation, and biological productivity. The geochemistry used throughout this thesis 

focuses primarily on estimating the biogenic components of marine sediments (i.e., those 

 
1 This assumption is supported by glacial-interglacial changes in diatom assemblages across the 
Southern Ocean, which show coherent changes in assemblages during periods of climatic 
change obtained from independent proxy records. For example, similar diatom species 
assemblages and diagnostic species (e.g., sea ice diatoms) appear in Southern Ocean marine 
cores during the LGM and MIS 6 (e.g., Crosta et al., 2004; Jones et al., 2022) at the same time 
as other independent proxy records suggest cooling and sea-ice expansion (EPICA Dome C 
deuterium (dD), sea salt sodium (ssNa) records, etc.). The same patterns and assemblages 
occurring across the Southern Ocean in concert with independent proxy records strongly suggest 
that these assemblages have maintained a consistent relationship at least over the last glacial-
interglacial cycle. Additionally, the coherent response of the diatom assemblages and the general 
lack of ‘non-analog” conditions – i.e., when one species would have evolved to change habitat 
while others did not – suggests that evolution has not been a driving force of changes to diatom 
assemblages over the late Pleistocene time period covered by this thesis. 
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produced by previously living organisms), specifically carbonate and opal, and uses the 

isotope geochemistry of fossil foraminiferal shells as a means of reconstructing sediment 

ages (planktonic foraminifera) and water mass geometry (benthic foraminifera) (outlined 

below in Section 1.3).  

1.2.3.1 Oxygen Isotopes   

Our understanding of past changes in the hydrological cycle can be reconstructed 

using two stable isotopes of oxygen, 16O and 18O. The differences in the atomic masses 

of these two isotopes reflect differing numbers of neutrons in the nucleus. The hydrological 

cycle moves these isotopes as H2O throughout the different reservoirs (atmosphere, 

hydrosphere, and cryosphere) via phase transformations, which partitions the isotopes 

relative to their weight (Urey, 1947). For example, during evaporation, water containing 
16O is preferentially evaporated over water containing 18O because of the additional energy 

required to evaporate heavier isotopes. The reverse is true of condensation – water 

containing 18O is preferentially precipitated over 16O because it is heavier. As H2O is 

evaporated in some places and deposited as precipitation in others, some reservoirs 

become ‘enriched’ or ‘depleted’ depending on the direction of partitioning. This effect can 

be observed in precipitation falling at different latitudes, with higher latitudes having 

increasingly cooler temperatures and generally being further from the evaporative source 

region, therefore having an increasingly lighter oxygen isotope signature (Figure 2) 

(Dansgaard, 1964). The ratio of 18O:16O is known as the d18O, which is calculated using 

the following equation: 

d18O = (((18O/16Osample – 18O/16Ostandard)/18O/16Ostandard) x 1000. 
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Figure 2: Infographic of Rayleigh distillation process, highlighting the fractionation of oxygen isotopes 
between the different reservoirs (Bassinot, 2007). 

This ‘distillation’ process (Urey, 1947) is captured by marine phytoplankton such 

as foraminifera, who incorporate the local oxygen isotope composition of seawater when 

they precipitate their shells made of calcium carbonate (CaCO3). In addition to the local 

isotope composition, the d18O of the shell is also influenced by the in-situ temperature 

where the shell is formed, with lower temperatures resulting in more positive d18O values 

(Urey, 1947; Emiliani, 1955). Once the foraminifera die, they accumulate in the sediment 

over time and create a repository of past ocean d18O in the marine sediment. Interpreting 

the d18O requires a comparison to a standard, such as Pee Dee Belemnite (PDB, used in 

this research) (Craig, 1957) or the Vienna Standard Mean Ocean Water (V-SMOW) 

(Craig, 1961). These standards allow for a quantifiable deviation from a known value, 

against which all samples can be compared.  

During periods when a significant amount of water is removed from the oceans 

and trapped as ice, higher values of 18O relative to 16O (i.e., 18O enrichment) are found in 

the oceans. Furthermore, higher values of 16O are found in the snow and ice at the poles 

due to the precipitation of nearly all 18O en route to the cool polar regions (Emiliani, 1955; 

Dansgaard, 1964; Shackleton, 1967; Shackleton & Opdyk, 1973). Emiliani (1955) was the 
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first to interpret the changes in past temperatures and a glacial-interglacial cycle using the 

d18O from multiple marine cores across different oceanic basins (discussed further in 

Section 1.1.3.2). This process was later refined by Shackleton (1967), which set the stage 

for our modern use of oxygen isotope stratigraphy (i.e., Marine Isotope Stages) as a 

fundamental tool for marine paleoclimatology and age model construction, both of which 

are discussed later.  

1.2.3.2 Carbon Isotopes 

Carbon has two stable isotopes, 12C and 13C (the unstable isotope, 14C, is 

discussed in Section 1.1.3.1). Like oxygen isotope fractionation, carbon isotopes 

fractionate according to their atomic mass and the ratio of 12C to 13C (known as the d13C) 

can be interpreted from foraminiferal tests made of calcium carbonate (CaCO3).  

The carbon isotope fractionation process preferentially removes 12C from the 

surface waters via primary production, enriching the surface-water dissolved inorganic 

carbon (DIC) pool in 13C (Kroopnick, 1985). After the organisms die and sink towards the 

bottom of the ocean, bacterial remineralization enriches the deep ocean DIC with 12C, 

resulting in a gradient of high d13C in nutrient-depleted surface waters and low d13C in 

nutrient-rich deep waters (Broecker and Peng, 1982; Bostock et al., 2004; Morée et al., 

2018). Higher rates of surface productivity tend to lead to lower surface nutrient 

concentrations and higher d13C values, suggesting d13C of planktonic foraminifera can 

provide some information about surface ocean productivity. In the deep ocean, the d13C 

of benthic foraminifera provides clues to changes in the degree of deep ocean 

remineralization of phytodetritus, which results in nutrient enrichment (and lower d13C 

values); as deep-water ages and remineralized nutrients accumulation, the d13C of deep 

ocean DIC becomes progressively “lighter” (Broecker and Peng, 1982; Bostock et al., 

2013). Thus, the d13C composition recorded in benthic foraminifera can be used to 

interpret past changes in ocean circulation and ventilation (Duplessy et al., 1988; Lynch-

Stieglitz et al., 2007), water mass geometry (Pahnke & Zahn, 2005; Ronge et al., 2015), 

and nutrient concentrations (Morée et al., 2018). 
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1.2.3.3 Biogenic Opal 

Biogenic opal, which refers to the hydrated silica (SiO2⋅ nH2O) formed by diatoms, 
is a proxy of diatom productivity that has been used to reconstruct multiple aspects of past 

surface conditions (e.g., Bradtmiller et al., 2009; Chase et al., 2015). Biogenic opal 

concentrations and calculated burial rates can provide information on past frontal 

structures, rates of upwelling, nutrient availability, and overall net primary productivity 

(e.g., Cortese et al., 2004; Anderson et al., 2009; Bradtmiller et al., 2009; Chase et al., 

2015). Understanding how these factors have changed is an important component of 

understanding the past efficiency of the biological pump (discussed in 1.2.2.2 Biological 

Mechanisms). A comprehensive overview and application of its use can be found in 

Chapter 3. 

1.2.4 Age Models 

Age models are means of estimating the age of each depth interval within a 

sediment core and can be constructed using a variety of different methods. For example, 

an age model can be constructed by counting individual layers (e.g., tree rings, ice core 

rings, or varved sediments), which could produce an age model with an annual resolution, 

or by radiometric dating (e.g., radiocarbon dating, uranium-thorium dating) of materials 

extracted from specific intervals within the core. The dated intervals provide specific “tie 

points,” i.e., specific depth intervals that are “tied” to a known age. Once these tie points 

are established, one can estimate the age of each depth interval between the tie points, 

which then allows for the calculation of linear sedimentation rates (i.e., change in 

sedimentation (cm) between each dated interval (year) (see Figure 11 for an example).  

Age model construction for marine sediment cores from the South Pacific Ocean 

can use tie points from a variety of sources, such as oxygen isotope stratigraphy, which 

“tunes” the d18O record to known changes in “orbital forcing”, or cyclical variability in 

incoming solar radiation determined by changes in the Earth’s tilt, precession, and orbital 

eccentricity (Imbrie et al., 1984; Martinson et al., 1987). Age models can also be 

constructed by combining multiple independent lines of evidence, such as radiometric 

dates and geochemical analyses. The age model used in this thesis for marine core 

TAN1302-96 (discussed in Chapter 2) is a combination of radiocarbon dates and the 

tuning of the oxygen isotope record to an oxygen isotope chronology known as LR04 
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benthic stack (Lisiecki and Raymo, 2005). The LR04 stack is an average of 57 globally 

distributed benthic d18O records showing distinct, recognizable cycles that have been 

assigned ages from today back to 5.3 million years based on orbital tuning (Lisiecki and 

Raymo, 2005). The LR04 stack provides a standardized record to which other cores can 

be tied with an associated error estimate of ± 4 ka (Lisiecki and Raymo, 2005). Using the 

d18O stratigraphy has the advantage of providing a globally averaged chronology. 

However, one important disadvantage is the time lag that exists between surface signals 

being transported and captured in the benthic record, which has been estimated to be as 

high as several thousand years (e.g., Skinner and Shackleton, 2005; Lisiecki and Stern, 

2016). 

In places where carbonate dissolution inhibits the preservation of foraminifera and 

the oxygen isotope stratigraphy is unavailable or unreliable, changes observed in proxy 

reconstructions, such as SST, can be tied to contemporaneous changes in other nearby 

records so long as they have well constrained and independent age models. For example, 

high-resolution Antarctic temperature reconstruction from the European Project for Ice 

Coring in Antarctica (EPICA) Dome C ice cores has a relatively well-constrained age 

model (e.g., Jouzel et al., 2007; Stenni et al., 2010; Bereiter et al., 2014) and is commonly 

used as the independent record to which others may be tied within the Southern Ocean. 

Matching marine core SST reconstructions with the EPICA Dome C temperature record 

assumes that changes in Antarctic temperature are contemporaneous with changes in the 

reconstructed SST record (e.g., Ghadi et al., 2020). Using the EPICA deuterium 

temperature record as a local reference record in the Southern Ocean has some benefits 

over using the LR04 benthic stack because it provides a direct correlation between surface 

temperature records and may circumvent some of the temporal lags associated with LR04 

record described above. Determining the best approach to constructing a robust age 

model depends on the resolution of the of available data and the inclusion of associated 

errors, time lags, and other related variables. 

The application of Bayesian statistics to age modelling represents a relatively new 

form of chronological interpretation that has gained significant traction over the last 20 

years (Bayliss, 2015). The Bayesian approach allows tie points (e.g., radiocarbon dates) 

and associated uncertainty to be considered in conjunction with a priori information (e.g., 

stratigraphic or sedimentation context, or other tie points and their uncertainty), which 
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together can produce a statistically robust age model that considers all available data 

(e.g., Buck and Juarez, 2017).  

Traditionally, age modelling software packages such as Bacon (Blaauw & 

Christen, 2011) and OxCal (Bronk Ramsey, 1995) have been documented to produce 

reliable age models when no major chronological issues, such as bioturbation or lateral 

sediment redistribution, are present (Lougheed & Obrochta, 2019). When more 

uncertainty exists around the reliability of tie points or sedimentation, software such as 

Undatable (used in this thesis) provides a more robust approach to producing an age vs. 

depth profile (Lougheed and Obrochta, 2019). Undatable uses an embedded Bayesian 

radiocarbon calibration software, known as MatCal, (Lougheed & Obrochta 2016), which 

allows the user to select their own calibration curve and reservoir age (discussed below). 

Undatable also uses a deterministic approach, assuming positive sedimentation, and 

allows the user to incorporate greater uncertainty into the depths of each tie points, 

ultimately creating a more robust age model. 

1.2.3.1 Radiocarbon Dating and Calibration 

Radiocarbon dating (14C) is a type of radiometric dating which can be used to date 

organic materials. Radioactive 14C is naturally produced in the atmosphere via cosmic rays 

and combines with oxygen to form CO2. This CO2 is then incorporated into autotrophs via 

photosynthesis and heterotrophs through their consumption of autotrophs in approximate 

equilibrium with the atmosphere (Taylor, 2000). Once the organism dies it stops 

consuming 14C, which radioactively decays into 14N at a known rate with a half-life of 5,730 

years. Using an accelerator mass spectrometer, measurements of the amount of 14C 

remaining in the sample allow for a comparison against the known ratio of 14C:12C that 

exists in living organisms, which can then be used to calculate the radiocarbon date 

associated with the time at which the material stopped consuming 14C (i.e., its death).  

Previously, 14C was believed to have been created at a constant and known rate 

throughout history. However, in the 1950s, Hessel de Vires (1953) determined that both 

the amount of 14C produced in the atmosphere and the exchange of carbon between 

reservoirs has changed throughout time, thus impacting the calculated radiocarbon date 

of a sample (de Vires, 1958; Reimer 2021). For example, radiocarbon calibration curves 

(i.e., an estimate of how the concentration of 14C in the atmosphere has changed through 
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time) have been established by counting and measuring the 14C in tree-ring records 

(dendrochronology) over the last ~12 ka (Stuiver & Braziunas, 1993). The annual growth 

rings of trees, specifically those of long-lived tree species such as the California 

bristlecone pine (Pinus longaeva), allow for the measured 14C of each annual ring to be 

compared to an absolute date, which are calculated by counting the rings back in time 

(e.g., de Vires, 1958; Willis et al., 1960). Other independent dating techniques, including 

U/Th dating of corals, has extended the calibration curve back to ~50 ka (Bard et al., 1990; 

1993; Burr et al., 1998).  

The slow circulation and lack of homogenous mixing of the oceans results in a 

more complex interpretation of marine 14C results than exists for terrestrial samples (e.g., 

Gordon & Harkness, 1992; Ascough et al., 2005). The ‘marine reservoir effect’ describes 

the process and offset between 14C samples taken from the marine environment and the 

amount of radiocarbon in the atmosphere (Ascough et al., 2005; Alves et al., 2018). This 

effect results in marine samples appearing older than their contemporary terrestrial 

counterparts due to the time lag that exists for oceans to re-equilibrate with the 

atmosphere. The 14C that enters the ocean can take hundreds of years or longer to 

circulate, which means a possibly longer residence time before being taken up by marine 

organisms and an ‘artificially’ older age (Alves et al., 2018). This effect is further 

complicated by the heterogenous mixing that occurs across the ocean basins, with high 

latitude oceans (especially the Arctic) seeing reservoir offsets of up to 800-1200 years 

(e.g., Stern and Lisiecki, 2013; Paterne et al., 2019). Because of this heterogenous 

reservoir effect, local marine reservoir ages (MRAs) are needed to ensure an accurate 

calibration of measured radiocarbon (Butzin et al., 2020). 

1.2.3.2 Marine Isotope Stages 

The pioneering work by Urey (1947) on oxygen isotope fractionation, and the later 

work by his student Cesare Emiliani, laid the foundation for the establishment of Marine 

Isotope Stages (MIS). Emiliani (1955) identified alternating warm and cold ‘stages’ through 

fluctuations in the d18O record from marine cores extracted across the Atlantic, Caribbean, 

and Pacific Oceans. He suggested that these shifts in d18O represented swings in global 

ocean temperature. The later work by Shackleton (1967) helped to correct the 

interpretations of marine d18O records by determining that dominant signal in the d18O 
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record was the local isotopic signature as determined by the global ice volume, rather than 

the local temperature. This discovery ultimately refined the interpretations associated with 

Marine Isotope Stages and suggested that the warm and cold stages were correlated with 

periodic changes in the Earth’s insolation established by Milankovitch (1920) (Hays et al. 

1976; Imbrie and Imbrie, 1981; Mackensen et al. 1984; Lisiecki and Raymo, 2005). 

The stages are numbered beginning with MIS 1 representing the Holocene (~12 

ka BP to present), with stage numbers increasing as they extend back in time (Figure 3). 

Oddly numbered stages (MIS 1, 3, etc.) represent warm climatic intervals, while evenly 

numbered stages (MIS 2, 4, etc.) represent glacial climatic intervals (i.e., ice ages). As 

seen in Figure 3, stages can be subdivided into substages. For example, MIS 5 is 

subdivided into 5 substages, with ‘odd’ stages 5a, 5c, and 5e (or 5.1, 5.3, 5.5) representing 

warm intervals within the larger stage 5, and ‘even’ stages 5b and 5d (or 5.2, 5.4) 

representing cooler intervals within stage 5. This MIS numbering system extends back to 

5.3 million years (Lisiecki & Raymo, 2005) and allows for a universal interpretation of past 

climates based on alternating warm and cool periods derived from benthic d18O records. 

Figure 3: The most recent 300,000 years of the LR04 benthic d18O stack (Lisiecki & Raymo, 2005) showing 
alternate warm (odd MIS in white) and cold (even MIS shaded in grey) stages. Note that the Y-axis is 
inverted. Over 100 MIS have been identified, extending back to at least 5.3 million years (Lisiecki & Raymo, 
2005; Ohno et al., 2016). 
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1.3 The Southern Ocean 

The Southern Ocean (SO) represents the polar waters circulating around 

Antarctica from ~40°S to the Antarctic coastal margin (~70°S) and as such links waters in 

the Atlantic, Pacific, and Indian Ocean basins (Figure 4) (e.g., Rintoul and Bullister, 1999; 

Bostock et al., 2013). The region comprises a complex series of oceanic gyres and fronts 

that separate water masses along multiple temperature, salinity, and nutrient 

concentration gradients. These fronts are heterogenous across the different ocean basins 

and vary from season to season (e.g., Graham and De Boer, 2013). The SO is classified 

as a high-nutrient-low chlorophyll (HNLC) area, where the cold and nutrient-rich 

Circumpolar Deep Water (CDW) upwells to the surface and supplies the region with high 

concentrations of nutrients vital to support primary production. Despite this high 

concentration of nutrients, the region observes relatively low rates of primary production 

likely due to limited light availability from sea ice coverage and a lack of bioavailable iron 

(e.g., Martin, 1990; Boyd, 2002).   

 

Figure 4: Image of Antarctica and the average position of the Antarctic Polar Front (APF) (Wittmann, 2010). 
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The Southern Ocean is a location of particular interest for paleoclimatology 

research because the region provides direct exchange pathways between all ocean 

basins, the deep ocean, and the atmosphere (Jaccard et al., 2013; Gottschalk et al., 

2016). The physical and biological processes that occur within the Southern Ocean, such 

as sea-ice expansion, have been modeled to show that they are able to collectively 

account for the total CO2 variability of ~80 ppm, although significant debate continues 

surrounding the specific contributions and timing of each mechanism (Kohfeld & Ridgwell, 

2009; Kohfeld & Chase, 2017).  

1.3.1 Antarctic Sea Ice 

Sea ice is frozen surface water that forms annually during fall and winter months 

when surface waters reach freezing temperatures of around -1.9°C (Petrich & Eicken, 

2017). In the Southern Ocean, annual sea ice coverage expands to approximately ~18.106 

km2 in September (Cavalieri et al., 2003; Cavalieri and Parkinson, 2008), extending to 

62.4°S during austral winter and retreating to 65.9°S during the summer months in the 

southwestern Pacific Ocean (our study area) (Figure 5) (Ackley, 1981; Bostock et al., 

2013). Despite rising annual temperatures, Antarctic sea ice expanded from 1979 until 

2014 (Hobbs et al., 2016; Comiso et al., 2017) but has since begun to decrease in extent 

(Parkinson, 2019).  

Sea ice plays an important role locally by influencing the freshwater flux into the 

sea ice margin during spring melt, which acts to stabilize and shoal the upper mixed layer 

and deposit bioavailable iron (Fe) into the meltwater (Person et al., 2020; Schultz et al., 

2020). This stabilization and Fe deposition promotes primary production of diatoms along 

the ice margin, thereby influencing the biological pump (discussed below) (Pellichero et 

al., 2016).  
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Figure 5: Image of Antarctic sea ice during austral winter (left) and summer (right) between 2015 and 2016. 
Image retrieved from: https://earthobservatory.nasa.gov/features/SeaIce/page4.php 

Sea ice also plays an important physical role on a larger scale, influencing the 

radiative absorption of the region through the ice-albedo feedback (Kashiwase et al., 

2017) and ocean overturning and the global thermohaline circulation (e.g., Bouttes et al., 

2010; Ferrari et al., 2014). When sea ice forms, CO2-rich brine is injected into the 

underlying surface waters and causes an increase in water mass density that in some 

regions (e.g., the Weddell Sea) leads to the formation of Dense Shelf Water (DSW) and 

Antarctic Bottom Water (AABW) (Rysgaard et al., 2011). This formation process helps to 

ventilate the deep ocean but can also enhance deep ocean stratification and stabilization 

(Toggweiler, 1999; Bouttes et al., 2010), leading to a reduction in mixing between abyssal 

and deep water masses (Ferrari et al., 2014). Increased sea-ice coverage also acts a 

physical barrier (i.e., sea ice ‘cap’), thereby reducing the air-sea gas exchange of upwelled 

waters (Stephens & Keeling, 2000; Rysgaard et al., 2011). During the spring and summer 

melt, enhanced freshwater input along the sea ice margin causes a regional freshening 

and buoyancy gain, limiting the subduction of Antarctic Intermediate Waters (AAIW) and 

directly influencing intermediate water ocean circulation (Ronge et al., 2015; Jones et al., 

2022). 
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1.3.2 Mechanisms Governing CO2 Sequestration in the Southern Ocean 

Given the direct exchange pathways between the deep ocean and the atmosphere 

and the influence that sea-ice growth and decay have on physical processes directly linked 

to ocean circulation, sea ice has been hypothesized to have played an important role in 

modulating glacial-interglacial CO2 variability (e.g., Kohfeld and Chase, 2017; Stein et al., 

2020). Of the sea ice related processes that have gained considerable attention within the 

scientific community, this thesis primarily focuses on the physical mechanisms, including 

the influence that sea ice has on reducing air-sea gas exchange (e.g., Stephens & Keeling, 

2000; Maqueda & Rahmstorf, 2002), and through the alteration of circulation and 

ventilation (e.g., Toggweiler, 1999; Bouttes et al., 2010; De Boer & Hogg, 2014; Ferrari et 

al., 2014). Although not as central, this thesis also discusses the biological mechanisms 

associated with sea ice coverage, specifically its proposed influence on the redistribution 

of nutrients and associated primary productivity (e.g., Brzezinski et al., 2002; Matsumoto 

et al., 2002).  

1.3.2.1 Physical Mechanisms 

The sea ice ‘capping’ mechanism describes a reduction in air-sea gas exchange 

as a result of an increase in sea ice coverage (Stephens and Keeling, 2000). This sea ice 

cap was suggested to have essentially blocked the outgassing of carbon-rich waters that 

upwell, leading to an increase in the ocean’s carbon storage. The initial box model by 

Stephens & Keeling (2000) proposed that this mechanism could account for up to 67 ppm 

of the ~80 ppm glacial-interglacial variability in atmospheric CO2. However, subsequent 

work suggests a more conservative value of between 12 and 40 ppm, or 15-50% of the 

total (Maqueda & Rahmstorf, 2002; Kohfeld and Ridgwell, 2009). Other physical 

mechanisms link sea ice expansion to alterations in ocean circulation and related changes 

to the ventilation of the deep ocean (e.g., Bouttes et al., 2010; De Boer and Hogg, 2014; 

Ferrari et al., 2014). Some of these mechanisms have been suggested to account for the 

entire 80 ppm drawdown (e.g., Toggweiler, 1999). The fundamental principles underlying 

these hypotheses rely on the rearrangement of water masses that ultimately caused more 

carbon to be sequestered in the deep ocean for longer periods of time. For example, the 

hypothesis outlined in Ferrari et al. (2014) suggests that enhanced sea-ice coverage led 

to a shoaling in the depth of the maximum density gradient between deep and abyssal 
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water masses, which ultimately led to an expansion of the deep, carbon-rich water masses 

known as Antarctic Bottom Water (AABW) (Figure 6). 

Importantly, the physical processes involving sea ice expansion, capping of air-

sea gas exchange, and alteration of circulation and ventilation, are fundamentally linked. 

As such, they can operate together (either simultaneously or delayed) to enhance the 

relative contribution of sea ice to glacial-interglacial CO2 variability. For example, Stein et 

al. (2020) suggest that the combined effects of reduced vertical mixing and sea ice 

capping can account for 40 ppm of the total 80 ppm reduction, with the reduced vertical 

mixing (accounting for 30 ppm) occurring earlier in the glacial cycle compared to capping 

(accounting for an additional 10 ppm), which occurred only once sea ice had expanded 

sufficiently.  
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Figure 6: Reorganization of deep water masses between Modern and the Last Glacial Maximum conditions, 
in response to sea ice growth. The expansion of summer sea ice causes the shoaling of the isopyncnal 
(black dashed line) that separates the upper and lower overturning limbs. The shoaling of the upper limb 
above the maximum height of the bathymetric features reduces the upward diapycnal mixing, helping 
sequester carbon in the deep ocean (Ferrarri et al. 2014). 

 

1.3.2.2 Biological Mechanisms 

The role of biological productivity can also have a significant impact on 

atmospheric CO2 concentrations (Martin et al., 1990; Sigman and Boyle, 2000). The 

“biological pump” represents the removal of carbon and inorganic nutrients from the 

surface waters through photosynthesis and the subsequent ‘pumping’ of that carbon into 

the deep ocean via gravitational settling (Figure 7). Changes in the strength of the 

biological pump are thought to play an important role in influencing global atmospheric 

CO2 concentrations (Anderson et al., 2002; Stukel and Ducklow, 2017). Today in the 

Southern Ocean, the biological pump operates inefficiently as the supply of nutrients to 

surface waters exceeds nutrient utilization due to restricting environmental parameters, 

such as limited bio-available iron and sea ice coverage (e.g., Boyd, 2002; Chase et al., 

2015; Sigman et al., 2021). Past changes in the efficiency of the biological pump have 

been invoked to explain a significant portion of the glacial-interglacial difference in CO2; 

however, numerous studies suggest that the effects of enhanced biological productivity 

only reached its full extent during the full glacial when dust deposition to the ocean was 

the greatest (Kohfeld et al., 2005; Kohfeld and Chase, 2017).  
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Figure 7: Depiction of the processes driving the biological pump (Boyd, 2012).  

 

One hypothesis linking sea ice expansion to changes in biological and glacial-

interglacial CO2 variability is the ‘Silicic Acid Leakage Hypothesis’ (SALH), first suggested 

by Brzezinski et al. (2002) and Matsumoto et al. (2002). The premise of SALH is that 

excess silicic acid (Si(OH)4) was ‘leaked’ from the Southern Ocean during glacial times.  

This Si(OH)4 was entrained into intermediate waters and carried to the low and mid 

latitudes where a lack of silicic acid limits diatom growth and favours the production of 

carbonate-based organisms. The leakage of silicic acid could have been caused several 

factors, including: [1] expanded sea ice coverage, which decreased the consumption of 

silicic acid in the modern day Southern Ocean and allowed for the export of silicic acid 

(Chase et al., 2015); and [2] enhanced iron (Fe) deposition, which reduced the Si:N uptake 

ratio and allowed for excess Si(OH)4  to be exported to the rest of the ocean via 
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intermediate waters. The additional supply of Si(OH)4 to the mid and low latitudes is 

proposed to have allowed diatoms to outcompete carbonate-based organisms in these 

regions, which would have led to a net-CO2 drawdown (Matsumoto et al., 2014). This 

hypothesis is discussed in further detail in Chapter 3.  

1.3.3 Sea Ice: Past Reconstructions 

International collaborative efforts have attempted to bring together multiple proxies 

in order to map changes in the surface ocean conditions during the last glacial period, 

including the Climate: Long range Investigation, Mapping, and Prediction (CLIMAP) 

project in the 1970s (CLIMAP 1976; 1981) and the more recent Multiproxy Approach for 

the Reconstruction of the Glacial Ocean surface (MARGO) Project (MARGO, 2009). The 

CLIMAP project developed the first spatially extensive circumantarctic SST and WSIC 

estimates during the Last Glacial Maximum (LGM). Since then, numerous studies have 

updated these estimates as new data and refined methodology have become available 

(e.g., Cooke and Hays, 1982; Gersonde et al., 2005; Benz et al., 2016).  

Significant attention has been placed on reconstructing winter sea-ice extent 

during the LGM. Gersonde et al. (2005) used 122 sediment cores for the Atlantic, Pacific, 

and Indian sectors of the Southern Ocean and estimated that winter sea ice expanded by 

approximately 5-10° latitude (depending on the sector) during the last glacial period 

compared with today. This equatorward expansion corresponds to a near doubling of 

current sea-ice extent (Figure 8) (Lhardy et al., 2021; Green et al., 2022). Other notable 

reconstructions, including the work by Allen et al. (2011) and Xiao et al. (2016) in the South 

Atlantic, and Benz et al. (2016) in the Pacific Oceans, have contributed additional data 

and helped constrain LGM winter sea-ice extent and SST across the Southern Ocean, 

while Holloway et al. (2017) and Chadwick et al. (2021) have contributed important 

estimates focusing on the Last Interglacial, MIS 5e (~128 ka). 
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Figure 8: The current best estimates of last glacial maximum (LGM) summer sea ice extent (left) and winter 
sea ice extent (right) Lhardy et al. (2021). 

1.3.4 Sea Ice: Current Gaps & Future Work 

While the LGM reconstructions have provided useful information on glacial 

conditions and the maximum extent of sea ice coverage during MIS 2, these 

reconstructions are unable to provide clarity on sea ice’s contribution to carbon 

sequestration during the prolonged onset of a glacial period. Recent attention by the C-

SIDE (Cycles of Sea-Ice Dynamics in the Earth System) working group has focused on 

producing full glacial-interglacial sea ice reconstructions over the last 130 ka across the 

Southern Ocean, as only a handful of published and quantitative records extend past the 

last glacial period (Gersonde and Zielinksi, 2000; Crosta et al., 2004; Schneider-Mor et 

al., 2012; Esper and Gersonde 2014a; Ghadi et al. 2020; Jones et al., 2022). The lack of 

reconstructions has resulted in significant uncertainty in attributing changes in glacial-

interglacial CO2 concentration to sea-ice expansion despite numerous studies suggesting 

that sea ice may play a significant role (e.g., Stephens & Keeling, 2000; Stein et al., 2020). 

Several new studies are aimed at understanding changes in Antarctic sea ice over a full 

glacial-interglacial cycle and are producing new quantitative estimates that extend 

between 0 and 130 ka (MIS6) (Ghadi et al., 2020; Chadwick et al., 2020; 2022; Jones et 
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al., 2022). Attention has also focused on reconstructing the sea-ice extent during the warm 

interglacial period of MIS 5e (~130 to 116 ka BP), which represents a warmer-than-present 

climate by ~1°C (Fischer et al., 2018). MIS 5e could be used as an analog for future 

warming scenarios and help to understand the fate of Antarctic sea ice – and its associated 

feedbacks - in a warmer climate (e.g., Chadwick et al., 2020; 2022).   

Another important gap in our understanding is the lack of reliable summer sea ice 

(SSI) reconstructions (e.g., Esper and Gersonde, 2014). The main factor limiting past SSI 

reconstructions is the low sedimentation that occurs under perennial sea ice, although 

other factors such as enhanced dissolution and chronological uncertainties also contribute 

to difficulties in estimations (Gersonde and Zielinski, 2000; Gersonde et al., 2005). Past 

reconstructions, such as those in CLIMAP (1981), likely overestimated extent by placing 

the SSI edge around the present-day WSI edge. Our current estimates suggest that the 

LGM SSI extent was roughly 2-3 times greater than today (corresponding to 8-12 x 106 

km2) (Figure 8) (Gersonde et al., 2005; Lhardy et al., 2021; Green et al., 2022). The 

uncertainty around SSI extent is an important variable to constrain because it plays a key 

role in several physical oceanographic hypotheses, such as those by Ferrari et al. (2014), 

whose fundamental principles rest on an assumed SSI expansion of at least 5° latitude. 

As a result, the current lack of WSI estimates covering a full glacial-interglacial cycle and 

reliable SSI extents could lead to erroneous assumptions about past conditions and 

drivers of carbon sequestration. 

Finally, significant uncertainty exists in our current sea-ice modelling predictions, 

such as those produced by CMIP 5 and 6 (Coupled Model Intercomparison Project) for 

the IPCC (Intergovernmental Panel on Climate Change) report (IPCC, 2013; Roach et al., 

2020). The observed increase in sea-ice extent from 1979 to 2014 followed by the abrupt 

retreat of the ice edge since has been difficult to model, suggesting issues in our 

underlying understanding of sea ice dynamics (e.g., Maksym, 2019). As discussed earlier, 

sea ice exerts an important influence on the high latitude radiative budget, ocean 

circulation, and marine primary productivity, so our inability to reliably predict historical 

changes reduces confidence in future sea-ice scenarios. To begin resolving these 

uncertainties and refine our underlying understanding of sea-ice dynamics, we need to 

expand our understanding of past changes in sea-ice coverage and how changes in the 

Earth’s climate affect, and are affected by, sea ice. 
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2.0 Abstract 

Sea ice expansion in the Southern Ocean is believed to have contributed to glacial-
interglacial atmospheric CO₂ variability by inhibiting air-sea gas exchange and influencing 
the ocean’s meridional overturning circulation. However, limited data on past sea ice 
coverage over the last 140 ka (a complete glacial cycle) have hindered our ability to link 
sea ice expansion to oceanic processes that affect atmospheric CO2 concentration. 
Assessments of past sea ice coverage using diatom assemblages have primarily focused 
on the Last Glacial Maximum (~21 ka BP) to Holocene, with few quantitative 
reconstructions extending to the onset of glacial Termination II (~135 ka BP). Here we 

 
2 This thesis chapter has been published in Climate of the Past (available at 
https://cp.copernicus.org/articles/18/465/2022/). During the review process, an anonymous 
reviewer raised questions regarding the interpretation of the core’s age model. An overview of 
this discussion and the author’s response can be found in Appendix H. 
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provide new estimates of winter sea ice concentrations (WSIC) and summer sea surface 
temperatures (SSST) for a full glacial-interglacial cycle from the southwestern Pacific 
sector of the Southern Ocean using the Modern Analog Technique (MAT) on fossil diatom 
assemblages from deep-sea core TAN1302-96. We examine how the timing of changes 
in sea ice coverage relates to ocean circulation changes and previously proposed 
mechanisms of early glacial CO2 drawdown. We then place SSST estimates within the 
context of regional SSST records to better understand how these surface temperature 
changes may be influencing oceanic CO2 uptake. We find that winter sea ice was absent 
over the core site during the early glacial period until MIS 4 (~65 ka BP), suggesting that 
sea ice may not have been a major contributor to early glacial CO2 drawdown. Sea ice 
expansion throughout the glacial-interglacial cycle, however, appears to coincide with 
observed regional reductions in Antarctic Intermediate Water production and subduction, 
suggesting that sea ice may have influenced intermediate ocean circulation changes. We 
observe an early glacial (MIS 5d) cooling and a weakening of meridional SST gradients 
between 42˚ to 59˚S throughout the region, which may have contributed to early 
reductions in atmospheric CO2 concentrations through its impact on air-sea gas exchange. 

2.1 Introduction 

Antarctic sea ice has been suggested to have played a key role in glacial-

interglacial atmospheric CO2 variability (e.g., Stephens & Keeling, 2000; Ferrari et al., 

2014; Kohfeld & Chase, 2017; Stein et al., 2020). Sea ice has been dynamically linked to 

several processes that promote deep ocean carbon sequestration, namely by: [1] reducing 

deep ocean outgassing by ice-induced ‘capping’ and surface water stratification 

(Stephens & Keeling, 2000; Rutgers van der Loeff et al., 2014), and [2] influencing ocean 

circulation through water mass formation and deep-sea stratification, leading to reduced 

diapycnal mixing and reduced CO2 exchange between the surface and deep ocean 

(Toggweiler, 1999; Bouttes et al., 2010; Ferrari et al., 2014). Numerical modelling studies 

have shown that sea ice-induced capping, stratification, and reduced vertical mixing may 

be able to account for a significant portion of the total CO2 variability on glacial-interglacial 

timescales (between 40-80 ppm) (Stephens & Keeling, 2000; Galbraith & de Lavergne, 

2018; Marzocchi & Jansen, 2019; Stein et al., 2020). However, debate continues 

surrounding the timing and magnitude of sea ice impacts on glacial-scale carbon 

sequestration (e.g., Morales Maquede & Rahmstorf, 2002; Archer et al., 2003; Sun & 

Matsumoto, 2010; Kohfeld & Chase, 2017).  

Past Antarctic sea ice coverage has been estimated primarily through diatom-

based reconstructions, with most work focusing on the Last Glacial Maximum (LGM), 

specifically the EPILOG timeslice as outlined in Mix et al. (2001), corresponding to 23 to 

19 thousand years ago (ka) before present (BP). During the LGM, these reconstructions 
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suggest that winter sea ice expanded by 7-10° latitude (depending on the sector of the 

Southern Ocean), which corresponds to substantial expansion of total winter sea-ice 

coverage compared to modern observations (Gersonde et al., 2005; Benz et al., 2016; 

Lhardy et al., 2021). Currently, only a handful of studies provide quantitative sea-ice 

coverage estimates back to the penultimate glaciation, Marine Isotope Stage (MIS) 6 

(~194 to 135 ka BP) (Gersonde & Zielinksi, 2000; Crosta et al., 2004; Schneider-Mor et 

al., 2012; Esper & Gersonde 2014a; Ghadi et al. 2020). These studies primarily cover the 

Atlantic sector, with only one published sea ice record from each of the Indian (SK200-33 

from Ghadi et al., 2020), eastern Pacific (PS58/271-1 from Esper & Gersonde, 2014a), 

and southwestern Pacific sectors (SO136-111 from Crosta et al., 2004). These glacial-

interglacial sea ice records show heterogeneity between sectors in both timing and 

coverage. While the Antarctic Zone (AZ) in the Atlantic sector experienced early sea ice 

advance corresponding to MIS 5d cooling (i.e., 115 to 105 ka BP) (Gersonde & Zielinksi, 

2000; Bianchi & Gersonde, 2002; Esper & Gersonde, 2014a), the Indian and Pacific sector 

cores in the AZ show only minor sea ice advances during this time (Crosta et al., 2004; 

Ghadi et al., 2020). The lack of spatial and temporal resolution has resulted in significant 

uncertainty in our ability to evaluate the timing and magnitude of sea ice change during a 

full glacial cycle across the Southern Ocean, and to link sea ice to glacial-interglacial CO2 

variability.  

This chapter provides new winter sea ice concentration (WSIC) and summer sea 

surface temperature (SSST) estimates for the southwestern Pacific sector of the Southern 

Ocean over the last 140 ka BP. WSIC, which is a grid-scale observation of the mean state 

fraction of ocean area that is covered by sea ice over the sample period, and SSST 

estimates are produced by applying the Modern Analog Technique (MAT) to fossil diatom 

assemblages from sediment core TAN1302-96 (59.09°S, 157.05°E, water depth 3099 m). 

We place this record within the context of sea ice and SSST changes from the region 

using previously published records from SO136-111 (56.66°S, 160.23°E, water depth 

3912 m), which has recalculated WSIC and SSST estimates presented in this study, and 

nearby marine core E27-23 (59.61°S, 155.23°E; water depth 3182 m) (Ferry et al., 2015). 

Using these records, we compare the timing of sea ice expansion to early glacial-

interglacial CO2 variability to test the hypothesis that the initial CO2 drawdown (~115 to 

100 ka BP) resulted from reduced air-sea gas exchange in response to sea ice capping 

and surface water stratification (Kohfeld and Chase, 2017). We then consider alternative 
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oceanic drivers of early atmospheric CO2 variability and place our SSST estimates within 

the context of other studies to examine how regional cooling and a weakening in 

meridional SST gradients might affect air-sea disequilibrium and early CO2 drawdown 

(Khatiwala et al., 2019). Finally, we compare our WSIC estimates with regional 

reconstructions of Antarctic Intermediate Water (AAIW) production and subduction 

variability using previously published carbon isotope analyses on benthic foraminifera from 

intermediate to deep-water depths in the southwest Pacific sector of the Southern Ocean, 

to test the hypothesis that sea ice expansion is dynamically linked to AAIW production and 

variability (Ronge et al., 2015). 

 

2.2 Methods 

2.2.1 Study Site and Age Determination 

We reconstruct diatom-based WSIC and SSST using marine sediment core 

TAN1302-96 (59.09°S, 157.05°E, water depth 3099 m) (Figure 9). The 364 cm core was 

collected in March 2013 using a gravity corer during the return of the RV Tangaroa from 

the Mertz Polynya in Eastern Antarctica (Williams et al., 2013). The core is situated in the 

western Pacific sector of the Southern Ocean, on the southwestern side of the Macquarie 

Ridge, approximately 3-4° south of the average position of the Polar Front (PF) at 157°E 

(Sokolov & Rintoul, 2009).  
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Figure 9: Map of the southwestern Pacific sector of the Southern Ocean including the study site, TAN1302-
96 (blue circle), and additional published cores providing sea ice extent data, SO136-111 and E27-23 (green 
circles), SST reconstructions (red circles), and d13C of benthic foraminifera (yellow circles). Note that some 
cores may not appear present in the figure because of their proximity to other cores. Data for all cores are 
provided in Table 2. Dashed lines show the average location of the Subtropical and Polar Fronts (Smith et 
al., 2013; Bostock et al., 2015), and red and blue lines show mean positions of modern summer sea ice 
(SSI) and winter sea ice (WSI) extents, respectively (Reynolds et al., 2002; 2007).  

The age model for TAN1302-96 (Figures 10 and 11) was based on a combination 

of radiocarbon dating of mixed foraminiferal assemblages and stable oxygen isotope 

stratigraphy on Neogloboquadrina pachyderma (180-250 µm). Seven accelerator mass 

spectrometry (AMS) 14C samples were obtained (Table 4 in Appendix A) and consisted of 

mixed assemblages of planktonic foraminifera (N. pachyderma and Globigerina bulloides, 

>250 µm). Three of the seven radiocarbon ages (NZA 57105, 57109, and 61429) were

previously published in Prebble et al. (2017), and four additional samples (OZX 517-520)

were added to improve the dating reliability (Table 4 in Appendix A). OZX 519 and OZX

520 produced ages that were not distinguishable from background (>57.5 ka BP) and were



30 

subsequently excluded from the age model. The TAN1302-96 oxygen isotopes were run 

at the National Institute of Water and Atmospheric Research (NIWA) using the Kiel IV 

individual acid-on-sample device and analysed using Finnigan MAT 252 Mass 

Spectrometer. The precision is ±0.07% for δ18O and ±0.05% for δ13C.  

The age model was constructed using the ‘Undatable’ MATLAB software by 

bootstrapping at 10% and using an x-factor of 0.1 (Lougheed & Obrochta, 2019), which 

scales Gaussian distributions of sediment accumulation uncertainty (Table 5 in Appendix 

A). Below 100 cm, 9 tie points were selected at positions of maximum change in δ18O and 

were tied to the LR04 benthic stack (Lisiecki & Raymo, 2005) (Figure 10; Table 5 in 

Appendix A). Uncertainty associated with stratigraphic correlation to the LR04 stack has 

been estimated to be ± 4 ka (Lisiecki & Raymo, 2005). We used a conservative marine 

reservoir age (MRA) for radiocarbon calibration of 1000 +/- 100 years, in line with regional 

estimates in Paterne et al. (2019) and modelled estimates by Butzin et al. (2017; 2020). 

The age model shows that TAN1302-96 extends to at least 140 ka BP, capturing a full 

glacial-interglacial cycle. Linear sedimentation rates (LSR) in TAN1302-96 were observed 

to be higher during interglacial periods, averaging ~3.5 cm ka-1, compared to glacial 

periods, averaging ~2.5 cm ka-1. It is worth noting that there can be significant MRA 

variability over time due changes in ocean ventilation, sea ice coverage, and wind 

strength, specifically in the polar high latitudes (Heaton et al., 2020), and as a result, 

caution should be taken when interpreting the precision of radiocarbon dates. For more 

information on age model construction and selection, refer to Appendix H. 
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Figure 10: Age model of TAN1302-96. Red circles indicate the depth of AMS 14C samples and yellow circles 
indicate tie points between the TAN1302-96 oxygen isotope stratigraphy and the LR04 benthic stack 
(Lisiecki & Raymo, 2005). Two radiocarbon ages, OZX 519 & 520 (at 130 and 170 cm, respectively), were 
not included in the age model as they produced dates that were NDFB (not distinguishable from 
background). 
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Figure 11: Age model of TAN1302-96. Tie points are depicted as yellow dots and grey shading represents 
associated uncertainty between tie points. The age model used a marine reservoir calibration of 1000 +/- 
100 years. 

2.2.2 Diatom Analysis 

TAN1302-96 was sampled every 3-4 cm throughout the core except between 130-

180 cm, where samples were collected every 10 cm due to limited availability of sample 

materials (Table 6 in Appendix A). Diatom slide preparation followed two procedures. The 

first approach approximated the methods outlined in Renberg (1990), while the second 

followed the protocol outlined in Warnock & Scherer (2015). To ensure there were no 
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biases between preparation techniques, results from each technique were first visually 

compared followed by a comparison of sample means (see Figure 22 in Appendix B). No 

biases in the data were observed between methods.  

The first procedure was conducted at Victoria University of Wellington and Simon 

Fraser University on samples every 10 cm throughout the core. Sediment samples 

contained high concentrations of diatoms with little carbonaceous or terrigenous materials, 

so no dissolving aids were used. Instead, approximately 50 mg of sediment was weighed, 

placed into a 50 ml centrifuge tube, and topped up with 40 ml of deionized water. Samples 

were then manually shaken to disaggregate sediment, followed by a 10-second 

mechanical stir using a vortex machine. Samples were then left to settle for 25 seconds. 

0.25 mL of the solution was then pipetted onto a microscope slide from a consistent depth, 

where it was left to dry overnight. Once the sample had dried, coverslips were permanently 

mounted to the slide using Permount, a high refractive index mountant. Slides were 

redone if they contained too many diatoms and identification was not possible, or if they 

contained too few diatoms (generally <40 specimens per transect). Sediment sample 

weight was adjusted to achieve the desired dilution.  

The second procedure was conducted at Colgate University on samples every 3-

4 cm throughout the core. Oven-dried samples were placed into a 20 ml vial with 1-2 ml 

of 10% H2O2 and left to react for up to several days, followed by a brief (2-3 second) 

ultrasonic bath to disaggregate samples. The diatom solution was then added into a 

settling chamber, where microscope coverslips were placed on stages to collect settling 

diatoms. The chamber was gradually emptied through an attached spigot, and samples 

were evaporated overnight. Cover slips were permanently mounted onto the slides with 

Norland Optical Adhesive #61, a mounting medium with a high refractive index.  

Diatom identification was conducted at Simon Fraser University using a Leica Leitz 

DMBRE light microscope using standard microscopy techniques. Following transverses, 

a minimum of 300 individual diatoms were identified at 1000x magnification from each 

sample throughout the core. Individuals were counted towards the total only if they 

represented at least one-half of the specimen so that fragmented diatoms were not 

counted twice. Identification was conducted to the highest taxonomic level possible, either 

to the species or species-group level. Taxonomic identification training was completed 

prior to analysis and was aided by the help of Dr. Crosta and Dr. Leventer, who provided 
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numerous identification materials, including (but not limited to): Fenner et al. (1976); 

Fryxell & Hasle (1976; 1980); Johansen & Fryxell (1985); Hasle & Syversten (1997); 

Cefarelli et al. (2010); and Wilks & Armand (2017). The relative abundances were 

calculated by dividing the number of identified specimens of a particular species by the 

total number of identified diatoms from the sample. It is assumed that some differences in 

species identification and taxonomic groupings exist between studies; however, final 

datasets and relative abundances were reviewed during the WSIC and SST estimation 

stages by Dr. Crosta. In addition, verification of species identification for the same sample 

was conducted at least once to ensure that consistent identification and counting was 

occurring. 

Based on previously established taxonomic groups (Crosta et al., 2004), diatoms 

were grouped into one of three categories based on temperature preference and sea ice 

tolerance. The following main taxonomic groups were used (Table 1): 

[1] Sea Ice Group: representing diatoms that thrive in or near the sea ice margin
in SSTs generally ranging from -1 to 1 °C. 

[2] Permanent Open Ocean Zone (POOZ): representing diatoms that thrive in
open ocean conditions, with SSTs generally ranging from ~2 to 10 °C. 

[3] Sub-Antarctic Zone (SAZ): representing diatoms that thrive in warmer sub-
Antarctic waters, with SSTs generally ranging from 11 to 14 °C. 

Table 1: Species comprising each of the diatom taxonomic groups (updated from Crosta et al., 2004). 
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2.2.3 Modern Analog Technique 

Past WSIC and SSST (January to March) were estimated for TAN1302-96 and 

recalculated for SO136-111 by applying the Modern Analog Technique (MAT) to the fossil 

diatom assemblages, as outlined in Crosta et al. (1998; 2020). Summer (January to 

March) SST was estimated because it is considered to be a better explanatory variable 

than spring or annual SST (Esper et al., 2010; Esper & Gersonde, 2014b). The MAT 

reference database used for this analysis is comprised of 249 modern core top samples 

(analogs) located primarily in the Atlantic and Indian sectors from ~40°S to the Antarctic 

coast. The age of the core tops included in the reference database have been assessed 

through radiocarbon and/or isotope stratigraphy when possible. Core tops were visually 

evaluated for selective diatom dissolution, so it is believed that sub-modern assemblages 

contain well-preserved and unbiased specimens. Modern SSST and WSIC were 

interpolated from the reference core locations using a 1°x1° grid from the World Ocean 

Atlas (Locarnini et al., 2013) through the Ocean Data View (Schlitzer, 2005). The MAT 

was applied using the “bioindic” package (Guiot & de Vernal, 2011) through the R-

platform. Fossil diatom assemblages were compared to the modern analogs using 33 

species or species-groups to identify the five most similar modern analogs using both the 

LOG and CHORD distance. The dissimilarity threshold, above which the fossil 

assemblages are considered to be too dissimilar to the modern dataset, is fixed at the first 

quartile of random distances (Crosta et al., 2020). The reconstructed SSST and WSIC are 

the distance-weighted mean of the climate values associated with the selected modern 

analog (Guiot et al., 1993; Ghadi et al., 2020). Both MAT approaches produce an R2 value 

of 0.96 and a root mean square error of prediction (RMSEP) of ~1°C for SSST, and an R2 

of 0.93 and a RMSEP of 10% for WSIC (Ghadi et al. 2020). As outlined in Ferry et al., 

(2015), we consider <15% WSIC to represent an absence of winter sea ice, 15-40% WSIC 

as present but unconsolidated (i.e., patchwork or rafted), and >40% to represent 

consolidated (i.e., solid) winter sea ice. 

2.2.4 Additional Core Data 

We use additional published marine cores from the southwestern Pacific 

throughout this analysis (Table 2), for WSIC comparisons (E27-23), %AAIW calculations 

(MD06-2990/SO136-003, MD06-2986, and MD97-2120), and regional SST gradient 

comparisons (SO136-003, FR1/94-GC3, ODP 1119-181, DSDP 594, and Q200). 
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Table 2: Additional data on published marine cores used throughout this analysis. 

Core Name Latitude Longitude Depth Age Model Reference Data Assessed Data Source 

TAN1302-96 59.09°S 157.05°E 3099 m This study WSIC; SST This study 

SO136-111 56.66°S 160.23°E 3912 m Crosta et al. (2004) WSIC; SST Crosta et al. (2004);  
recalculated in this study 

E27-23 57.65°S 155.23°E 3182 m Ferry et al. (2015) WSIC Ferry et al. (2015) 

MD06-2990 42.01°S 169.92°E 943 m Ronge et al. (2015) δ13C Ronge et al. (2015) 

MD06-2986 43.45°S 167.9°E 1477 m Ronge et al. (2015) δ13C Ronge et al. (2015) 

MD97-2120 45.54°S 174.94°E 121 0m Pahnke & Zahn (2005) δ13C Pahnke & Zahn (2005) 

SO136-003 42.3°S 169.88°E 958 m Pelejero et al. (2006);  
Barrows et al. (2007) δ13C; SST Pelejero et al. (2006);  

Ronge et al. (2015) 

FR1/94-GC3 44.25°S 149.98°E 2667 m Pelejero et al. (2006) SST Pelejero et al. (2006) 

ODP 1119-181 44.75°S 172.39°E 396 m Wilson et al. (2005) SST Wilson et al. (2005);  
Hayward et al. (2008) 

DSDP 594 45.54°S 174.94°E 1204 m Nelson et al. (1985);  
Kowalski & Meyers (1997) SST Schaefer et al. (2005) 

Q200 45.99°S 172.02°E 1370 m Waver et al., 1998 SST Weaver et al. (1998) 

2.3 Results 

2.3.1 TAN1302-96 Diatom Assemblage Results 

In this core, fifty-one different species or species groups were identified, of which 

33 were used in the transfer function. These 33 species represent >82% of the total diatom 

assemblages (mean of 92%). Permanent Open Ocean Zone (POOZ) diatoms made up 

the largest proportion of diatoms identified, representing between 72-91% of the 

assemblage (Figure 12), with higher values observed during warmer interstadial periods 

of MIS 1, 3, and 5. Sea ice diatoms made up the second most abundant group, 

representing between 0.5-7.5% of the assemblage, with higher values observed during 

cooler stadial periods (MIS 2, 4, and 6). The Sub-Antarctic Zone group had relatively low 

abundances, with higher values occurring during warmer interstadial periods (MIS 5 and 

the Holocene) and briefly during MIS 4 at ~65 ka BP.  
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Figure 12: Diatom assemblages results from TAN1302-96 separated into % contribution from each 
taxonomic group (Sea ice Group, POOZ, and SAZ; see Table 1) over a full glacial-interglacial cycle. Using 
the Modern Analog Technique (MAT), winter sea ice concentration (WSIC) and summer sea surface 
temperature (SSST) were estimated and compared against the δ18O signature of TAN1302-96. 

2.3.2 TAN1302-96 SSST and WSIC Estimates 

There were no non-analog conditions (i.e., fossil assemblages that have no 

modern equivalent) observed in TAN1302-96 samples and all estimates were calculated 

on five analogs. Estimates of SSST and WSIC from both LOG and CHORD MAT outputs 

produced similar results (Figure 12). During Termination II, SSST began to rise from ~1°C 

at 140 ka BP (MIS 6) to ~4.5°C at 132 ka BP (MIS 5e/6 boundary). This warming 

corresponded with a decrease in WSIC from 48% to approximately 0% over the same time 

periods (Figure 12). Reconstructed SSST were variable throughout MIS 5e, reaching a 

maximum value of ~4.5°C at 118 ka BP, after which they declined throughout MIS 5. 

During this period of SSST decline, winter sea ice was largely absent, punctuated by brief 

periods during which sea ice was present but unconsolidated (WSIC = ~15% and 17% at 
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105 and 85 ka BP, respectively). During MIS 4 (71 to 57 ka BP), SSST cooled to between 

roughly 1°C and 3°C, and sea ice expanded to 36%, such that it was present but 

unconsolidated for intervals of a few thousand years. SSST increased slightly from 1.5°C 

at 61 ka BP (during MIS 4) to ~2.5°C at 50 ka BP (during MIS 3), followed by a general 

cooling trend into MIS 2. Sea ice appears to have been largely absent during MIS 3 (57 to 

29 ka BP), although sampling resolution is low, but increased rapidly to 48% cover during 

MIS 2 where winter sea ice was consolidated over the core site. During MIS 2, SSST 

cooled to a minimum of <1°C at 24.5 ka BP. After 18 ka BP, the site rapidly transitioned 

from cool, ice-covered conditions to warmer, ice-free winter conditions during the early 

deglaciation. This warming was interrupted by a brief cooling around 13.5 ka BP, following 

which SSST quickly reached their maximum values of ~5°C at 11.5 ka BP and remained 

relatively high throughout the rest of the Holocene. Winter sea ice was not present during 

the Holocene.  

2.3.3 SO136-111 SSST and WSIC Recalculation 

In core SO136-111, the 33 species included in the transfer function represent 

values >79% of the total diatom assemblages (mean of 91%). There were no non-analog 

conditions observed in SO136-111 samples and all estimates were calculated on five 

analogs. Recalculated estimates of SSST and WSIC from both LOG and CHORD MAT 

outputs produced similar results for SO136-111 (Figure 13a, 13d). During Termination II, 

SSST rose from ~2°C at 137 ka BP (MIS 6) to a maximum value of 6°C at 125 ka BP (MIS 

5e), corresponding to a rapid decline in WSIC from 37% to ~0% during the same period. 

SSST remained relatively high (between 4 and 5°C) from 125 ka BP until 115 ka BP where 

they declined to ~2°C. SSST remained variable from 110 ka BP until ~40 ka BP, fluctuating 

between ~2°C and 4°C. Winter sea ice was largely absent during MIS 5, with a brief period 

where sea ice was present but unconsolidated (WSIC = 17% at 84 ka). Beginning at ~76 

ka BP, WSIC began to increase and continued throughout early MIS 4 to a maximum 36% 

at 69 ka BP. WSIC remained present but unconsolidated throughout most of MIS 3 and 2 

with brief periods of absence (WSIC = <15%) lasting a few thousand years. SSST and 

WSIC reached their coolest values and highest concentration at 24.5 ka before SSST 

increased to ~5°C and stabilized throughout the Holocene, while WSIC declined to 

virtually 0% throughout the same period.   



39 

2.4 Discussion 

2.4.1 Regional SSST and WSIC Estimates 

The new WSIC and SSST estimates from TAN1302-96 and recalculated WSIC 

estimates from SO136-111 show a relatively coherent regional pattern (Figure 13). 

TAN1302-96 shows slightly higher concentrations during MIS 2 (max WSIC = 48% at 24.5 

ka BP) and 4 (max WSIC = 37% at 65 ka BP) compared with SO136-111 (max WSIC = 

35% at 24.5 ka BP and 36% at 68 ka BP, respectively), which can be explained by a more 

poleward position of TAN1302-96 relative to SO136-111. WSIC estimates in TAN1302-96 

also appear to be more variable during MIS 4 compared to SO136-111, which may be a 

result of the differences in sampling resolution between the two cores. The estimates 

between cores differ during MIS 3, with seemingly lower WSIC in TAN1302-96 than in 

SO136-111, which might also result from the low sampling resolution in TAN1302-96 

during this period. Overall, these cores show a similar and coherent history of sea ice over 

the last 140 ka BP. 
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When compared with E27-23 (Figure 13b), which is located only ~120 km to the 

southwest of TAN1302-96, the TAN1302-96 core shows lower estimates of WSIC, 

especially during MIS 3. During early and mid-MIS 2, both cores show similar WSIC 

estimates, while later in MIS 2 (~17 ka BP), E27-23 records a maximum WSIC of 72% 

compared to only 22% at TAN1302-96. A discrepancy between estimates is also observed 

during the Holocene, with E27-23 reporting sea ice estimates of up to nearly 50% during 

the mid-Holocene (~6 ka BP), while TAN1302-96 experienced values well below the 

RMSEP of 10%.  

Possible explanations for the observed differences in WSIC estimates include: [1] 

differences in statistical applications; [2] lateral sediment redistribution; [3] differences in 

laboratory protocols; [4] differences in diatom identification/counting methodology; and [5] 

selective diatom dissolution. Of these explanations, we believe that [1] and [2] are the 

most likely candidates and are discussed below (for further discussion on [3], [4], and [5], 

see Appendix C).  

The first possible explanation is the use of different statistical applications. Ferry 

et al. (2015) used a Generalized Additive Model (GAM) to estimate WSIC for both E27-23 

and SO136-111, while we have used the MAT for TAN1302-96 and SO136-111. Ferry et 

al. (2015) provide a comparison of the WSI estimates for both the MAT (published in 

Crosta et al. 2004) and GAM from SO136-111, which show that the GAM tended to 

produce higher WSIC estimates relative to the MAT. This difference could indicate a small 

bias between the GAM and MAT estimations, although we believe it is unlikely that 

statistical approaches alone could explain the larger difference (i.e., 50%) observed 

between E27-23 and TAN1302-96 in this study. 

The second possible explanation involves lateral sediment redistribution and 

focusing by the ACC. Sediment redistribution refers to the resuspension and lateral 

redeposition of sediments, which can result in erroneous interpretations of overlying 

waters and past environmental conditions. We estimated sediment focusing for E27-23 

using 230Th data from Bradtmiller et al. (2009) together with dry bulk density estimated 

using calcium carbonate content (Froelich, 1991). Both sedimentation rates and focusing 

factors (FF) for the E27-23 are relatively high (max. = ~35 cm ka-1 and 26, respectively) 

during the LGM and Holocene, which could influence the reliability of WSIC and SSST 

estimation (see Figure 23 in Appendix C). Several peaks in focusing occurring around 16, 
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12, and 3 ka BP appear to closely correspond to periods of peak WSIC (~67%, ~54%, and 

~35%, respectively), suggesting a possible link. Lateral redistribution could artificially 

increase or decrease relative abundances of some diatom groups, which could lead to 

over- or under-estimations of sea ice coverage. Thorium analysis for TAN1302-96 is 

beyond the scope of this study; however, future work could help address this uncertainty. 

2.4.2 The Role of Sea Ice on Early CO2 Drawdown 

Kohfeld & Chase (2017) hypothesized that the initial drawdown of atmospheric 

CO2 (~35 ppm) during the glacial period of MIS 5d (~115 to 100 ka BP) was primarily 

driven by sea ice capping and a corresponding stratification of surface waters, which 

reduced the CO2 outgassing of upwelled carbon-rich waters. This hypothesis is supported 

by several lines of evidence, including: [1] sea salt sodium (ssNA) archived in Antarctic 

ice cores, suggesting sea ice expansion near the Antarctic continent (Wolf et al., 2010); 

[2] δ
15
N proxy data from the central Pacific sector of the Southern Ocean, suggesting

increased stratification south of the modern-day Antarctic Polar Front (Studer et al., 2015);

and [3] diatom assemblages in the Permanent Open Ocean Zone (POOZ) of the Atlantic

sector, suggesting a slight cooling and northward expansion of sea ice during MIS 5d

(Bianchi & Gersonde, 2002). Our data address this hypothesis by providing insights into

early sea ice expansion into the polar frontal zone of the western Pacific sector.

Our data show that, in contrast to the Atlantic sector (Bianchi & Gersonde, 2002), 

there does not appear to be any evidence of sea ice expansion in the southwestern Pacific 

during MIS 5d at either the TAN1302-96 or SO136-111 core sites (Figure 13). 

Unfortunately, the lack of spatially extensive quantitative records extending back to 

Termination II limits our ability to estimate the timing and magnitude of sea ice changes 

for regions poleward of 59°S in the southwestern Pacific. We anticipate, however, that an 

advance in the sea ice edge, consistent with those outlined in Bianchi and Gersonde 

(2002), likely would have reduced local SST as the sea ice edge advanced closer to the 

core site. Indeed, the TAN1302-96 SSST record does show a decrease to ~2°C (observed 

at 108 ka BP), which quickly rebounded to ~4°C by ~102 ka BP (Figure 13). However, this 

SSST drop occurred roughly 7 ka BP after the initial CO2 reduction, suggesting that the 

CO2 drawdown event and local SSST reduction may not be linked. Thus, while we cannot 

rule out the possibility of modest sea ice advances or consolidation of pre-existing sea ice 
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(particularly to the south of the core sites), the quantitative WSI and SSST reconstructions 

suggest that sea ice cover over our core site was limited during glacial inception.  

Given that sea ice was not at its maximum extent during the early glacial, it stands 

to reason that any reductions to air-sea gas exchange in response to the hypothetically 

expanded sea ice would not have been at its maximum impact either. Previous modeling 

work has suggested that the maximum impact of sea ice expansion on glacial-interglacial 

atmospheric CO2 reductions ranged from 5 to 14 ppm (Kohfeld and Ridgwell, 2009). More 

recent modeling studies are consistent with this range, suggesting a 10-ppm reduction 

(Stein et al., 2020), while some studies even suggest a possible increase in atmospheric 

CO2 concentrations due to sea ice expansion (Khatiwala et al., 2019). Furthermore, Stein 

et al. (2020) suggest that the effects of sea ice capping would have taken place after 

changes in deep ocean stratification had occurred and would have contributed to CO2 

drawdown later during the mid-glacial period. These model results, when combined with 

our data, suggest that even if modest sea ice advances did take place during the early 

glacial (i.e., MIS 5d), their impacts on CO2 variability likely would have been modest, 

ultimately casting doubt on the hypothesis that early glacial CO2 reductions of 35 ppm can 

be linked solely to the capping and stratification effects of sea ice expansion.  

2.4.3 Other Potential Contributors to Early Glacial CO2 Variability 

The changes observed in WSIC and SSST from TAN1302-96 suggest that sea ice 

expansion was likely not extensive enough early in the glacial cycle for a sea ice capping 

effect to be solely responsible for early atmospheric CO2 drawdown. This leaves open the 

question of what may have contributed to early drawdown of atmospheric CO2. In terms 

of the ocean’s role, we highlight three contenders: [1] a potentially non-linear response 

between sea ice coverage and CO2 sequestration potential; [2] links between sea ice 

expansion and early changes in global ocean overturning, and [3] the impact of cooling on 

air-sea disequilibrium in the Southern Ocean. 

The first possible explanation considers that not all sea ice has the same capacity 

to facilitate or inhibit air-sea gas exchange. We previously suggested that because sea 

ice was not at its maximum extent during MIS 5d, the contribution of sea ice on CO2 

sequestration would likely not be at its maximum extent either. However, this assumes a 

linear relationship between sea ice coverage and CO2 sequestration potential. We know 
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that different sea ice properties, such as thickness and temperature, determine overall 

porosity, with thicker and colder sea ice being less porous and more effective at reducing 

air-sea gas exchange compared to thinner and warmer sea ice (Delille et al., 2014). It is 

therefore possible that if modest sea ice advances took place closer to the Antarctic 

continent (and were therefore not captured by TAN1302-96), they may have been more 

effective at reducing CO2 outgassing either by experiencing some type of reorganization 

or consolidation, or through a change in properties such as temperature or thickness. It is 

also possible that sea ice coverage over some regions leads to more effective capping, 

while in other regions sea ice growth contributes only to marginal reductions in air-sea gas 

exchange. This, theoretically, could point to a non-linear response between sea ice 

expansion and CO2 sequestration potential, and thus modest sea ice growth around the 

Antarctic continent could have contributed in part to the ~35 ppm initial CO2 drawdown 

event. While this is theoretical and cannot be adequately addressed in this analysis, it is 

worthy of deeper consideration. 

The second possible explanation involves changes in the global overturning 

circulation. Kohfeld and Chase (2017) previously examined the timing of changes in δ13C 

of benthic foraminifera solely from the Atlantic basin and observed that the largest 

changes in the Atlantic Meridional Overturning Circulation (AMOC) coincided with the mid-

glacial reductions in atmospheric CO2 changes mentioned above. Subsequent work of 

O’Neill et al. (2020) examined whole-ocean changes in δ13C of benthic foraminifera and 

noted that the separation between δ13C values of abyssal and deep ocean waters – and 

therefore the isolation of the abyssal ocean - was actually initiated between MIS 5d and 

MIS 5a (114 to 71 ka BP). Evidence for early changes in abyssal circulation and reductions 

in deep-ocean overturning have also been detected in Indian Ocean δ13C records (Govin 

et al., 2009). More recently, Indian Ocean eNd records (Williams et al., 2021) have 

suggested that the abyssal ocean may have responded to sea ice changes around the 

Antarctic continent early in the glacial cycle, with colder and more saline AABW forming 

as sea ice expanded near the continent. If indications of an early-glacial response in the 

global ocean circulation in the Indo-Pacific are correct, these data may also point to an 

elevated importance of sea ice near the Antarctic continent in triggering early, deep-ocean 

overturning changes. 

The third possible explanation involves changes in surface ocean temperature 

gradients in the Southern Ocean, and how they could influence air-sea gas exchange. 
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Several recent studies have pointed to the importance of changes to air-sea 

disequilibrium, which, in this case, refers to the undersaturation of carbon in surface 

waters relative to atmospheric concentrations, as a key contributor to CO2 uptake in the 

Southern Ocean (Eggleston & Galbraith, 2018; Marzocchi & Jansen 2019; Khatiwala et 

al. 2019). Khatiwala et al. (2019) suggested that modelling studies have traditionally 

underrepresented (or neglected) the role of air-sea disequilibrium in amplifying the impact 

of cooling on potential CO2 sequestration in the mid-high southern latitudes during glacial 

periods. In the modern ocean, the slow air-sea gas exchange of CO2 due to the carbon 

buffering chemistry (~1 year) results in the the surface waters in the Southern Ocean 

remaining undersaturated in CO2 (Khatiwala et al., 2019). Thus, a weakening of the SST 

gradients between the polar and mid-latitude surface waters would slow surface currents 

and allow for a more complete equilibration of the surface waters, ultimately leading to a 

net drawdown of CO2 (Khatiwala et al., 2019). They argue that when the full effects of air-

sea disequilibrium are considered, this mid-latitude surface cooling can result in a 44 ppm 

decrease due to temperature-based solubility effects alone. They attributed this increased 

impact of SST to a reduction in sea-surface temperature gradients explicitly in polar mid-

latitude regions (roughly between 40° and 60° north and south).  

If we compare the SST gradients in the southwest Pacific sector over the last 

glacial-interglacial cycle (Figure 14), we see an early cooling response between MIS 5e-

d corresponding to roughly half of the full glacial cooling, specifically in the cores located 

south of the modern STF. While not quantified, Bianchi and Gersonde (2002) also 

described a weakening of meridional SST gradients between the Subantarctic and 

Antarctic Zones during MIS 5d in the Atlantic sector. Although this analeysis is based on 

sparse data, our SSST reconstructions are consistent with the notion that surface ocean 

cooling, a weakening of meridional SST gradients, and changes to the overall air-sea 

disequilibrium could allow more carbon to be absorbed into the oceans and may be 

responsible for at least some portion of the early CO2 drawdown. Further SST estimates 

from the region, and from the global ocean, are needed to substantiate this hypothesis. 
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plays a critical role in regional water mass formation. Brine rejection results in net 

buoyancy loss in regions of sea ice formation, while subsequent melt results in freshwater 

inputs and net buoyancy gains near the ice margin (Shin et al., 2003; Pellichero et al., 

2018). This increased freshwater input and buoyancy gain near the ice margin can hinder 

AAIW subduction, with direct and indirect impacts on both the upper and lower branches 

of the meridional overturning circulation (Pellichero et al., 2018).  

Previous research has used δ13C in benthic foraminifera to track changes in the 

depth of the interface between AAIW and Upper Circumpolar Deep Water (UCDW) 

(Pahnke and Zahn, 2005; Ronge et al., 2015). Low δ13C values are linked to high nutrient 

concentrations found at depths below ~1500 m in the UCDW, and higher δ13C values are 

associated with the shallower AAIW waters (Figure 13). Marine sediment core MD97-2120 

(45.535°S, 174.9403°E, core depth 1210 m) was retrieved from a water depth near the 

interface between the AAIW and UCDW water masses (Pahnke & Zahn, 2005). Over the 

last glacial-interglacial cycle, fluctuations in the benthic δ13C values from MD97-2120 

suggest that the core site was intermittently bathed in AAIW and UCDW, and that the 

vertical extent of AAIW fluctuated throughout the last glacial-interglacial cycle. Ronge et 

al. (2015) used the δ13C values from MD97-2120 and other core sites to quantify the 

contributions of AAIW to the waters overlying MD97-2120 (%AAIW, Appendix D). These 

results suggest that during warm periods, MD97- 2120 exhibited more positive δ13C 

values, corresponding to higher %AAIW, while cooler periods exhibited more negative 

values, corresponding to lower %AAIW (Figure 13). This suggests that during cooler 

periods, the AAIW-UCDW interface shoaled, reducing the total volume of AAIW and 

indirectly causing an expansion of UCDW (Ronge et al., 2015).  

Our comparison between %AAIW and regional WSIC estimates suggest a strong 

link between the two (Figure 13). Specifically, we observe that AAIW shoaled and UCDW 

expanded (i.e., %AAIW is low) during periods when sea ice expansion occurred. In 

contrast, during periods of low WSIC, a reduced seasonal sea ice cycle, and warmer 

summer sea surface temperatures (e.g., MIS 5e), %AAIW is observed to be high. This 

correlation supports the idea that increased concentrations of regional sea ice resulted in 

a substantial summer freshwater flux into the AAIW source region. This regional 

freshening likely promoted a shallower subduction of AAIW and a corresponding 

volumetric expansion of UCDW, which can be seen by the isotopic offset of the δ13C 
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increasing density stratification and reducing diapycnal mixing, especially in simulations 

where brine rejection is enhanced near the Antarctic continental slope and open ocean 

vertical mixing (and subsequent CO2 outgassing) is reduced (Bouttes et al. 2010; 2012; 

Menviel et al. 2012). These simulations suggest a resulting CO2 sequestration of 20-40 

ppm into the deep ocean.  

Taken collectively, the available data show that sea ice expansion, AAIW-UCDW 

shoaling, changes in the AMOC, and a decrease in atmospheric CO2 all occur 

concomitantly during MIS 4 (Figure 13). It appears likely, therefore, that sea-ice expansion 

during this time influenced intermediate water density gradients through increased 

freshening and consequent shoaling of AAIW. These changes may have led to a 

volumetric expansion in carbon-rich deep waters, and may also have increased the 

efficiency of the carbon pump and increased CO2 uptake by phytoplankton (Sigman et al., 

2021). This appears to have occurred while simultaneously influencing deep-ocean 

density, and therefore stratification, through brine rejection and enhanced deep-water 

formation, which ultimately lead to decreased ventilation (Abernathey et al., 2016). These 

changes in ocean stratification, combined with the sea ice ‘capping’ mechanism, appear 

to agree with both the recent modelling efforts (Stein et al., 2020) and observed proxy 

data, and fit well within the hypothesis that mid-glacial CO2 variability was primarily the 

result of a more sluggish overturning circulation (Kohfeld & Chase, 2017). 

2.5 Summary & Conclusion 

This study presents new WSIC and SSST estimates from marine core TAN1302-

96, located in the southwestern Pacific sector of the Southern Ocean. We find that the 

WSIC remained low during the early glacial cycle (MIS 5, ~130 to 70 ka BP), expanded 

during the middle glacial cycle (MIS 4, ~65 ka BP), and reached its maximum just prior to 

the LGM (MIS 2, ~24.5 ka BP). These results largely agree with nearby core SO136-111 

but display some differences in WSIC magnitude with E27-23. This discrepancy may be 

explained by differences in statistical applications and/or lateral sediment redistribution, 

although more analysis is required to determine the exact cause(s). 

The lack of changes in SSST and the absence of winter sea ice over the core site 

during the early glacial suggests that the sea ice capping mechanism and corresponding 

surface stratification in this region is an unlikely cause for early CO2 drawdown, and that 
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alternative hypotheses should be considered when evaluating the mechanism(s) 

responsible for the initial drawdown. More specifically, we consider the impact of changes 

in SSST gradients between ~40˚ to 60˚S and support the idea that changes in air-sea 

disequilibrium associated with reduced sea-surface temperature gradients could be a 

potential mechanism that contributed to early glacial reductions in atmospheric CO2 

concentrations (Khatiwala et al., 2019). Another key consideration is the potentially non-

linear response between sea ice expansion and CO2 sequestration potential (i.e., that not 

all sea ice is equal in its capacity to sequester carbon). More analyses are required to 

adequately address this.  

We also observe a strong link between regional sea ice concentrations and vertical 

fluctuations in the AAIW-UCDW interface. Regional sea ice expansion appears to coincide 

with the shoaling of AAIW, likely due to the freshwater flux from summer sea ice melt 

increasing buoyancy in the AAIW formation region. Furthermore, major sea ice expansion 

and AAIW shoaling occurs during the middle of the glacial cycle and is coincident with 

previously recognized shoaling in AMOC and mid-glacial atmospheric CO2 reductions, 

suggesting a mechanistic link between sea ice and ocean circulation.  

In conclusion, this paper has focused exclusively on sea ice as a driver of physical 

changes, but we recognize that these changes in sea ice will be accompanied by multiple 

processes that interact and compete with each other. Marzocchi & Jansen (2019) note 

that teasing apart the individual components of CO2 fluctuations is complicated because 

of interactions between sea ice capping, air-sea disequilibrium, AABW formation rates, 

and the biological pump. We recognize that these processes may not act independently, 

and as such, have contributed new data to help advance our collective understanding of 

the role of sea ice on influencing atmospheric CO2 variability on a glacial-interglacial time 

scale. 
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Chapter 3: Reconstructing Opal Burial from TAN1302-96: 
Insights into the Role of Sea Ice, Migrating Fronts, and the 
Effects of Dilution and Dissolution 

3.0 Abstract 

Reconstructing past opal burial in the Southern Ocean can provide useful information on 
the contribution of diatoms to biological productivity in the surface ocean and the degree 
of silica (Si) utilization, which can help shed light on surface ocean conditions during 
past glacial-interglacial periods. The Subantarctic and Antarctic Polar Front Zones of the 
Southern Ocean are areas of particular interest to studying changes in opal burial 
because of the proximity to intermediate water source regions which supply nutrients to 
the mid- and low latitudes and help sequester carbon into the deep ocean. Changes in 
opal burial rates can be influenced by environmental conditions, such as sea-ice 
coverage or iron deposition, or by water column and sedimentation processes, such as 
preservation, dilution, and lateral sediment redistribution. This chapter presents newly 
measured opal concentrations from marine core TAN1302-96 over the last 140 ka and 
compares them with previously calculated sea-ice estimates, CaCO3, and iron (Fe) 
concentrations, and mass accumulation rates, to better understand the larger processes 
that govern opal burial in this region. The results from this analysis suggest that periods 
of extended sea-ice coverage and warm, interglacial periods when the Antarctic Polar 
Front migrated poleward both coincided with periods of reduced opal burial. In contrast, 
increased productivity during warm, interglacial periods may have driven higher opal 
burial rates than those observed during the glacial period. There are several possible 
ways of interpreting changes in opal burial over the last glacial-interglacial cycle within 
the larger context of multiple proxies, although limited interpretations can be drawn with 
the current dataset. The current lack of constant flux proxies (i.e., a U-Th systematics 
analysis) inhibits our ability to determine if the sediment was deposited vertically or if it 
was subject to lateral redistribution, which would alter interpretations. Currently, a U-Th 
systematics analysis is being conducted on TAN1302-96, although the results are 
pending at the time of writing.  

 

3.1 Introduction 

Reconstructing biogenic opal concentrations (i.e., biologically produced silica (Si)) 

and burial rates from marine sediment cores can provide useful information on past 

surface conditions, such as ocean circulation and frontal locations (Cortese et al., 2004; 

Honjo, 2004), rates of upwelling and nutrient availability (Anderson et al., 2009), and 

overall diatom productivity (Mortlock et al., 1991). Numerous factors contribute to diatom 

productivity at the sea surface, including sea ice coverage (e.g., Burckle & Mortlock, 1998; 

Chase et al., 2003; Chase et al., 2015), nutrient availability (e.g., Martin et al., 1990; 
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Sigman et al., 2002; Anderson et al., 2009), and favourable environmental conditions, 

such as adequate sunlight and a shallow mixed layer (Chase et al., 2015). However, 

additional processes throughout the water column and during sedimentation can 

complicate interpretations. These processes include enhanced (or decreased) 

preservation (e.g., Emerson & Archer, 1990; Archer et al., 1993; Howard & Prell, 1994), 

relative dilution by other sedimentary components, and lateral sediment redistribution (i.e., 

postdepositional redistribution) (Chase et al., 2003; Francois et al., 2004). Accurate 

interpretation of past opal burial is an important component in evaluating the past 

efficiency of the biological pump, which describes processes that work to remove CO2 and 

inorganic nutrients from the surface waters and ‘pump’ them into the deep ocean via 

photosynthesis and subsequent gravitational settling (Anderson et al., 2002; Stukel & 

Ducklow, 2017). While the biological pump operates inefficiently in the Southern Ocean 

today (Sigman et al., 2021), this may not always have been the case. Past changes in its 

efficiency have been proposed to be able to account for a significant proportion of the total 

glacial-interglacial CO2 variability, with ‘best’ estimates around 15 to 20 ppm (Röthlisberger 

et al., 2004; Kohfeld & Ridgwell, 2009).  

Changes in opal burial are particularly relevant to the silicic acid leakage 

hypothesis (SALH), initially proposed by Brzezinski et al. (2002) and Matsumoto et al. 

(2002).  This hypothesis suggests that during glacial periods, excess silicic acid (Si(OH)4) 

from the Southern Ocean was exported via intermediate waters and supplied mid-latitude 

regions with sufficient silicic acid to allow diatoms to outcompete CaCO3-bearing 

phytoplankton, ultimately leading to net CO2 drawdown. Proposed mechanism(s) that 

could have caused the increased supply of silicic acid to escape the Southern Ocean 

include [1] an increase in iron (Fe) supply, which decreased the Si:N uptake ratio of 

diatoms in the Southern Ocean (SO) (Takeda, 1998), or [2] an increase in sea ice 

coverage, which decreased the Si uptake in the region covered by sea ice (Chase et al., 

2003; Matsumoto et al., 2014). The leakage of silicic acid from the Antarctic region is 

proposed to have caused a “dipole” in diatom productivity on either side of the winter sea 

ice edge (approximately the modern Antarctic Polar Front (APF) during the Last Glacial 

Maximum (LGM), ~21 ka), with lower rates of productivity occurring to the south and higher 

productivity to the north (Charles et al., 1991; Mortlock et al., 1991; Chase et al., 2003; 

Bradtmiller et al., 2009: Benz et al., 2016). Large-scale reconstructions of opal export 

support the presence of the proposed dipole in the Southern Ocean during the last glacial 
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period (e.g., Kohfeld et al., 2005; Bradtmiller et al., 2009; Kohfeld et al., 2013), although 

reconstructions from the eastern equatorial Pacific have shown that the silicic acid 

enhancement caused by the leakage was likely not occurring on the scale proposed by 

Brzezinski et al. (2002) and Matsumoto et al. (2002) (Dubois et al., 2010). 

The Subantarctic Zone and Antarctic Polar Front Zones of the southwestern Pacific 

are important to the formation of Antarctic Intermediate Waters (AAIW), which contribute 

biologically important nutrients and carbon to the interior waters of the Pacific Ocean 

(Panassa et al., 2018). Glacial-interglacial changes in sea ice, frontal systems, nutrients, 

and Fe inputs could influence how the waters of this region are preconditioned, thereby 

influencing downstream processes where these intermediate waters upwell, such as mid- 

and low-latitude primary production and carbon sequestration (e.g., Pahnke & Zahn, 2005; 

Ronge et al., 2015). Past work has shown that this part of the world is affected by both 

sea-ice expansion (e.g., Crosta et al., 2004; Ferry et al., 2015; Benz et al., 2016; Jones et 

al., 2022) and changes in Fe deposition during glacial-interglacial cycles (e.g., Wu et al., 

2021; Durand et al. 2017); although most dust-related work is focused either in the central 

and southeast Pacific (Lamy et al., 2015) or north in the Sub-Antarctic Zone (SAZ) and 

Subtropical Front Zones (STF). Previous studies have provided examinations of changes 

in sea ice (e.g., Benz et al., 2016) and opal burial (Chase et al., 2003; Bradtmiller et al., 

2009) during the LGM and Holocene time periods, but few have examined the temporal 

relationships between opal concentration, iron, and sea ice to better understand the 

interplay between these factors through time.  

Within this chapter, I compare winter sea-ice estimates provided in Chapter 2 with 

newly measured opal concentrations from marine sediment core TAN1302-96 and 

previously collected calcium carbonate (CaCO3) and iron (Fe) concentrations. I explore 

the influences that sea-ice expansion and iron deposition may have had on opal burial 

and consider the additional effects that changes in productivity, preservation, and dilution 

may have had on opal concentration. Opal is of particular importance in this region, as the 

degree of Si utilization in the Southern Ocean has been hypothesized to have modulated 

atmospheric CO2 in the past (Chase et al., 2015).  

The analysis presented in this chapter represent the first step in a larger research 

study designed to understand the interactions between sea ice, iron deposition, and 

changes in marine productivity. Analyses are planned to provide a better understanding 
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of changes in surface ocean productivity using 231Pa/230Th (Anderson et al., 1983; Kumar 

et al., 1993) and deep ocean preservation using authigenic Uranium concentrations (e.g., 

Chase et al., 2003). Furthermore, the addition of 230Th measurements (known as a 

“constant flux proxy”) (Francois et al., 2004) will be used to a to account for uncertainties 

associated with the impact of lateral sediment redistribution on biogenic accumulation 

rates. This ‘U-Th systematics’ analysis for TAN1302-96 is currently underway by 

colleagues at the University of Tasmania, and the results are still pending at the time of 

writing. As such, the goal of this chapter is to provide a preliminary framework that 

identifies potential drivers of changes in opal burial in this region of the ocean during the 

last glacial cycle. 

3.2 Methods 

3.2.1 Study Site & Study Area 

This chapter uses data collected from marine core TAN1302-96 (59.09°S, 

157.05°E, water depth 3099 m), introduced in Chapter 2. The core is from the 

southwestern Pacific sector of the Southern Ocean (SO) (Figure 16), approximately 3° 

south of the average position of the APF at 157°E (Sokolov & Rintoul, 2009). The age 

model for TAN1302-96, outlined in Chapter 2, is based on radiocarbon ages and d18O 

stratigraphy tied to the LR04 benthic stack (Lisiecki & Raymo, 2005), and extends to at 

least 140 ka, capturing a full glacial-interglacial cycle (Jones et al., 2022).  

The southwestern Pacific sector of the SO, corresponding to roughly between 

90°W and 90°E, and ~40°S to the Antarctic coastline, contains a complex series of fronts 

along steep temperature and nutrient gradients (Sokolov & Rintoul, 2002; Sokolov & 

Rintoul, 2009). The region has complex bathymetry which constrains frontal flow east of 

New Zealand in and around the Campbell Plateau and Chatham Rise (Bostock et al., 

2013). The APF divides warmer, nutrient-poor waters in the north from cooler, nutrient-

rich waters in the south. The waters south of the APF contain high silicic acid and nitrate 

concentrations due to upwelled Circumpolar Deep Water (CDW) (Anderson et al., 2009; 

Bostock et al., 2013), and these high silicic acid concentrations are necessary to sustain 

diatom populations and provide silica for frustule formation (Hildebrand et al., 2018). 

Despite the high nutrient concentrations south of the APF, the region is considered a high-

nutrient, low chlorophyll (HNCL) area, as low primary production is the result of iron and 
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light limitation (De Baar et al., 1990; Mitchell et al., 1991; Chase et al., 2003). 
Sedimentation north of the APF is dominated by calcium carbonate, largely due to the 

deposition of coccoliths and foraminifera resulting from low silicic acid availability, while 

south of the APF is silica-dominant due to the deposition of diatoms (and lack of coccoliths) 

(Honjo, 2004). 

 

Figure 16: Map of the Australian/New Zealand sub-sector of the southwestern Pacific sector of the SO. 
Location of TAN1302-96 is indicated by the red circle. Location of the average positions of the fronts across 
the SO (Chriswell et al., 2015). 

 

3.2.2 Previously Collected Data 

This chapter uses previously collected dry bulk density (ρ) and X-ray fluorescence 

(XRF) data, including Fe and CaCO3 concentrations from TAN1302-96 (Liston 2018). As 

outlined in Chapter 2, winter sea ice presence (WSIP), expressed in months/year, was 

calculated using the modern analog technique (MAT) (see Appendix G). WSIP is a similar 
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metric as winter sea ice concentration (WSIC) but expresses coverage in terms of a semi-

monthly presence/absence of sea ice instead of a grid-scale observation of the mean state 

fraction of area covered by ice over the sample period (Crosta et al., 1998; Crosta et al., 

2004). WSIP is used in this chapter instead of WSIC (as was used in Chapter 2) because 

the prominent literature (e.g., Chase et al., 2015) relating opal to sea ice expresses sea 

ice coverage in terms of presence/absence (WSIP) rather than concentration. Both 

metrics (WSIC and WSIP) describe a similar quantitative estimate of sea ice coverage 

over the core site. 

3.2.3 Opal Analysis 

Biogenic opal concentrations reflect the amount of opal buried relative to other 

sediment constituents (Chase et al., 2015). Opal concentrations are a new contribution of 

this thesis and were measured using a rapid wet-alkaline extraction procedure (Mortlock 

and Froelich, 1989). Samples were freeze-dried overnight, crushed, and weighed into 50-

ml polypropylene centrifuge tubes. Five ml of 10% H2O2 solution was added for 30 minutes 

and followed by an addition of 5 ml of a ~1 NHCl solution. Samples were then sonified and 

let rest for 30 minutes, followed by the addition of 20 ml of deionized water, and then 

centrifuged for 5 minutes. Afterwards, the supernatant was decanted, and the samples 

were placed overnight in an oven to dry (60°C). Then, 40 ml of Na2CO3 solution was added 

to the samples which were then vortexed, sonified, and placed in an 85°C water bath for 

5 hours. Samples were then manually shaken after 2 and 4 hours in the water bath. 

Samples were centrifuged for 5 minutes and transferred into cuvettes, where 

measurements were made using a molybdate-blue spectrometer.  

3.2.4 Mass Accumulation Rates 

Mass accumulation rate (MAR, g cm-2 ka-1) refers to the rate of sediment 

accumulation (in grams) over a particular area (cm2) through time. For each sediment 

depth, MAR was calculated using the following equation: 

MARTotal = LSR x ρ 

where LSR is the linear sedimentation rate (cm ka-1) determined in Chapter 2, and ρ is the 

dry bulk density (g cm-3).  
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The MARs of each sediment component (i.e., opal, Fe, and CaCO3) were 

calculated using the sediment fraction of each component relative to the total MAR.  For 

example, Opal MARs were calculated for each depth interval using the following equation: 

MAROpal = fopal * MAR 

where fopal is fraction of sediment composed of opal, estimated as the % concentration 

divided by 100. CaCO3 and Fe MARs were estimated for each depth interval in the same 

manner, using the fraction of sediment composed of CaCO3 and Fe (after converting ppm 

to %).  

3.3 Results 

3.3.1 Opal, CaCO3, and Fe Concentrations 

Opal concentrations were relatively high (66%) during the Penultimate Glaciation 

(MIS 6) and underwent a rapid decrease during Termination II, reaching their lowest value 

of 33% at 125 ka (Figure 17). Following minimum values during MIS 5e, concentrations 

increased steadily, reaching 61% by 118 ka and 70% during mid-MIS 4 (65 ka). Opal 

concentrations then decreased to 52% at the MIS ¾ boundary (57 ka) before reaching 

their highest value of 77% at 44 ka, which was followed by a steady decline into MIS 2. 

Concentrations declined to 56% by 18 ka before increasing to 71% at 16 ka. Opal 

concentrations then decreased and remained between 55% and 64% throughout the 

Holocene (~12 ka BP onwards). 

In contrast, CaCO3 concentrations were low (between 2% and 9%) during MIS 6 

and rapidly increased to reach peak concentrations (47%) at 125 ka during MIS 5e (Figure 

17). Concentrations rapidly declined to 17% by 123 ka BP before slightly increasing to 

24% at 116 ka BP before a steady decline until reaching a low of 3% during MIS 4 (65 ka). 

Concentrations briefly rose to 20% at the MIS 3/4 boundary (55 ka), before declining and 

remaining near ~5 % during the rest of MIS 3 and 2. During the early Holocene (~10 ka), 

CaCO3 concentrations began rising and continued to until reaching values of 22% in the 

shallowest part of the core.  
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Fe concentrations follow a glacial-interglacial pattern in that they are relatively high 

during the cold glacial periods of MIS 2, 4, and 6, and low during warm, interstadial periods 

of MIS 1, 3, and 5 (Figure 17).  

 

Figure 17: Opal, CaCO3, and Fe concentrations from TAN1302-96 over a full glacial-interglacial cycle.  

 

3.3.2 Mass Accumulation Rates 

MARopal is relatively low at ~0.3 g cm-2 ka-1 throughout most of the record, with an 

increase at MIS 5e (127 ka BP) to ~1 g cm-2 ka-1 and a smaller increase during MIS 4 (61 

ka BP) to 0.5 g cm-2 ka-1. MARopal increases substantially following MIS2 through the 

Holocene, from ~0.3 g cm-2 ka- in MIS 2 to 2 g cm-2 ka-1 the top of the core (Figure 18).  

MARCaCO3 ranges from ~0.01 to 0.06 g cm-2 ka-1 throughout most of the record, 

with substantial increases to 0.86 g cm-2 ka-1 during MIS 5e (127 ka BP) and ~0.14 g cm-

2 ka-1 during MIS 4 (61 ka BP). MARCaCO3 increases towards the end of MIS 2 (14 ka BP) 

from ~0.1 g cm-2 ka-1 to a maximum of ~0.6 g cm-2 ka-1 at top of the core.  
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MARFe shows low accumulation of ~0.003 g cm-2 ka-1 throughout most of the 

record, with increased accumulation rates during glacial periods of ~0.03 g cm-2 ka-1 during 

MIS 6 (127 ka BP), ~0.01 g cm-2 ka-1 during MIS 4 (61 ka BP), and ~0.4 cm-2 ka-1 during 

MIS 2 (18 ka BP). MARFe remained low during the Holocene. 

MARTotal shows a similar pattern as MARopal and MARCaCO3 with relatively low 

accumulation during MIS 6 (between 0.4 and 0.7 g cm-2 ka-1) before abruptly increasing to 

an MIS 5e peak of 1.8 g cm-2 ka-1 at 127 ka BP. MARTotal remained relatively low, with a 

slightly increase during MIS 4 (61 ka BP) to 0.8 g cm-2 ka-1 and a larger increase beginning 

at 18 ka BP to a maximum of 3.3 g cm-2 ka-1 at the core top.  

 
Figure 18: Mass accumulation rates (MAR) for opal, CaCO3, Fe, and total.  
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3.3.3 Opal, CaCO3, and Fe Concentrations vs. Accumulation Rates 

While CaCO3 and Fe show very similar patterns between concentrations and 

MARs, opal concentration and MARopal have a quite different relationship (Figure 19). 

During MIS 6, opal concentration appears to be relatively high (66%) while MARopal are 

low (0.3 g cm-2 ka-1). A similar relationship occurs during MIS 5e, 4, and 2, where opal 

concentrations declined while MARopal increased, albeit only slightly. This relationship 

holds true during MIS 2 and the transition into Termination I, where opal concentrations 

and MARopal change in opposing directions.  

 

Figure 19: Comparison of concentrations and MARs for opal (black), CaCO3 (blue), and Fe (dark red). 
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3.4 Discussion 

The results from TAN1302-96 suggest that opal concentrations have remained 

relatively high over the last glacial-interglacial cycle with some notable periods with lower 

concentrations, including MIS 5e and the Holocene. In the following sections, I highlight 

four possible mechanisms that could be driving reductions in opal concentrations 

throughout TAN1302-96, including: [1] the effects of sea ice; [2] changes in productivity; 

[3] changes in preservation; and [4] the effects of dilution. 

3.4.1 Opal Concentration and Sea Ice 

Opal concentrations have their lowest values during both cool, stadial periods (MIS 

2 and the 3/4 boundary) and warm interstadials (MIS 5e and the Holocene), while WSIC 

maxima are found only during stadials (MIS 2, 4, and 6) (Figure 20). This dichotomy 

suggests that sea-ice expansion may not be the only factor governing opal concentrations 

at the core site. Sea ice expansion could explain the reductions in opal concentrations 

observed during stadial periods of MIS 2 and 4, but likely not MIS 6 (discussed later).  

Chase et al. (2003) previously noted that while the length of the ice-free season 

places an upper limit on opal burial rates, reductions in opal burial cannot be taken as 

evidence of sea ice expansion alone. Chase et al. (2015) further noted that even minor 

increases in winter sea ice coverage corresponding to only 1-2 months per year can result 

in significant reductions in opal burial rates. In our records, periods when winter sea ice 

presence (WSIP) exceeds 2 months/year occur during MIS 2, 4, and 6 (Figure 20). Opal 

concentrations decrease during MIS 2 and 4 at roughly the same time as WSIP increases 

to >2 months/year. These reductions are followed by opal concentration increases as the 

sea-ice edge retreated, suggesting a possible link. Benz et al. (2016) similarly identified 

the average position of the winter sea ice edge (where WSIC ≥40%) as having reduced 

opal burial due to the presence of winter sea ice. These contemporaneous changes 

suggest that sea ice expansion may have contributed to reduced opal concentrations 

during MIS 2 and 4. However, unlike during MIS 2 and 4, opal concentrations remain 

relatively high (~66%) during MIS 6, even though WSIP is >2 months/year. This suggests 

that expanded WSIP is not always the dominant factor governing reduced opal 

concentrations, and therefore we must consider additional mechanisms.  
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Figure 20: Comparison of opal, CaCO3, and Fe concentrations with MARTotal and calculated WSIP 
(expressed as coverage in months per year). 
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opal burial can be controlled by multiple factors operating simultaneously, such as 

increases in productivity or a reduction in preservation leading to dilution by additional (or 

fewer) inputs.  
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3.4.2.1 Productivity 

Changes in overall diatom productivity have a direct impact on sedimentary opal 

concentrations (e.g., Mortlock et al., 1991; Bradtmiller et al., 2006). A comparison of opal 

and CaCO3 concentrations and MARs suggests that changes in productivity are a likely 

candidate to explain the changes during the Holocene and perhaps during MIS 5e. While 

opal and CaCO3 concentrations are inversely correlated, the MARs of opal and CaCO3 

both increase substantially during these periods (Figure 20). This increase in MARs for 

both opal and CaCO3 could suggest a real increase in burial rates in response to 

favourable environmental conditions. Increases in primary productivity during the 

Holocene has been suggested by other studies across the Southern Ocean, which show 

that glacial opal fluxes were generally lower south of the modern-day APF relative to the 

Holocene (e.g., Bradtmiller et al., 2009; Chase et al., 2015). Thus, increases in Holocene 

opal concentration and MAR may similarly be linked to overall increases in productivity. A 

similar pattern is observed during the brief interglacial period of MIS 5e, which could have 

been caused by favourable environmental conditions and enhanced productivity, although 

fewer studies have evaluated primary productivity in this region during MIS 5e compared 

to the Holocene. 

Shifts in the position of the Antarctic Polar Front could also modulate the supply of 

silicic acid via upwelling, and therefore also explain some of the fluctuations in opal burial 

through time. During periods of glacial cooling, lowered SSTs and increased sea-ice 

coverage have been associated with equatorward shifts in the position of the APF, an idea 

supported by proxy reconstructions in other basins of the Southern Ocean (e.g., Crosta et 

al., 2004; Gersonde et al., 2005; Nair et al., 2019). Conversely, during periods of warming 

associated with glacial terminations and interglacial periods, increases in SST and 

decreased sea-ice coverage have been associated with poleward migrations of the APF 

(e.g., Howard & Prell, 1992; Weaver et al., 1998; Anderson et al., 2009; Kohfeld et al., 

2013). The APF in the Atlantic sector has been reconstructed to have fluctuated south by 

as much as 3-5° latitude (relative to modern) during MIS 5e (Bianchi & Gersonde, 2002).  

Considering that the APF is a biogeochemical gradient that separate waters rich in silicic 

acid in the south from waters poor in silicic acid to the north (Pollard et al., 2002; Freeman 

et al., 2018), a poleward shift of the APF could have caused TAN1302-96 to be located 

north of the APF and underlying the carbonate-dominant waters of the Subantarctic Zone 

(SAZ). Based on the regional bathymetry, the APF was likely tightly constrained in its 
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equatorward migration during glacial periods near Campbell Plateau (Weaver et al., 1998; 

Hayward et al., 2008). However, given the proximity of TAN1302-96 to the modern-day 

APF, a poleward shift or increased variability in the APF by only a few degrees could have 

been sufficient to create a regime shift from a silica-based to a CaCO3-based planktonic 

assemblage, thus producing the observed decrease in opal concentrations and 

concomitant increases in CaCO3 concentrations during the warm interglacial period of MIS 

5e. Although decreases in opal concentrations are observed during this time, the slight 

increase in opal MAR may have been the result of enhanced total primary production in 

the region, as observed during the Holocene interglacial period. During the deglacial 

warming between the LGM and early Holocene, the poleward migration of the APF could 

have been associated with a similar poleward shift in opal productivity and the zone of 

vigorous upwelling. This poleward shift may have reduced the supply of silica to the 

surface waters and therefore limited diatom productivity over the core site (Anderson et 

al., 2009). 

3.4.2.2 Preservation 

Changes in preservation could also influence biogenic opal and CaCO3 

concentrations. Numerous factors contribute to biogenic opal preservation and 

dissolution, including species composition (Warnock & Scherer, 2015b), temperature (Van 

Cappellen & Qiu, 1997; Varkouhi & Wells, 2020), porewater pH (Hurd, 1973), and 

sedimentation rates (Sayles et al., 2001), although debate continues whether dissolution 

occurs primarily in the water column or at the sediment-water interface (Warnock et al., 

2007). Similarly, additional factors contributing to CaCO3 preservation include changes in 

sedimentation rates (Emerson & Archer, 1990) as well as changes in ocean circulation 

and corresponding shifts in the carbonate compensation depth (Howard & Prell, 1994).  

In Chapter 2 (and discussed in Appendix C), a simple comparison of relative 

preservation of diatom frustules throughout the core suggested no change in general 

diatom preservation throughout the sediment core. In other words, diatom preservation 

did not appear to be dependent on sedimentation rate or climatic period. If preservation 

were driving changes in opal concentrations, we would expect to see a decrease in the 

average preservation of samples during MIS 5e, the 3/4 boundary, and during the LGM, 

which we do not (full dataset provided in Appendix E). Additional analyses to assess the 

relative preservation could include an analysis of 231Pa/230Th, which could provide proxies 
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for opal flux independent of dissolution (Kumar et al., 1993) and authigenic U which would 

reflect a combination of export production and deep-water oxygen content (Francois et al., 

2004; Costa et al., 2020).  

Alternatively, changes in the preservation of carbonate could also influence opal 

concentrations by influencing the relative contributions of carbonate relative to opal 

content. Sturm (2004) suggested that the carbonate minima observed in nearby marine 

core SO136-111 (Figure 9) during MIS 6 and 8 may have been the result of dissolution 

via a shoaling of the lysocline, although this interpretation is at odds with other cores from 

the region (Hodell et al., 2001; Sturm, 2004). Irrespective of the depth of the lysocline, the 

CaCO3 concentration during MIS 6 at the TAN1302-96 core site reaches some of the 

lowest values (2%) at the same time as SO136-111 experiences its carbonate minima. 

This suggests that the dissolution that occurred at SO136-111 during MIS 6 may have 

been a regional phenomenon that also influenced carbonate preservation at the TAN1302-

96 core site. A broader synthesis of CaCO3 concentrations from nearby cores in the 

southwest Pacific Ocean could provide supporting information on localized carbonate 

dissolution and provide clarity surrounding the causes of low CaCO3 during MIS 6 in 

SO136-111 and TAN1302-96. 

3.4.2.3 Dilution 

A final explanation for changes in opal concentrations is via dilution by other 

sedimentary components. Because opal and CaCO3 comprise a significant proportion of 

the total sedimentary constituents (between 51% to 83%), the relative abundances of 

either opal or CaCO3 may appear higher or lower because of relative changes in the input 

of each. Apparent dilution could be the result of real changes in productivity or 

preservation, and as such, attributing observed changes to dilution alone may be an 

oversimplification. A simple comparison of opal and CaCO3 concentrations with changes 

in MARopal, MARCaCO3, and MARTotal can help to better understand where dilution is likely 

to be occurring within this sediment core (Figure 20).  

The inverse relationship observed between opal and CaCO3 concentrations initially 

suggests a dilution effect of opal by CaCO3; however, the same pattern does not exist for 

MARs. Instead, MARopal and MARCaCO3 tend to co-vary throughout the core, both 

dramatically increasing during MIS 2 and continuing throughout the Holocene, supporting 
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the earlier attribution to increased total productivity. Despite the increases in MARopal and 

MARCaCO3 during in the Holocene, some effects of dilution are indicated by the difference 

between MARTotal, MARopal, and MARCaCO3 (Figure 20). While the changes in opal 

concentration may primarily be driven by changes in productivity, dilution is nonetheless 

influencing the concentrations in some capacity. However, the peak in opal concentration 

during MIS 3 may have been driven by dilution, or more specifically, the lack thereof (i.e., 

decreases in other sedimentary components). MARopal and MARCaCO3 have some of their 

lowest levels during this period, and MARTotal has only slightly higher rates than those seen 

in MARopal. The same may be true for MIS 5a-d, where declining CaCO3 concentrations 

and little additional accumulation may be contributing to the increasing opal concentration.  

The explanation of the relatively high concentration of opal during MIS 6 at 140 ka 

BP (66%) remains somewhat elusive. One would expect to see lower opal concentrations 

in response to the more extensive sea-ice cover (WSIP >2), which would likely have 

limited productivity (Chase et al. 2003; 2015); however, this does not appear to be the 

case. The high concentration of opal at 140 ka BP may be in part the result of a lack of 

dilution, as evidenced from the little MARCaCO3 contributions at this time. This may also be 

supported by carbonate minima in nearby marine core SO136-111 during MIS 6, which 

was suggested by Sturm (2004) to have indicated a shoaling of a lysocline, although this 

conclusion is contested (Hodell et al., 2001; Strum, 2004; Liston, 2018). Based on the 

available data, dilution (driven by dissolution) may be the most likely cause of the relatively 

high opal concentrations during MIS 6. 

3.4.3 Fe Concentrations 

Australia and New Zealand have been identified as important sources of 

atmospheric dust to the ocean surface downstream, both in the present (e.g., Li et al., 

2008; Neff and Bertler, 2015) and in the past (Lamy et al., 2015; Durand et al., 2017; Wu 

et al., 2021). Dust reconstructions from the region suggest that enhanced aeolian Fe input 

was highest during glacial periods, corresponding to periods of increased westerly wind 

strength and global aridity (e.g., Kohfeld and Harrison, 2001; Kohfeld et al., 2013). Fe 

concentrations and MARFe from TAN1302-96 show signs of enhanced deposition during 

glacial periods, especially during MIS 2 and 6, in line with these reconstructions (e.g., 

Lambert et al., 2015). Based on the importance of Fe as a necessary nutrient for diatom 

productivity, we would expect to see an increase in opal concentrations during periods of 
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enhanced Fe input (e.g., Martin et al., 1990; Martínez-García et al., 2014). However, Fe 

and opal concentrations in TAN1302-96 lack any coherent relationship. For example, 

during MIS 6, both opal and Fe concentrations were relatively high. In contrast, during the 

LGM, Fe deposition (both concentrations and MAR) reached peak values while opal 

concentrations were at their lowest values. A similar inverse relationship existed during 

MIS 4, when Fe concentrations began increasing at 70 ka BP just as opal concentrations 

began to decrease. Here, two possible explanations are offered: [1] enhanced Fe input 

results in diatoms shifting to a lower Si:N uptake ratio, and [2] sea ice limits diatom 

productivity while acting as a substrate which collects and deposits dust-born Fe during 

melt.   

The apparent inverse relationship between opal concentrations and Fe over the 

last glacial cycle could reflect reductions in biogenic opal production as diatoms shift to a 

lower Si:N uptake ratio when Fe inputs increase (Matsumoto et al, 2002; Bradtmiller et al., 

2009; Chase et al., 2015). As suggested by the SALH, enhanced Fe supply could have 

caused diatoms to reduce their uptake of Si relative to N (i.e., lower their Si:N uptake ratio). 

This Fe-induced shift towards weakly silicified species assemblages (Boyle 1998; 

Marchetti & Cassar, 2007) could increase the susceptibility of diatom frustules to 

dissolution and perhaps drive the apparent reduction in opal concentrations during MIS 2 

and 4. This hypothesis could be tested by: [1] examining diatom assemblages throughout 

the core for any shifts from heavily silicified towards lightly silicified species; [2] quantifying 

the relative preservation of diatoms throughout the core; or [3] the addition of dissolution-

resistant proxies, such as the ratio of 231Pa/230Th (Kumar et al., 1993). Assessing changes 

in the diatom assemblages from heavily to weakly silicified species is beyond the scope 

of this thesis; however, a comparison of relative preservation over the glacial-interglacial 

cycle was previously conducted in Chapter 2. No significant changes were observed 

throughout the core (see Appendix E), suggesting that a shift in the diatom assemblage 

from heavily to weakly silicified species due to a shift to lower Si:N uptake ratio may be 

unlikely. One additional analysis that could help resolve this uncertainty is the inclusion of 

a 231Pa/230Th ratio analysis, which could be used to confirm changes in surface opal 

productivity and therefore providing a means of assessing whether reductions in opal 

concentrations were due to reduced productivity or opal dissolution. If elevated 231Pa/230Th 

exist during MIS 2 and 4, this could suggest that Fe-induced changes to the Si:N uptake 

ratio may have caused enhanced dissolution, potentially supporting this hypothesis. 
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Secondly, sea ice may act as a substrate which collects dust-born Fe during 

periods of growth and releases it to the surface water during periods of melt (Sedwick & 

DiTullio, 1997; Wang et al., 2014). This phenomenon has been documented within the 

Antarctic, with phytoplankton blooms commonly being associated with the marginal ice 

zone, especially during melt (e.g., Smith & Nelson, 1985). While this process may be 

occurring, the competing effects of sea-ice coverage limiting diatom productivity with 

enhanced Fe deposition promoting growth may be difficult to decouple. A simple 

comparison of WSIP and Fe concentration shows that Fe is high during MIS 6 and 4 when 

WSIP is >1; however, during MIS 2, Fe concentrations increase dramatically only after 

sea ice disappears from the region, suggesting this process may not explain the entire 

relationship between opal and Fe. Alternatively, the enhanced deposition during MIS 2 

could simply be the result of the dust cycle having reached its peak, with enhanced Fe 

deposition at the core site being a by-product of an increase in total aeolian Fe input from 

Australia and New Zealand, irrespective of sea-ice coverage.  

These hypotheses rest on the assumption that total Fe deposition is equally 

bioavailable across glacial-interglacial periods, which has recently been questioned 

(Shoenfelt et al., 2018). Instead, the deposition of highly bioavailable Fe is documented to 

have been higher during glacial periods relative to interglacial periods, which may enhance 

the relative contribution of Fe fertilization to glacial-interglacial CO2 variability (Shoenfelt 

et al., 2018). Despite this, an analysis of Fe speciation is outside the scope of this thesis 

and for simplicity it is assumed that total Fe deposition was equally bioavailable over the 

last 140 ka. 

3.5 Future Work 

Based on the data available, this chapter has outlined the possible roles that sea-

ice expansion, a southern migration of the APF, changes in total productivity, and the 

effects of preservation and dilution may have had on opal burial at the TAN1302-96 core 

site. To confirm these hypotheses, additional data are needed, including: 

 [1] An increased number of proxies examined on TAN1302-96; and 
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 [2] An increase in the spatial resolution of the analysis through measurements on 

 nearby marine core TAN1302-97, and a data synthesis of all regional 

 measurements across important frontal gradients. 

3.5.1 Increased Number of Proxies on TAN1302-96 

First, an increase in the number of proxies examined on TAN1302-96 could help 

resolve uncertainties surrounding the effects of sediment redistribution and dissolution. 

Specifically, the inclusion of a U-Th systematics analysis on TAN1302-96 could provide: 

(i) 230Th measurements to calculate Th-normalized opal burial, which can identify if and 

where lateral sediment redistribution has contributed to changes in the mass accumulation 

rates (Section 3.5.1.1), (ii) measurements of changes in the 231Pa/230Th ratio, which can 

be used as a proxy for opal rain rates (Section 3.5.1.2), and (iii) changes in the 

concentrations of authigenic U, which can be used as a proxy for changes in ocean carbon 

export, deep-water oxygen content, and sediment corrosiveness (e.g., Francois et al., 

2004; Costa et al., 2020) (Section 3.5.1.2). Additionally, an assessment of TAN1302-96’s 

benthic δ13C record could provide additional insights into deep water mass changes, which 

could be related to deep-water oxygen content and related dissolution (e.g., Tschumi et 

al., 2011). 

3.5.1.1 Constant Flux Proxies 

The addition of constant flux proxies (i.e., proxies that are produced in the water 

column at a constant and known rate) would help to determine whether the accumulation 

of sediment is from the vertical deposition from overlying waters or lateral sediment 

transport. Bacon (1984) suggested that the flux of 230Th to the seafloor should, 

theoretically, be approximately equal to its known production rate throughout the ocean. 

The measured flux of 230Th throughout the sediment core (after accounting for radioactive 

decay) would theoretically be equal to the rate of production if no redistribution has 

occurred (Bacon, 1984; Francois et al., 2004). This analysis, known as Th-normalization, 

can provide estimates of lateral sediment redistribution by identifying post-depositional 

sediment winnowing or accumulation, allowing for the calculation of Th-normalized burial 

rates and increased certainty regarding sedimentary chronology (Francois et al., 2004). 

Lateral redistribution is particularly strong in this region as strong bottom currents within 

the Southern Ocean have been documented to laterally transport a significant amount of 
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sediment (Dezileau et al., 2000). Thus, the addition of 230Th measurements to normalize 
biogenic fluxes throughout TAN1302-96 would allow for an accurate calculation of opal 

burial rates.  

3.5.1.2 Dissolution Proxies 

To resolve uncertainties regarding dissolution, other components of the U-Th 

systematics analysis, including 231Pa/230Th and authigenic U, and an analysis of benthic 

δ13C, could provide insights surface water productivity, organic rain rates, and bottom 

water oxygenation conditions (Chase et al., 2003; Francois et al., 2004; Tschumi et al., 

2011). Previous work has shown that 231Pa preferentially scavenges to raining opal, 

suggesting that elevated 231Pa/230Th ratios can be used as an indicator of increased diatom 

rain rates and surface productivity (e.g., Anderson et al., 1983; Kumar et al., 1993; Chase 

et al., 2003; Bradtmiller et al., 2006). In other words, if periods of elevated 231Pa/230Th are 

present while opal concentration is low, dissolution of opal may be occurring. Deep-water 

corrosiveness also contributes to opal and CaCO3 dissolution (e.g., Hayward et al., 2004), 

and therefore an assessment of past deep-water characteristics could provide additional 

supporting information on preservation. Authigenic U is often completely absent in oxic 

sediments, suggesting that its presence is indicative of an anoxic (or suboxic) environment 

caused by low oxygen bottom water content (Barnes & Cochran, 1990; Chase et al., 2001; 

Francois et al., 2004; McManus et a., 2005). Alternatively, high oxygen consumption by 

respiration of organic matter can lead to authigenic U precipitation (Thiagarajan and 

McManus, 2019), suggesting that its presence may also be interpreted as a proxy for high 

rates of carbon export from the surface (e.g., Kumar et al., 1995; Anderson et al., 1998; 

Chase et al., 2003). If the results show the presence of authigenic U in TAN1302-96, this 

could suggest low oxygen content and the potential for opal and carbonate dissolution. 

Relatedly, the inclusion of the benthic δ13C signature could supplement the authigenic U 

analysis and provide additional information on the deep-water oxygen content, as benthic 

δ13C is influenced by the dissolved inorganic carbon (DIC), which itself is determined by 

the remineralization of organic matter (Schmiedl and Mackensen, 2006; Tschumi et al., 

2011). Higher rates of remineralization would result in a more negative (lighter) δ13C, 

suggesting reduced dissolved oxygen and therefore enhanced corrosiveness (Tschumi et 

al., 2011).  
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The U-Th systematics analysis, which includes an analysis of 230Th, 231Pa/230Th, 

and authigenic U, is currently underway by Zanna Chase and colleagues at the University 

of Tasmania, and results are expected later in 2022.  

3.5.2 Increased Spatial Representation 

Secondly, increasing the spatial representation of these analyses through 

measurements on: [1] nearby marine core TAN1302-97; and [2] a larger synthesis of 

additional cores across the southwestern Pacific Ocean, could help resolve uncertainties 

relating to sea-ice extent, the possible southern migration of the APF during MIS 5e, and 

changes in productivity. 

An analysis of marine core TAN1302-97 (57.26°S, 161.33°E, water depth 3544 m), 

which was extracted near TAN1302-96 just north of the modern-day APF (Figure 21), 

could provide supporting data to the results from this thesis. The addition of WSIP and 

SSST estimates from a diatom-based MAT transfer function would provide additional 

records of past sea-ice expansion and SSST variability north of the modern-day APF and 

would increase confidence relating to glacial-interglacial sea-ice reconstructions for the 

region. A rough age model for TAN1302-97 was previously constructed in Liston (2018) 

and shows the core also captures a full glacial-interglacial cycle, which would allow for an 

independent comparison to TAN1302-96 and marine core SO136-111 (Crosta et al., 

2004). Additionally, opal concentration and burial rates from TAN1302-97 would allow for 

a more adequate testing of the SALH, as the core site sites north of the APF and may 

capture the hypothesized dipole in opal productivity on either side of the modern APF.  
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Figure 21: Map of the southwestern Pacific sector of the Southern Ocean, including the locations of both 
TAN1302-96 (this study) and TAN1302-97. This figure was taken from Liston (2018). 

 

Additionally, a synthesis of all available data from across the southwestern Pacific 

sector of the Southern Ocean could provide important data on the possible southern 

migration of the APF during MIS 5e, the latitudinal extent of sea-ice expansion in the 

region, and changes in total primary productivity (both opal and CaCO3). A regional 

assessment of SST was conducted in Chapter 2, and although most of the cores included 

are located too far north to capture sea-ice expansion and a southern migration of the 

APF, they could serve as a starting point to assess large-scale frontal changes across the 

region. These additional analyses would help support the hypotheses outlined in the 

previous section and would provide useful information on past surface water and frontal 

changes in this region over the last 140 ka. 
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3.6 Summary & Conclusion 

This chapter has considered the temporal relationships between opal, carbonate, 

iron, and winter sea-ice coverage at marine core TAN1302-96 over a full glacial-

interglacial cycle to better understand the larger processes that govern opal burial. Within 

the Southern Ocean, opal burial is considered an important component of understanding 

how Si production and surface Si utilization may have changed in the past and therefore 

contributed to changes in atmospheric CO2 concentrations (Brzezinski et al., 2002; 

Matsumoto et al., 2002; Chase et al., 2015). The Antarctic Polar Front Zone and 

Subantarctic Zones are areas of particular interest because of the nearby formation of 

intermediate waters, which supply the low- and mid-latitudes with nutrients (Anderson et 

al., 2009). According to the SALH, sufficient silicic acid ‘leaked’ out of the Southern Ocean 

during past glacials and allowed diatoms to outcompete carbonate-based organisms, 

ultimately leading to a net-CO2 drawdown (Brzezinski et al., 2002; Matsumoto et al., 2002). 

While previous assessments of the interplay between these factors have been completed 

(e.g., Chase et al., 2003; Bradtmiller et al., 2009; Chase et al., 2015), most focus primarily 

on the LGM to Holocene and lack the temporal resolution to interpret their relationship 

during glacial inception and across a full glacial-interglacial cycle. To better understand 

these relationships, I have produced new measurements of opal concentrations and 

MARs from TAN1302-96 and compared them to WSIP estimates produced in Chapter 2 

and previously collected iron and CaCO3 concentrations back to 140 ka BP.  

The results from this analysis suggest that opal concentrations reached their 

lowest values during both warm interglacial periods, such as MIS 5e (125 ka BP), as well 

as during cold glacial periods of the MIS 3/4 boundary (56 ka BP) and the LGM (18 ka 

BP), while sea ice expanded over the core site only during MIS 2, 4, and 6. CaCO3 

concentrations appear to have an inverse relationship to opal concentrations, with 

relatively low values throughout the core except during MIS 5e (127 ka BP), the 3/4 

boundary (56 ka BP), and the Holocene, where concentrations increased. Fe 

concentrations remained low throughout the core, with peak concentrations occurring 

during glacial stages of MIS 2, 4, and 6, largely in agreement with past reconstructions of 

the glacial dust cycle across the Pacific (e.g., Kohfeld and Harrison, 2001; Lambert et al., 

2015; Wu et al., 2021). Considering the data together over the last 140 ka, the interplay 

between opal, carbonate, sea ice, and Fe can be summarized as follows: 
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• Sea-ice expansion appears to have limited opal burial during cool glacial 

periods of MIS 2 and 4, but perhaps not during the glacial period of MIS 6. 

• The high concentrations of Fe during cold glacial periods of MIS 2 and 4 may 

also have caused a reduction in the Si:N, uptake ratio of diatoms which caused 

the raining opal to be more susceptible to dissolution, contributing to low opal 

concentrations during these periods. 

• A polarward shift in the APF during the warm interglacial period of MIS 5e may 

have caused the TAN1302-96 core site to be located beneath the carbonate-

dominant waters of the Subantarctic Zone, driving the CaCO3 concentrations 

to increase. 

• An increase in total primary production during the warm interglacial period of 

the Holocene may have driven the high opal, CaCO3, and total MARs. Similar 

behavior (increases in all MARs) is seen in during the brief, peak interglacial 

period of MIS5e. 

• Dilution of opal by CaCO3 may have played a minor role in influencing opal 

concentrations throughout the core. 

• Dissolution may have contributed to fluctuations in opal concentration 

throughout the core, either directly (opal dissolution) or indirectly (CaCO3 

dissolution).  

Overall, the results from the opal analysis are generally in agreement with the 

literature from the region and suggest that diatom productivity south of the APF may 

have been lower during the last glacial relative to the Holocene (e.g., Chase et al., 2003; 

Bradtmiller et al., 2009; Chase et al., 2015). Additional data will help to better diagnose 

the contributions of productivity, Fe fertilization, sea-ice expansion, and dissolution.  

These data could include: [1] an increased number of proxies examined on TAN1302-

96, including a U-Th systematics analysis and an analysis of the benthic δ13C record, 

and [2] an increase in the spatial coverage of data through measurements on nearby 

marine core TAN1302-97 and a data synthesis of all regional measurements across 

important frontal gradients (Table 3).  
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MIS Time 
Period/Event 

Proposed 
Mechanism 

Observed Change in 
Opal Concentrations? 

Additional Data Needed to 
Support Our Hypothesis How Would This Additional Data Support Our Hypothesis? 

MIS 6 140 ka BP Reduced CaCO3 
preservation Increase [1] Authigenic U & δ13C;  

[2] Increased spatial resolution 

[1] The inclusion of an authigenic U and δ13C analysis could assist with the interpretation of 
the low CaCO3 concentrations during MIS 6 in both TAN1302-96 and nearby core SO136-111. 

If authigenic U is present and the δ13C signature is very light during this time, carbonate 
dissolution may be occurring because of corrosive overlying waters, thereby increasing opal 

concentration via reduced dilution. 
 

[2] Increased spatial resolution could help determine if the carbonate minima event in SO136-
111 and the low carbonate values in TAN1302-96 are observed elsewhere in the region, or if 

they are a unique event specific to this area. If they are unique to these cores, additional 
insights may be gained from more cores throughout the region. 

MIS 5e 123 ka BP Southern migration 
of the APF Decrease [1] Increased spatial resolution [1] Increased spatial resolution could help identify a possible southern migration of the APF in 

additional cores using the same analyses conducted on TAN1302-96 in this chapter. 

MIS 4 55-65 ka BP 

Sea-ice expansion Decrease [1] Increased spatial resolution [1] Increased spatial resolution could help constrain sea-ice expansion in the region and 
provide additional records to understand regional coverage. 

Fe-induced shift in 
Si:N uptake ratio Decrease [1] 231Pa/230Th ratio analysis;  

[2] Increased spatial resolution 

[1] The addition of a 231Pa/230Th ratio analysis could help determine if dissolution is occurring. 
Elevated 231Pa/230Th ratios could suggested opal dissolution, which could support the 

hypothesis that Fe input is influencing the Si:N uptake ratio of diatoms, causing them to be 
more susceptible to dissolution. 

 
[2] Increased spatial resolution could help identify if other cores have elevated iron and 

231Pa/230Th during this time, which may support this hypothesis. 

MIS 3 37-55 ka BP Increased opal 
productivity Increase [1] Increased spatial resolution  

[1] Increased spatial resolution could help constrain sea-ice expansion in the region and 
provide additional records to understand regional coverage. If the brief retreat of sea ice 

caused the temporary increase in opal burial during this stage, additional cores could help 
support this hypothesis. 

MIS 2 18-30 ka BP 

Sea ice-expansion Decrease [1] Increased spatial resolution [1] Increased spatial resolution could help constrain sea-ice expansion in the region and 
provide additional records to understand regional coverage. 

Fe-induced shift in 
Si:N uptake ratio Decrease [1] 231Pa/230Th ratio analysis; 

[2] Increased spatial resolution 

[1] The addition of a 231Pa/230Th ratio analysis could help determine if dissolution is occurring. 
Elevated 231Pa/230Th ratios could suggested opal dissolution, which could support the 

hypothesis that Fe input is influencing the Si:N uptake ratio of diatoms, causing them to be 
more susceptible to dissolution. 

 
[2] Increased spatial resolution could help identify if other cores have elevated iron and 

231Pa/230Th during this time, which could support this hypothesis. 
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Table 3:  Synthesis of proposed mechanisms driving observed changes in opal concentration over the last 140 ka BP. Time period refers to the period within the 
MIS where changes in opal concentration is being explained, ‘Proposed Mechanism’ refers to the hypothesized driver of concentration changes as identified in the 
discussion section, ‘Observed Change in Opal Concentrations?’ refers to whether the proposed mechanism increased or deceased concentrations, ‘Additional 
Data Needed to Confirm’ refers to additional proxy data or analyses that are required to support the proposed hypothesis, and ‘How Would This Data Support Our 
Findings’ describes how the additional data would be used to help resolve uncertainties associated with this hypothesis.

Holocene 0-12 ka BP Increased opal 
productivity Increase [1] 231Pa/230Th ratio analysis;  

[2] Increased spatial resolution 

[1] The addition of a 231Pa/230Th ratio analysis would help support the MAR results by providing 
an independent proxy for opal rain rates. 

 
[2] Increased spatial resolution could help support the hypothesis of enhanced productivity in 

the region, as outlined by Bradtmiller et al. (2009) and others.  
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Chapter 4: Thesis Conclusion 

 

The specific mechanism(s) driving the ~80 ppm decrease in atmospheric CO2 

during glacial periods has remained unknown since it was first discovered in Antarctic ice 

cores in the 1980s (Delmas, 1980; Neftel et al., 1982). While numerous studies have 

provided compelling arguments outlining the possible physical and biological mechanisms 

that explain the reduction in CO2, significant debate continues regarding the precise timing 

and contributions of each proposed mechanism (e.g., Kohfeld and Chase, 2017). The 

discussion surrounding Antarctic sea ice and its physical and biological effects on 

atmospheric CO2 have gained momentum within the paleoscience community, and efforts 

to reconstruct past sea-ice extent, including the work by the Cycles of Sea-Ice Dynamics 

in the Earth System (C-SIDE) working group, have helped produce more quantitative 

reconstructions to constrain latitudinal expansion back in time. Within this thesis, I have 

provided a comprehensive introduction to climate proxies, their application, and why 

Antarctic sea ice is believed to be an important contributor to glacial-interglacial CO2 

variability. Secondly, I, along with several members of the C-SIDE working group, have 

produced the second regional winter sea ice concentration (WSIC) and summer sea 

surface temperature (SSST) reconstruction estimates over the last 140 ka using marine 

core TAN1302-96 taken from the southwestern Pacific sector of the Southern Ocean. 

Finally, I have provided new opal concentration and mass accumulation rates throughout 

TAN1302-96 and have linked these to fundamental processes operating within the 

Southern Ocean to better understand the interplay between opal burial, iron deposition, 

and sea-ice expansion over a full glacial-interglacial cycle. 

The WSIC and SSST reconstructions from TAN1302-96 provide an important new 

dataset for understanding the full glacial-interglacial variability of sea-ice extent in the 

southwestern Pacific sector of the Southern Ocea. The results from Chapter 2 show that 

winter sea ice expanded over the core site during MIS 2, 4, and 6, and while sea ice was 

largely consolidated in the region during these times, its absence during MIS 5d suggests 

that it may not have played a key role in early glacial atmospheric CO2 drawdown, as 

hypothesized in Kohfeld and Chase (2017). The expansion of sea ice does however 

appear to coincide with periods of Antarctic Intermediate Water (AAIW) shoaling, as 

determined from carbon isotope signatures in benthic foraminifera records from several 
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nearby intermediate-depth sediment cores. We interpret this relationship to suggest that 

the enhanced sea ice melt caused a local buoyancy gain through an increased freshwater 

flux into the AAIW formation region, which may have resulted in an inhibition of its 

downward expansion that was coincident with a volumetric expansion of carbon-rich deep 

waters. An additional comparison of regional SSST gradients with the estimated SSST 

from TAN1302-96 suggests that early glacial (i.e., MIS 5d) cooling may have played a key 

role in early glacial atmospheric CO2 sequestration through air-sea disequilibrium.  

The new opal concentration estimates provided in Chapter 3 form the starting point 

for a future analysis to understand the interplay between opal, carbonate, iron, and sea 

ice within the region over a full glacial-interglacial cycle. This analysis helps set the stage 

for future work by introducing the possible drivers of changes in opal concentration and 

burial at the TAN1302-96 core site. These preliminary comparisons suggest that sea-ice 

expansion during cool glacial periods of MIS 2 and 4 and a poleward migration of the 

Antarctic Polar Front (APF) during the warm interglacial period of MIS 5e may have limited 

opal burial at these times. Iron concentrations have an inverse relationship to opal 

concentrations, suggesting that periods with enhanced iron deposition may result in a 

reduction in the Si:N uptake ratio, supporting the Silicic Acid Leakage Hypothesis (SALH). 

Overall, the results from TAN1302-96 show higher opal burial rates during the Holocene 

relative to the last glacial period. Additional data, such as a U-Th systematics analysis, the 

inclusion of nearby marine core TAN1302-97, and a larger regional synthesis of nearby 

cores will help in creating a comprehensive picture of the role of sea-ice, Fe deposition, 

marine productivity, and front migration in controlling diatom productivity (and surface 

ocean Si cycling) during the glacial-interglacial cycle. 

This research is part of the larger work by the C-SIDE working group and has 

contributed to our understanding of the role of sea ice in contributing to glacial-interglacial 

CO2 variability. These results represent the 6th quantitative Antarctic sea ice reconstruction 

covering a full glacial-interglacial cycle, and the first in the region directly linking sea ice 

growth to fluctuations in intermediate water production and subduction variability. These 

results also contribute an additional datapoint to help better understand sea-ice dynamics 

and refine our predictive models, which are currently unable to reconstruct the observed 

expansion from 1979 to 2014 (Maksym, 2019; Parkinson, 2019). Despite our coordinated 

efforts, glacial-interglacial sea ice reconstructions still lack the spatial resolution needed 

to fully understand the extent of expansion over the last glacial-interglacial cycle. The 
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continued work by the C-SIDE working group to produce new sea-ice reconstructions are 

particularly useful in refining our understanding of sea-ice dynamics during glacial 

inception and can help fine-tune our climate models to better predict future changes in 

sea-ice coverage in a changing climate.  
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Appendix A. 

Age Model & Sampling Depths 

Table 4: Radiocarbon dates taken from TAN1302-96. NDFB = Not Distinguishable from Background 
(>57,5000 years). 

Lab 
Code Sample Material Core 

Name 
Depth 
(cm) 

δ13
C 

(per 
mil) 

δ13
C 

(+/-) 

% 
Modern 
Carbon 

1σ 
error 

Fraction 
Modern (+/-) Radiocarbon 

Year 
1σ 

error Reference 

NZA 
57105 

N. pachyderma 
and G. bulloides

TAN13
02-96 21 1 0.2 / / 0.5982 0.0018 4127 24 Prebble et 

al., 2017 
NZA 

57109 
N. pachyderma 
and G. bulloides

TAN13
02-96 50 0.7 0.2 / / 0.3723 0.0015 7936 32 Prebble et 

al., 2017 
OZX  
517 

N. pachyderma 
and G. bulloides

TAN13
02-96 63 1 0.1 30.62 0.15 / / 9505 40 This study 

NZA 
61429 

N. pachyderma 
and G. bulloides

TAN13
02-96 75 0.7 0.2 / / 0.2373 0.0011 11554 37 Prebble et 

al., 2017 
OZX  
518 

N. pachyderma 
and G. bulloides

TAN13
02-96 87 -0.1 0.1 19.62 0.11 / / 13085 45 This study 

OZX  
519 

N. pachyderma 
and G. bulloides

TAN13
02-96 130 1.7 0.1 0.02 0.04 / / NDFB / This study 

OZX  
520 

N. pachyderma 
and G. bulloides

TAN13
02-96 170 -1.1 0.3 0.03 0.04 / / NDFB / This study 

Table 5: Tie points used in construction of the TAN1302-96 age model 

TAN1302-96 Depth (cm) TAN1302-96 δ18O (‰) LR04 Age (ka) LR04 δ18O (‰) 
110 4.71 18000 5.02 
170 3.93 56000 4.35 
200 3.782 70000 4.32 
220 3.07 82000 3.8 
230 3.23 87000 4.18 
250 3.22 109000 4.12 
270 2.9 123000 3.1 
300 3.66 129000 3.9 
320 4.35 140000 4.98 

Table 6: Sample depth and corresponding age. Diatom slides using Method 1 used sediment samples that 
are even (e.g., 10, 20, 30, etc.), while diatom slides using Method 2 used sediment samples that are odd 
(e.g., 53, 87, etc.). * Indicates the sample was calculated based on linear sedimentation rates. 

Sample
Depth (cm) Age (yr) Sample

Depth (cm) Age (yr) Sample
Depth (cm) Age (yr) Sample

Depth (cm) Age (yr)

10 1001 100 16011 197 68608 260 116007 
20 2531 103 16609 200 69999 263 118110 
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30 4061 107 17406 203 71790 267 120912 
40 5591 110 18000 207 74196 270 123000 
50 7152 113 19893 210 76000 273 123597 
53 7584 117 22434 213 77802 277 124398 
57 8108 120 24340 217 80207 280 124998 
60 8486 123 26244 220 82000 283 125598 
63 8890 127 28780 223 83491 287 126398 
67 9735 130 30686 227 85503 290 126999 
70 10404 140 37035 230 87000 293 127600 
73 11056 150 43357 233 90289 297 128403 
77 11844 160 49677 237 94703 300 129000 
80 12306 170 56000 240 98011 303 130644 
83 12747 180 60672 243 101314 307 132850 
87 13361 183 62074 247 105715 310 134503 
90 13963 187 63942 250 108999 313 136155 
93 14581 190 65340 253 111094 317 138360 
97 15404 193 66740 257 113903 320 140000 
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Appendix B. 

Supporting Information 

Table 7: Information for all cores used in calculating southwestern Pacific sector SST gradients (Figure 14). 

Core Name Latitude Longitude Depth (m) Age Model Reference Data Used Data Source 

TAN1302-96 59.09°S 157.05°E 3099 This study n/a This study 

SO136-111 56.66°S 160.23°E 3912 Crosta et al., 2004 WSIC; SST Crosta et al., 2004; 
This study 

SO136-GC3 42.3°S 169.88°E 958 Pelejero et al., 2006; 
Barrows et al., 2007 δ13C; SST Pelejero et al., 2006; Ronge 

et al., 2015 

FR1/94-GC3 44.25°S 149.98°E 2667 Pelejero et al., 2006 SST Pelejero et al., 2006 

ODP 1119-181 44.75°S 172.39°E 396 Wilson et al., 2005 SST Wilson et al., 2005; 
Hayward et al., 2008 

DSDP 594 45.54°S 174.94°E 1204 Nelson et al., 1985; 
Kowalski & Meyers 1997 SST Schaefer et al., 2005 

Q200 45.99°S 172.02°E 1370 Waver et al., 1998 SST Weaver et al., 1998 

Figure 22: Results from diatom slide preparation methods 1 & 2. No notable differences or biases were 
observed between the two different methods. 
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Appendix C. 
 
TAN1302-96 and E27-23 Comparison 

Potential Causes for WSIC Estimate Differences 

The first potential cause for the observed differences between TAN1302-96 and 

E27-23 WSIC estimates is through the cumulative effects of different laboratory 

protocols. While it is difficult to determine precisely how much different laboratory 

protocols could influence the results, we cannot exclude this explanation as a possible 

contributor to differences in WSIC.  

The second potential cause for differences in WSIC estimates between E27-23 

and TAN1302-96 are differences in counting and identification methods. We believe this 

is an unlikely cause for the differences observed between E27-23 and TAN1302-96 

primarily because of the magnitude of counting discrepancies required to cause a 

difference of 50% wSIC estimates between the two cores. The close coupling of wSIC 

estimates between TAN1302-96 and SO136-111 over the entire glacial-interglacial cycle 

supports that a fundamental issue relating to taxonomic identification and/or 

methodology is an unlikely explanation for the observed wSIC differences.  

Finally, the fourth potential cause of differing wSIC estimates is selective diatom 

preservation (e.g., Pichon et al., 1999; Ragueneau et al., 2000). The similarities between 

TAN1302-96 and SO136-111 wSIC estimates, along with independent indicators in 

cores E27-23 and TAN1302-96, suggest that this is unlikely. For E27-23, Bradtmiller et 

al. (2009) used the consistent relationship between 231Pa/230Th ratios and opal fluxes to 

suggest that dissolution remained relatively constant between the LGM and Holocene 

periods. In TAN1302-96, we assigned a semi-quantitative diatom preservation value 

between 1 (extreme dissolution) and 4 (virtually perfect preservation) for each counted 

specimen. The average preservation of diatoms for the entire core was 3.38 ± 0.13, with 

no observed bias based on sedimentation rate or MIS. This assessment, although semi-

qualitative, suggests that preservation remained relatively constant (and good) 

throughout TAN1302-96, and is therefore unlikely to cause large differences in wSIC 

between the two cores.  
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Appendix D. 

%AAIW Calculation 

The calculation of %AAIW in this study is the same as was used in Ronge et al. 

(2015): 

%AAIW = (δ 13CMD97-2120 – δ 13CMD06-2986) / (δ 13CMD06-2990 – δ 13CMD06-2986) * 100 

All core information for MD97-2120, MD06-2986, and MD06-2990, along with 

supporting supplemental information can be found through the original publication.  

Table 8: Calculated %AAIW by age using marine cores MD06-2990, MD06-2986, and MD97-2120. 

Age (ka) %AAIW Age (ka) %AAIW Age (ka) %AAIW Age (ka) %AAIW 

2.87 63.1 30.81 46.2 63.85 47.6 103.08 39.3 
3.83 53.4 31.33 44.2 64.36 55.1 103.49 62.6 
4.44 61.3 31.85 44.2 64.84 60.1 103.9 74.9 
5.7 53.3 32.9 59.5 65.34 66.3 104.31 82.6 
6.96 19.1 33.42 75.4 66.32 44.4 104.71 98.3 
8.22 8.1 33.94 73.3 67.09 41.1 105.12 87.9 
9.48 30.7 34.46 79.1 67.94 15.5 105.53 64.5 
11.24 50.8 34.98 73.9 68.38 13.8 105.94 46.1 
12.99 30.6 35.5 52.5 69.26 12.9 106.35 37 
14.66 60 36.02 35.4 69.7 -4.6 106.75 32.2 
15.18 65.9 36.54 62.3 70.14 -17.6 107.16 33.4 
15.7 72.2 37.06 74.8 70.58 -17 107.57 31.4 
16.1 51.9 37.58 101.5 71.02 -15 108.14 32.9 
16.75 31 38.1 101 71.65 2.2 109.5 40.7 
17.27 18 38.63 90.3 72.56 9.9 110.85 51.8 
17.79 5.7 39.15 85.5 73.48 16.4 112.2 54 
18.31 11.7 39.67 57.2 74.4 44.4 114.91 65.8 
18.83 11 40.19 41.7 75.32 58.2 116.26 76.4 
19.35 6.2 40.71 18.3 76.23 66.7 117.61 68.8 
19.87 12.7 41.23 17.9 77.15 77.2 118.97 68.8 
20.39 17.5 41.75 13.5 78.07 77 120.32 84.5 
20.91 12.7 42.27 23.3 78.98 65.1 121.67 74.5 
21.43 18 42.53 41.2 79.9 60 124.38 66.3 
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21.96 21.4 43.31 60.8 80.82 61.1 125.73 64.6 
22.48 18.4 43.84 57.9 81.74 70.3 127.08 59.3 

23 17.3 44.36 78.6 82.65 65.5 128.39 68.1 
23.52 28.7 44.88 76.4 83.57 68 129.41 58.2 
24.04 21.9 45.4 38.8 84.49 66.8 130.43 53.6 
24.56 24.3 45.92 28.5 85.4 68.1 131.45 54 
25.08 30.1 46.44 79.3 86.32 47.7 133.16 21.2 
25.6 33.2 47.93 99.8 87.24 35.7 133.54 8 
26.12 29.5 49.43 100.5 88.16 34.4 134.29 -10.4
26.64 38.2 50.94 77.7 89.65 64.7 135.42 -26
27.16 42 52.45 58 92.65 67.1 136.55 -21.5
27.69 53.1 60.27 80.1 94.15 45.4 137.31 -12.3
28.73 43.2 61.2 73.1 97.15 44.7 138.44 -8.3
29.25 26.6 62.13 49.5 98.65 24.3 138.82 -1.2
29.77 19.2 62.87 40.1 100.15 33.5 140.3 1.1 
30.29 39.5 63.36 45 101.65 25.3 
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Appendix E. 

Average Diatom Assemblage Preservation 

Table 9: Information on average preservation of diatom assemblage by sample. Each diatom identified per 
slide (min. of 300 diatoms per slide) was given a relative preservation value of 0-4, representing 1 (extreme 
dissolution) and 4 (virtually perfect preservation), discussed in Appendix C.  

Sample Depth 
(cm) 

Age 
(ka) 

Avg. 
Preservation 

Sample Depth 
(cm) 

Age 
(ka) 

Avg. 
Preservation 

10 1001 3.47 197 68608 3.51 
20 2531 3.42 200 69999 3.63 
30 4061 3.45 203 71790 3.32 
40 5591 3.47 207 74196 3.22 
50 7152 3.75 210 76000 3.45 
53 7584 3.3 213 77802 3.43 
57 8108 3.24 217 80207 3.42 
60 8486 3.32 220 82000 3.59 
63 8890 3.41 223 83491 3.36 
67 9735 3.45 227 85503 3.51 
70 10404 3.38 230 87000 3.39 
73 11056 3.27 233 90289 3.42 
77 11844 3.31 237 94703 3.34 
80 12306 3.46 240 98011 3.51 
83 12747 3.30 243 101314 3.41 
87 13361 3.32 247 105715 3.27 
90 13963 3.61 250 108999 3.43 
93 14581 3.42 253 111094 3.26 
97 15404 3.47 257 113903 3.25 
100 16011 3.44 260 116007 3.06 
103 16609 3.2 263 118110 3.34 
107 17406 3.12 267 120912 3.32 
110 18000 3.62 270 123000 3.39 
113 19893 3.33 273 123597 3.38 
117 22434 3.40 277 124398 3.36 
120 24340 3.36 280 124998 3.46 
123 26244 3.07 283 125598 3.64 
127 28780 3.32 287 126398 3.39 
130 30686 3.59 290 126999 3.39 
140 37035 3.42 293 127600 3.22 
150 43357 3.38 297 128403 3.44 
160 49677 3.43 300 129000 3.41 
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170 56000 3.41 303 130644 3.42 
180 60672 3.51 307 132850 3.29 
183 62074 3.24 310 134503 3.12 
187 63942 3.30 313 136155 3.19 
190 65340 3.56 317 138360 3.21 
193 66740 3.35 320 140000 3.51 
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Appendix F. 

Opal, CaCO3, Fe, and Total Concentrations and MAR 
Results 

Table 10: Opal MAR Results 

Depth 
(cm) 

Age 
(yr) 

Opal 
(%) 

Sed Rate 
(cm/ka) 

DBD 
(g/cm3) 

opal MAR 
(g cm-2 ka-1) 

0 0 55.08 0.33 
10 1001 59.31 9.99 0.33 1.96 
20 2531 63.63 6.54 0.31 1.29 
30 4061 64.28 6.54 0.29 1.22 
40 5591 62.46 6.54 0.33 1.35 
50 7152 63.03 6.41 0.34 1.37 
60 8486 58.71 7.50 0.33 1.45 
70 10404 60.58 5.21 0.33 1.04 
80 12306 70.08 5.26 0.27 0.99 
90 13963 65.17 6.04 0.29 1.14 
100 16011 71.48 4.88 0.24 0.84 
110 18000 56.35 5.03 0.37 1.05 
120 24340 61.12 1.58 0.32 0.31 
130 30686 66.24 1.58 0.34 0.35 
140 37035 73.48 1.58 0.3 0.35 
150 43357 76.5 1.58 0.29 0.35 
160 49677 73.89 1.58 0.27 0.32 
170 56000 52.7 1.58 0.34 0.28 
180 60672 63.23 2.14 0.39 0.53 
190 65340 70.32 2.14 0.26 0.39 
200 69999 70.05 2.15 0.26 0.39 
210 76000 69.13 1.67 0.26 0.30 
220 82000 67.7 1.67 0.24 0.27 
230 87000 61.49 2.00 0.26 0.32 
240 98011 63.03 0.91 0.31 0.18 
250 108999 59.42 0.91 0.35 0.19 
260 116007 59.16 1.43 0.35 0.30 
270 123000 61.36 1.43 0.29 0.25 
280 124998 52 5.01 0.31 0.81 
290 126999 33.91 5.00 0.36 0.61 
300 129000 58.73 5.00 0.23 0.68 
310 134503 49.42 1.82 0.21 0.19 
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320 140000 66.17 1.82 0.38 0.46 

 

Table 11: CaCO3 MAR Results 

Depth 
(cm) 

Age  
(yr) 

CaCO3 
(%) 

Sed Rate 
(cm/ka) 

DBD  
(g/cm3) 

CaCO3 MAR 
(g cm-2 ka-1) 

0 0 21.20   0.33   
10 1001 19.42 9.99 0.33 0.64 
20 2531 13.01 6.54 0.31 0.26 
30 4061 10.95 6.54 0.29 0.21 
40 5591 10.88 6.54 0.33 0.23 
50 7152 14.19 6.41 0.34 0.31 
60 8486 14.57 7.50 0.33 0.36 
70 10404 19.98 5.21 0.33 0.34 
80 12306 7.93 5.26 0.27 0.11 
90 13963 5.82 6.04 0.29 0.10 
100 16011 1.52 4.88 0.24 0.02 
110 18000 6.84 5.03 0.37 0.13 
120 24340 7.85 1.58 0.32 0.04 
130 30686 6.46 1.58 0.34 0.03 
140 37035 7.14 1.58 0.3 0.03 
150 43357 5.30 1.58 0.29 0.02 
160 49677 7.28 1.58 0.27 0.03 
170 56000 20.75 1.58 0.34 0.11 
180 60672 17.42 2.14 0.39 0.15 
190 65340 3.58 2.14 0.26 0.02 
200 69999 7.57 2.15 0.26 0.04 
210 76000 7.97 1.67 0.26 0.03 
220 82000 11.14 1.67 0.24 0.04 
230 87000 13.67 2.00 0.26 0.07 
240 98011 13.42 0.91 0.31 0.04 
250 108999 23.71 0.91 0.35 0.08 
260 116007 24.77 1.43 0.35 0.12 
270 123000 17.20 1.43 0.29 0.07 
280 124998 30.61 5.01 0.31 0.47 
290 126999 47.82 5.00 0.36 0.86 
300 129000 12.16 5.00 0.23 0.14 
310 134503 2.23 1.82 0.21 0.01 
320 140000 9.36 1.82 0.38 0.06 
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Table 12: Fe MAR Results 

Depth 
(cm) 

Age 
(yr) 

Fe 
(‰) 

Sed Rate 
(cm/ka) 

DBD 
(g/cm3) 

Fe Mar 
(g cm-2 ka-1) 

0 0 0.33 
10 1001 0.4003 9.99 0.33 0.0077 
20 2531 0.3991 6.54 0.31 0.0072 
30 4061 0.3426 6.54 0.29 0.0068 
40 5591 0.3177 6.54 0.33 0.0072 
50 7152 0.3934 6.41 0.34 0.0092 
60 8486 0.4322 7.50 0.33 0.0104 
70 10404 0.5945 5.21 0.33 0.0102 
80 12306 0.6264 5.26 0.27 0.0095 
90 13963 0.6347 6.04 0.29 0.0115 
100 16011 0.6927 4.88 0.24 0.0093 
110 18000 2.2845 5.03 0.37 0.0482 
120 24340 0.9526 1.58 0.32 0.0047 
130 30686 0.7126 1.58 0.34 0.0037 
140 37035 0.3956 1.58 0.3 0.0018 
150 43357 0.3439 1.58 0.29 0.0015 
160 49677 0.4544 1.58 0.27 0.0019 
170 56000 0.7055 1.58 0.34 0.0037 
180 60672 0.8117 2.14 0.39 0.0073 
190 65340 0.4148 2.14 0.26 0.0025 
200 69999 0.2643 2.15 0.26 0.0016 
210 76000 0.3218 1.67 0.26 0.0011 
220 82000 0.2149 1.67 0.24 0.0007 
230 87000 0.3015 2.00 0.26 0.0010 
240 98011 0.2718 0.91 0.31 0.0011 
250 108999 0.3918 0.91 0.35 0.0018 
260 116007 0.4932 1.43 0.35 0.0023 
270 123000 0.5856 1.43 0.29 0.0050 
280 124998 0.5164 5.01 0.31 0.0047 
290 126999 0.6322 5.00 0.36 0.0067 
300 129000 0.5649 5.00 0.23 0.0038 
310 134503 0.5268 1.82 0.21 0.0033 
320 140000 2.8271 1.82 0.38 0.0134 

Table 13: Total MAR Results 

Depth 
(cm) 

Age 
(yr) 

Sed Rate 
(cm/ka) 

DBD 
(g/cm3) 

Total MAR 
(g cm-2 ka-1) 



122 

0 0.33 
10 1001 9.99 0.33 3.297 
20 2531 6.54 0.31 2.026 
30 4061 6.54 0.29 1.895 
40 5591 6.54 0.33 2.157 
50 7152 6.41 0.34 2.178 
60 8486 7.50 0.33 2.474 
70 10404 5.21 0.33 1.721 
80 12306 5.26 0.27 1.420 
90 13963 6.04 0.29 1.750 
100 16011 4.88 0.24 1.172 
110 18000 5.03 0.37 1.860 
120 24340 1.58 0.32 0.505 
130 30686 1.58 0.34 0.536 
140 37035 1.58 0.3 0.473 
150 43357 1.58 0.29 0.459 
160 49677 1.58 0.27 0.427 
170 56000 1.58 0.34 0.538 
180 60672 2.14 0.39 0.835 
190 65340 2.14 0.26 0.557 
200 69999 2.15 0.26 0.558 
210 76000 1.67 0.26 0.433 
220 82000 1.67 0.24 0.400 
230 87000 2.00 0.26 0.520 
240 98011 0.91 0.31 0.282 
250 108999 0.91 0.35 0.319 
260 116007 1.43 0.35 0.499 
270 123000 1.43 0.29 0.415 
280 124998 5.01 0.31 1.552 
290 126999 5.00 0.36 1.799 
300 129000 5.00 0.23 1.149 
310 134503 1.82 0.21 0.382 
320 140000 1.82 0.38 0.691 
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Appendix G. 

MAT Transfer Function Output Files 

All MAT transfer function data can be accessed at: 

https://doi.pangaea.de/10.1594/PANGAEA.938457.  
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Appendix H. 

Discussion Regarding TAN1302-96’s Age Model 

1.0 Introduction 

The age model constructed for TAN1302-96 (henceforth, the ‘original age 

model’) was questioned by an anonymous reviewer during the review process and then 

again following publication. The issues raised focus on the amplitude of the δ18O record 

relative to nearby core SO136-111 and the decision not to include two 14C samples that 

returned dates of ‘non-distinguishable from background’ (NDFB), corresponding to >57.5 

ka BP. The reviewer provided an alternative age model (henceforth, the ‘proposed age 

model’), which is the subject of this addendum. The full comment made by the reviewer, 

including the author’s response, can be found at: https://cp.copernicus.org/preprints/cp-

2021-107/#discussion under RC3. The original comments led to a refinement of the age 

model in the published work; however, the subsequent comments are addressed here. 

2.0 Overview of Reviewer’s Comments and Author’s Response 

The main concerns the reviewer raised were around interpretation of the δ18O 

record and the decision to exclude two NDFB 14C samples from the age model. The 

reviewer’s comments suggested that our interpretation of the δ18O was incorrect based 

on the magnitude of changes relative to nearby core SO136-111. Specifically, the 

reviewer suggested that although the top 110 cm, corresponding to the Holocene and 

LGM, (~3 to 18 ka BP), was correct and well-constrained by 14C samples and δ18O 

minima, the δ18O values from 110 to 220 cm were too negative to be attributed to MIS 2, 

3, and 4, as was done in our original age model. Instead, the reviewer suggested that 

the 10 cm of sediment accumulation between 110 to 120 cm corresponded to MIS 2, 3, 

and 4 (18 to 69 ka BP), representing 51 ka of accumulation. Additionally, the reviewer 

suggested that 130 to 300 cm correspond to MIS 5 (71 to 130 ka BP), representing 59 

ka of accumulation. Both the original age model and the reviewer’s proposed age model 

(Figure 24) agreed on the identification of MIS 5e and Termination II (~124 to 130 ka 

BP). The reviewer suggested that their interpretation was supported by the two 14C 
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samples taken at 130 and 170 cm, which returned dates of NDFB (i.e., >57.5 ka BP), 

that were excluded from the manuscript age model.  

Figure 24: Depth vs. age of the original age model (black) from Jones et al. (2022) and the proposed age 
model (red) as suggested by the reviewer.  

In response to these comments, the co-authors outlined a series of additional 

age model constructions and criteria to evaluate against to determine which age model 

was the most robust. The co-authors constructed 4 additional age models (5 total), 3 of 
which were tied to the EPICA Dome C deuterium temperature record (EDT) and used a 

combination of both, one, or neither of the NDFB radiocarbon dates, which were set at 

the 57.5 ka BP (i.e., the maximum detection limit). Using these constructed age models, 

including the original age model and the proposed age model, criteria were outlined to 

compare the TAN1302-96 age models against the independent age model of nearby 

marine core SO136-111 (Crosta et al., 2004). The determination of the most robust age 
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[1] match of the δ13C records between TAN1302-96 and SO136-111; 

[2] sensible behaviour and magnitude of sediment accumulation rates relative to 

 SO136-111; and 

[3] overall fit to δ18O and EDC SST. 

This process ultimately led to a refining of the age model and the determination 

that the proposed age model was likely incorrect. The refined age model was accepted 

by the publisher and has subsequently been published in the scientific journal Climate of 

the Past. After the manuscript was accepted for publication, the issue was re-raised by 

the reviewer to further discuss the issues.  

Following additional review, the co-authors concluded that although the age 

model proposed by the reviewer is possible, the published age model remains the more 

likely option. The following sections highlight [1] arguments that support the proposed 

age model; [2] arguments against the proposed age model; and [3] additional data 

needed to help resolve these issues. 

3.0 Arguments Supporting the Proposed Age Model 

3.1 δ18O Record 

The central critique of the original age model is the δ18O record of TAN1302-96. 

In the original age model, the δ18O is tied to the LR04 benthic stack at 9 tie points (see 

Appendix A, Table 5). Compared to the LR04 benthic stack, the amplitude of TAN1302-

96’s δ18O is lighter by ~0.5 to 1‰ (Figure 25), which the reviewer suggests is the 
primary evidence of the age model’s inaccuracy. The proposed age model is nearly 

identical to the original age model until the δ18O maxima at 110 cm; however, from 120 

to 320 cm the proposed age model’s δ18O is tied directly to the SO136-111 δ18O record. 

Although tying the records together such that they fit in terms of timing and amplitude 

appears to reconcile the δ18O records, this does affect the sedimentation rates, δ13C, 

and overall results of the core (discussed later). 
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Figure 25: δ18O record for the original age model (top, black) compared to the LR04 benthic stack (green) 
and SO136-111 record. The proposed age model (bottom, red) is compared to the LR04 and SO136-111 
records. 

 

3.2 NDFB 14C Dates 

The reviewer also suggested that their interpretation of the δ18O record is 

supported by the two 14C samples that produced non-distinguishable from background 

(NDFB) dates. The detection limit for both samples taken at 130 and 170 cm is 57.5 ka 

BP, which the reviewer suggested should be included as a minimum age. In our original 

(published) Bayesian age modelling approach, both NDFB samples were treated as 

outliers and subsequently excluded from the age model because they conflicted with the 

assumed positive sediment accumulation (i.e., produced an age reversal) and chosen tie 

points. However, including the two NDFB ages (>57.5 ka BP) at depths 130 and 170 cm 

would support the validity of the proposed age model and therefore cannot be ruled out. 
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4.0 Arguments Against the Reviewer’s Proposed Age Model 

4.1 δ13C 

 Although the δ18O record and the 14C dates lend some support for the proposed 

age model, the δ13C record does not (Figure 26). Compared to SO136-111, the δ13C 

record from the original TAN1302-96 age model shows a coherent regional pattern of 

planktonic δ13C over the last glacial-interglacial cycle. Using the proposed age model 

changes the pattern such that TAN1302-96 and SO136-111 have quite different δ13C 

records, with notably different patterns around ~80 to ~90 ka BP and 100 to ~110 ka BP. 

The agreement in δ13C, which captures the localized surface water conditions, provides 

the strongest evidence in support of the original age model. 

 

Figure 26: δ13C record from TAN1302-96 using the original age model (top, black) compared to the 
proposed age model (bottom, red). Both records are compared to the δ13C record of SO136-111. 
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4.2 Sedimentation Rates 

Based on the sedimentation rates of TAN1302-96, comparing the proposed age 

model with the original age model would result in drastically different sedimentation 

rates. The sedimentation rates calculated using the original age model average between 

~5 cm ka-1 during warm periods (Holocene and MIS 5e) and ~1.5 to 2 cm ka-1 during 

cool periods (MIS 2, 3, 4, and 6). SO136-111 has sedimentation rates between 6 cm ka-1 

during warm periods and ~2 to 3 cm ka-1 during cold periods (Crosta et al., 2004). E27-

23, on the other hand, has sedimentation rates that are highly variable, ranging from 

between 23 to 132 cm ka-1 during the Holocene to between <1 to 5 cm ka-1 during MIS 2 

(Table 1 in Ferry et al., 2015). It is worth noting that preliminary focusing factor (FF) 

calculations (see Figure 23 in Appendix C) suggest that E27-23 may have been 

susceptible to significant lateral sediment redistribution, which may explain the highly 

variable sedimentation rates.  

The sedimentation rates calculated using the proposed age model show 

significant variability, with sedimentation rates between ~6 and 24 cm ka-1 during warm 

periods (Holocene and MIS 5e), declining to virtually 0 during the cooler periods of MIS 

2, 3, and 4 (Figure 27). To explain the significant difference between sedimentation 

rates, we would expect to see major changes in environmental parameters that limit 

sedimentation (e.g., consolidated sea ice coverage of ~80% over the core site), or 

changes in bottom currents that could be driving sediment winnowing. Although analysis 

of 230Th-normalization (which would confirm the degree of sediment winnowing) is still 

pending, our estimates suggest that sea-ice coverage at TAN1302-96 never exceeds 

~50%. Based on the data available, the original age model has almost identical 

sedimentation as SO136-111 during MIS 2, 3, and 4 (~2 cm ka-1), which is the period 

most contested by the reviewer. 
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Figure 27: Comparison of sedimentation rates (cm ka-1) by age (ka), including TAN1302-96 original (black) 
and proposed (red), and SO136-111 (blue). Note that despite it’s close proximity, E27-23 was left out of this 
comparison because of the preliminary focusing factor results suggesting lateral sediment redistribution. 

 

5.0 Additional Data Needed to Resolve Uncertainty 

In order to resolve this uncertainty, three additional analyses have been 

proposed by members of the C-SIDE working group, including: [1] the addition of 230Th-

normalized flux data, which will identify any lateral sediment redistribution throughout the 

core; [2] an assessment of the extinct diatom species Rouix leventerae, which can help 

‘measure’ the length of certain stages; and [3] an assessment of bottom topography and 

the possible influence of localized sediment redistribution. 

5.1 Thorium normalization 

The addition of U-Th systematics for TAN1302-96 will help address the 

uncertainties surrounding any lateral sediment redistribution that may be driving 

chronological uncertainties. The sedimentation rates from E27-23, which show very high 

rates (up to 132 cm ka-1) during the Holocene, are similar in pattern to the sedimentation 

rates using the proposed age model. However, preliminary FF values for E27-23 

suggest that the core may have experienced lateral sediment redistribution, which could 

be driving the high sedimentation rates. This emphasizes the need to conduct the same 
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analysis on TAN1302-96 to identify if any lateral redistribution has occurred. For 

example, in the proposed age model, sediment winnowing could be driving the very low 

accumulation rates during MIS 2, 3, and 4 (110 to 120 cm). Conversely, sediment 

focusing could potentially account for the “extended” MIS 5 (130 to 300 cm). Although 

other factors would need to be invoked (e.g., substantial changes in bottom currents), 
230Th-normalized sedimentation could provide some insights into this possibility and 

would allow for a more accurate comparison of sedimentation rates from E27-23. U-Th 

systematics are currently being analyzed by Zanna Chase and colleagues at the 

University of Tasmania and results are expected later during 2022. 

5.2 Last occurrence datum (LOD) Diatom Species 

Another proposed way to reconcile the different age models was to consider the 

presence of the extinct diatom species Rouix leventerae. Zielinski et al. (2002) suggests 

that the species R. leventerae, whose last occurrence datum (LOD) is tightly constrained 

to the end of MIS 6 (140 to 130 ka BP), can be used as a biostratigraphic tie point when 

sediments lack continuous calcareous microfossils. This species has been suggested to 

have had higher relative abundances during the MIS 6 cold period compared to the 

warmer MIS 7 (Crosta, per. comm., 2022), which could allow us to effectively measure 

the length of MIS 6 (in cm) and use this to calculate sedimentation rates during MIS 6 to 

compare against the sedimentation rates outlined in the proposed age model. While this 

use of LOD species to refine our age model in theory works, there are 3 key issues with 

this proposal: [1] TAN1302-96 does not capture the entirety of MIS 6 so we would be 

unable to reliably measure sedimentation rates without a fixed time interval, [2] Zielinski 

et al. (2002) noted that R. leventerae represent <1% of the species assemblage 

between 140 to 130 ka BP, which could result in an incorrect identification of the precise 

transition from MIS 6 to 5e, and [3] both the original and proposed age model agree on 

the location of the MIS 6/5e transition, which is well-constrained by the δ18O record, so 

conducting this analysis would likely not have any impact on resolving the issues raised. 

Therefore, the use of R. leventerae as a biostratigraphic tie point on TAN1302-96 would 

not help resolve this particular age model issue. 
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5.3 Regional Bathymetry 

Finally, the last analysis that could provide insights into what may be causing the 

variable sedimentation in the proposed age model is considering the regional 

bathymetry. To explain the high sedimentation rates during interstadial periods (e.g., 

MIS 5) and very little sedimentation during cool stadial periods (MIS 2, 3, and 4), as 

suggested in the proposed age model, we would expect to see changes in 

environmental parameters that influence sedimentation, such as sea ice coverage, or 

changes in circulation that may be redistributing sediment. Therefore, additional 

analyses on the location and local topography of TAN1302-96, E27-23, and SO136-111 

may provide additional insights.  

Based on the sea ice reconstructions from TAN1302-96, we do not see any 

section of the core (irrespective of age model) that produces sea-ice concentrations 

>50%. These estimates are approximately the same (albeit slightly higher) as those 

seen in SO136-111 during stadials (~40%), during which time sedimentation rates are 

around 2 cm ka-1 (Figure 27). These WSIC and sedimentation rates are approximately 

the same in TAN1302-96 during MIS 2, 3, and 4 (using the original age model), 

suggesting that sea ice coverage at the TAN1302-96 would not be limiting sedimentation 

to the degree suggested by the proposed age model. This suggests that if we accept the 

proposed age model, major changes in bottom circulation and sediment redistribution 

would be the most likely explanation for the lack of sediment accumulation during MIS 2, 

3, and 4. If major circulation changes were occurring between the warm interstadial and 

cool stadial periods, we would expect to see similar redistribution and a lack of 

sedimentation at E27-23, which is located only 120 km to the southwest. Although 

SO136-111 has a high-resolution and well-constrained age model from the region, its 

location north of the Antarctic Polar Front (APF) suggests that it may subject to different 

bottom circulation and therefore not well-suited for a comparison with TAN1302-96 and 

E27-23, which are both located south of the APF.  

The sedimentation rates for E27-23, as discussed previously, are highly variable 

between stadial and interstadial periods, ranging from ~1 to ~132 cm ka-1, which are 

more extreme than those suggested by the proposed age model. It stands to reason that 

if sediment redistribution is affecting E27-23, as is suggested by the preliminary FF 

results, it may also be affecting TAN1302-96. Once the U-Th systematics analysis is 
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completed for TAN1302-96 and preliminary FFs for E27-23 are confirmed, an accurate 

comparison of lateral sediment redistribution could resolve some of these uncertainties. 

An additional analysis to address these uncertainties could involve a high-resolution 

bathymetric analysis of the TAN1302-96 and E27-23 core sites. These analyses could 

identify if each core site is located in a different physiographic setting, such as on 

different sides of sills or within a contourite deposit, which could inhibit (or enhance) 

redistribution at one of the core sites.  

6.0 Conclusion 

Overall, there is compelling evidence that the original (and published) age model 

for TAN1302-96 is robust. The main evidence in support of the original age model is the 

fit of the δ13C signature to nearby marine core SO136-111 and the sensible 

sedimentation rates. Although the δ18O record does appear to fit better with SO136-111 

using the proposed age model, this could simply be an artifact of tying the two records 

together. The issues raised by the reviewer point to important questions that need to be 

answered, specifically why E27-23 shows similar sedimentation variability to the 

proposed age model, and if sediment redistribution is occurring at E27-23, is it also 

occurring at TAN1302-96. The addition of U-Th systematics on TAN1302-96 (pending at 

the time of writing) and a high-resolution analysis of the regional bathymetry for both 

E27-23 and TAN1302-96 could help resolve these uncertainties.  




