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Abstract 

The Mariana intra-oceanic island arc is imaged using a seismic survey to provide new 

constraints on the shallowmost crustal structure of the arc and the fore-arc where 

numerous serpentinite mud volcanoes, which provide valuable samples of mantle-derived 

fluids, are located. The multi-channel seismic (MCS) survey was acquired in 2002 from 

14° N to 19° N using a 6 km long streamer. I developed tomographic velocity models 

from the inversion of refracted first-arrival traveltimes recorded in the MCS data, but 

where the refracted arrivals are secondary, a synthetic ocean bottom experiment (SOBE) 

was created to reorganise the MCS data so that refractions became first-arrivals. Though 

the resolution of the velocity model from the SOBE data is generally higher than the 

surface-recorded data, resolution is limited by difficulties in picking first-arrivals on 

traces containing noise from the downward continuation process. The velocity models are 

used to provide better constraints on the lithology and degree of compaction beneath the 

seafloor of the Mariana arc, which includes isolated volcanoes along the modern arc, and 

the Fantangisña serpentinite seamount on the fore-arc. I also reprocessed the MCS lines 

to migration to obtain reflection images, which can better characterize subsurface 

structures. A combined interpretation of the migrated reflection sections and velocity 

models reveals that the upper crust of the Mariana arc comprises interlayered, less 

consolidated and consolidated sediments overlying a porous igneous basement. I infer 

from the presence of the numerous horsts and grabens in the arc massif that the Eocene 

arc is under extension. Interpretation of the data from the modern arc reveals the 

volcanoes tend to be younger in the south though some isolated volcanoes may have 

developed synchronously. I identify some igneous intrusions on the seafloor and buried 

volcanoes in the sub-seafloor. The novel high resolution velocity model and depth-

migrated reflection image of the serpentinite seamount on the fore-arc reveal that the 

internal structure of the seamount is asymmetric and highly heterogeneous. The 

serpentinite seamount was formed from repeated episodes of eruptive mudflows from a 

central conduit, but I infer from its structure that it may have undergone multiple slope 

failures. 
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Chapter 1.  

 

Introduction 

1.1. Motivation for Thesis 

Seismic data (seismograms) recorded at the Earth‘s surface can be used to determine a 

structural representation and the composition of the interior of the Earth. In addition to 

the complete wavefield, different components (e.g., traveltimes, amplitudes, waveforms, 

waveform spectra) of the seismic data can be extracted and transformed using appropriate 

methods to image the Earth‘s interior structure (see Rawlinson & Sambridge 2003). 

Seismic reflection surveys are one of the earliest and most developed methods for 

imaging the structure of the Earth‘s crust due to their extensive use in the petroleum 

industry, and later, crustal studies. Seismic traveltime tomography (e.g., see Rawlinson & 

Sambridge 2003) is another class of methods that were developed in the 1970s for 

imaging the Earth‘s crust and lithosphere. Though the method was initially developed for 

earthquake data, it has subsequently been adapted for ocean bottom seismometer (OBS) 

surveys and MCS surveys. In shallow water, these methods work reasonably well on 

MCS surveys; however, in deep water or where water depth increases rapidly, obtaining 

good seismic velocity models, which can be used to constrain the structure of the crust 

can be a major challenge due to the factors discussed below. 

1.1.1. Poorly Known Sub-Seafloor Velocities 

Seismic velocity is an important geophysical parameter for understanding the structure 

and composition of the Earth‘s crust, because it can constrain lithology, composition and 

temperature. The estimation of this parameter is generally difficult in seismic reflection 

surveys but traveltime tomography is now widely used to determine interval velocity 

(Al–Chalabi 1994; Harlan et al. 2008). Traveltime tomography provides better estimates 

of interval velocities and seismic reflector depth than using stacking velocities 

determined in conventional reflection processing (Bishop et al. 1985). In deep water, the 
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presence of the large water layer between the seismic survey close to the sea surface and 

the subsurface targets hinders accurate estimation of the interval velocities in the 

uppermost crust because shallow refractions, which are usually first-arrivals in the 

reflection survey and whose traveltimes can be used in seismic traveltime tomography are 

not first arrivals. When marine wide-angle surveys are acquired there are usually too few 

refractions through the upper crust recorded by the ocean bottom seismometers (OBS) to 

correctly estimate its velocities. Thus, interval velocities are poorly resolved by both 

wide-angle OBS and seismic reflection surveys.  

To better resolve interval velocities within the upper crust below deep water, seismic 

sources and receivers would, ideally, be located close to the seafloor. Since that cannot be 

easily achieved in practice, wave-equation datuming or downward continuation (Berryhill 

1979; Berryhill 1984) of the surface-recorded seismic reflection survey to a datum just 

above the seafloor can be used to remove the effect of the water layer and simulate data 

as if they had been recorded at locations close to the sub-seafloor targets. This processing 

causes shallow crustal refractions to become first arrivals whose traveltimes can be 

inverted using traveltime tomography methods, which can provide a higher resolution 

sub-seafloor velocity model.  

1.1.2. Effects of Varying Depth of Seafloor on Reflection Imaging 

The effect of seafloor depth variation is a time delay variation in the sub-seafloor arrivals 

across the recording streamer during seismic reflection data acquisition. Where the 

seafloor topography is complex and rough, traveltimes vary rapidly and distort the 

alignment of reflections in a common-midpoint (CMP) gather. Thus, after normal 

moveout (NMO) correction, the traces fail to sum up coherently and the resultant stacked 

image is degraded, which makes strong reflection events on a migrated image very 

difficult to follow consistently and interpret accurately.  

The ideal way to solve this problem would be depth migration of the data before stacking 

but this is computationally expensive and the correct sub-seafloor interval velocities 

required are unknown. To circumvent the computational problem, dynamic correction 

(Dent 1983) which is a technique that applies an appropriately calculated time-varying 
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time shift to each trace, and refraction static correction for water depth variations 

(Samson & West 1992) have been suggested. These techniques, however, fail to 

adequately address the problem because Dent (1983) requires sub-seafloor interval 

velocities and reflector orientations, which are mostly poorly known while Samson & 

West (1992) cannot handle time-varying delays required for detailed imaging work.  

When seismic traces are downward continued (wave-equation datuming) to a non-planar 

datum just above the seafloor, the effect of variable time delay due to water depth 

variations can be removed because each arrival is backward propagated to the seafloor. 

Consequently, arrivals across the recording streamer length will be better aligned in a 

CMP gather. This technique does not require sub-seafloor interval velocity information, 

which is a significant advantage over Dent(1983) and yields better results compared to 

conventional static correction methods. Berryhill (1979), for example, demonstrates that 

using wave-equation datuming for velocity replacement during seismic reflection 

processing can yield better images than what can be achieved with conventional static 

correction methods; however, the poorly known sub-seafloor interval velocities remain a 

limitation.  

1.2. Downward Continuation of a Seismic Reflection Survey 

Downward continuation or wave-equation datuming is the extrapolation of seismic 

wavefields for the purpose of redefining the reference surface on which the sources and 

receivers appear to be located. It is used to generate unstacked and unmigrated seismic 

time data at a specified datum, which can be either regular or irregular in shape. Practical 

applications of downward continuation include horizon flattening, forward modeling of 

seismic wavefields and layer replacement, which can either be performed on pre-stack or 

post-stack seismic data (e.g., Berryhill 1979), as well as multiple attenuation 

In principle, downward continuation can be implemented through the Kirchhoff integral 

approach (Berryhill 1979; Berryhill 1984; Wiggins 1984; Shtivelman & Canning 1988), 

phase-shift approach (Gazdag 1978; Gazdag & Sguazzero 1984) and the finite-difference 

approach (e.g., Claerbout & Doherty 1972). In practice, however, the Kirchhoff integral 
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technique is more convenient and efficient in handling environments with complex 

topography and variable velocities. The phase-shift technique cannot easily handle a 

laterally varying output datum whereas the finite-difference technique introduces more 

artifacts in its output.  

Figure 1.1 illustrates how seismic waves can be extrapolated from one datum to another 

in the downward continuation or wave-equation datuming (Berryhill 1979) process, and 

Berryhill (1984) presented a discretized form of the Kirchhoff integral given by  

𝑈𝑗  𝑡 =  
1

𝜋
 ∆𝑥𝑖𝑖 𝑐𝑜𝑠𝜃𝑖

𝑡𝑖

𝑟𝑖
 𝑈𝑖(𝑡 −  𝑡𝑖) ∗ 𝐹𝑖    (1.1) 

where 𝑖 ranges over all the seismic trace, 𝑈𝑖  is the seismic trace referenced to the input 

datum, datum 1, 𝑈𝑗 (𝑡) is a seismic trace synthesized at some point on the output datum, 

datum 2, 𝑟𝑖  is the distance between datum 1 and datum 2, 𝑡𝑖  is the traveltime of trace at 

datum 1, 𝜃𝑖  is the angle between 𝑟𝑖  and the normal at datum 1, ∆𝑥𝑖  is the trace-spacing, 

and 𝐹𝑖  is a filter operator called the obliquity or directivity factor, which functions to 

preserve amplitudes and waveforms.
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Figure 1.1 Schematic diagram of seismic wave extrapolation from one datum to 

another showing parameters used in Equation 1.1. Redrawn after 

Berryhill (1984).

The complete process of downward continuation of seismic waves using the Kirchchoff 

integral approach involves an extrapolation of receivers and another extrapolation for the 

sources. Therefore, if the recording aperture of the seismic reflection survey is narrow or 

limited, some of the deeper reflectors in the seismic data may be truncated after the 

double extrapolation. This introduces the possibility of leaving some important deep 

water structures unimaged. It is therefore very important to give serious consideration to 

streamer offsets and source coverage when selecting appropriate field datasets for 

downward continuation. Practically, the process is only feasible if datasets have long 

streamer offsets, for example, 6 km and well-sampled source coverage (Wiggins 1984). 

1.2.1. Synthetic Ocean Bottom Experiment (SOBE) 

For typical streamer offsets in shallow water (up to ~500 m of water depth), refraction 

arrivals precede reflections except at the nearest offset channels. In this case, first-arrival 

travel-times from the seismic data acquired at sea level can be inverted by traveltime 

tomography methods to produce estimates of sub-seafloor interval velocities. In deep 
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water, direct and reflection arrivals precede refraction arrivals but a synthetic ocean 

bottom experiment (SOBE) can be used to unravel the refraction arrivals so that they 

become first-arrivals  

The SOBE is an application of downward continuation or redatuming (e.g., Berryhill 

1984) to extrapolate sources and receivers of multi-channel seismic (MCS) reflection 

surveys acquired at sea level to a fixed datum which can be planar or conformable to the 

seafloor. This process, which propagates the seismic data backwards in time, collapses 

the reflection arrivals from the seafloor and unravels triplications from high velocity 

gradient zones. The technique is useful for both estimating sub-seafloor velocities and 

processing seismic reflections in situations where the water depth is large (deep water) 

and the subsurface velocities are low (e.g., Henig et al. 2009; Arnulf et al. 2011). 

The SOBE simulates an on-bottom refraction experiment using a two-step downward 

propagation of the seismic wavefield. Starting with the seismic data acquired at sea level, 

where both sources and receivers are located just below the surface, the first step is to 

downward continue the common-shot gathers to the selected datum (seafloor 

conformable or planar). For each shot gather, this step is the equivalent of moving all the 

receivers downward to the selected datum. By the principle of reciprocity, the data are 

reorganized into common-receiver gathers and downward continued to the same datum 

used in the first step. This second step is equivalent to moving all the sources from the 

surface to the selected datum. The downward continuation process is complete after the 

second step (e.g., Berryhill 1979; Wiggins 1984; Arnulf et al. 2014b). 

Factors which affect the quality of seismic reflection surveys acquired at sea level, such 

as, noise or missing traces, amplitude variations and spatial aliasing (insufficient or 

irregular sampling) in the seismic data can all produce migration-like artifacts, for 

instance, ‘smiles‘, which can degrade the quality of the SOBE downward continued data. 

Therefore, the original seismic reflection data acquired at sea level are preconditioned 

prior to the implementation of the SOBE in order to optimize its results. In practice, the 

preconditioning includes amplitude scaling, accurate topography estimation to define an 

appropriate datum and interpolation, which replaces the missing traces in the common-
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shot gathers of the original seismic data from adjacent traces before downward 

continuation. 

The SOBE can be implemented either through the Kirchhoff integral approach (e.g., 

Arnulf et al. 2011) or the phase-shift approach (Arnulf et al. 2014b). It has been 

combined with seismic traveltime tomography and waveform inversion methods to 

produce high resolution P-wave velocity models of the uppermost crust from crustal 

studies of the Mid-Atlantic Ridge (e.g., Henig et al. 2009; Arnulf et al. 2011; Arnulf et 

al. 2012; Henig et al. 2012; Arnulf et al. 2014b). Results from the application of the 

SOBE to field datasets by Henig et al. (2012) suggest that generally the technique works 

best in environments with large water depth and low sub-seafloor velocities. 

1.3. Traveltime Tomography 

The word tomography originates from two Greek words, ‘tomo‘ (meaning slice or 

section), and ‘graph‘ (which means to draw). By implication, the structure of a body can 

be described based on a collection of imaged slices through it. In medical applications it 

is possible to surround the whole body with sources and receivers but this is not possible 

in seismology (when dealing with the Earth). For this reason, seismic tomography suffers 

relative to medical tomography in two ways:  

1. Placing of sources and receivers is restricted to only the Earth‘s 

surface or using earthquake sources at poorly-known locations, i.e., 

sources are often located only on one side of the region to be imaged.  

2. Rays are not straight because of strong refraction within the Earth, and 

the raypath depends on the subsurface velocity to be estimated making 

the problem nonlinear.  

In traveltime tomography, the model data (input) are traveltimes and the parameter to be 

estimated (output) is velocity in the medium of wave propagation. This is because the 

seismic wave traveltimes observed between sources and receivers depend only on the 

velocity structure of the medium through which the wave propagates. As noted above, 

obtaining the velocity structure of the medium is a nonlinear problem. It is also an inverse 

problem because the velocity to be estimated cannot be computed directly from the 
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traveltimes, as in the case of a forward problem. Thus, a reference velocity is used to 

predict traveltimes in the forward modeling, and the difference between the observed and 

predicted traveltimes are minimized iteratively to solve the inverse problem. An inversion 

of these traveltimes is a representation of variations in body (P or S) wave velocities 

within the subsurface structure.  

1.3.1. Traveltime Estimation by Forward Modeling 

The tomographic process involves linearizing a nonlinear inverse problem and solving it 

iteratively. The first of the two steps in this iterative procedure requires a ray tracing 

technique (e.g., Červený 2001) to compute traveltimes and raypaths from sources to 

receivers. This step can be time consuming, computationally costly and subject to 

problems related to shadow zones and multipaths. To overcome these problems, 

traveltimes from sources to receivers can be calculated by a wavefront tracking method 

such as finite-difference schemes(e.g., Vidale 1988; Vidale 1990; Qin et al. 1992) 

The traveltime of a seismic wavefront, 𝑡, propagating through an elastic medium can be 

described by the eikonal equation in 2-D as  

 ∇𝑡(𝑥, 𝑧) 2 =  𝑚(𝑥, 𝑧)2   (1.2) 

where 𝑥 and 𝑧 are the horizontal and vertical co-ordinates, respectively, and 𝑚(𝑥, 𝑧) is 

the 2-D slowness field.  

Equation (1.2) represents a nonlinear partial differential equation for the traveltime 

function 𝑡(𝑥, 𝑧) whose solution can be obtained by linearization through Fermat‘s 

principle, which states that traveltime along a raypath of fixed endpoints is stationary 

with respect to perturbations in the path (see Aki & Richards 2002). Therefore, along a 

ray path, 𝐿0, through a reference medium, a small change in the slowness, 𝛿𝑚, will 

induce a linear perturbation in the traveltime, 𝛿𝑡, as  

𝛿𝑡 𝑥, 𝑧 =   𝛿𝑚(𝑥, 𝑧)
𝐿0

𝑑𝑙   (1.3) 

where the raypath, 𝐿0, is taken from source to a position of co-ordinate, (𝑥, 𝑧). 
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 For several straight line segment raypaths within a cell for numerous source-receiver 

pairs, Equation (1.3) can be discretized as  

𝚫𝒕𝒑𝒆𝒓𝒕 = 𝑨(𝒎)∆𝒎   (1.4) 

where 𝑨 𝒎  is a matrix with raypath segment length in each cell as its elements, 𝚫𝒎 is 

the slowness model perturbation and 𝚫𝒕𝒑𝒆𝒓𝒕 is the traveltimeperturbation vector.  

Vidale (1988) provides a finite difference solution to the 2-D eikonal equation shown in 

Equation (1.2) by assuming that the seismic waves originate from a point source which is 

surrounded by grid points of a slowness.  

1.3.2. Solving the Inversion 

The problem to solve now in Equation (1.4) is to find iteratively an improved model, 

starting from an initial model, so that the misfit in traveltimes is minimized. In other 

words, a perturbation model 𝚫𝒎 is sought such that the improved slowness model 

𝒎 + 𝚫𝒎 is approximately the same as the slowness model. Since there are numerous 

methods for solving the inversion problem, the description of the solution that follows is 

limited to the approach of Aldridge & Oldenburg(1993). 

The difference in traveltimes is given by  

𝚫𝒕 =  𝒕𝒐𝒃𝒔 –  𝒕𝒑𝒓𝒅   (1.5) 

where 𝒕𝒐𝒃𝒔 is a vector of the observed traveltimes and 𝒕𝒑𝒓𝒅 is a vector of the computed 

traveltimes from a known initial model.  

Although feasible in principle, it is practically almost impossible to find an exact solution 

for Equation (1.4) because 𝑨 𝒎  is usually large, nonsquare and sparse. Furthermore, the 

observed traveltimes vector (𝒕𝒐𝒃𝒔) used to obtain the initial slowness model often contain 

random errors, i.e., it is ill-posed.  
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The misfit or residual traveltime function is assumed to be a Gaussian, and so the 𝐿2 

norm used is given by: 

Φ =  𝑨 𝒎 𝚫𝒎 −  𝚫𝒕 2   (1.6) 

To obtain an acceptably small magnitude for the misfit or residual traveltime function, 

several iterations of updating the initial slowness model, calculating the traveltimes and 

re-computing the misfit function are required and this is achieved with the finite 

difference scheme of Vidale (1988) and the steepest descent gradient method (Aldridge & 

Oldenburg 1993). 

Typically, the misfit to be minimized is set up as an objective function, which consists of 

weighted sum of traveltime misfits and regularization terms, including flatness (first-

derivative smoothing) and smoothness (second-derivative smoothing) constraints. An 

example of such an objective function is given by  

𝚽 = ∥ 𝑾(𝑨(𝒎)∆𝒎 −  ∆𝒕) ∥ 2   (1.7) 

where 𝑾 is the weighting matrix subject to regularization constraints and 𝚽 is the data or 

model dependent misfit term. To simplify the inverse solution, a unity weighting matrix 

was assumed for the data dependent misfit term. Therefore, only a model dependent 

regularization term was included in order to minimize the non-uniqueness of the final 

slowness model (Aldridge & Oldenburg 1993). 

1.4. Research Objectives 

The crustal structure of the Izu-Bonin-Mariana (IBM) subduction system, which includes 

serpentinite seamounts (mud volcanoes) and sub-sea volcanoes, has been under intensive 

investigation over the past few decades. Various seismic methods have been used in these 

studies, which include, for example, explosive seismic refraction surveys (e.g., Latraille 

& Hussong 1980; Sager 1980) and earthquake teleseismic surveys (e.g., Tibi et al. 2008). 

Though seismic reflection surveys (e.g., Mrozowski & Hayes 1980; Mrozowski et al. 
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1982; Oakley et al. 2007) have been used to image the crust of the IBM, these studies 

rely on seismic reflectivity rather than seismic tomography methods. 

The seismic reflection surveys of the intra-oceanic Mariana arc by the R/V Ewing 

comprise a standard MCS survey, EW0202, with 50 m shot spacing and 6 km streamer, 

and a more sparsely sampled survey acquired as part of the 3-D wide-angle OBS survey 

with 200 m or 250 m shot spacing. These two reflection surveys provide an opportunity 

to better understand the shallow, upper crustal structure of the arc system. Though the 

structure of oceanic arcs has been studied many times at crustal scale using OBS 

refraction surveys (e.g., Suyehiro et al. 1996; Holbrook et al. 1999; Takahashi et al. 

2007; Calvert et al. 2008; Calvert 2011), very little effort has been directed towards 

understanding the shallow, upper crustal structure, which is poorly resolved by OBS 

surveys. Consequently, the shallow, upper crustal sub-seafloor interval velocities are 

poorly known.  

Though MCS reflection surveys are typically acquired over oceanic arc systems as part of 

OBS surveys (e.g., Oakley et al. 2007; Nishizawa et al. 2017), their interpretation is often 

challenging due to the lack of constraints on subsurface lithology such as borehole logs. 

Seismic velocities, which can be derived by tomographic inversion of first-arrivals 

recorded by towed hydrophone streamer, provide one under-exploited complementary 

constraint on relatively shallow lithology. For example, aside the streamer tomography 

study along the Aleutian arc (Shillington et al. 2004), which was not combined with the 

coincident reflection section, not many such studies are known. This is because oceanic 

arc systems have deep water depths, which mean that sub-seafloor refractions are not 

first-arrivals in most reflection surveys across oceanic arcs, arriving later than the direct 

wave. However, a new technique for downward continuation of surface-recorded data to 

a datum just above the seafloor simulates a survey in which refractions are first-arrivals 

and allow the application of standard first-arrival traveltime tomography. 

The overall objective of this thesis is to investigate the use of the new downward 

continuation technique in oceanic settings and attempt to understand the shallow, upper 

crustal structure of the Mariana intra-oceanic arc system using first-arrival traveltime 
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tomography and seismic reflectivity from MCS reflection surveys. To achieve this overall 

objective, I have subdivided this thesis into three focused objectives as follows: 

1. Tomographic velocity variations in the sub-sea volcanoes along the 

modern Mariana arc. 

2. Seismic reflection and tomography constraints on the upper crust of 

the Eocene Mariana arc. 

3. Seismic constraints on the upper crust of the Celestial serpentinite 

seamount (also known as the Fantangisña mud volcano) in the Mariana 

fore-arc region. 

To achieve objective 1, though it is not possible to apply the downward continuation 

technique (SOBE) due to large shot spacing, the refractions are readily available as first-

arrivals around the modern Mariana arc volcanoes where they approach the surface in the 

surface-recorded MCS reflection survey. Therefore, traveltimes can be picked for a 

standard first-arrival traveltime tomography to obtain a reasonable velocity model. 

For objective 2, refractions are readily available as first-arrivals where the Eocene arc 

approaches the sea-surface (< 3000 m depth) but obscured by the direct wave and 

reflections at depths greater than 3000 m in the MCS data. Therefore, first-arrival 

tomographic inversion is applied to two sets of data: the surface-recorded MCS and the 

data after applying the SOBE. The application of the SOBE to the MCS data can enable 

the obscured refractions (turning ray arrivals) to emerge as first arrivals, which can be 

inverted using standard first-arrival traveltime tomography. This objective also provides 

the opportunity for the resolution of the velocity model produced after the application of 

the SOBE to be evaluated, by comparing it with the velocity model produced from the 

surface-recorded data.  

Objective 3 is only achieved by applying downward continuation (SOBE) to the surface-

recorded data, allowing for refractions to become first-arrivals, which can be inverted 

using standard first-arrival tomography methods. Though the SOBE can also be used to 

process the seismic reflection data to migration for an improved reflectivity image, the 

standard processing sequence is good enough to produce a quality reflectivity image, 

which can be used to achieve the objectives and, consequently, the overall objective. 
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1.5. Thesis Organization 

Chapter 2 presents the geological introduction of the Izu-Bonin-Mariana intra-oceanic arc 

system and a brief summary of previous seismic refraction surveys in oceanic arc 

systems. The study area and the focus of the thesis are also described. 

Chapter 3 presents the seismic velocity variations in the upper crust of the volcanoes 

along strike of the modern Mariana arc derived from conventional traveltime 

tomography. The volcanoes are grouped into subaerial and submarine and the differences 

and similarities between the individual volcano velocities as well as the groups are 

discussed. Representative 1-D average velocity functions for the volcano groups are also 

presented and compared with a volcano from another oceanic system. Finally, by 

combining the velocity model with the migrated seismic image, the stratigraphy of the 

upper crust of the modern Mariana arc is interpreted and the relative ages of the volcano 

groups are discussed.  

In Chapter 4, I focus on the seismic reflectivity and velocity of the upper crust of the 

Eocene Mariana arc. The first part of the chapter involves developing an appropriate 

velocity model for the upper crust. The traveltimes of the surface-recorded seismic data 

of line 83 – 84 are inverted to obtain a surface geometry tomographic velocity model. 

Since a large portion of the crust is in deep water, I also apply downward continuation to 

the surface-recorded seismic data, invert the traveltimes afterwards to obtain the synthetic 

ocean bottom experiment (SOBE) geometry tomographic velocity model and compare it 

with the surface geometry velocity model. After spatial resolution analysis, the SOBE 

geometry velocity model is used for the rest of the work in this chapter. To conclude the 

chapter, I combine the tomographic velocity model with time-migrated seismic 

reflectivity image to interpret the lithostratigraphy and overall structure of the upper crust 

of the Eocene arc, and discuss evidence of its extension. 

 Chapter 5 presents the seismic velocity structure of the Fantangisña (Celestial) mud 

volcano from traveltime tomography. This seamount, which is on the fore-arc of the 

Mariana subduction zone, is about 2000 – 3500 m below the sea-surface where the 

seismic data of line 67 – 68 were recorded and so refractions are not first-arrivals. I apply 
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downward continuation to the surface-recorded data to unravel refractions as first-arrivals 

and their traveltimes are inverted to obtain the velocity structure. I also build a velocity 

model for depth-migration imaging of seismic line 67 – 68. I conclude the chapter with 

the interpretation of the seismic structure, which includes both the tomographic velocity 

model and the depth-migrated image, and discuss the possible development of the mud 

volcano. This chapter is published in the August 2019 issue of Geophysical Journal 

International. 

Chapter 6 consists of an overall summary of the main results from chapters 3 to 5. It also 

discusses the contributions of this thesis to the general literature of P-wave velocity 

estimation in the upper crust of oceanic island arcs and volcanoes, which include 

serpentinite seamounts. The chapter concludes with a summary of the challenges 

associated with the SOBE and suggestions for potential further work. 
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Chapter 2.  

 

Geological background and previous studies 

2.1. Tectonic Setting 

2.1.1. Present Arc Geometry 

The Izu-Bonin (Ogasawara)-Mariana (IBM) subduction system in the northwest Pacific 

Ocean, which extends over 2800 km from Guam in the south (about 12ºN) to Japan in the 

north (about 35ºN) (Karig 1971; Stern et al. 2003), is a classic example of an intra-

oceanic arc-back-arc system where the Late Cretaceous to Early Jurassic Pacific plate 

subducts beneath the Philippine Sea plate. Based on the Sofugan Tectonic Line (about 

29º30‘N) and the north end of the Mariana Trough (about 23ºN), the IBM system can be 

divided into the Izu, Bonin and the Mariana segments (Stern et al. 2003). The Mariana 

volcanic arc (central chain of volcanic islands), lies between the Mariana Trench to the 

east and the West Mariana Ridge, which is a remnant arc, to the west (Figure 2.1). The 

Mariana Trough, which separates the active Mariana volcanic arc from the remnant West 

Mariana Ridge, is a well-developed back-arc spreading center with a full spreading rate 

of 30 – 40 mm/a (Karig 1971; Bibee et al. 1980; Hussong & Uyeda 1981), and the 

convergence rate across the Mariana Trench is approximately 30 mm/a. The Izu and 

Bonin segments of the arc are approximately linear; however, the Mariana segment is 

characterized by a bow-like geometry due to the more recent back-arc spreading. The 

subducting Pacific plate is almost vertical at depths between 200 km and 600 km and the 

subducting slab seems to penetrate through the 670 km discontinuity and descend into the 

lower mantle; however under the Izu-Bonin arc system farther north, the slab flattens just 

above the 670 km discontinuity (van der Hilst et al. 1991). 

2.1.2. Arc Evolution 

The IBM system was created when subduction of the Pacific plate started in the Early 

Eocene (~45 – 50 Ma) (Stern & Bloomer 1992; Taylor 1992). Initial arc magmatism 
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developed during the Middle to Late Eocene (~35 – 44 Ma) over an approximately 300 

km wide zone, and volcanism was characterized by boninitic magmas, which had very 

fast production rates until the establishment of the modern-style island arc about 35 Ma 

(Stern & Bloomer 1992; Bloomer et al. 1995). This early arc rifted from Late Eocene 

(~30 Ma) to the Early Oligocene (15 Ma), and back-arc seafloor spreading along most of 

the IBM created the Shikoku Basin in the north and the Parece Vela basin in the south, 

which separated the remnant Palau-Kyushu Ridge from the still active Izu-Bonin and 

Mariana arcs (Hussong & Uyeda 1981; Okino et al. 1999), respectively (Figure 2.1). The 

Mariana segment of the arc was subjected to rifting again in the Late Miocene (~8 Ma) 

causing the start of seafloor spreading in the Middle Pliocene (at 3 – 4 Ma) (Bibee et al. 

1980; Hussong & Uyeda 1981). Back-arc spreading in the Mariana Trough continues 

today (Fryer 1995), and is separating the West Mariana Ridge from the presently active 

Mariana arc that formed 3 – 4 Ma ago ~40 km west of the remnant Eocene arc (Stern et 

al. 2003). Along the Mariana segment, volcanic islands are found only in the central 

region, with submarine volcanoes in the north and south
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Figure 2.1 Bathymetry map of the Izu-Bonin-Mariana (IBM) subduction zone 

showing the associated island arcs and back-arc basins. The relative 

velocities between the Philippine Sea plate and the Pacific plate 

indicated at the trench are from Seno et al. (1993). The map was 

obtained using the global multi-resolution topography (GMRT) data 

(Ryan et al. 2009). 
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2.1.3. Arc Structure 

The distance of the Mariana arc from continental areas has restricted the sedimentary 

input to the subduction zone to pelagic and volcaniclastic sediments. The fore-arc is 

generally sediment starved since it also lacks sediment supply from the subducting 

Pacific plate due to isolation by the trench (Mrozowski & Hayes 1980; Stern & Smoot 

1998). No significant accretionary wedge has developed because most of the incoming 

sediment is subducted and the fore-arc is also subject to erosion (Clift & Vannucchi 

2004). Drilling and dredging (e.g., ODP Leg 125 and DSDP) of the fore-arc basement 

recovered boninites, arc tholeiites, and some peridotites (Hickey & Frey 1982; Bloomer 

& Hawkins 1987; Pearce et al. 1992), which are interpreted to be associated with initial 

evolution of the subduction zone during the Eocene. The fore-arc region extends from the 

eastern edge of the volcanic island arc to the trench, and is generally 200 – 220 km wide. 

Though the outer edge of the fore-arc includes submarine mud volcanoes formed by fluid 

flow through relatively thin oceanic crust, the innermost part of the present Mariana fore-

arc comprises the eastern remnant arc formed from successive rifting episodes that gave 

rise to the Palau-Kyushu and West Mariana ridges, and dates back to the Eocene. The 

inactive frontal arc which includes the islands of Guam, Saipan, and Tinian, comprises 

tholeiite and boninite basement rocks similar to those of the submerged outer fore-arc 

(Reagan & Meijer 1984; Hickey-Vargas & Reagan 1987). The modern magmatic centers 

which are about 3 – 4 Ma old (Reagan & Meijer 1984; Stern et al. 2003) lie 30 – 50 km 

west of the Eocene frontal arc.

2.2. Previous Studies of Oceanic Arcs 

2.2.1. Crustal Structure of Island Arcs 

Oceanic volcanic arcs are shaped by the tectonic processes and magmatism of intra-

oceanic subduction zones. Seismic and geological observations of the structure and 

composition of island arcs reveal that the crust is commonly basaltic (Grow 1973; 

Arculus 1981; Holbrook et al. 1999). Seismic refraction surveys have indicated that the 

typical crust of island arcs comprise the upper crust, which is made up of sedimentary 
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rocks above an igneous basement, the middle crust, which can exhibit velocities similar 

to continental crust, and the lower crust, which is mostly mafic in composition (Calvert 

2011). Early results from seismic refraction surveys have indicated that the upper crust of 

island arcs has P-wave velocities of 5000 – 5800 m/s (e.g., Murauchi et al. 1968; Grow 

1973), but more recently velocities of 1800 – 5800 m/s and 4300 – 5000 m/s have been 

estimated for the Izu-Bonin and Aleutian arcs (Holbrook et al. 1999; Kodaira et al. 

2007), respectively. Through wide-angle surveys a mid-crustal layer of intermediate 

composition has been inferred in the Izu-Bonin and Tonga arcs (e.g., Suyehiro et al. 

1996; Takahashi et al. 1998; Crawford et al. 2003), and P-wave velocities of 6100 – 6200 

m/s (Suyehiro et al. 1996) and more recently 6000 – 6500 m/s (Takahashi et al. 2007) 

have been estimated for this layer in the Izu-Bonin arc.  

2.2.2. Upper Crustal Structure of IBM Arc 

The IBM arc is a classic example of an oceanic island arc system and has been 

intensively studied to understand subduction zone magmatism and arc evolution in this 

setting. The tectonic processes that shape our understanding of the current structure of the 

IBM arc system have been documented since the early 1970s (e.g., Karig 1971; Karig et 

al. 1978; Stern et al. 2003). The IBM subduction zone initiated in the Eocene (~50 Ma) 

and was followed by two successive episodes of arc rifting and back-arc spreading, which 

produced two remnant arcs (West Mariana Ridge and Palau-Kyushu Ridge) now 

separated from the Modern arc and the Eocene arc massif to the east. Using wide-angle 

seismic surveys, typical crustal thickness of 5 – 6 km with P-wave velocities of 1800 – 

5800 m/s has been inferred (Suyehiro et al. 1996; Kodaira et al. 2007; Takahashi et al. 

2007; Calvert 2011). In a 2-D wide-angle refraction study, Takahashi et al. (2007) 

estimated P-wave velocities of 2000 – 6000 m/s for the upper crust and inferred a 

sedimentary layer with velocities of 2000 – 4500 m/s. However, due to lack of more 

detailed information, the basement velocity in the upper crust was fixed at 3000 – 4000 

m/s by Calvert et al. (2008). More recent borehole logging results from IODP Expedition 

352 Holes U1439C, U1440B and U1442A in the IBM fore-arc has measured average P-

wave velocities of 3100 – 3400 m/s up to 300 m below the top of igneous basement 

(Christeson et al. 2016). 
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2.3. The Study Area 

The study area presented in this thesis lies in the Mariana segment (14° – 19° N and 

144°24ʹ – 148° E.) northeast of Guam that comprises the modern arc, frontal Eocene arc 

and the outer fore-arc basin (Figure 2.2), which houses several serpentinite seamounts 

(e.g., Turquoise and Peacock seamounts). These large (20 – 40 km in diameter) 

submarine mud volcanoes are about 1 – 3 km in height, and occur in groups in the north 

of 18° N but are isolated from each other in the south. When the United States of 

America transferred all submerged islands and associated waters to the Commonwealth 

of Northern Mariana Islands in 2016, all seamounts in the area were assigned new names 

in the Chamorro language. For example, Celestial seamount was renamed Fantangisña 

seamount. In 2002, MCS data were acquired over the Mariana segment of the IBM 

subduction zone to study its seismic structure (e.g., Günther et al. 2006; Oakley et al. 

2007). Since the datasets are very large, this thesis is focused on specific areas where I 

hope to combine tomographic velocity modeling and reflection imaging to better 

understand the shallow structure: the active volcanoes in the modern arc, the inactive 

frontal Eocene arc and a serpentinite mud volcano in the fore-arc region. The dataset of 

seismic survey line 10 were acquired along the modern arc with large shot spacing (200 – 

250 m), which means that the data cannot be downward continued but the shallow water 

depth allows tomographic inversion around the volcanoes where they approach the sea 

surface. In contrast, the small shot spacing of the datasets for lines 83 – 84 and 67 – 68, 

which were acquired across the Eocene arc and the Fantangisña (Celestial) serpentinite 

volcano, respectively, makes downward continuation possible. In the Eocene arc, the 

dataset of line 83 – 84 spans shallow and deep water depths, allowing for tomographic 

inversion to be applied to both the surface-recorded and downward continued datasets. 

Finally, in the fore-arc region, it is only possible to apply tomographic inversion to 

downward continued dataset of line 67 – 68 from the Celestial serpentinite seamount 

because the water depth is too great for there to be any first-arrivals in the surface-

recorded data. 
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Figure 2.2 Bathymetry map showing the Mariana island arc and the fore-arc 

basin. Isolated volcanoes and serpentinite mud volcanoes associated 

with the active modern arc and the outer fore-arc basin, respectively, 

are indicated. 
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Chapter 3.  

 

Seismic tomographic velocity variations in volcanoes along 

the Modern Mariana arc 

Summary 

Multi-channel seismic data were acquired in 2002 to image the Mariana island arc 

system. We present results from a 2-D P-wave tomographic velocity model obtained by 

inverting first-arrival traveltimes along the modern Mariana arc from 14°36ʹ N to 18°12ʹ 

N. The volcanoes along the modern arc, which is not older than 3 – 4 Ma, have 

uppermost crustal P-wave velocities of 1590 m/s just beneath the seafloor that increase to 

5500 m/s in the basement layer. The velocity at the top of the basement is ~4000 m/s. 

The volcanoes‘ upper crust likely comprises pelagic and volcaniclastic sediments above a 

porous basaltic basement. One-dimensional (1-D) P-wave velocity profiles through the 

summit and flanks of the volcanoes seem to suggest that the subaerial volcanoes, 

reaching above sea level, mostly along the northern part of the arc, exhibit peak seismic 

velocities that are 200 – 600 m/s higher, and are older than the submarine volcanoes. The 

onlap of volcaniclastic flows and sediments onto adjacent volcanoes gives further 

evidence of the differences in the volcanoes‘ age, but this becomes difficult to quantify 

where there are inter-fingered flows of sediments, and the development of the volcanoes 

are synchronous. Our results further suggest that several intrusions exist along the arc and 

there may be a buried volcano between the Guguan and Zealandia Bank volcanoes. 

3.1. Introduction 

3.1.1. Motivation for this Study 

In the last few decades, the standard method for determining the seismic velocities of 

volcanoes, which are important for locating seismic events in the edifice, has been 

seismic tomography from locally recorded seismicity (e.g., Thurber 1983; Lees 1992). 

Local earthquake tomography (LET) can map velocity variations in the deeper crust 
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below volcanoes, but LET is unable to resolve velocity variations in the uppermost 2 km 

due to the space distribution of recording stations and the spatial variability in seismicity. 

Active source seismic surveys are capable of resolving velocity variations in the shallow 

crust of volcanoes but this method has not been widely used due to limitations associated 

with data acquisition, such as the difficulty in deploying field equipment on certain 

volcano types, for example, those with steep and/or unstable slopes. 

On land, there have been a number of active source seismic surveys acquired across 

volcanoes, for example, Newberry volcano (Achauer & Evans 1988) and Mount 

Vesuvius (Zollo et al. 1998), that have used both 2D and 3D methods with offsets of 10 

km or more. These surveys have estimated P-wave velocity variations to depths up to 10 

km, and sometimes identified low velocity anomalies that may be associated with the 

presence of melt (Beachly et al. 2012) or velocity anomalies that could represent 

solidified intrusive bodies (Zollo et al. 1998; Aoki et al. 2009). To date, submarine 

volcanoes have not been as well studied by active source surveys compared with 

volcanoes on land, though preliminary results from the Soufriere Hills volcano, 

Montserrat indicate significantly lower velocities below its offshore region compared 

with the onshore (Shalev et al. 2010). The marine seismic survey acquired over the 

modern Mariana arc is limited to maximum offsets of 6 km, and does not always conform 

to 2-D geometry: however, it provides an opportunity to characterize the average velocity 

structure of submarine volcanoes and compare them to results from other settings. Here, I 

present a 2-D P-wave tomographic velocity model that is integrated with the coincident 

depth-migrated seismic reflection section of the volcanoes that lie along the modern 

Mariana arc from 14°36ʹ N to 18°12ʹ N, to mainly characterize the average velocity 

structure of the volcanoes and any other features that may be associated with upper crust. 

3.2. Seismic Reflection Survey 

In 2002, multi-channel seismic (MCS) reflection data were acquired to image and 

understand the seismic structure of the Mariana island arc system. The R/V Ewing 

acquired the MCS lines with shot points every 200 – 250 m using a 10,810 cu in., 2000 

psi (0.177 m
3
, ~13,790 kPa), tuned 20-airgun array source towed at a depth of 8 m. A 
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240-channel hydrophone streamer, towed at the same depth as the source, with a receiver 

group interval of 25 m, was used to record the resulting low fold (12 – 15) reflection data, 

which were recorded to a total time of 61.44 s at a sampling rate of 4 ms. The 15-fold 

reflection data of line 10 along the modern arc were used in this study (blue line in Figure 

2.2). 

3.2.1. Data Quality and First-Arrival Picking 

The signal-to-noise ratio of the recorded data are generally good after Ormsby band-pass 

filtering (4 – 8 – 80 – 120 Hz), which allows for first-arrivals to be determined. Examples 

of common-shot gathers after band-pass filtering are shown in Figure 3.1. The first-

arrivals are easily determined and picked at most offsets but due to the rugged volcano 

topography their amplitudes decrease at large offset, which introduces some difficulties 

in their identification along the flanks and accurate picking of the travel times. We 

manually picked the first-arrival travel times every 50 m on constant-offset gathers. 

Figure 3.2 shows examples of how as accurate as possible the travel times were picked. 

The picked first-arrival travel times were also checked on common shot gathers for 

consistency and quality control. We picked a total of about 253,600 traveltimes on the 

peak of the first-arrivals to generate our 2D velocity model. The traveltime picks were 

assigned an average uncertainty of 20 ms, which was estimated visually from the full 

range of recorded offsets. The traveltimes were shifted earlier in time by this average 

uncertainty value to align them with the onset of the first-arrivals of the seismic signal.
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Figure 3.1 Examples of common-shot gathers of Line 10. (a) Common-shot 

gather of shot point 760 at a location of ~114 km along profile. (b) 

Common-shot gather of shot point 1520 at a location ~264 km along 

profile. First-arrival travetimes (red lines) were picked for both 

refraction and direct waves.
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Figure 3.2 Examples of first-arrival travel time picks on constant offset gathers 

of Line 10 from shot point 700 to 1400, which were shot over the 

Guguan, Zealandia Bank, Sarigan, South Sarigan, and Anatahan 

volcanoes. (a) Common-offset gathers at a constant offset of 4887 m. 

(b) Common-offset gathers at a constant offset of 6137 m.
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3.3. First-Arrival Traveltime Tomography 

3.3.1. Inversion Methodology 

Travel time tomography sets out to generate a velocity model of the subsurface by 

solving a nonlinear problem of inverting seismic wave travel times, which can be 

linearized and solved iteratively. Tracing of ray paths from source to receiver for each 

source-receiver pair is required for the iterative process, which can be laborious and 

prone to errors resulting from shadow zones and multipaths. To avoid these difficulties, 

we utilized a 2-D tomographic inversion algorithm (Aldridge & Oldenburg 1993), which 

uses a finite difference solution of the eikonal equation (Vidale 1988) for the forward 

modeling. In the forward modeling, travel times are calculated through all points of a 

velocity model defined on the nodes of a 2-D grid. The accuracy of the travel time 

calculations is improved when a large number of grid nodes with small grid size spacing 

are used. The use of a small grid spacing for the inversion step gives a smoother model; 

however, to reduce the memory and computational time required, a larger grid spacing 

may be necessary. Ray paths for each source-receiver pair, are generated by following the 

steepest descent direction through the computed travel time field, which produces first-

arrival ray paths irrespective of wave type. The velocity model is updated iteratively, and 

for each iteration a travel time misfit (residual) to the model is estimated from the 

difference between the calculated and the observed travel times. A two-dimensional first-

arrival tomographic velocity model was estimated for the upper crust of the modern 

Mariana arc. We used the tomographic inversion algorithm of Aldridge & Oldenburg 

(1993), where a finite difference solution of the eikonal equation was used in the forward 

modeling step for the calculation of travel times (Vidale 1988) to every point of a 

velocity grid. Ray paths originating from each receiver back to the source are produced 

by following the steepest descent direction through the computed travel times. In the 

inversion step, velocities were updated iteratively and subject to regularization 

constraints based on the second derivatives (horizontal and vertical) of the slowness 

model.  
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3.3.2. Starting Velocity Model 

The iterative tomographic inversion requires an initial velocity model, and a 1-D velocity 

function below a laterally varying seafloor was used. The velocity model was constructed 

on a grid whose dimensions are 440 km horizontally and 8 km vertically. A grid cell size 

of 25 m was used for both the forward travel time calculation and the inversion. The 

depth to the seafloor varies, significantly, from approximately 140 m to 2900 m along the 

survey profile, and with its high seismic velocity contrast, generates highly variable time 

delays along the different ray paths. To ensure accurate calculation of the travel times in 

the forward modeling, the bathymetric data, which were estimated from the seafloor 

reflection time on the near-offset hydrophone group, were gridded at intervals of 12.5 m. 

Due to the large variation in depth of the water layer above the seafloor, a fixed velocity 

in the water layer was insufficiently accurate. Therefore, we used a velocity-depth profile 

which decreases downward from the sea surface to 1000 m depth and then increases at 

greater depth. This velocity-depth profile was chosen so that it is consistent with the 

typical velocity profile of seawater, in which the depth variation of velocity is due to 

changes in temperature and pressure (e.g., Munk 1974; Chen & Millero 1977). 

A number of different horizontally layered linear starting velocity models were tried for 

the tomographic inversion: however, discontinuities in the velocity values or its 

derivatives created artefacts in the final model, especially at the volcanoes‘ summit, 

where the igneous basement is closer to the seafloor. Thus a 1-D exponential velocity 

function (Equation 3.1), which is continuously differentiable, was used for the starting 

model (Calvert et al. 2008): 

𝑉𝑝(𝑧)  =  𝑉𝐿  −  (𝑉𝐿 − 𝑉0)𝑒[−k(𝑧  − 𝑧𝑏 )]   (3.1) 

where 𝑉𝑝(𝑧) is the velocity at depth, z, 𝑉𝐿 is the limiting velocity at large depth, 𝑉0 is a 

reference velocity just below the bathymetric interface, 𝑧𝑏  is the depth from the water 

surface to the bathymetric interface and 𝑘 is a constant coefficient. The shallowest 

velocity, just below the seafloor, was fixed at 1800 m/s based on previous studies in an 

area with similar tectonic settings (e.g., Kodaira et al.2007), while the limiting velocity 

was fixed at 6000 m/s. After several trials, a value for 𝑘 of 0.0006 was determined for the 
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starting model because it resulted in the smallest initial root-mean-squared (RMS) misfit 

between calculated and picked travel times. 

3.3.3. Model Optimization 

Horizontal and vertical regularizing constraints, which are based on the second spatial 

derivatives of the slowness model, were added for each iterative update of the subsurface 

velocities in the inversion. To update the velocities at each iteration cycle, a minimum 

norm least squares solution was sought for the misfit, which is estimated from the 

difference between the calculated and picked travetimes. After 21 iterations, the root-

mean-square (RMS) misfit for the final model was reduced from 58 ms to 9 ms. The 

distribution of travel time residuals, which indicates the quality of fit of the final velocity 

model to the observed travel times, is displayed in Figure 3.3. Also shown in Appendix A 

(Figure A.1) are seismic data examples of traveltimes calculated through the final 

velocity model superimposed on the traveltime picks for comparison, and to demonstrate 

the reliability of the picks. For each iteration, the model misfit was computed from the 

difference between the observed and calculated travel times. 
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Figure 3.3. Residual plots showing distribution of travel time misfits binned by source-receiver offset for (a) initial velocity model and (b) final velocity model.



31 

3.3.4. Final Tomographic Velocity Model 

The number of rays going through each cell in the final tomographic iteration is displayed 

in Figure 3.4b with areas of zero ray coverage shown as white. The high ray densities are 

mostly in the centers of the volcanoes and often indicate areas where rays propagate 

through high velocities. The final 2-D velocity model is shown in Figure 3.5 with white 

areas indicating zero ray coverage (and no velocity information). The velocity model is 

constrained by ray coverage up to a depth of ~2 km below the seafloor. The P-wave 

velocities generally vary from ~1590 m/s just beneath the seafloor to ~5500 m/s at depth. 

Although the highest P-wave constrained velocities are below 5000 m/s for most 

volcanoes, they reach up to 5300 – 5500 m/s beneath the summits of Pagan volcano, and 

West Saipan and Esmeralda Bank volcanoes. A topmost layer, which is bounded below 

by the 2000 m/s iso-velocity contour, is generally present in all volcanoes with estimated 

thicknesses ranging from ~25 – 400 m except for the volcano at ~340 km along profile, 

where high velocities occur close to the seafloor. Below this layer, a well defined unit 

with velocities greater than 2000 – 4000 m/s is consistently present below each volcano 

along the arc and overlies a basement interface, which we define approximately by the 

4000 m/s iso-velocity contour. Many of the high velocity contours (i.e., 3000 m/s and 

above) mimic the seafloor geometry (Calvert et al. 2008), but the shallower, low velocity 

contour (2000 m/s) exhibits greater variability disappearing into the seafloor at some 

locations, and indicating high heterogeneity in the topmost layer. Overall, there is gradual 

increase in velocity with depth across all volcanoes except at high gradient zones, which 

mostly occur at the summit, where the increase is rapid. Furthermore, volcanoes with 

narrow summits generally have a relatively thin sedimentary layer overlying the high 

velocity basement layer, due to a high velocity gradient at shallow depth. In contrast, in 

the volcanoes with broad summits there is a more gradual velocity increase below the 

seafloor, leading to a thick low velocity sedimentary layer above the igneous basement, 

which occurs at a depth of ~1000 – 1500 m below the seafloor. The summits of the 

volcanoes, as used in this section, do not necessarily represent their peaks, especially for 

the volcanoes that lie 0 – 230 km along the profile as discussed further in Section 3.5. 
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Figure 3.4. (a) Unconstrained starting velocity model used for the inversion. (b) Ray density map showing vertical and horizontal extent of travel time ray coverage, where areas of zero 

ray coverage are shown inwhite 
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Figure 3.5. Final velocity constrained by ray coverage, displayed with contour intervals of 500 m/s. Areas of zero ray coverage are shown in white. Z.B = Zealandia Bank and S.S = South 

Sarigan 
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3.3.5. Model Resolution Assessment 

The ability of the tomographic inversion to resolve in detail structural features in the final 

velocity model can be evaluated by carrying out resolution tests, such as checkerboard or 

corrugation tests (e.g., Zelt 1998; Calvert et al. 2003). Small 2-D perturbations which 

consist of half-wavelength sinusoids with maximum velocity amplitudes of 550 m/s were 

superimposed on the final velocity model. Half-wavelength sizes of 1000, 500 and 250 m 

were used, and for each perturbation the travel times for the perturbed model were 

calculated for all source-receiver pairs. These travel times were then inverted to recover 

the perturbed model using the final model from the tomographic inversion as the starting 

model, and the perturbations were subsequently obtained by subtracting the starting 

model from the recovered model. The degree to which the perturbations are recovered 

shows how well the final velocity model is laterally resolved with depth. The recovered 

checkerboard resolution tests are shown for 50 km sections (from ~150 – 200 km along 

profile) in Figure 3.6, to illustrate the dimensions of the recoverable features and the 

sensitivity of the tomographic inversion. In general, the 1000 m checkerboards are well 

resolved laterally to a depth of 1500 m below seafloor and the 500 m checkerboards are 

resolved to a depth of 800 m. The 250 m checkerboards are not particularly well 

recovered even at shallow depths and we restrict our interpretation of the velocity model 

to features larger than 500 m. We used larger half-wavelength sizes, such as 1500 m, 

2000 m and 3000 m (not shown in Figure3.6), to test the vertical resolution of the model 

and found that perturbations were not recoverable beyond 2000 m depth below seafloor.
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Figure 3.6. Recovered velocity perturbations for checkerboard resolution tests of 

the final velocity model with maximum anomaly amplitude of 10% of 

maximum velocity in the model. Checkerboard sizes of (a) 1000 m, (b) 

500 m and (c) 250 m were tested and the recovery results indicate a 

minimum size of 500 m is resolvable by the tomographic model
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3.4. Seismic Reflection Imaging 

The seismic reflection image was obtained by applying a standard processing sequence to 

the MCS data. This included time-squared amplitude recovery, Ormsby bandpass filter (8 

– 12.5 – 80 – 120 Hz), shot-averaged predictive deconvolution with 320 ms operator 

length, 32 ms prediction gap and 0.1% white noise, top mute and inside mute. A first pass 

of velocity analysis was carried out after the data were sorted into common mid-point 

(CMP) gathers from which super-gathers, each containing a set of 5 CMP gathers were 

formed. Dip move-out (DMO) correction was applied using a frequency-wavenumber 

filter (F-K DMO) in the shot domain, which was followed with a second pass of velocity 

analysis to create the stacking velocity field. Normal moveout (NMO) correction was 

applied using this velocity field and the data were stacked with a diversity stacking 

algorithm after automatic gain control (AGC) was applied to suppress high amplitude 

noise in the low-fold (15-fold) reflection data to create a good quality stack. Although the 

diversity stack algorithm is mostly applied to vibroseis land seismic data, we found it 

particularly useful for this low fold marine data (Lynn et al. 1987). Post-stack processing 

applied to the data included finite-difference depth migration (for dips up to 50 degrees) 

to reposition reflection events at their ‗true‘ subsurface depth positions. The depth 

migration used the tomographic velocity model, which has been demonstrated to improve 

the image (Jaiswal et al. 2008; Asafuah & Calvert 2019 (Chapter 5)). The final depth-

migrated image was filtered, Ormsby bandpass filter (4 – 8 – 45 – 60), scaled, AGC 

(1000 ms) applied, and muted above the seafloor for enhanced display as shown in Figure 

3.7. 
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Figure 3.7. Tomographic velocity model superimposed on depth-migrated reflection image of the modern arc. Tomographic velocity images were obtained for all volcanoes except NW 

Rota. (a) Original seismic profile with no interpretation (b) Seismic profile with interpretation of features associated with the seismic profile. Interpretation is made indicating the various 

stratigraphy in addition to features related to the volcanoes, which include volcanic centers, normal faults (Pagan and Alamagan), half-graben (Alamagan), graben (Esmeralda Bank) and 

calderas (West Saipan and Esmeralda Bank). Some local highs interpreted as volcanic centers may probably be eruptive vents (e.g., Chadwick et al. 2005). Dashed lines indicate extrapolation 

of tomographic velocities. 



38 

3.5. Seismic Interpretation of Volcano Stratigraphy 

The migrated seismic reflection section of line 10 images the volcanoes along the modern 

arc from 14º36ʹ N to 18º12ʹ N. The volcanic edifices that lie north of 16°12ʹ N are all 

islands, except South Sarigan and Zealandia Bank volcanoes, and so the seismic line does 

not cross their peaks; however, the seismic line crosses the peaks of the submarine 

volcanoes that lie between 14º36ʹ N and 16º12ʹ N (See Figure 2.2). Therefore, in the 

subsequent sections we have referred to the volcanoes whose peaks are crossed by the 

MCS line 10 as submarine volcanoes and those whose peaks are not crossed as subaerial 

volcanoes. In our interpretation, we have used summit to describe the highest point where 

the seismic line crosses a volcano (whether subaerial or submarine). 

 Drilling results that can be used to constrain the lithology and stratigraphy of these 

volcanoes are non-existent. In this section, we first compare 1-D velocity profiles of the 

volcanoes, followed by an interpretation of the tomographic velocity model in terms of 

possible lithology and sediment age. Then by combining the velocity model and the post-

stack migrated seismic reflection section we provide an interpretation of the various 

features associated with the modern arc: we first give a general interpretation of the 

features along the arc and then focus on the individual volcanoes. Where it is necessary, 

we have supplemented the seismic data with bathymetric data to improve our 

interpretation.  

3.5.1. Upper Crust Stratigraphy of Modern Arc 

The combined interpretation of the velocity model superimposed on seismic reflection 

section of the upper crustal structure of the modern arc is shown in Figure 3.7b. The 

velocity horizons represent the various layer boundaries that exist within the uppermost 

crust of the modern arc whereas the seismic horizons represent the major reflective 

seismic strata. This means that reflective sediments in layer 1, which has Velocity 

Horizon 1 as its boundary, are characterized as Seismic Horizon 1: reflective sediments in 

layer 2 are characterized as Seismic Horizon 2, and so forth. Though some of the seismic 

horizons overlap the velocity horizons, they generally seem to correlate very well. For 
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example, the reflection of the top of basement, which is represented by Seismic Horizon 

3 correlates with Velocity Horizon 3 (Vp = 4 km/s) in the inter-center basin between 

Guguan and Zealandia Bank volcanoes. Between Pagan and Alamagan volcanoes, 

Seismic Horizon 3 (top of basement) appears to lie shallower than Velocity Horizon 3 

indicating a lower velocity horizon (Vp <4 km/s). This seismic reflection character is also 

observed between Ruby and West Saipan volcanoes, which suggest that the modern arc 

volcanoes generally lie on top of a basement horizon with velocities in the range of 3 – 4 

km/s. Overall, Seismic Horizon 3 (the basement top) seems to shoal towards the south 

along the arc. 

Along the modern arc, several volcanic centers are observed in addition to intrusions 

within the inter-volcano basins. The most prominent of these occur at ~CDP 10651; 

between Guguan and Zealandia Bank volcanoes, there is a buried dome (Figure 3.7b), 

which we suggest is likely a buried volcano or large intrusion. Unconsolidated sediments 

drape from the flanks of the volcanoes to form an inter-fingered stratigraphy of mud 

sediment over the buried volcano. Inter-fingered flows are also observed between 

Anatahan and East Diamante volcanoes (at ~CDP 19151). Between West Saipan and 

Esmeralda bank volcanoes (~CDP 28151 – 29651), a package of sediments from the 

inter-fingered flows lie unconformably over the more consolidated layer. At ~CDP 

28651, we interpret the high amplitude seismic reflector dipping SW as a sill. 

3.5.2. Pagan Volcano 

The Pagan volcanic island is the largest volcano along the modern arc and consists of two 

volcanic centers connected by a narrow land-bridge. The larger North Pagan volcanic 

center is mostly active compared to the South Pagan and has been the source of all recent 

eruptions (Reports on Pagan (United States) 1981) 

The eastern flank of North Pagan volcano is imaged by seismic line 10 as displayed in 

Figure 3.8; the line does not cross the summit of the volcano. On the flanks of the North 

Pagan volcano, Seismic Horizon 1 comprises a package of sub-parallel reflectors, which 

we interpret as dipping reflectors. The seismic reflections in the middle of the volcano are 

generally weak and chaotic in character; however, along the southern flank reasonably 
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continuous reflections that represent a package of young sediments onlap the Alamagan 

volcano. At ~CDP 2151, we interpret the NW dipping discontinuity deep within the 

consolidated layer of the volcano to be a normal fault, which is probably connected to the 

volcanic center directly above it. 

3.5.3. Alamagan Volcano 

The Alamagan volcanic island lies south of Pagan volcano along strike of the modern arc. 

A 350-m-deep crater sits at the summit of the volcanic center and the SW flank is pierced 

by a graben (Global Volcanism Program 2013). The seismic line crosses the Alamagan 

volcano at its western flank. The reflective character of the upper package of inter-

layered sediments is noticeable at shallow depth and the horizons are fairly continuous on 

both the northern and southern flanks. At ~CDP 6151, there seems to be a shallow 

normal fault, which is tilted slightly eastward, but this is likely a tilted graben as 

evidenced by the downward dropped shape of Velocity Horizon 1 and Velocity Horizon 

2. Sediments from the northern flank with P-wave velocities above 2.0 km/s seem 

truncated at ~CDP 5651 probably by a nearby volcano or a normal fault. Though the 

feature causing the truncation is not clear, the northern flank sediments are offset by a 

deep seated normal fault, which probably creates a half-graben. Also, the thickness of the 

low P-wave velocity (Vp <2.0 km/s) layer appears uniform along the northern flank of 

the Alamagan volcano and the adjacent feature, which we interpret as a volcanic mound. 

The seafloor of both the northern and southern flanks of the volcano seems have well 

imaged intrusions at ~CDP 5051 and ~CDP 7200, respectively. 

3.5.4. Guguan, Zealandia Bank, Sarigan, South Sarigan Volcanoes 

 Guguan island is about 2.8 km wide and comprises of a northern volcano, a caldera (with 

post-caldera cone) and an eroded southern volcano (Global Volcanism Program 2013). 

The seismic structure of this subaerial volcano is symmetric with inter-layered 

unconsolidated and consolidated packages of reflective sediments on both the northern 

and southern flanks; however this is due to the fact that the seismic line only crosses the 

western flank of the volcano. We interpret the break in Seismic Horizon 1 along the 
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southern flank (at ~CDP 9651) as an intrusion, which appears on the seafloor as a 

volcanic center.  

The Zealandia Bank lies north of the Sarigan island and comprises two peaks which are 1 

km apart: One peak submerged and the other near sea surface (Global Volcanism 

Program 2013). At the submerged apex of the Zealandia Bank volcano where it is crossed 

by the seismic line, the seafloor sediments may have collapsed inward. This is evidenced 

by the downward extension of low P-wave velocity sediments, which is depicted by a 

graben-like shape of Velocity Horizon 1 and Velocity Horizon 2 at about CDP12651. We 

interpret this feature as a caldera or crater, which is likely consistent with the Zealandia 

Bank shown in Figure 3.8. Although the deeper reflective events are chaotic in nature, 

Seismic Horizon 1 and Seismic Horizon 2 are continuous at shallow depth (up to ~2 km) 

along the southern flank of the Zealandia bank volcano and within the inter-center basin 

it forms with Sarigan volcano. 

Sarigan volcanic island is a low truncated cone, which forms on an area of about 3.1 km
2
 

and has a 750-m-wide crater at the summit (Meijer & Reagan 1981). The volcano seems 

to lack a significant thickness of low P-wave velocity (Vp <2.0 km/s), unconsolidated 

sediments relative to all the other volcanoes, and this is because the seismic line crosses 

its eastern flank rather than the peak or ―true‖ summit. Seismic strata are generally 

continuous along the flanks, but at ~CDP 14651, small offsets in Seismic Horizon 1 and 

Seismic Horizon 2 within the inter-center basin between Sarigan volcano and the adjacent 

volcano (South Sarigan) to its south suggest small intrusions. 



42 

 

Figure 3.8 Detailed featuresof individual volcanoes along the modern arc that are imaged by MCS line 10 (in black). (a) Subaerial volcanoes (b) Submarine volcanoes. The red dots represent common-

depth points along the line. A = Pagan, B = Alamagan, C = Guguan, D = Sarigan, E = Anatahan, F = Zealandia Bank, G = South Sarigan, H = East Diamante, I = Ruby, J = West Saipan, K = 

Esmeralda Bank, L = Northwest Rota; NWR-3 and NWR-4 represent Northwest Rota-3 and Northwest Rota-4, respectively, based on Baker et al. 2008.
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The South Sarigan submarine volcano lies between the Sarigan and Anatahan volcanic 

islands and has more than one peak on an asymmetric summit (Global Volcanism 

Program 2013). The seismic line, which crosses the smallest (likely young) peak that is 

about 350 m deep below sea level and probably the most symmetric cone of all the peaks 

on the summit (McGimsey et al. 2010), shows a structure that has a relatively thick layer 

of low P-wave velocity (Vp <2.0 km/s) sediments. The lowest P-wave velocity is 

observed at the summit of this volcano probably because it has the most recent deposition 

of sediments and does not seem to have been affected by faulting. Seismic strata along 

the flanks seem relatively continuous, and the northern flank of Anatahan volcano is 

onlapped by a package of sediments from the southern flank of the South Sarigan 

volcano. 

3.5.5. Anatahan, East Diamante and Ruby Volcanoes 

The Anatahan island is a subaerial volcanic island in the center of the modern Mariana 

arc that is 10 km long and 4 km wide. It has an elongated summit caldera in east-west 

direction with two peaks (e.g., Chadwick et al. 2005). The reflectivity character of the 

seismic line, which crosses the submarine northeast-southeast (NE-SE) flank, shows 

several shallow peaks on the seafloor and we interpret these as volcanic centers. At about 

CDP 1900 onwards, sediments seems to flow into the southern flank of the East 

Diamante volcano. 

The East Diamante volcano is a submarine volcano with approximately 600 m deep, large 

summit caldera filled with complex cones and lava domes (Baker et al. 2008). The cause 

of the undulating seismic reflectivity character observed on the seafloor at the summit of 

the East Diamante volcano is not clear; however, the northeast-southwest (NE-SW) 

direction of the volcano on the bathymetry map (Figure 3.8) indicates a collapse of the of 

the southeast (SE) edge of the summit suggesting the presence of a degraded caldera 

(e.g., Baker et al. 2008). Though the seismic reflectivities are generally chaotic in nature, 

Seismic Horizon 1 seems relatively continuous on the southern flank. The 3.0 km/s 

horizon (Velocity Horizon 2) shoals at CDP 20651 and CDP 21151, which appears to 

suggest the presence of buried volcanic centers. Away from the summit, the top of 



44 

basement which is characterized by Velocity Horizon 3 lies at a depth of about 1 – 2 km. 

At ~CDP 22651, sediments from the southern flank of the volcano onlap the northern 

flank of a small volcano located north of Ruby.  

The depth from sea surface to the summit of Ruby submarine volcano was estimated to 

be 230 m by Bloomer et al. (1989); however, our estimate from the more recent 

bathymetric data collected by Ryan et al. (2009) indicates that the summit is ~187 m 

below the sea surface and consistent with the earlier result. The low P-wave velocity (up 

to 3.0 km/s) package of sediments are symmetric about the peak and mimic the structure 

of the seafloor but below this horizon, sediments are not conformal with the seafloor and 

assume an asymmetric character, which follows from the shape of the top of basement 

horizon. Along the northern flank, the deformation of the top of basement horizon is 

probably due to the presence of an adjacent volcanic center at ~CDP 23651. The summit 

edge towards the southern flank seems to have lost the majority of the unconsolidated 

sediment deposits likely due to slope failure, as indicated by the steepness of the slope 

and the lack of significant accumulation of low velocity (<2.0 km/s) sediments. 

3.5.6. West Saipan, Esmeralda Bank and NW Rota Volcanoes 

West Saipan is probably an unexplored and not well-documented submarine volcano that 

lies between Ruby and Esmeralda Bank. The volcano has a caldera at the summit, which 

extends to about 62 m near sea surface. The seismic image along the modern arc suggests 

that the volcano is onlapped by a package of sediments from the southern flank of Ruby 

volcano at ~CDP 26651. Low velocity sediments on the flanks are relatively thin, 

especially on the northern flank, which has continuous seismic stratigraphy. The southern 

flank which has a relatively thicker sedimentary package is dominated by discontinuous 

reflection horizons. We interpret the U-shaped depression at the apex of the West Saipan 

volcano as a caldera, which is consistent with Figure 3.8. The caldera lacks P-wave 

velocities lower than 2.5 km/s at the summit, as indicated by the absence of velocity 

horizon 1 at the top of the caldera, which suggests a lack of recent sediment deposition. 

On the flanks, the top of basement lies beneath a thick package of sediments, which 
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includes the low P-wave velocity (Vp <2.0 km/s) layer; suggesting recent deposition of 

sediments. 

Esmeralda Bank is a large submarine volcano with a multiple peaks aligned N-S on the 

summit. The middle peak, which is about 43 m beneath sea surface, has a 3-km-wide 

caldera (Global Volcanism Program 2013). In contrast to flanks of West Saipan, the 

undulating seafloor of the Esmeralda Bank volcano on the seismic image suggests rapid 

deposition of unconsolidated sediments and maybe modifications by processes such as 

truncations of lava flows (e.g., Sun et al. 2019 ). Along the flanks, the low P-wave 

velocity (Vp <2.0 km/s) layer is thinner at the top of the slopes indicating rapid 

deposition of sediments down the slope; however, the caldera is filled with relatively 

thick low velocity (Vp <2.0 km/s) sediments. The seismic reflectivities of sediments 

below the summit and on the flanks are mostly discontinuous. This is likely due to the 

fact that the sediments are less consolidated. On the northeastern flank, the volcano is 

deformed by two normal faults to create a graben. At ~CDP 28651, the northeastern flank 

is intruded by a sill probably resulting from the extension of the southern flank of the 

West Saipan volcano. 

The NW Rota group comprises the southernmost active and inactive submarine 

volcanoes along the modern Mariana arc. The NW Rota-1 volcano, which is active and 

probably the largest of the NW Rota volcanoes is not imaged by the seismic line shown 

in Figure 3.7. At ~CDP 32651, a package of sediments from the southern flank of 

Esmeralda Bank, which is disturbed by small intrusions, onlap the NW Rota-4. 

Sediments from the southern flank of NW Rota-4 probably combine with post-eruption 

sediments from NW Rota-3 to form a small basin between the two volcanoes. 

3.5.7. Comparison of 1-D Velocity Models of Volcanoes 

The 1-D velocity profiles of the volcanoes extracted from the P-wave tomographic 

velocity model are shown in Figure 3.10. To obtain these velocity profiles, we sampled 

the velocities in a 2-km-wide section through the peak, northern and southern flanks of 

each volcano and averaged them at 125 m depth intervals. A moving-window smoothing 

filter with a width of 300 m was then applied to smooth the profiles. The flank profiles 
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for South Sarigan and Ruby volcanoes were sampled at about 1 km away from their peak 

profiles because they have narrow peaks and steep slopes, but for all others the profiles 

were sampled at 2 – 3 km away from their peak profiles. When a volcano has multiple 

peaks (e.g., Ruby volcano), the profile was sampled from the peak with the shallowest 

depth.  

In general, velocity variations are more widespread in the submarine volcanoes than in 

the subaerial volcanoes at all depths through the summit, but seem similar through the 

flanks; though the subaerial volcanoes have higher velocities. At about 500 m depth 

below the seafloor, the average velocity of each of the subaerial volcanoes is 

approximately 2500 m/sthrough the summit and flanks, but average velocities of the 

submarine volcanoes vary between about 2000 m/s to 3000 m/s through the summit. At 

greater depths (e.g., 1.0 km), average velocities at the summit for subaerial volcanoes 

seem to decrease towards the south from about 5000 m/s to almost 3000 m/s as we move 

from Pagan to Anatahan volcanoes, respectively. This trend is similarly observed in the 

submarine volcanoes group, from Ruby to Esmeralda Bank volcanoes, where velocities 

decrease from about 4300 m/s to 3800 m/s, respectively. Also, the averaged velocity 

profile of Anatahan volcano, generally, appears lower than all other volcanoes except at 

depths above 1.0 km along the northern flank, where it seems higher.  
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Figure 3.9 Comparison of 1-D velocity functions extracted from the final velocity 

models of the arc volcanoes. (a) Submarine volcanes are those whose 

peaks are crossed by MCS line 10. (b) Subaerial volcanoes are those 

whose peaks are not crossed by MCS line 10. (c). All volcanoes along 

strike of the modern arc. The functions shown are velocities averaged 

over a 2 km-width taken from the northern and southern flanks, and 

the peak for each volcano. The flank profiles for all volcanoes were 

taken at about 2 – 3 km away from summit profiles except for South 

Sarigan and Ruby volcanoes which were taken 1 km away. The 1-D 

velocity data have been averaged at 125 m depth intervals and a 300 

mmoving-window smoothing filter has been applied. 
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Among the subaerial volcanoes, the velocity profiles through the ―summits‖ of Pagan, 

Alamagan, Guguan and Sarigan volcanoes appear similar and more than 500 m/s higher 

than the velocity profile of Anatahan volcano, at depths above 1.0 km. Similarly, the 

velocity profiles of the submarine group of volcanoes seem alike except for Ruby 

volcano, which has an average velocity of about 400 m/s higher at depths above 1.0 km. 

Furthermore, South Sarigan and Zealandia Bank volcanoes are similar with the lowest 

velocities occurring at depths below 1.0 km, but appear to have approximately the same 

high average velocity of about 4000 m/s as the other submarine volcanoes at a depth of 

about 1.5 km. At depths lower than 750 m, East Diamante and Ruby volcanoes seem to 

have similar velocity profiles; however, the averaged velocities of Ruby volcano appear 

higher than East Diamante volcano at greater depths with a summit velocity difference 

greater than 500 m/s. 

3.5.8. Velocity Model, Lithology and Age of Sediments 

Velocity increases with depth due to lithification and compaction, which is usually 

related to the relative ages of sediments. The estimated velocities and associated distinct 

layers identified for the Mariana crust in previous studies (Takahashi et al. 2007; Calvert 

et al. 2008; Takahashi et al. 2008), which broadly suggested a sedimentary layer above 

an igneous basement in the upper crust, are consistent with our results; the topmost layer 

(Vp<2000 m/s), the sedimentary package (Vp>2000 – 4000 m/s) and the basement layer 

(Vp>4000 m/s). In terms of lithology, the topmost sedimentary layer comprises pelagic 

sediments in addition to unconsolidated volcaniclastic deposits such as tuffs and mud, 

and the lower sedimentary unit consists of consolidated sediments, probably including 

lithified tuffs or weathered basalts, and the basement layer comprises igneous rocks such 

as pillow basalts (e.g., Shipboard Scientific Party 1982a; Shipboard Scientific Party 

1982b; Chadwick et al. 2005; Stern et al. 2019). 

According to Karig (1971) and Hussong & Uyeda(1982), the active arc rifted in the 

Pliocene (~5 Ma) and after a period of quiescence, volcanism returned to build the 

modern arc west of the frontal arc. Since the compaction of upper crust sediments 

represents a decrease in porosity and an increase in seismic velocity with age, we suggest 
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that the basement layer may be Late Pliocene (~3 Ma) in age whereas the topmost layer 

maybe likely Pleistocene – Holocene. DSDP Leg 60, which cored both sediments and 

basement, estimated a basement age of 1.6 – 2.5 Ma and over 4.7 – 5.0 Ma at Site 456 

and Site 453, respectively, suggesting Early to Late Pliocene. The youngest sediments 

cored at the respective sites were 0 – 0.3 Ma and 0 – 0.9 Ma, which suggest Late 

Pleistocene – Holocene(Shipboard Scientific Party 1982a; Shipboard Scientific Party 

1982b; Shipboard Scientific Party 1982c; Shipboard Scientific Party 1982d). 

Furthermore, the sediments cored from sites 455, 456 and 457 are believed to be sourced 

from the Pagan and Alamagan volcanoes(Shipboard Scientific Party 1982b; Shipboard 

Scientific Party 1982c; Shipboard Scientific Party 1982e) of the modern arc and the 

estimated ages support our suggestion above. 

3.6. Discussion 

The 2-D P-wave tomographic velocity model derived from first-arrival travel times 

correlates very well with the post-stack coincident depth migrated reflection section and 

the combined image reveals dramatic lateral variability in the structure of the upper crust 

along the modern arc. This variability in the upper crust is to be expected since isolated 

volcanoes have not yet combined to form a large arc massif after only ~3 – 4 Ma of 

evolution(Calvert et al. 2008). In this section, we discuss the velocity variations in the 

uppermost crust in terms of lithology and porosity, and the seismic reflection features in 

terms of the stratigraphy and relative ages of the volcanoes along the arc. 

3.6.1. Arc Upper Crust Structure 

The upper crust of the volcanoes along the modern arc is characterized by strong lateral 

variability, which indicates their complex internal structure and evolution. The P-wave 

velocities we infer from our data vary from as low as 1590 m/s near the summits to about 

5500 m/s within the basement layer. These velocities are low in comparison to upper 

crustal velocities in the frontal arc, which is older. In the volcanic basement layer of the 

Mariana arc and fore-arc, Latraille & Hussong(1980) estimated P-wave velocities of 

3000 – 5800 m/s but using traveltime tomographic velocity modeling from wide-angle 
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surveys, velocities of about 2200 – 4600 m/s have been reported (Takahashi et al. 2008) 

and velocities of 3000 – 4000 m/s have been inferred near the top of the igneous 

basement (Calvert et al. 2008), which is consistent with our top of basement horizon 

pick. Most of the rocks above the igneous basement likely comprise poorly consolidated 

interlayered sediments made up of volcaniclastics, talus and pillow basalts that 

consequently have high porosity, which is probably responsible for the low P-wave 

velocities associated with the uppermost crust.  

Although hydrothermal circulation can lead to dissolution of minerals, it can also lead to 

the filling and reduction in porosity and an increase in P-wave velocity with age. Using 

OBS surveys, low velocities (2500 – 3000 m/s) have been inferred in the extrusive 

basaltic layer of 0 – 3 Ma old oceanic crust, and velocities increase gradually to 3500 – 

4500 m/s by 4 – 5 Ma, and to 4000 – 5000 m/s at ages greater than 50 Ma due to porosity 

reduction (White 1984). Though an attempt to drill into the northern flank of the 

Alamagan volcano during DSDP Leg 60 was unsuccessful, Mrozowski et al. (1982) 

determined that the upper crustal seismic velocities of the Mariana arc generally increase 

towards the frontal arc due to compaction of sediments and void filling. The low P-wave 

velocities in the modern arc uppermost layer are likely due to high porosity, which 

probably reduces towards the older frontal arc (Calvert et al. 2008). 

3.6.2. Arc Stratigraphy and Relative Ages of Volcanoes 

The 1-D velocity profiles shown in Figure 3.9 allow us to infer the relative ages of the 

volcanoes since higher velocities correspond to older sediments and therefore older 

volcanoes. The submarine volcanoes, generally, have lower velocities and are likely 

younger because the rocks are less consolidated compared to rocks of the subaerial 

volcanoes at similar depth. The Anatahan volcano has a summit profile with velocities 

lower than the other volcanoes in the subaerial group at all depths. This is because while 

the MCS line 10 crosses parts of the volcanic centers (which have relatively higher 

velocities at lower depths) in the other volcanoes in the group, it does not cross any of the 

volcanic centers of Anatahan volcano (see Chadwick et al. 2005 and Figure 3.8).
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Figure 3.10. Representative 1-D velocity functions of the submarine and subaerial 

volcanoes shown in Figure 3.9. (a) North flank (b) South flank (c) 

Flank average (d) Summit. The small differences in the North and 

South flank functions are due to asymmetry, which is why the flank 

average function is shown for the case of a symmetric volcano.
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To obtain 1-D velocity functions that represent the submarine and subaerial volcanoes in 

the modern Mariana arc, the peak and flanks (north and south) velocity functions shown 

in Figure 3.9 were averaged. The Anatahan volcano was excluded from the average peak 

function of the subaerial volcanoes because its velocity function is not representative of a 

volcanic peak when compared to the others in the group. Figure 3.10 shows the average 

1-D velocity functions at the flanks (north and south), the peak and an average of the 

flank function in case of a symmetric volcano. The differences and similarities of these 

functions are summarised in Table 3.1. 

In Figure 3.10d, the peak velocities of the submarine volcano group are generally 200 – 

600 m/s lower than those of the subaerial volcano group but where the volcanoes are 

asymmetric, the flank velocities of the submarine volcano group are 50 – 200 m/s higher 

at the north flank and 100 – 300 m/s lower at the south flank. When a symmetric volcano 

is assumed as shown in Figure 3.10c, the differences in velocity functions between the 

submarine and subaerial are very small and can be accounted for by the associated 

standard deviation values. Therefore, the velocities quoted in Table 3.1 for a symmetric 

volcano are from the submarine group.  

Overall, these velocity functions are representative of the sub-seafloor velocities for the 

volcanoes along the modern Mariana arc. However, for the subaerial volcanic group, the 

parts above sea level maybe have lower velocities. 
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Table 3.1 Average 1-D velocity functions with standard deviation of peaks and flanksof volcanoes in modernMariana 

island arc 

Depth below 

seafloor (km) 

Peak velocity function 

(km/s) 

North flank velocity function 

(km/s) 

South flank velocity function 

(km/s) 
Flank velocity 

function* 

(km/s) Submarine Subaerial Submarine Subaerial Submarine Subaerial 

0.00 1.82±0.034 1.88±0.032 1.90±0.045 1.85±0.036 1.88±0.041 1.95±0.047 1.90±0.042 

0.25 2.04±0.062 2.09±0.060 2.07±0.066 2.03±0.058 2.04±0.058 2.12±0.067 2.07±0.062 

0.50 2.53±0.096 2.61±0.108 2.46±0.088 2.41±0.076 2.38±0.071 2.53±0.081 2.47±0.078 

0.75 3.19±0.100 3.49±0.138 3.05±0.084 2.90±0.068 2.83±0.067 3.06±0.073 2.98±0.071 

1.00 3.74±0.084 4.29±0.087 3.50±0.052 3.25±0.040 3.24±0.053 3.49±0.052 3.37±0.046 

1.25 4.12±0.064 4.60±0.029 3.69±0.033 3.44±0.029 3.58±0.054 3.78±0.042 3.61±0.035 

1.50 4.33±0.039 4.63±0.020? 3.83±0.035 3.67±0.034 3.91±0.056 3.99±0.038 3.83±0.036 

* Represents the flank velocity function assuming a symmetric volcano 

? Indicates an estimated value since the profile does not reach this depth. 
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Figure 3.11. Comparison of average 1-D velocity functions from the volcanoes of 

modern Mariana arc and the Montserrat volcano. (a) Velocity 

functions from the summit of the Mariana volcanoes, ocean and land 

parts of the Montserrat volcano. (b) Velocity functions from the flank 

of Mariana volcanoes, ocean and land parts of the Montserrat 

volcano. 
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The result of comparing 1-D velocity functions for onshore (Subaerial) and offshore 

(Submarine) of Soufriere Hills, Montserrat volcano, with the average 1-D velocity 

functions of the modern Mariana volcanoes is shown in Figure 3.11. At depths less than 

1.0 km, the functions of the modern Mariana volcanoes seem to be consistent with that of 

the submarine Montserrat, but have summit and flank velocities, which are about 350 – 

950 m/s and 400 – 1000 m/s higher, respectively. At greater depths (i.e., above 1.0 km), 

though the functions of the modern Mariana volcanoes seem consistent with that of the 

subaerial Montserrat volcanoes, the summit velocities are about 200 – 400 m/s lower for 

the submarine volcanoes but about 200 m/s higher for the subaerial volcanoes, and the 

flank velocity functions are up to about 800 m/s lower. Overall, the average 1-D velocity 

functions of the modern Mariana volcanoes seem to generally match the Montserrat 

volcanoes and though no high and/or low velocity zones were identified in the Mariana 

volcanoes, the low velocities in the uppermost crust seem consistent across the volcanoes. 

Low velocity zones identified on Montserrat have been attributed to porous 

volcaniclastics or past hydrothermal systems (Shalev et al. 2010), which is consistent 

with our geological interpretation of the uppermost crustal structure of the modern 

Mariana arc. 

Our interpretation of the processed seismic data highlights the heterogeneity in P-wave 

velocity both laterally and vertically in the volcanoes and the layering of sediments along 

the arc. The greater portion of the shallowmost crust above the igneous basement is 

composed of volcaniclastics, poorly consolidated sediments and consolidated sediments 

probably interlayered with low velocity extrusive basalts. In addition to the relative ages 

of the sediments, the stratigraphy constrains the sequence of eruptions that have occurred 

in a volcano. Along the arc, these sedimentary strata, which likely include lava flows and 

volcaniclastic debris, typically flow down the flanks and onlap against adjacent 

volcanoes. Although the volcanoes may have formed at different times and some of the 

sediment can be (e.g., tephra fall) from subaerial eruptions, the onlap of sedimentary 

strata against volcanoes can generally indicate the relative ages of the sediments and 

eruptive stages of the volcanoes. For example, the sediments on the southern flank of 

Pagan volcano that onlap the northern flank of Alamagan volcano must be younger, 
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which likely indicates that the Alamagan volcano or at least the volcanic centers on its 

northern edge are older. 

 Similarly, we can infer that South Sarigan volcano is younger than Anatahan. In some 

instances there is no easy way to discriminate the ages of the adjacent volcanoes because 

sedimentary strata from the volcanoes inter-finger rather than onlap. We notice typical 

examples of this phenomenon, (see Section 3.5), between Guguan and Zealandia Bank 

volcanoes, and also between West Saipan and Esmeralda Bank volcanoes. The inter-

fingered flows between adjacent volcanoes likely indicate synchronous development, 

which suggests that these volcanoes may have similar ages of activity. There are several 

instances where gaps are observed in the seismic horizons either close to the seafloor or 

deep within the inter-volcanic basins along the arc. These gaps indicate disrupted strata, 

which may be due to the presence of intrusions. The most prominent of these is the 

buried dome which exists between Guguan and Zealandia Bank originating from a depth 

greater than 4.5 km, and we suggest that this is likely a large intrusion or a buried 

volcano but it could also possibly be a sheeted dyke covered by volcaniclastic sediments 

(Ishizuka et al.2011). 

In general, the suggestion that along the modern arc the southern volcanoes (from East 

Diamante to NW Rota) are younger than the volcanoes to the north, from Pagan to 

Anatahan (Bloomer et al. 1989), is consistent with our results and overall interpretation; 

that is, the submarine volcanoes in the south have lower P-wave velocities because the 

rocks above the basement are less consolidated and so relatively younger in age than the 

subaerial volcanoes. The age of the oldest rocks that overlie the basement of Sarigan, 

Alamagan, Pagan and Agrigan is recent(Natland & Tarney 1982), which is likely the case 

for other volcanoes along the arc, and we interpret this to mean that the oldest rock is 

Pleistocene – Holocene as suggested in Section 3.5.2. Subsequently, Oakley et al. (2009) 

have used MCS surveys, DSDP drilling data and swath bathymetry data to show that all 

of the volcanoes along the modern arc are built on the crust that formed in the Late 

Pliocene when part of the frontal arc rifted to form the Mariana Trough (Karig 1971; 

Hussong & Uyeda 1981). This is consistent with my suggestion that the age of the 

igneous basement is Late Pliocene. 
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3.7. Conclusions 

The 2-D tomographic velocity model for the upper crust of the modern Mariana arc has 

been obtained from the inversion of first-arrival travel times picked from MCS data. Prior 

to this study, there were very few estimates of seismic velocities in the shallowmost crust 

of the individual volcanoes. The P-wave velocity model reveals variability both laterally 

and vertically, and velocities within the volcanoes vary from 1590 m/s at the summits to 

~5500 m/s in the basement layer. A large proportion of the interlayered sediments in the 

upper crust comprise volcaniclastics, talus and pillow basalts, which lie above the 

igneous basement. The velocities are generally lower than those found in the shallow 

crust of the frontal arc, which likely has lower porosity.  

The P-wave velocity model combined with post-stack depth migrated MCS reflection 

and bathymetry data reveal that along the arc volcanic flows and sedimentary strata are 

deposited down the flanks of the volcanoes and onlap adjacent ones. The onlap of 

sediments provides a useful way for determining the relative ages of the volcanoes; they 

are generally older in the north and younger in the south. In situations where flows from 

different volcanoes overlap one another, these inter-fingered flows represent synchronous 

development of the volcanoes involved. Within several inter-volcanic basins, strata are 

disrupted by intrusions either deep in the subsurface or near the seafloor. The buried 

dome between Guguan and Zealandia bank volcanoes is one such disruption, which can 

be attributed to either a large intrusion or a buried volcano. This study provides new 

insight at shallow depth into the seismic structure of the volcanoes and the associated 

inter-volcanic basins along the modern Mariana arc. 
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Chapter 4.  

 

Seismic reflection and tomography constraints on the 

upper crust of the Eocene Mariana arc 

Summary 

We present a velocity model for the shallow crust of the Eocene Mariana arc. The P-

wave velocity model is derived by inverting first-arrival travel times from the downward 

continuation of a 2-D multichannel seismic (MCS) survey acquired across the part of the 

arc where water depth varies from ~300 m to 3500 m. The number of first arriving 

refractions in the surface-recorded survey was limited by the increasing seafloor depth, so 

the number of these arrivals was increased by downward continuing the data, to just 

above the seafloor. Shallow crustal velocities generally vary from about 1650 m/s just 

beneath the seafloor to ~4500 m/s at depth across arc, and the velocity model is well 

constrained up to approximately 2000 m below the seafloor. The seismic lithostratigraphy 

comprises relatively young, unconsolidated sediments, above more consolidated 

sediments overlying a porous igneous basement, which was inferred to be associated with 

the 4000 m/s iso-velocity contour. Sediment compaction and void filling, which result in 

an increase in velocity with age, are inferred from our results. The results suggest that the 

age of sediments increases towards the volcanic front, and the age of the sediments in the 

shallow crust are from the Eocene – Oligocene to the Present. A number of faults forming 

horsts and grabens were interpreted as evidence of a history of extension in the Eocene 

arc. 

4.1. Introduction 

4.1.1. Motivation for this Study 

Seismic velocities in the shallowmost 2 km of the upper crust, just beneath the seafloor, 

are poorly constrained due to the fact that: 
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1. In deep water, ocean bottom seismometer (OBS) data from wide-angle 

seismic surveys do not have enough readily identifiable refracting 

waves, which can be used to constrain the shallowmost crust (e.g., 

Takahashi et al. 2007; Calvert et al. 2008). 

2. Stacking velocities which can be estimated using velocity analysis of 

multi-channel seismic (MCS) reflection data, (e.g., Kodaira et al. 

2007), provide limited resolution of layer interval velocities. 

In 2002, MCS data were acquired with a 6-km long streamer over the Mariana island arc 

system to study its seismic structure(e.g., Günther et al. 2006; Oakley et al. 2007). These 

data offer the opportunity to estimate P-wave velocities in the shallow crust across the 

Eocene arc through tomographic inversion of first-arrival travel times. In this chapter, we 

first present two 2-D P-wave tomographic velocity models: one from the surface-

recorded streamer data and another from downward continuation (SOBE) of the streamer 

data and demonstrate that given a reasonably long enough streamer (at least 6 km) data, 

downward continuation (SOBE) can be used to produce a high resolution tomographic 

velocity model across the Eocene arc at 15°12ʹ – 15°36ʹ N and 145° – 146° E. Then, by 

combining the velocity model with the coincident time-migrated reflection section, we 

provide an interpretation to identify and map out geological features associated with the 

Eocene arc. 

4.2. Seismic Survey 

In 2002, a two-dimensional (2-D) marine multichannel seismic reflection survey (MCS) 

was acquired by the R/V Maurice Ewing over the Mariana island arc system to determine 

its seismic structure. The seismic source was a 6817 cu in, 2000 psi (0.112 m
3
, 13,790 

kPa), tuned 20-airgun array with shots fired every 50 m and the data were recorded using 

a 6-km-long, 480-channel streamer towed at 8 m depth. A section of the recorded seismic 

data of line 83 – 84 (colored blue in Figure 2.2) was used for this study. 

4.2.1. Streamer Feathering 

When a long streamer is used during a 2-D marine multichannel seismic survey, the 

geometry can deviate from linear due to streamer feathering (Renick 1974; Nedimović et 
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al. 2003). When streamer feathering occurs, the source-receiver offsets are reduced, and 

the midpoint distribution becomes scattered, which can cause non-hyperbolic traveltimes 

in the common-midpoint (CMP) gather, degrading the seismic reflection image. When 

there is significant streamer deflection angle, cross-dip corrections, in which cross-dip 

move-out is applied to remove local cross-dips from the data, stacking, followed by 

standard migration (Levin 1983; Nedimović et al. 2003; Nedimović & West 2003) can 

improve the seismic reflection image. Streamer feathering was identified in the seismic 

data of line 83 – 84 from variations in the arrival time of the direct water wave, but 

accurate geometry data for the streamer was unavailable. To prevent loss of resolution in 

the reflection image, source-receiver offsets were corrected to values estimated from the 

water wave. The average offset of all near-channel offsets was 131 m and that of far-

channel offsets was 5970 m, giving an average receiver interval of 12.2 m.  

4.2.2. Data Quality and First-Arrival Picking 

In general, the signal-to-noise ratio (SNR) of the recorded seismic data is high after 

applying a minimum phase band-pass filter (10 – 15 – 60 – 80 Hz). Figure 4.1 shows 

examples of the data in common-shot gathers. At small offsets, first-arrivals are easily 

determined; however, at large offsets, where the water is shallow, arrivals are weaker due 

to the rugged topography. Travel times of first-arrivals were manually picked on every 

fourth (4
th

) constant-offset gather for every shot (e.g., Figure 4.2). Quality control checks 

and editing of the picks for consistency were carried out on common-shot gathers. About 

188,000 first-arrival travel times were picked on the peaks of the first-arrivals, and were 

shifted earlier by an average value of 10 ms to align them with the onset of the signal. 

This average value was assigned as the uncertainty in the traveltime picks. 

4.2.3. Downward Continuation 

In the surface-acquired MCS reflection data, high amplitude direct waves or seafloor 

reflections precede crustal refractions in regions where the water depth is above 3000 m 

(Figure 4.2b), and secondary shallow refraction arrivals cannot be picked and used in 

first-arrival tomographic inversions. By downward continuing the data to a reasonable 
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datum just above the seafloor, these obscured refraction arrivals are unraveled and 

become first-arrivals which can then be picked and included in the tomographic 

inversion. 
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Figure 4.1 Examples of common-shot gathers of seismic data from line 83 – 84 

after bandpass filtering (10 – 15 – 60 – 80 Hz). (a) Common-shot gather of shot point 

4200, located 55 km along the profile. (b) Common-shot gather of shot point 4390, 

located 45.5 km along the profile. Note that refraction arrivals are obscured by 

reflection arrivals at narrow angles but are first-arrivals at wide angles. First-

arrival traveltimes (red line) were picked on both direct waves and refractions.
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Figure 4.2 Examples of first-arrival travel time picks superimposed on common-

offset gathers of surface-aquired data from line 83 – 84. (a) Common-

offset gather for channel 237 located at an offset of ~3010 m (b) 

Common-offset gather for channel located at an offset of ~5975 m. 
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4.2.4. Bandpass Filtering, Amplitude Scaling and Trace Editing 

Prior to downward continuation, a number of preprocessing operations were performed 

on the data. We applied a bandpass filter (8 – 10 – 60 – 80 Hz) to remove extremely low 

frequencies and high frequencies which could be aliased. In addition, all traces in the shot 

gathers were manually inspected to identify bad traces which were removed and replaced 

using sinc interpolation between adjacent good traces during downward continuation. 

Where a trace was consistently noisy, it was killed. The amplitudes of energies reaching 

the receivers during the data acquisition vary from shot-to-shot due to different gains at 

each receiver and hydrophone coupling. These channel dependent amplitude variations 

were corrected or at least minimized by applying average scale factors estimated from the 

seafloor reflection. In Figure 4.3b, the amplitude variation with offset is consistent for all 

shot gathers after scaling.



66 

 

Figure 4.3. Amplitude variations of seafloor reflection across the survey: (a) 

before scaling correction (b) after scaling correction. Dark horizontal 

bands in (a) disappear after scaling correction.
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4.2.5. Synthetic Ocean Bottom Experiment (SOBE) 

From a depth of about 8 m below the sea surface, the sources and receivers were lowered 

to the seafloor datum using a Kirchhoff integral implementation of the downward 

continuation operator (Berryhill 1979; Berryhill 1984; Shtivelman & Canning 1988), and 

a water velocity of 1506 m/s. To prevent spatial aliasing, a frequency-wavenumber (F-K) 

filter was applied to remove coherent noise wave-trains with apparent velocities outside 

the range -5.0 to +2.0 km/s. The first and last 50 traces of each gather were tapered using 

a weighted cosine function (Hanning window) to smooth and reduce artefacts arising 

from data truncation. After downward continuation, the minimum and maximum offsets 

were 8 m and 5853 m respectively.  

We downward continued the surface-acquired MCS data to a seafloor conforming datum 

fixed at 75 m above the bathymetric interface to simulate a synthetic ocean bottom 

experiment (SOBE) (e.g., Arnulf et al. 2011; Arnulf et al. 2014a; Arnulf et al. 2014b) 

where the output data mimics a seismic survey conducted at the specified datum 

(Berryhill 1979; Berryhill 1984). The downward continuation of seismic data was carried 

out in a two-step procedure. First, the surface-acquired data were sorted to shot gathers 

and the receivers were downward extrapolated to the specified datum, which is 

equivalent to lowering the physical receivers to the datum. In a second step using the 

principle of reciprocity, the data from the first step were resorted into receiver gathers, 

the shot spacing was reduced to 12.5 m by interpolation, and the data then downward 

extrapolated to the datum. 

4.2.6. First-Arrival Picking 

After downward continuation, the data were sorted into common-shot gathers, and 

bandpass filtered (4.5 – 10 – 20 – 25 Hz) to obtain a reasonable SNR. The unraveled 

refracted arrivals, which are now first-arrivals increase the number of available first-

arrival traveltimes in this dataset compared to the surface-acquired MCS dataset. 

Examples of common-shot gathers from the downward continued dataset are shown in 
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Figure 4.4. First-arrival traveltimes were manually picked on every fourth (4
th

) common 

offset gather, which is consistent with how picks were made on the surface data.  

At small offsets, the first-arrivals are difficult to identify and pick with certainty due to 

migration artifacts. Therefore, to avoid picking these artifacts and reflection arrivals, we 

picked traveltimes on common-offset gathers from offsets of about 484 m to 5300 m. 

Where the first-arrivals were unclear or unreliable due to poor trace-trace correlation, no 

picks were made. Also, we used a combination of trough (to denote the onset of the 

signal) and trace-to-trace correlation to exclude artifacts from affecting the picks. Figure 

4.5 shows some examples of first-arrival travel time picks on common-offset gathers. The 

picks were also manually edited on common-shot gathers to ensure consistency. Overall, 

approximately 117,000 first-arrival traveltimes were picked on the downward 

extrapolated dataset. An average value of 20 ms was assigned as the picking uncertainty 

to ensure that the traveltime picks were aligned with the onset of the signal.
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Figure 4.4. Examples of downward continued MCS data on SOBE geometry. (a) 

Common-shot gather of shot point 4430 located at ~43.5 km along the 

SOBE profile. (b) Common-shot gather of shot point 4390, at ~45.5 

km. (c) Common-shot gather of shot point 3960, at ~67 km. Seafloor 

reflection arrivals are shown in green and refraction first-arrivals in 

red. 
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Figure 4.5 Examples of first-arrival traveltime picks superimposed on constant 

offset gathers of the downward continued data in SOBE geometry. (a) 

Common-offset gather of channel 385 at an offset of 1167 m. (b) 

Common-offset gather of channel 225 at an offset of 3119 m. (c) 

Common-offset gather of channel 193 at an offset of 3510 m.
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4.3. Traveltime Tomography 

4.3.1. Inversion Methodology 

The inversion methodology used here is the same as the one described in section 3.3.1. 

Velocity models were derived for the two first-arrival traveltime datasets: one model for 

the surface-acquired MCS dataset and another for the downward continued dataset using 

the same starting model. 

4.3.2. Starting Velocity Model 

Linear velocity functions were tested as the starting model for the tomographic inversion, 

but discontinuities in the velocity values or its derivatives created artefacts in the final 

model, especially at the summit of the arc massif where the igneous basement is closer to 

the seafloor. The use of a 1-D exponential velocity-depth relation below a laterally 

varying seafloor provided a reasonable unconstrained starting velocity model, which is 

required for the iterative tomographic inversion. The relation, which is based on Calvert 

et al. (2008) is given by 

𝑉𝑃 𝑧 =  𝑉𝐿 −  𝑉𝐿 −  𝑉0 𝑒
[−𝑘(𝑧− 𝑧𝑏 ]   (4.1) 

where 𝑉𝑃(𝑧) is the velocity at depth, 𝑧, 𝑉𝐿 is the limiting velocity at large depth, 𝑉0 is the 

velocity just below the seafloor, 𝑧𝑏  is the depth of the seafloor below mean sea level, and 

k is a constant coefficient, which dictates the rate of growth of 𝑉𝑃(𝑧). 𝑉𝐿 was fixed at 

6000 m/s, and the values for 𝑉0 and k were determined by an optimization grid search. 

After several trials, 1800 m/s and 0.0005 were determined for 𝑉0 and k, respectively, 

because these resulted in the smallest RMS misfit between calculated and picked first-

arrival times. Crustal velocities reported by Takahashi et al. (2007) and Kodaira et al. 

(2010) were used as the starting point of our search for 𝑉0. 

The starting velocity model shown in Figure 3.4a was constructed on the nodes of a 2-D 

25 m grid with dimensions 82 km (horizontally) by 7.7 km (vertically), which was used 

for both forward traveltime calculation and inversion. The depth to the seafloor varies 
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from approximately 300 m to 3500 m across the survey area, and with its high seismic 

velocity contrast, generates highly variable time delays along the different ray paths. The 

bathymetric data were estimated from the seafloor reflection time on traces in the near-

offset hydrophone group and gridded at intervals of 6.25 m, to avoid inaccurate 

calculation of traveltimes in the forward modeling. The velocities of the water layer and 

at the bathymetric interface were fixed at 1506 m/s during the inversion. 

4.3.3. Model Optimization 

Except for the water layer velocity which was fixed, subsurface velocities were updated 

iteratively in the tomographic inversion, and horizontal and vertical regularizing 

constraints based on the second spatial derivatives of the model slowness were used. To 

update the model at each iteration, a minimum norm least squares solution is fit to the 

misfit estimated from the difference between the calculated and the picked travel times. 

After 21 iterations, the RMS misfit was reduced from 89.52 to 10.65 ms for the surface 

geometry data. For the downward continued data set, RMS misfit was reduced from 

121.2 ms to 23.3 ms, but the average RMS misfit gives no indication of the variations in 

the misfits for each source-receiver pair. Therefore, the travel time residuals for each 

shot-receiver pair were binned by offset (Figure 4.6). The largest travel time residual is 

less than 0.1 s for both data sets. Furthermore, we calculated the travel times through the 

final velocity model and compared it with the picks to demonstrate how our final velocity 

model fits the travel time picks and examples of the results are displayed in the Appendix 

(i.e., Figures B.1 and B.2 for the surface-recorded data and downward continued data, 

respectively).
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Figure 4.6. Traveltime residuals of each receiver binned by source-receiver offset pairs for initial and final velocity models. (a) and (c): Initial and final residual models obtained for 

surface-recorded data. (b) and (d): Initial and final residual models obtained for SOBE data after downward extrapolation.
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4.3.4. Model Resolution Assessment 

For a 6000-m-long streamer, the ray coverage is expected to extend up to ~2000 m depth, 

but this coverage only provides an approximation to the degree of model constraint. The 

resolution of a velocity model is a better indication of how well the model is constrained 

and assists model interpretation. To evaluate the spatial resolution of the final velocity 

model, we conducted a series of 2-D checkerboard tests using the same tomographic 

inversion parameters which were used to obtain the final model (Zelt 1998). Four half-

wavelength checkerboard perturbations with horizontal and vertical sizes of 1000 m, 800 

m, 600 m and 400 m were superimposed on the final velocity model. The maximum 

amplitude of the perturbation was set to 10% of the velocities from the final model, and 

the travel times for the perturbed model were calculated. 

With the water layer fixed and using the original final velocity model as a starting model, 

the travel times were inverted to recover the perturbed model. The extent of recovery of 

the perturbations is an indication of how well the final velocity model is laterally 

resolved. The results of the checkerboard resolution tests are shown in Figure 4.7. In 

general, the 1000 m, 800 m and 600 m checkerboards are well recovered laterally up to 

depths of >1500 m, 1000 m and 500 m below the seafloor, respectively, and features that 

are greater than 500 m can be resolved by the tomographic inversion. Though features 

that are 400 m wide can be observed, they are poorly resolved in the SOBE geometry 

tomographic model and cannot be resolved in the final surface geometry velocity model. 

Overall, the ability of the models to resolve deeper features decreases as the dimensions 

of the checkerboards are reduced. 
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Figure 4.7. Checkerboard tests recovery results showing 2-D lateral resolution of the final velocity models with cell sizes of 1.0, 0.8, 0.6 and 0.4 km. (a) Surface-recorded MCS data (b) 

SOBE data after downward extrapolation. Cell sizes of 0.4 km are inadequately resolved by the SOBE data and unresolved by the surface-recorded data.
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4.4. Two-dimensional (2-D) Velocity Models 

Results of the final 2-D P-wave tomographic velocity models derived from the surface-

recorded and downward continued datasets, which are constrained by their respective 

ray-path coverage (Figure 4.8), are shown in Figure 4.9. In this section, we compare the 

two velocity models on the basis of subsurface coverage and resolution, and then present 

an overall description of the better model. 

4.4.1. Spatial Resolution of Velocity Models 

The velocity model from the surface-recorded data is limited to regions where the water 

depth is shallower than 2 km because this is the only part of the model where refractions 

are first-arrivals, as depicted in Figure 4.8a. In contrast, the velocity model derived from 

the downward continued data has rays refracted through the subsurface along the entire 

profile, including water depths greater than 2 km. Thus the downward continuation 

makes velocity information available in deep water regions where velocity information 

from surface-recorded data is either limited or absent, provided refractions exist in the 

data. Slight differences in depth coverage between the velocity models are likely due to 

minor differences in the inverted velocities but in general velocities are similar in the 

common parts of the models  

Secondly, the checkerboards for the downward continued data are all better recovered 

and show better resolution at 1000 m, 800 m, 600 m and 400 m than those of the surface-

recorded data (see Figure 4.7). Though features that are less than 500 m are not resolved 

by the velocity model from surface-recorded data, some shallow features ~400 m across 

can be resolved in the model just below the seafloor using the downward continued data. 

Furthermore, features of dimension 800 m and above are well resolved in both models up 

to a depth of about 1.8 km. Whereas smaller features (up to about 600 m) are resolved up 

to ~0.5 km below seafloor in the velocity model derived from the surface-recorded data, 

their features are resolved up to 1.0 km deep in the velocity model from the downward 

continued data, implying that the latter model is to be preferred for interpretation. In the 

subsequent sections that follow, I use velocity model to refer to the model obtained from 
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the downward continued data, which has a greater subsurface coverage and a better 

resolution. 

4.4.2. Description of Velocity Model 

In general, the P-wave velocities are estimated up to a depth of about 2000 m below the 

seafloor and they vary from about 1650 m/s to more than 4000 m/s. For the most part, the 

2000 m/s iso-velocity contour lies on the seafloor or close to it, except in the middle of 

the arc massif and the basin west of the arc. The top 1000 m of the arc massif (about 14 – 

40 km distance along profile) mostly comprises rocks with low P-wave velocities (<3000 

m/s) but the rocks with the lowest P-wave velocities (about 1650 m/s) occur in the deep 

basin west of the arc massif and less than 10 km along the profile. At 41 – 50 km along 

profile, P-wave velocities are greater than 4.0 km/s at depths less than 1000 m below 

seafloor indicating the presence of shallow igneous basement, which can also be 

identified beneath much of the main arc massif though not on the deeper flanks. The 4000 

m/s iso-velocity contour probably approximates the top of this igneous basement, which 

varies from 800 m to1800 m below the seafloor across the central part of the arc massif. 

Although there is no clear evidence of a basement, at about12 – 13 km along profile, 

there is a shoaling of relatively high velocity sediments, and a relatively thin (less than 30 

m) section of low velocity sedimentary deposits above the 3000 m/s iso-velocity contour. 

At approximately 60 – 62 km along profile and on the eastern flank of the arc, the high P-

wave velocity (>3000 m/s) sediments exhibit an upward characteristic similar to the one 

described above but this is probably due to the folding of sediments rather than shoaling.
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Figure 4.8. Ray path coverage associated with final velocity models. (a) surface-recorded data (b) SOBE data after downward extrapolation of surface data to 75 m above seafloor. The 

ray density is a count of the number of rays passing through a cell and areas with zero rays are coloured white. The black line represents the seafloor and the greater ray 

coverage in (b) is due to the larger number of refraction first-arrivals. V.E ~3.5x
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Figure 4.9. 2-D P-wave tomographic velocity models across the Mariana arc: (a) 

Starting velocity model used for the inversion. (b) Final velocity model 

from the surface-recorded data. (c) Final velocity model from the 

SOBE data set. The final velocity models are constrained by their 

respective ray coverages and iso-velocity contours, which are 

indicated at 500 m/s velocity intervals labeled at 1000 m/s intervals. 

V.E = 4x 
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4.5. Comparison of 1-D Velocity Model with Sonic Log 

In 2015, the International Ocean Discovery Program (IODP) Expedition (EXP) 350 

drilled a 1-km-deep borehole (Hole U1437D), located in the rear Izu arc, 90 km west of 

the Quaternary volcanic arc-front (Tamura et al. 2015a). Sonic log velocities recorded in 

the borehole vary between about 1500 and 3000 m/s and three lithostratigraphic units 

were identified in this range. Unit I comprises a thick layer (550 m) of tuffaceous mud 

intercalated with volcanic ash, which has the lowest velocities (>1500 – 2000 m/s). Unit 

II, a 40 m thick section that has velocities of 2000 – 2500 m/s, is made up of fine and 

coarse volcaniclastics intercalated with tuffaceous mudstone. The final penetrable 

section, Unit III, is made up of tuffaceous mudstone intercalated with volcaniclastics 

which have velocities greater than 2500 m/s. These lithostratigraphic units suggest that 

lithification of sediments is progressive, which implies that the seismic velocity tends to 

increase gradually with depth (Tamura et al. 2015a). 

The sonic log velocities were compared with a 1-D velocity-depth profile extracted from 

the tomographic velocity model at a location 32 km along the seismic profile, which is 15 

km west of the Eocene arc (Figure 4.10). This location was selected for comparison 

because it is analogous to the rear arc of the Eocene arc. Generally, the tomographic 

velocities correlate well with the smooth sonic velocities and the general increases in 

velocity with depth are similar. At depths above 680 m within Unit I, the tomographic 

velocities are as much as 300 m/s faster than the sonic velocities with the largest 

difference at depths above 450 m. At depths of 680 – 720 m where the 40 m thick section 

(Unit II) is encountered, the sonic velocities are at least 200 m/s faster compared to the 

tomographic velocity model, which is unable to resolve such thin layers. The largest 

velocity differences are encountered in Unit III where sonic velocities are up to about 500 

m/s faster than the tomographic velocities.  

Given how well the tomographic velocities correlate with the sonic velocities, we suggest 

that the lithology of the shallow Mariana arc (up to 1.0 km depth below seafloor) is 

generally similar to that encountered in IODP 350 Hole U1437D. We suggest that based 

on the tomographic velocities, the upper 700 m of the Mariana arc, where velocities are 
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1650 – 2000 m/s, is similar to Unit I while velocities between 2000 – 2500 m/s 

correspond to Unit II; however, Unit II is maybe thicker in the Mariana arc than was 

encountered in the rear Izu arc. Tomographic velocities of 2500 – 3000 m/s could 

correspond to Unit III and maybe thicker. Although no sonic velocities are available for 

comparison, we suggest that the tomographic velocities of 3000 – 3500 m/s and 3500 – 

4000 m/s may correspond to more lithified units at depths greater than 1.0 km below 

seafloor.  

On the basis of the lithostratigraphic log of IODP 350 Site U1437 (Figure 4.11), the 

lithology corresponding to these tomographic velocities may vary from anything between 

Unit IV, which comprises fine and coarse volcaniclastics with tuffaceous mudstone, and 

Unit VII, which consists of coarse glassy and clast-rich volcaniclastics. At depths of 

about 2 km and velocities greater than 4000 m/s, we interpret the lithology as the 

crystalline igneous basement with variable porosity. Using OBS surveys, low P-wave 

velocities (2500 m/s to 3000 m/s) have been inferred in the extrusive basaltic layer of 0 – 

3 Ma old oceanic crust, and velocity gradually increases to 3500 – 4500 m/s by 4 – 5 Ma 

and to 4000 – 5000 m/s at ages greater than 50 Ma (White 1984). This result supports the 

suggestion that shallow crustal seismic velocities in the Mariana arc generally increase 

towards the volcanic frontal arc due to compaction of sediments and void filling, which is 

consistent with our lithostratigraphic structure across the Eocene arc. 
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Figure 4.10. Comparison of a 1-D profile of the final velocity model located on the 

arc massif at 32 km along the seismic profile with a sonic log from 

IODP 350 Hole U1437D. Also shown are the various units with sub-

seafloor depth from Hole U1437D located in the Izu rear arc. A 

smoothing window of 75 m was used to obtain the smooth curve in 

black.
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Figure 4.11 Lithostratigrapic log of IODP Expedition 350 Site U1437 (Tamura et 

al. 2015b).
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4.6. Seismic Reflection Imaging 

In this section, I briefly describe the key processing sequence used to obtain the final time 

migrated section of line 83 – 84 across the Eocene arc massif. As discussed in section 

4.2.1, the data were partly corrected for streamer feathering and the appropriate geometry 

setup was used for further processing. To correct for geometric spreading and other 

amplitude losses, a time-squared amplitude recovery gain function was applied. Although 

the SNR of the data is generally good, a few bad or noisy traces (e.g., channel 51 on all 

shot gathers) were identified and removed. Unwanted high and low frequencies were 

removed by band pass filtering with a zero-phase Ormsby filter (8 – 10 – 60 – 80 Hz). 

Predictive deconvolution was applied to compress the seismic wavelet and reduce any 

associated reverberations and short-period multiples. To achieve good temporal 

resolution, we designed a minimum phase filter with a deconvolution operator length of 

128 ms, a prediction lag of 8 ms, and a 0.1% white noise. The deconvolution design 

window was picked such that high amplitude first-arrivals, direct waves and arrivals later 

than 6.5 s were excluded. Due to the laterally varying seafloor, the start of the design 

window varied with time across the survey. 

To suppress coherent noise (e.g., noise from cable motion and water-bottom scattering), a 

frequency-wavenumber (F-K) filter was applied (Larner et al. 1983). After analysis of the 

apparent dips in the data, a fan filter was designed to remove dips with apparent 

velocities that fall outside the range ˗2000 m/s to +2000 m/s and frequencies above 62 

Hz, which is the aliasing frequency. The data were then sorted into common midpoint 

(CMP) gathers from which supergathers, each containing a set of 5 CMP gathers, were 

built for velocity analysis. A stacking velocity field, which is dip-dependent, was created 

by picking velocities on semblance velocity spectra at every 560 m, which was used for 

normal moveout (NMO) corrections. Further demultiple was carried out using parabolic 

radon transform, which modeled the data between move-out values of 500 and 3000 ms 

at the far offset. Moveouts outside this range were removed as multiples.  

To preserve conflicting dips in the data and enhance the final reflection image, a dip 

moveout (DMO) correction was applied using F-K DMO. A velocity analysis test was 
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carried out on a few gathers to estimate dip-independent move-out velocities for the data 

but the results were not a significant improvement over the stacking velocity field. 

Therefore, the stacking velocity field was used for NMO correction, DMO correction and 

stacking of the data. A top mute function was picked and applied to remove unwanted 

direct arrivals and first arrivals, and predictive deconvolution was applied to the stacked 

data to remove any remaining multiples and improve its resolution. A 2-D Kirchhoff 

post-stack time migration algorithm was used to correctly position the reflections with a 

maximum dip of 45 degrees. The final post-stack time migrated section was enhanced for 

display by applying automatic gain control (AGC) and bandpass filtering (10 – 12.5 – 25 

– 40 Hz). Figure 4.12a shows the final migrated image with the tomographic velocity 

model superimposed. 

4.7. Geologic Interpretation of Seismic Line 83-84 

In this section, the seismic reflection image is combined with the tomographic velocity 

model to provide an integrated interpretation of the shallow crust. In particular, we 

characterize the lithostratigraphic structure of the shallow crust in terms of P-wave 

velocities, and attempt to interpret the various features, such as faulting, that may be 

associated with the overall structure of the Eocene arc. Figure 4.12b is a combined 

structural and stratigraphic interpretation of the shallow crust of the Eocene arc. 

4.7.1. Lithostratigraphy of Shallow Upper Crust from Seismic Interpretation 

In general, the seismic reflection image shows only a few continuous reflectors which can 

be picked consistently for interpretation: however, the velocity model correlates 

reasonably well with the reflection image up to the deepest ray coverage. Therefore, 

based on the correlation of the seismic reflection profile with the tomographic velocity 

model, we defined five distinct subsurface units using velocity horizons as boundaries to 

represent the stratigraphy of the shallow crust across the Eocene Mariana arc (Figure 

4.12b). These units are identified as A, B, C, D and E where the separation between units 

is based on velocity contrast of 500 m/s. Units A (Vp <2.0 km/s) and B (Vp <2.5 km/s), 

which are bounded by velocity horizons VH1 and VH2, respectively, are unconsolidated 
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sediments which comprises volcanic ash, volcaniclastics and tuffaceous mudstone. The 

combined thickness of these units varies considerably across the Mariana arc; ranging 

from less than 500 m below seafloor at the summit of the arc to about 600 – 800 m at the 

center of the arc massif and the westernmost end, which lies along strike of the modern 

arc. The well lithified units, which consist of Units C, D and E, have P-wave velocities in 

the range of 2.5 km/s to 4.0 km/s, and are bounded by the velocity horizons VH3, VH4 

and VH5, respectively. Geologically, they form the consolidated sedimentary section of 

the shallow crust, which comprises a complex mixture of tuffaceous mudstone and highly 

porous volcanic rocks (e.g., Unit III, Figure 4.10).
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Figure 4.12. Final tomographic velocity model superimposed on the migrated 

seismic reflection section of line 83 – 84. (a) Uninterpreted section. (b) 

An interpretation of the resulting seimic image. The blue vertical line 

through the section indicates the location of the 1-D velocity profile 

displayed in Figure 4.9. Velocity horizons (VH), which represent iso-

velocity contours at 500 m/s intervals indicate the boundaries from 

which five (5) distinct lithostratigraphic units, which are labelled A to 

E are inferred. Normal faults are represented by solid black lines but 

where uncertainties occur, dashed black lines are used. F1 and F2 

represent major faults to the west and east of the arc, respectively, 

and events such as escarpment and perceived extension of the arc are 

also inferred.
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These consolidated units form the bulk of the shallow crust, imaged by the tomography 

with thickness of up to 1000 m thick beneath the arc massif and below the eastern flank 

of the Eocene arc. The top of the basement layer, which is represented by the velocity 

horizon VH 5, separates the sedimentary lithostratigraphic units from the porous igneous 

basement. 

4.7.2. Structural and Fault Interpretation of the Shallow Crust 

Our overall interpretation of the shallow crust of the Eocene arc is primarily on the basis 

of its general structural features, whereas the fault interpretations are centered on 

undulations in the velocity horizons, lateral variations in the velocity model and 

discontinuities in the reflectors in the seismic image. 

Compared to the eastern flank, which has a low velocity sedimentary layer (Unit A) 

present throughout, the western flank of the Eocene arc appears to have a tapering Unit 

A, which is almost absent near the base of slope. The shoaling of VH 3(the 3.0 km/s iso-

velocity contour) near the base of the western flank, at about 15 km (CMP 2400) along 

the seismic profile, probably indicates the presence of a normal fault (F1). A lack of Unit 

A sediments and the presence of extremely thin Unit B sediments associated with this 

part of the flank seem to suggest that this fault, F1, terminates the westward extension of 

the Eocene arc massif. At the foot of the slope, west of CMP 2000 and the normal fault 

(F1), there is a thick accumulation of clastic sediments (from Units A and B) in what 

seems like a basin. The decrease in thickness of sediments from Units A and B along the 

slope of the western flank could be explained by a slope failure which removed 

unconsolidated sediments from the western flank of the arc, and deposited them in the 

basin at the foot of the slope. Sediment from the adjacent Ruby and West Saipan 

volcanoes, which lie along strike of the arc, may have also been deposited here, with 

most probably derived from West Saipan volcano (see Section 3.5.8). 

Stratigraphic units (Unit A to Unit E) appear well represented along the arc massif, from 

CMP 2000 to CMP 6400, with Units A, B and C thicker than below the flanks. We 

interpret the center of the arc massif to be a graben that has been dropped relative to the 

edges of the massif at CP 3400 and CDP 6600, due to the thick accumulation of 
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sediments (Units A, B and C) in between. The boundary between Units B and C 

represented by VH 2 undulates within the arc massif in contrast to either flank, and 

probably indicates the presence of faulting. These faults are likely associated with other 

horst and graben structures, also indicating that the Eocene arc is under tension resulting 

in its extension. 

From about CMP 6800 to CMP 7200 (along the eastern flank), the interface VH1 is 

discontinuous, which suggests that the summit either lacks or has insignificant Unit A 

sediment cover. Further down the slope, the thicknesses of the various stratigraphic units 

seem to increase gradually but at about CMP 10400 an escarpment is formed by a normal 

fault (F2), which truncates these layers, pushing the tail of the slope (hanging wall block) 

downward. Near the edge of the footwall, the lithic sediments of Units C and D seem to 

fold, likely due to horizontal compression of the sediments. This folding event is also 

probably the cause of the extremely thin Unit B sediment at the crest, where the tops of 

Unit A and Unit B overlap 

4.8. Discussion 

In this section we discuss the stratigraphic units and their probable ages from the oldest to 

the youngest, followed by the overall seismic structure across the arc. Also, the velocity 

model is compared with the modern arc. 

4.8.1. Shallow Arc Stratigraphy and Relative Age 

On the basis of the P-wave velocity model correlated with the seismic reflection image, 

five (5) stratigraphic units, which comprise unit A to unit E, overlying the crystalline 

igneous basement, were inferred in our interpretation above. Though the basement, which 

likely corresponds to velocities greater than 4000 m/s (Mrozowski et al. 1982), was not 

fully imaged in the reflection section, the estimated depth to the top of the basement 

varies from about 2600 m below seafloor in the arc massif to less than1200 mat the 

summit. Tamura et al. (2015b) inferred the depth to basement of the Northern Izu rear arc 

to be 2200 m and suggested that this basement could be Oligocene – Eocene. This is 

consistent with our interpretation of the basement; thus, we suggest that the age of the 
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basement of the older Mariana volcanic front is likely ~50 Ma to 35 Ma. Dating of cored 

samples recovered from the Izu-Bonin fore-arc has revealed that the basement age of the 

volcanic front could be about 35 Ma to 34 Ma (Pearce et al. 1992; Taylor & Mitchell 

1992), though recent dating of samples of oceanic crust in the Izu –Bonin – Mariana arc 

indicate that the basement is ~50 Ma (Ishizuka et al. 2018), which suggests that the 

basement was formed at the initiation of the subduction zone or shortly afterwards, 

supporting the interpretation of the earlier studies. 

Deposition of sediment during the rifting of the Eocene – Oligocene basement of the 

frontal arc, is likely responsible for the inferred sediments in Units E, D and C. These 

Units, which comprise rocks with P-wave velocities between 2500 m/s and 4000 m/s 

form the majority of the shallow volcanic crust, and may be thicker in the frontal arc than 

in the fore-arc and rear arc(Taylor 1992; Calvert et al. 2008). In analysing the Mariana 

fore-arc stratigraphy, Chapp et al. (2008) proposed that the three oldest seismic 

stratigraphic units overlying the crystalline igneous basement across the Mariana fore-arc 

could be about 35 Ma to 29 Ma. These sedimentary units match our interpretation of 

Units E, D and C, respectively, across the shallow crust of the Mariana frontal volcanic 

arc, and the proposed age for the units is consistent with our suggestion that Units E, D 

and C were deposited in the Eocene – Oligocene. 

Units A and B represent the younger stratigraphic units and comprise all rocks with P-

wave velocities below 2500 m/s. The combined thickness of these units seems to be 

lowest along the western flank of the arc massif and greatest in the basin at the foot of the 

slope. The shoaling of VH 3 at about 28 km west of the arc summit may correspond to a 

separation point of the West Mariana Ridge from the Mariana arc during the Miocene (~8 

Ma) rifting and it is likely that fragments of the older units (possibly C and D), may have 

been part of the sediments deposited in the rifting process. It is also likely that there was 

re-deposition of eroded older units (Units C and D) from the faults in the arc massif and 

the scarp on the eastern flank into the younger units, but volcanism in the modern arc 

may have contributed much of the sediments in the basin, resulting in its greater 

thickness. Therefore, we speculate that Units B and A could comprise all sediments 

deposited from the Late Oligocene to the present day of the arc.  



93 

The sonic log (Figure 4.10) suggests that the lithology of Unit A, in particular, likely 

consists of hemipelagic sediments, volcanic ash and low P-wave velocity (<2000 m/s) 

volcaniclastic rocks indicating that it is more recent in age. This is supported by the 

evidence that the rifting of the Miocene (~8 Ma) arc from the central Mariana arc resulted 

in seafloor spreading, which continues today in the Mariana Trough due to the separation 

of the West Mariana Ridge from the modern arc (Bibee et al. 1980; Fryer 1995; Martinez 

et al. 2000; Stern et al. 2003). Our assigned age to sediments in Units B and A across the 

frontal volcanic arc is consistent with similar sedimentary units mapped across the 

Mariana fore-arc, which Chapp et al. (2008) suggest range from ~29 Ma to present. 

4.8.2. Shallow Arc Structure 

The 2D P-wave tomographic velocity model derived from the downward continuation of 

MCS data reveals that there is significant variability in the shallow crust across the arc 

massif. This variability is structural because the arc is subject to extension (Karig et al. 

1978; Fryer et al. 1998; Heeszel et al. 2008). The P-wave velocities we infer from the 

velocity model vary from about 1650 m/s to above 4000 m/s, which we have interpreted 

as the top of crystalline igneous basement. These velocities are significantly faster than 

those estimated from the shallow crust of the modern arc (see Section 3.3.3), but our 

basement pick is consistent with previous studies, which suggests that the velocity of the 

Mariana arc basement layer lies anywhere between 2.2 km/s and 5.8 km/s(Latraille & 

Hussong 1980; Calvert et al. 2008; Takahashi et al. 2008). The majority of the 

stratigraphic units that overlie the crystalline igneous basement are poorly consolidated 

sediments, which possibly comprise volcaniclastics, talus and pillow basalts, that are 

probably porous and responsible for low velocities associated with the shallow crust. 

The arc massif can be likened to a huge displaced graben relative to the summit of the 

arc, within which there are several other minor graben and horst forming structures. The 

normal fault, F1, bounding this graben in the west indicates the termination of the arc 

massif and the presence of an adjacent basin, which may be partly filled by sediments 

from the modern arc volcanoes in the vicinity. These provide strong evidence of 

extension in the Eocence arc. Earlier studies have suggested that crustal extension starts 
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within the Mariana frontal arc and ends when a normal fault bounding basin is developed 

between the Eocene and Miocene arcs (Karig 1971; Karig et al. 1978). The existence of 

normal faults, graben and horst structures within the frontal arc, and the modern arc 

volcanoes associated with the basin further indicates extension (Fryer et al. 1998), which 

is consistent with our interpretation. 

4.8.3. Comparison of 1-D Velocity Model with Modern Arc 

We extracted 1-D velocity profiles at various locations along the 75-km long velocity 

model of the Eocene arc to compare with the profiles of the modern arc shown in Figure 

3.10 (c and d). Using a similar method to the one described in section 3.5.7, we sampled 

2-km-wide velocity sections on the summit and flanks, which include the central part of 

the arc massif. The data were then averaged at 125 m depth intervals and smoothed with 

a 300-m moving window smoothing filter. The average 1-D velocity models of the flanks 

and summits of the Eocene and modern arcs are displayed in Figure 4.13, which also 

shows the sampled Eocene flank profiles and their locations. 

Compared to the modern arc, velocities of the summit profile for the Eocene arc are 350 

– 500 m/s and 250 – 430 m/s higher than the profiles of the submarine and subaerial 

volcanoes, respectively, at smaller depths (i.e., <750 m). For depths above 750 m, the 

velocities of the Eocene arc at the summit are about100 – 250 m/s lower than the 

subaerial volcanoes, but are150 – 350 m/s higher than the submarine volcanoes. In 

contrast, there appears to be no significant difference in velocities of the flank profiles of 

the arcs at depths smaller than 750 m; however, the modern arc flank profile has 

velocities that are about 150 – 350 m/s higher than the Eocene arc at larger depths (above 

750 m). It should be noted that the flank profile of the Eocene arc does not include the 

profile at 30 – 32 km shown in red, which has most of its velocities deviating from the 

flank average by 500 m/s or more at depths less than 2 km. 

The reason for the low velocities in this Eocene arc flank profile is not clear, but the 

profile was sampled from the graben at about CDP 4400 – 5600 within the central arc 

massif, which we have interpreted to be a larger graben. Therefore, the unconsolidated 

and less consolidated sediments that make up the majority of the rocks at depths smaller 
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than 2 km in this graben may explain why velocities associated with the profile are very 

low compared to profiles sampled away from this region (CDP 4400 – 5600) of the arc 

massif. 

 

Figure 4.13. Representative 1-D velocity functions of the Eocene and modern arcs. 

(a) and (b) are average velocity models of the Eocene arc’s flank and 

summit superimposed on the average models of the modern arc’s 

flank and summit displayed in Figures 3.10 c and d, respectively. (c) 

Flank velocity models sampled at various locations along the Eocene 

arc.
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4.9. Conclusions 

We have obtained the 2-D P-wave subsurface velocity distribution across 75 km of the 

Eocene Mariana frontal arc by inversion of first-arrival traveltimes from a downward 

continued MCS reflection survey. Due to the lack of ray coverage of the surface-acquired 

data, we downward continued the surface-acquired MCS survey by the SOBE method to 

unravel refracted arrivals, which were hitherto obscured, as first-arrivals. The inferred P- 

wave velocities vary from 1650 m/s in Unit A (shallowmost) to more than 4000 m/s in 

the basement layer. These velocities are significantly higher compared to those inferred 

in the modern arc, and support the suggestion that the velocities of oceanic crust increase 

with age towards the Eocene frontal arc. The lateral variations in velocities, which 

indicates faulting, the many graben and horst structures within the arc massif and the 

presence of the basin bounding normal fault give strong evidence of the extension of the 

arc. 

The stratigraphic units (A – E) inferred from the integrated interpretation of the seismic 

reflection image and tomographic velocity model suggest that the older units (C, D and 

E) are likely Eocene – Oligocene in age and were derived from volcanism either during 

or soon after the rifting of the frontal arc. The age of the younger units (A and B) is likely 

from the Oligocene to Present, because these sediments are derived from erosion of the 

older units, the rifting of the Miocene (~8 – 4 Ma) arc, and the magmatism and associated 

remnants of the modern (~4 – 0 Ma) arc. 
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Chapter 5.  

 

Seismic constraints on the crustal structure of the 

Fantangisña (Celestial) serpentinite mud volcano in the 

Mariana subduction zone. 
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under the supervision of AJC. All authors revised the final manuscript. 

Summary 

Seismic studies of serpentinite seamounts in the outer fore-arc of the Mariana subduction 

zone can provide constraints on the structure and development of these large edifices. We 

present the seismic velocity structure of the Fantangisña, formerly Celestial, mud volcano 

obtained by the downward continuation of multichannel seismic reflection data and first-

arrival tomographic inversion; the P-wave velocity model is well constrained to ~1.5 km 

depth below the seafloor with a spatial resolution of 400 – 800 m. We identify a low 

velocity, 1720 – 2500 m/s, sediment unit which is 500 m thick at the summit, and varies 

between 200 m and 1000 m on the flanks of the volcano. Deeper seismic velocities 

increase to >3500 m/s below the summit and >4000 m/s beneath the flanks. The thickest, 

1000 m, low velocity sediment, which represents less consolidated rocks occurs below 

the southeast flank resulting in an asymmetric velocity structure at depth. By integrating 

the velocity model with the coincident migrated seismic reflection image, we infer that 

the seamount was probably formed from serpentinite fluid upwelling through a central 

conduit, as previously proposed, and likely experienced episodic slope failures during its 

evolution that resulted in debris flows that formed mud mounds adjacent to the volcano. 
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A small nearby dome on the seafloor may also be a mud volcano related to fluid flow 

along an underlying fault.  

Key Words: Pacific Ocean, Tomography, Subduction zone processes, Mud volcanism, 

Image processing, Submarine landslides 

5.1. Introduction 

The Mariana fore-arc of the Izu-Bonin-Mariana (IBM) subduction system includes 

several seamounts, which have been formed by the expulsion of serpentinite muds from 

the fore-arc mantle (Hussong & Uyeda 1981; Fryer et al. 1985; Fryer & Fryer 1987; 

Fryer 1990). These serpentinite mud volcanoes provide valuable samples of mantle-

derived fluids, but the volcanoes‘ development is often unclear, in part, due to few 

laterally continuous reflections imaged within and below the volcanoes by multichannel 

seismic (MCS) surveys. Though some very shallow seismic velocity measurements have 

been obtained by recent IODP drilling (Fryer et al. 2018a), the overall seismic velocity 

structure of Mariana mud volcanoes, which can constrain lithology and the degree of 

compaction, is not known.  

The Fantangisña mud volcano (formerly known as Celestial seamount) is located 62 km 

west of the Mariana Trench at 18º 32‘ N (Oakley et al. 2007). The Chamorro name 

(Fantangisña) was assigned to the seamount in 2016 during the renaming of all 

seamounts in the Mariana area, after the United States government transferred all 

submerged islands and the associated waters to the government of the Commonwealth of 

Northern Mariana Islands. The almost conical volcano is 6 km wide at the summit, rises 

1.8 km above the adjacent 3 km deep seafloor, and is approximately 20 km in diameter. 

The western flank is notably steeper than the eastern flank, and the northern part of the 

summit has been dropped by normal faults, with the northern flank also modified by 

fractures and small-scale faulting (Oakley et al. 2007; Figure 5.1). 

In 2002, multichannel seismic (MCS) reflection lines were acquired across the larger 

serpentinite seamounts in the Mariana fore-arc (Oakley et al. 2007). In this paper, we 
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present a tomographic P-wave velocity model of the Fantangisña mud volcano derived by 

first-arrival travel time tomography of a synthetic ocean bottom experiment (SOBE) 

created from the surface-recorded MCS reflection data (Henig et al. 2009; Arnulf et al. 

2011; Arnulf et al. 2012; Henig et al. 2012). The velocity model clearly reveals the 

complex internal structure of the Fantangisña mud volcano to a depth of ~1500 m. With 

the velocity model, we are able to depth migrate the reflection data and present an 

integrated interpretation of the internal structure of the upper part of the seamount. We 

also interpret features in adjacent edifices (e.g. a nearby mud mound), which allow us to 

speculate on the processes that controlled the formation and development of the mud 

volcano.  

5.2. Tectonic and Geologic Setting 

5.2.1. Structure of the Mariana Fore-arc 

The Izu-Bonin-Mariana (IBM) subduction system, which extends over 2800 km from 

12ºN to 35ºN in the northwest Pacific Ocean where the Late Cretaceous to Early Jurassic 

Pacific plate descends beneath the Philippine Sea plate, is a classic example of an 

intraoceanic arc-backarc system (Karig 1971; Stern et al. 2003). The IBM system was 

likely initiated by the conversion of a transform fault to a trench during plate 

reorganisation in the Early Eocene, ~50 Ma ago, (Stern & Bloomer 1992; Taylor 1992). 

Stern et al.2003 proposed that based on the Sofugan Tectonic Line at 29º30‘N and the 

northern termination of the Mariana Trough at 23ºN, the IBM system can be divided into 

the Izu, Bonin and the Mariana segments, respectively. In the Mariana segment, the 

modern arc volcanoes lie 25 – 40 km west of an Eocene arc, with the arc massif bounded 

to the west by the Mariana Trough and to the east by thinner crust of the fore-arc which, 

though narrower in the south, generally extends over 200 km to the Mariana Trench 

(Figure 5.1, inset).  

The Mariana fore-arc lacks any major terrigenous sediment supply due to its geographic 

isolation, and has a relatively thin sediment cover (Mrozowski & Hayes 1980; Hussong 

& Uyeda 1981; Stern & Smoot 1998). Mrozowski & Hayes (1980) divide the fore-arcinto 
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two structural provinces: the smooth western province, which comprises well-stratified 

fairly undisturbed sediments above a shoaling basement and the rough eastern province, 

which is sediment depleted due to erosion, disturbed by several normal faults and with a 

shallow igneous basement. The many normal faults, which offset both the consolidated 

sediments and the Eocene igneous basement, suggest that the fore-arc is under tension 

that may be associated with widespread mud volcanism (Mrozowski & Hayes 1980; 

Hussong & Uyeda 1981; Mrozowski et al. 1982; Stern & Smoot 1998).  

The faulted eastern province (outer edge) of the Mariana fore-arc provides a platform for 

several serpentinite mud volcanoes, which are located 50 – 120 km west of the trench 

axis (Mrozowski & Hayes 1980; Hussong & Uyeda 1981; Fryer et al. 1985). These large 

submarine volcanoes, which are ~20 – 40 km in diameter and rise 1 – 3 km above the 

surrounding seafloor, occur in groups north of 18ºN, but as isolated structures further 

south (Fryer & Fryer 1987; Oakley et al. 2007). Some fore-arc faults are closely 

associated with the mud volcanoes and appear to provide a conduit for the upward flow 

of serpentinite muds, which can reveal pressure and temperature conditions at depth in 

addition to the composition of the lithosphere in the descending Pacific plate (Stern & 

Smoot 1998; Fryer et al. 2000). For example, core sample results from ODP leg 125 

indicate serpentinite rocks containing blueschists in a conical seamount formed under 

high-pressure (5 – >6.5 kbar), low-temperature (150º – 250ºC) conditions (Fryer 1992a; 

Maekawa et al. 1992; Maekawa et al. 1993). Analysis of Mariana fore-arc rocks obtained 

by dredging, drilling and coring show that the seamounts are primarily composed of a 

polymict serpentinized mud matrix with mafic and ultramafic clastic rocks (Fryer et al. 

1985; Fryer 1992a; Fryer & Mottl 1992; Fryer et al. 2018a). 

Material recovered from the summit and flanks of several of the Mariana serpentinite 

seamounts indicates that some of these mud volcanoes are active and growing while 

others, for example Turquoise seamount, are inactive (Fryer et al., 2000). High acoustic 

reflectivity on side-scan images, along with samples from Fantangisña seamount, which 

include serpentinite muds with a very thin (~1 m) pelagic sediment cover, indicate that 

this seamount was recently active (Fryer et al. 2000; Fryer et al. 2018a). 
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5.2.2. Seamount Formation and Role of Fluids 

Fluids play an important role in subduction zone processes and consequently in the 

formation of fore-arc mud volcanoes. Free water is released through compaction of 

subducted sediments at shallow depths of 10 – 40 km (Fryer & Fryer 1987; Peacock 

1990; Mottl 1992), while dehydration of hydrous minerals during metamorphic processes 

is the main source of water at greater depths (Peacock 1990; Hyndman & Peacock 2003). 

Serpentinite is produced when hydrous fluids react with peridotite, and Hyndman & 

Peacock (2003) have suggested that the Mariana fore-arc mantle may be entirely 

serpentinized due to the large amount of water released from the westward subducting 

slab and sediments. Ultramafic samples recovered during ODP Leg 125, however, 

indicate that the fore-arc mantle may not be completely serpentinized (Fryer et al. 2000). 

Two processes proposed for formation of submarine mud volcanoes are seafloor-piercing 

diapirism and the fault-controlled rise of fluidized muds (Milkov 2000). Fryer et al. 

(1985) and Fryer & Fryer (1987) put forward a giant mud volcano model, which is 

analogous to the fluidized mud model, to explain the largest serpentinite seamounts in the 

Mariana fore-arc. According to this giant mud volcano model, large serpentinite mud 

volcanoes form when serpentinite mud fluids rise to the surface along fore-arc faults, 

which act as the central conduits for the volcanoes‘ development (Fryer 1992b; Fryer et 

al. 1999; Fryer et al. 2000). It is, however, worth noting that to date neither the faults nor 

the conduits underlying any of the Mariana fore-arc submarine mud volcanoes have been 

directly imaged. 

Seamount structure and geometry inferred from side-scan sonar images suggest that the 

mud volcanoes were formed by multiple episodes of serpentinite fluid upwelling (Fryer et 

al. 2000) and may have deformed significantly during their evolution (Fryer 

1992b;Oakley et al. 2007). In their study of the rheology of muds in seamounts, Phipps & 

Ballotti (1992) argue that consolidated serpentinite mud behaves elastically and is more 

resistant to deformation compared to unconsolidated muds, which behave plastically. 

Seismic and side-scan images further reveal that the deformation on the flanks and 
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summits of seamounts are due to loss of fresh unconsolidated sediments through slope 

failure.  

 

Figure 5.1.  Bathymetry map of the Mariana fore-arc showing the Fantangisña 

seamount. Seismic line 67 – 68 NW-SE across the seamount is in gray, 

red dots are shot points (SP) and the blue line represents the section of 

the line used in this study. Adjacent edifices include a mud mound to 

the northwest and a small mud volcano to the southeast that are 

indicated by the red outlines. Crosses indicate the location of IODP 

boreholes. Contours are drawn at 200 m intervals and are labelled 

every 1 km. Interpreted faults are based on Oakley et al. (2007). Inset: 

the Mariana arc-back-arc system with the region of interest shown in 

a square box. MT = Mariana Trough, MA = Mariana Arc and MTr = 

Mariana Trench. The Global Multi-Resolution Topography (Ryan et 

al. 2009) data were used to construct the map 
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5.3. Data Analysis and Processing 

5.3.1. Multichannel Seismic Survey 

In 2002, the R/V Maurice Ewing shot a MCS reflection line NW-SE across the 

Fantangisña seamount (Figure 5.1) to image the underlying crustal structure. The seismic 

source was a 6817 in
3
, 2000 psi, tuned 20-airgun array, and shots were fired every 50 m. 

The data were recorded using a 480-channel, 6-km-long streamer with 12.5 m receiver 

group interval, which was towed at 8 m depth. In general, the recorded data have a good 

signal-to-noise ratio and there is no evidence of streamer feathering, e.g. early direct 

water wave arrivals, in the 700 shots across the seamount. For each shot, 16 s of data 

were recorded at a sampling interval of 2 ms, which we resampled to 4 ms for further 

processing. 

5.3.2. Downward Continuation 

Due to the large water depth, approximately 2000 – 3500 m, over the seamount, direct 

arrivals and high amplitude seafloor reflections precede the recorded crustal refractions 

(Figure 5.2). Since these secondary refraction arrivals cannot be used in first-arrival 

tomography, we downward continued the seismic data to a datum just above the seafloor 

to unravel these obscured refraction arrivals which become first-arrivals whose times can 

be picked more easily. This downward continuation process simulates a Synthetic Ocean 

Bottom Experiment (SOBE) that has been applied to other multichannel seismic surveys 

in deep water (e.g., Henig et al. 2009; Arnulf et al. 2011; Arnulf et al. 2012; Arnulf et al. 

2014a; Arnulf et al. 2014b). 

To create this SOBE dataset, we used a Kirchhoff integral implementation of the 

downward continuation operator (Berryhill 1979; Berryhill 1984; Shtivelman & Canning 

1988). Migration artefacts were reduced by preconditioning the MCS data using bandpass 

filtering (5 – 25 Hz), removal of bad or consistently noisy traces, and correction of 

channel dependent amplitude variations caused, for example, by variable hydrophone 

coupling. The data were sorted into shot gathers, and the receivers were downward 

extrapolated to a datum 75 m above the seafloor. The data were then resorted into 
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receiver gathers, the shot spacing was interpolated to 12.5 m, and the shots downward 

extrapolated to the same datum as the receivers. The water velocity for downward 

continuation was set to 1520 m/s, which was estimated from the direct arrivals, and 

coherent noise wave-trains with apparent velocities in the shot gathers outside of -5000 

m/s to 2000 m/s were removed by frequency-wavenumber (F-K) filtering. The first and 

last 50 traces of each downward extrapolated gather were tapered using a weighted 

cosine function to reduce artefacts arising from data truncation. 

5.3.3. First-Arrival Picking 

We manually picked first-arrival travel times on common-offset gathers of the downward 

continued data every 50 m for offsets between 800 and 3900 m, where the refracted 

arrivals are less contaminated with migration artefacts. The picks were manually edited 

on common-shot gathers to ensure consistency, and no picks were made on gathers with 

poor trace-trace correlation. In total, about 25,100 travel times were picked, which were 

shifted earlier by 20 ms to align the picks with the typical onset of the first-arrival.  
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Figure 5.2. Constant offset gathers before and after downward continuation. (a) 

Constant offset gather of the surface-recorded data at the far offset of 

6137.5 m shows the direct wave arriving earlier than the refracted 

arrivals. (b) Constant offset gather of downward continued data at 

1050 m. Refracted arrivals (with picked times in red) are first-

arrivals. DW = direct wave, R = seafloor reflection, Re = refraction, M 

= seafloor multiple. 

5.3.4. Travel time Tomography 

The iterative first-arrival tomographic inversion requires a starting velocity model, and a 

1-D inverse exponential velocity variation with depth below a laterally varying seafloor 

was used (Calvert et al. 2008):  

Vp  z = VL − (VL −  V0)e[−k z−zb  ]   (5.1) 

where Vp  z  is the velocity at depth, z, VL  is the limiting velocity at large depth, V0 is the 

velocity just below the seafloor, 𝑧𝑏  is the depth of the seafloor below mean sea level, and 

k is a constant which dictates the rate of growth of Vp  z . VL  was fixed at 6000 m/s, and 
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the values for V0 and k were determined by an optimization grid search. After several 

trials, 1900 m/s and 0.0007 were determined for V0 and k, respectively, since these 

resulted in the smallest root-mean-squared (RMS) misfit between calculated and picked 

first-arrival times. The starting point of our search for V0 was on the basis of crustal 

velocities from previous studies in the Mariana subduction zone (Takahashi et al. 2007; 

Kodaira et al. 2010). The seafloor interface was picked from the normal-moveout 

corrected and migrated near-trace section extracted from common midpoint (CMP) 

gathers along the seismic line, and converted to depth; the velocity of the water layer was 

fixed at 1520 m/s. This starting velocity model was constructed on the nodes of a 2-D 25 

m grid with dimensions ~64 km horizontally and 10 km vertically.  

We carried out the tomographic inversion using the algorithm of Aldridge & Oldenburg 

(1993), which is based on a finite difference solution of the eikonal equation (Vidale 

1988) for the forward travel time calculation. A grid cell size of 25 m was used for both 

forward and inverse modeling, which leads to an improved accuracy in the travel time 

calculations and a smoother model, respectively. Ray paths for each source-receiver pair, 

are generated by following the steepest descent direction through the computed travel 

time field (Vidale 1988), which produces first-arrival ray paths irrespective of wave type. 

In the tomographic inversion, sub-seafloor velocities were updated iteratively and 

subjected to smoothness constraints based on the second spatial derivatives of the 

slowness field using a minimum norm least squares solution derived from the difference 

between the calculated and the picked travel times. The root-mean-squared misfit for the 

final model was reduced from an initial value of 108.3 to 35.2 ms after 21 iterations. To 

examine the distribution of the travel time residuals within the field data for the starting 

and final velocity models, we binned the residuals by source-receiver offset as shown in 

Figure 5.3. 
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Figure 5.3.  Residual plots showing the distribution of residuals for each source-

receiver pair. (a) Residuals obtained for the final velocity model are 

generally low but reach ~80 ms for some source-receiver pairs. (b) 

Residual obtained for the initial velocity model. 
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The final P-wave velocity model of the seamount is constrained by the ray coverage up to 

a depth of approximately 1000 – 1500 m beneath the summit and SE flank but only 300 – 

500 m under the NW flank (Figure 5.4). The model is asymmetric with lower velocities 

of 1720 to 2500 m/s found beneath the SE flank; the summit and NW flank are 

characterized by velocities of >2000 – 2500 m/s. The uppermost 200 m of the NW edge 

is characterized by velocities of 2200 – 2400 m/s. We provide a more detailed 

interpretation of this structure in section 5.4. At greater depths, P-wave velocities 

increase gradually to >4000 m/s under the SE flank of the volcano but are lower (>3500 

m/s) below the summit and the NW flank. Also, the 3000 m/s iso-velocity contour is 

geometrically similar to the 2500 m/s iso-velocity contour but the 3500 m/s iso-velocity 

contour deviates from this geometry beneath the summit of the seamount. Overall, 

velocities generally increase with depth, but they are fastest below the NW flank of the 

seamount and slowest under the SE flank. 
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Figure 5.4. Tomographic inversion velocity model of the seamount. (a) The final 

velocity model constrained by the ray coverage with contour interval 

of 0.5 km/s. (b) a representation of number of rays through a cell in 

the model. Rays through the 75 m of water above the seafloor after 

downward continuation are shown. Vertical exaggeration is 2:1. 

We conducted checkerboard tests to evaluate the lateral resolution of the final velocity 

model (Zelt 1998). Two dimensional (2-D) half-wavelength sinusoidal perturbations of 

1.6, 0.8 and 0.4 km were separately superimposed on the final velocity model. The 

maximum amplitude of perturbation was set to 10 percent of the slowness from the final 

model, and the travel times for the perturbed model were calculated for all source-

receiver pairs. These travel times were then inverted to recover the perturbed model using 

the final model from the tomographic inversion as the starting model. The extent of 

recovery of the perturbations is an indication of how well the final velocity model is 

laterally resolved with depth. Results of the checkerboard resolution tests are shown in 

Figure 5.5. In general, the 1.6 and 0.8 km checkerboards are well recovered laterally up 

to depths of 1500 m and 400 – 1000 m respectively. Structures of 400 m can be 
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reasonably resolved by the tomographic inversion up to 200 – 500 m deep but are poorly 

recovered at greater depths. 

 

Figure 5.5.  Checkerboard resolution tests of the final tomographic velocity model 

with maximum anomaly amplitude of 10 percent of the maximum 

velocity in the model. Recovery results for anomaly sizes of (a) 0.4, (b) 

0.8 and (c) 1.6 km indicate that features of at least 400 m in size are 

resolvable by the tomographic inversion. 

The reliability of a tomographic velocity model depends on the RMS misfit between the 

solution and the observed data (Phillips & Fehler 1991). After tomographic inversion of 

the downward continued data, the RMS misfit is quite high (~35 ms), although good 

consistency in traveltime picks had been ensured. We used smoothing constraints to 

ensure that artefacts in the velocity model resulting from noisy data were significantly 

reduced; however, this also means that smaller structures of the seamount and low 

velocity anomalies are not recovered in the final velocity model (Lees 2007). 
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Nevertheless the checkerboard resolution tests indicate that our tomographic velocity 

model is sufficient to describe the bulk structures of the seamount. 

5.3.5. Seismic Reflection Imaging 

To obtain a reflection image from the MCS data, we applied a standard processing 

sequence that included a time-squared amplitude recovery, shot-averaged predictive 

deconvolution with a 32 ms gap and 320 ms operator length, top mute, bottom mute and 

Ormsby bandpass filter (5 – 10 – 60 – 70 Hz). Due to the general lack of clear reflections 

in the MCS data, the tomographic velocity model (Figure 5.4a) was used as the basis for 

the stacking velocities and for post-stack depth migration (see Appendix C). 

Post-stack, finite-difference depth migration was performed to reposition reflection 

events on the stacked data at their true locations in the subsurface. The use of the 

tomographic velocity-depth model ensured that pull-up of events (e.g., fore-arc sediment 

beneath the seamount) on the stack section was mostly corrected by the migration. To 

enhance the display of the final migration, we applied a bandpass filter (8 – 12.5 – 45 – 

60 Hz), trace equalization and muted the data above the seafloor. 

5.4. Results 

5.4.1. Tomographic Velocity Model 

The shallow velocity variations across the seamount indicate a lateral heterogeneity in 

lithology that is consistent with recent borehole sediment cores recovered at Sites U1497 

and U1498 on the uppermost flanks. Fryer et al. (2018a) and Fryer et al. (2018b) reported 

that these unconsolidated muds have velocities ranging from 1700 – 1900 m/s, but these 

samples are from depths that are too shallow (<26 m) for direct comparison with our 

velocity model which was derived on a 25 m grid. The lack of reliable sonic log data 

from any deeper boreholes in the serpentinite mud volcano makes it difficult to 

characterize in detail its lithology using seismic velocity. Therefore, using the 

tomographic velocity model, we have classified the lithology of the Fantangisña mud 

volcano into three (3) broad units. Unit I just below the seafloor comprises P-wave 
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velocities ranging from approximately 1720 to 2500 m/s, and we interpret this unit to be a 

relatively unconsolidated serpentinite mud unit. We interpret the underlying Unit II, 

which consists of velocities from >2500 m/s to <4000 m/s, to be more lithified, 

consolidated, mostly serpentinite muds, which may be intercalated with serpentinite 

clasts that can exhibit velocities of ~3900 m/s as suggested by Fryer et al.2018a. The 

deeper Unit III has velocities >4000 m/s, but it is only identified in our tomographic 

velocity model below the SE flank of the mud volcano, as shown in Figure 5.4a.  

Beneath the summit and along most of the NW flank, velocities just below the seafloor 

are relatively high, indicating that Unit I is typically only 50 – 200 m thick here. The 

deeper 3500 m/s iso-velocity contour suggests that Unit II is at least 400 – 800 m thick 

here with no evidence in the model of the deeper high velocity unit. Beneath the SE 

flank, in contrast, Unit I is much thicker, reaching 500 m in places, and is underlain by a 

similar thickness of Unit II. The top of the high velocity Unit III is only identified near 

the base of the SE flank of the volcano at a depth of 1200 m, and further SE of the 

edifice. 

5.4.2. Seismic Reflection Image Interpretation 

Sub-seafloor reflectors in the serpentinite seamount are difficult to identify due to the few 

coherent reflections in the migrated reflection image. The geometries of the reflectors 

that can be identified beneath the mud volcano flanks are also distorted due to lateral 

variations in the shallow velocities. To resolve these problems, we superimpose the 

shallow tomographic velocity model on the depth migrated reflection image to allow an 

integrated interpretation of the two seismic datasets (Figure 5.6). 

Near the base of the seamount, the upper sedimentary unit is moderately stratified and 

includes a ~400 m thick, mud mound with relatively low velocity on top of flat-lying 

fore-arc sediments at the base of the NW flank, and a ~300 m thick structure beneath the 

SE flank that we interpret as a slump. Beneath the SE flank of the seamount, a reflector 

(uB in Figure 5.6b) lies close to the 2000 m/s iso-velocity contour and extends to a depth 

of ~3200 m; we interpret this reflector as a boundary within the less well consolidated 

sediments of Unit I just below the seafloor. At CDP 7040 – 7280 near the NW edge of 



113 

the summit, the migrated seismic section images a thickening (75 – 150 m) of Unit I 

where velocities are 2200 – 2400 m/s and we interpret this as a filled, shallow depression 

that may be associated with previous mass wasting along the northern flank where a 

small valley can be seen (Figure 5.1). 

At ~3800 m depth southeast of the seamount, there is a discontinuous reflector in rocks 

with velocities of 2500 – 3000 m/s (TC in Figure 5.6b), which we interpret to be the top 

of a more consolidated unit, Unit II, that likely comprises mostly serpentinite mud since it 

is thinner away from the volcano. This reflection cannot be traced far beneath the 

volcano, and as reflections beneath the summit and NW flank of the volcano are mostly 

chaotic, we associate the top of the consolidated mud unit with similar velocities, which 

are indicated by the thick dashed line in Figure 5.6b. Two normal faults F1 and F2, which 

are ~1800 m apart, are interpreted within Unit II near the base of the SE flank in the 

seismic reflection image. Their depth extent is unclear. But given the relatively large 

offset of approximately 500 m in the 3500 m/s iso-velocity contour, fault F2 probably 

penetrates close, or into, the igneous basement.  

High velocities of ~3850 m/s occur just below a SE-dipping reflector (brown curve) near 

the summit of the volcano at ~2500 m, which is characterized by rocks with a velocity of 

~3850 m/s that probably represents the consolidated core of the volcano, which may 

perhaps include large clasts of serpentinite brought up from deeper in the volcano. Low 

amplitude dipping reflections beneath the summit at 2200 – 2300 m (light gray dashed 

lines in Figure 5.6b) occur within rocks with velocities >2500 m/s, and may be normal 

faults and possible conduits for fluid flow. At 3000 – 4000 m depth the interpretation of 

the short high amplitude reflections (red lines) is unclear; they may be local 

accumulations of fluid or gas, or perhaps indicate megaclasts exhumed within the 

volcano, and the source of the metamorphosed volcanic rocks described by Fryer et al. 

(2018a).  

At ~4700 m depth, a package of reflections below the base of the NW flank dips towards 

the center of the mud volcano and is likely to be the top of the igneous basement. 

Somewhat chaotic reflections at >4000 m under the SE flank follow the 4000 m/s iso-
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velocity contour, and we interpret this as the top of the basement there. Seismic velocities 

of basement volcanic rocks in the Mariana fore-arc have been reported to be 3000 – 5800 

m/s (Latraille & Hussong 1980; Mrozowski et al. 1982), which is consistent with our 

association of the top of the igneous volcanic rocks with the reflections close to the 4000 

m/s iso-velocity contour.  
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Figure 5.6. Tomographic velocity model superimposed on depth-migrated 

reflection image of the seamount. a) Original profile showing some 

detailed features in blowups. b) Interpreted profile showing TC = Top 

Consolidated unit, TS = Top Fore-arc Sediment, TB = Top Basement 

and uB = upper boundary. The yellow lines represent reflections of 

unconsolidated strata, high amplitude reflections are shown in red 

and the black dashed lines are faults. The brown line may be the top 

of a high velocity (>3000 m/s) body, e.g. serpentinite clast, and the 

light gray dashed lines are possibly conduits for fluid flow. VE = 

Vertical exaggeration 
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5.5. Discussion 

5.5.1. Seamount Velocity Structure 

To date, the velocity variation within Mariana seamounts has not been determined, 

implying that there are few constraints on their lithology and degree of compaction at 

depth in the absence of drilling. Oakley et al. (2007) proposed a largely symmetric 

velocity model for the Fantangisña seamount, but our tomographic velocity results 

indicate that, on the contrary, the internal structure of the seamount is asymmetric with a 

relatively high degree of internal lateral velocity variation. Though compositional 

variability has been reported in cores recovered by drilling up to a hundred meters or so 

into Mariana seamounts, (e.g. Fryer 1992a; Fryer & Mottl 1992; Fryer et al. 2018a), we 

find that in the Fantangisña seamount the lateral variability implied by variations in the 

velocity model extend considerably deeper (Figure 5.4), which may commonly be the 

case for seamounts in the Mariana fore-arc. In general terms, low velocities are likely to 

indicate young, less consolidated sediments, some of which may be fresh mud flows, 

whereas higher velocities, e.g. beneath the summit, probably indicate older, more 

compact sedimentary rocks. Courtier et al. (2004) reported P-wave velocities of 3800 – 

5480 m/s for serpentinite clasts in samples recovered from ODP Leg 195 and suggested 

that these low serpentinite velocities may be influenced by high porosity and microcracks 

in the clasts. At low confining pressures, corresponding to depths of a few hundred 

meters where microcracks will be open, massive serpentinite can exhibit velocities as low 

as 4200 – 5000 m/s (Christensen 1966), and would be difficult to distinguish from low 

porosity clastic rocks on the basis of P-wave velocity alone. The presence of low velocity 

serpentinite clasts, which may range from pebble-cobble (Fryer et al. 2018a) to massive 

(>1 m) in size, is consistent with our interpretation of the seamount and its associated 

nearby structures, which is summarized in Figure 5.7. 
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Figure 5.7. A schematic cartoon of the Fantangisña seamount showing 

constrained lithologies and the various interpreted features on the 

seismic data. F1 and F2 are interpreted faults. TC = Top Consolidated 

unit, TS = Top Fore-arc Sediment, TB = Top Basement. 

5.5.2. Formation of Seamount, Faults and Conduits 

Oakley et al. (2007) reported that normal faults near the summit of the volcano were 

active, and we speculate that these faults may act as conduits for the expulsion of 

upwelling mud and water from the seamount. Recently expelled muds would be generally 

expected to form a fresh low velocity sediment layer above the more consolidated 

serpentinite muds of the volcanic edifice, and large, fluid mud eruptions could extend 

down to the base of the volcano. The upper boundary (uB) reflector 300 m below the 

seafloor along the SE flank of the volcano where low velocities <2000 m/s occur may 

indicate fresh sediments from such flows, and imply that the uppermost sediments of the 

seamount are from more recent upwelling activity as suggested by Fryer et al. (2000), 

though results from IOPD Site U1497 suggest that fluid upwelling at the summit of the 

volcano is presently low (Fryer et al. 2018a). There is a break in the slope along the SE 

flank, but whether this indicates a past slope failure or just a contact between flows of 

different ages is unclear. At greater depth, the 3000 m/s iso-velocity contour is 600 – 800 

m below the seafloor implying that a relatively thick low-velocity unit of poorly 

consolidated sediment is present beneath the SE flank of the volcano. 
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In contrast, on the NW flank, velocities of 2500 – 3000 m/s occur within 150 m of the 

seafloor indicating that only a thin carapace of unconsolidated sediment is present. The 

relatively smooth, slightly concave upper slope of the NW flank and the consolidated 

near-seafloor unit are consistent with failure of the upper part of the flank of the volcano 

in a submarine landslide. Some mud mounds west of the Fantangisña seamount are 

underlain by normal faults, and could be new seamounts in their early stages of formation 

(Oakley et al. 2007); however, no fault was imaged beneath the mud mound at the base 

of the NW flank, which is characterized by low velocities of ~2000 m/s. Therefore, it is 

likely that this mud mound is the result of debris transported to the base of the volcano 

following failure of the upper NW flank, whose dip decreases along a concave surface 

from 22º near the summit to 13º close to the base; the SE flank exhibits a more uniform 

dip of approximately 15º. Thus we suggest that the asymmetry in the shallow velocity 

structure of the volcano is probably due to the occurrence of one or more landslides on 

the NW flank of the volcano. 

The large seafloor mound at CDP 9200 is marked by a reflection on its NW side that 

extends into the subsurface and may be related to a normal fault that offsets the 3000 m/s 

iso-velocity contour and the more consolidated underlying sedimentary unit. Lower 

velocity sediments have accumulated against this reflector, perhaps as a result of normal 

motion on the underlying fault or because the mound has acted as a barrier to mud flows 

from the volcano. Additionally, the lack of evidence of slope failure on the SE flank 

suggests that the large mound at CDP 9200 is neither a mud mound from mass wasting 

nor the result of a debris flow. The normal fault in the reflection image is consistent with 

the presence of upwelling mud, and we infer that the mound likely indicates a 

serpentinite mud volcano in an early stage of development, which is consistent with the 

interpretation of Oakley et al. (2007). 

5.6. Conclusion 

Though seismic reflections have been previously mapped in and around the Fantangisña 

serpentinite seamount in the Mariana fore-arc, our study is the first to determine the 

shallow (<1.5 km sub-seafloor) velocity structure of the seamount and provide an 
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integrated interpretation of both the velocity model and seismic reflectivity. Our results 

show that the velocity structure is asymmetric and highly heterogeneous, contrary to the 

model proposed by Oakley et al. (2007). The interpretation that seamounts are formed 

from episodes of eruptive mud flows from a central conduit and may have undergone 

post-depositional deformation (Fryer 1992b; Fryer et al. 2000) is consistent with our data, 

which suggest that the evolution of seamounts may be more complex with multiple 

episodes of slope failure and interaction with adjacent vents. Serpentinite mud flows 

accumulate on the flanks of the volcano sometimes resulting in slope failure and slides 

over the Mariana fore-arc sediments, which may be of similar age but different material 

composition. The relatively young, low velocity seafloor mound to the SE of the 

seamount may be an indication of a new seamount in its early stages of formation with 

the underlying normal faults likely conduits for upwelling muds.  

Finally, we have studied the shallow internal lithological structure of the Fantangisña 

serpentinite mud volcano using 2-D MCS. Although this study illuminates the asymmetry 

and heterogeneity of the mud volcano, more comprehensive seismic constraints on its 

lithology and internal structure could be obtained by future deeper MCS imaging using a 

much longer (e.g. 15 km) hydrophone streamer. Such a study would also have a greater 

likelihood of imaging faulting in the underlying fore-arc crust related to the volcano‘s 

formation. In this regard a 3-D MCS study would greatly help mitigate the effects of the 

3-D seafloor on the velocity model and reflection image. A 3-D survey would also permit 

the accurate estimation of the volume of the mud mound at the base of the volcano and 

the amount of debris lost from the NW flank, which cannot be determined in our 2-D 

study. 
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Chapter 6.  

 

Conclusions 

6.1. Contributions of the Thesis 

The work presented in this thesis is based on the premise that the combination of a new 

technique for downward continuation of surface-recorded MCS surveys and standard 

first-arrival tomography can provide seismic velocities that can help us better understand 

the shallow, upper crustal structure of oceanic arc systems. The main contributions of the 

thesis are: 

• The first systematic estimates of average P-wave velocity variation in 

submarine volcanoes of an oceanic arc system 

• Identification of intra-arc sedimentary basin created by arc extension 

• Well constrained velocity model of oceanic arc mud volcano in fore-arc 

regions 

• Velocity models for a more accurate conversion of seismic data to depth 

6.1.1. Velocity Variation in Submarine Volcanoes of Oceanic Arc Systems 

The several volcanoes that lie along the modern Mariana arc, from 14°36ʹ N to 18°12ʹ N, 

are about 3 – 4 Ma old. The P-wave velocity model, which is derived from first-arrival 

traveltime tomography, and the migrated reflection section presented in Chapter 3 

characterizes the seismic structure of the submarine volcanoes and the offshore regions of 

the subaerial volcanoes, offering new insight into the shallow, upper crust of the modern 

arc. The estimated average 1-D velocity models reveal that sub-seafloor velocities are 

generally higher below the summit of subaerial volcanoes compared with the submarine 

volcanoes. This evidence supports earlier studies suggesting that the subaerial volcanoes, 

which mostly occur in the northern part of the modern arc, are older than the submarine 

volcanoes. 
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Within the subaerial and submarine sub-groups of the volcanoes, some relative age 

constraints could be inferred from the onlap of sedimentary strata against adjacent 

volcanoes; however, where there were inter-fingered flows and slope deposits rather than 

onlap of sedimentary strata, it was difficult to differentiate between the ages of the 

volcanoes. The inter-fingered flow between the West Saipan and Esmerald Bank 

volcanoes is an example, which suggests that the volcanoes may have developed 

synchronously, and are about the same age. The migrated reflection section presented in 

Chapter 3 shows several instances of disruptions in sedimentary strata probably due to 

igneous intrusions. Prominent among these intrusions is the buried volcano within the 

Guguan and Zealandia Bank inter-volcanic basin. 

This is the first streamer tomography study that is integrated with coincident reflection 

imaging to characterize the shallow, upper crustal structure of submarine volcanoes in the 

IBM subduction zone and probably the first such study of an oceanic arc system. Though 

the average velocity variation does not indicate the presence of any intrusive body, the 

results can be used to build more accurate velocity models for location of volcanic 

earthquakes and tremors. 

6.1.2. Identification of Intra-arc Sedimentary Basin 

Unlike the modern arc, where the volcanoes are isolated from each other along strike, the 

Eocene arc appears to be a continuous feature after about 50 Ma of evolution. In Chapter 

4, I present two velocity models derived from first-arrival traveltime tomography of 

surface-recorded and downward continued datasets. The checkerboard resolution tests 

indicate the higher resolution of the downward continued data, and complement the 

interpretation of the coincident migrated reflection section, suggesting that the central 

part of the arc massif is a large graben, which appears to have slightly shifted downward 

from the summit. The two normal faults (F1 and F2) indicate the extent of the Eocene arc 

massif, such that F1 and F2 represent the boundaries in the back-arc basin and fore-arc, 

respectively, and the numerous horst and graben structures in the arc massif provide 

convincing evidence that the Mariana arc is under extension. 
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The interpretation, allows the identification of an intra-arc sedimentary basin created by 

the extension of the arc after its formation, probably related to the rifting that created the 

remnant West Mariana Ridge now separated from the from the arc massif by the back-arc 

basin. Also, the combination of streamer tomography and reflection imaging can map out 

intra-arc basins that can be hard to identify due to the presence of volcaniclastic 

sediments that can be non-reflective. 

6.1.3. Well Constrained Velocity Model of Oceanic Mud Volcano 

The work of Oakley et al. (2007) provided an initial characterization of the seismic 

structure of serpentinite seamounts on the Mariana fore-arc using seismic reflection 

profiling, but their lack of a well-resolved velocity model meant that some subsurface 

structures, such as symmetry and heterogeneity, could not be adequately imaged. In 

Chapter 5 of this thesis, I have combined downward continuation (SOBE) with first-

arrival traveltime tomography to develop a novel high resolution velocity model that 

constrains the seismic structure of the Fantangisña (Celestial) seamount. I infer from the 

velocity structure that the seamount is asymmetric and exhibits lateral variability which 

likely extends deeper than the velocity model. This new velocity model, which 

complements the work of Oakley et al. (2007), can be used as a reference template for 

studies on the other seamounts in the fore-arc region.  

The geologic interpretation of the velocity model combined with a depth-migrated 

reflection section supports the interpretation of earlier studies: the seamount was formed 

from repeated episodes of eruptive mud flows from a central conduit. The large seamount 

edifice appears to lie upon the fore-arc basement, which is sedimented and probably 

faulted. I infer an adjacent dome-like structure with an underlying fault, which likely 

continues into the basement, suggesting the presence of a relatively young seamount in its 

early stages of formation. Where a nearby dome-like structure has no fault beneath it, the 

structure could be a mud mound from slope failure along the flanks of the seamount. 

The combined interpretation identified low velocities associated with mud mounds that 

indicate past slope failure, which is probably an important process in the growth of 

oceanic mud volcanoes. 
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6.1.4. Velocity Models for Depth Imaging 

In Chapters 3 and 5, seismic data were depth migrated to achieve improved reflection 

images, which could provide better interpretation. Though depth migration only resulted 

in minor improvement in the final reflection image, it provided a more accurate 

conversion of the seismic data to depth. The higher resolution velocity model, in Chapter 

5, derived from the downward continued (SOBE) data could not be directly used due to 

velocity pull-ups, which showed in the middle of the volcano‘s summit. The velocity 

modeling (Appendix C) that was finally used to process the reflection data provided a 

more accurate depth converted image. 

6.2. Limitations of SOBE and Traveltime Tomography 

The spatial resolution of velocity models derived from traveltime tomography has been 

shown to be limited (e.g., Williamson 1991; Williamson & Worthington 1993) compared 

with models derived from waveform tomography; however, Takougang & Calvert(2013) 

suggest that the resolution of velocity models from acoustic waveform tomography is of 

poor quality when high velocity gradients are present in the model. In a complex tectonic 

setting where the basement is shallow, the application of acoustic waveform tomography 

is challenging and the quality of the derived velocity models is not significantly better 

than models from traveltime tomography (Vayavur 2017). The MCS survey presented in 

Chapter 3 was acquired with large shot spacing (200 – 250 m), which makes the 

application of downward continuation impossible, and though the data does not always 

conform to 2-D geometry, tomographic inversion of the first-arrivals was sufficient to 

image the main volcanic features that describe the geology of the modern arc.  

Though checkerboard tests in Chapters 4 and 5 show that the downward continued 

(SOBE) velocity model has higher spatial resolution due to the greater ray density in the 

sub-seafloor, the final RMS errors of the tomographic models from the downward 

continued (SOBE) data are higher than typical RMS error values of models from surface-

recorded data. For example, in Chapter 4, the RMS error of the velocity model from the 

surface-recorded MCS survey was 10.65 ms but that of the model from the downward 
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continued (SOBE) data was 23.3 ms, probably due to the difficulty in accurately picking 

first-arrival traveltimes, especially at near offsets. 

The data quality of the surface-recorded MCS survey was reasonably good with only few 

missing traces. Therefore, to reduce the effect of migration-like artefacts, which could be 

introduced into the SOBE data and make first-arrival traveltimes more difficult to pick, 

the data were carefully preconditioned. I applied amplitude corrections to compensate 

from amplitude losses from receiver–hydrophone coupling during acquisition of the 

survey, and added a seafloor datum, which was estimated as accurately as possible from 

the MCS survey. By experimenting with frequency filtering tests, the possibilities of high 

first-arrival traveltimes picking uncertainties were investigated and further steps that can 

be taken to obtain reliable first-arrival picks include: 

1. High frequency content in the data should be filtered out to avoid 

spatial aliasing, while preserving as much low frequency content as 

possible. To obtain a high SNR for the data, it is best to filter the data 

at each stage of the downward continuation process. Applying a fourth 

(4
th

) order minimum phase Butterworth bandpass filter with corner 

frequencies of 5 and 20 Hz in the first step and a low pass filter with a 

high-cut frequency of 20 Hz in the second step yields data with 

reasonably good SNR, which could make picking easier. 

2. Although filtering with a minimum phase filter may be better because 

it makes picking easier; the first-arrival travel times are slightly 

delayed. The delay is due to the shift of the peak or trough of the first-

arrivals from the onset of the wavelet. The effect of such time delays is 

that the estimated tomographic velocities may be slightly lower than 

expected. To prevent the effect of time delay, the picks were shifted to 

an earlier time where the onsets of the first-arrival wavelets are 

estimated to occur. 

6.3. Suggestions for Future Studies 

1. The tomographic velocity framework developed for the Fantangisña 

seamount in Chapter 5 can be replicated for other serpentinite 

seamounts in the fore-arc to fully investigate the general seismic 

structure of serpentinite seamounts in the Mariana fore-arc. 

Furthermore, though the 2-D MCS data allowed us to estimate angles 

of the sloping surfaces of the serpentinite seamount; the amount of 

sediment lost due to slope failure and the volume of the mud mound 
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(adjacent to the foot of the seamount) are impossible to estimate from 

these data and remain unknown. A 3-D MCS survey in the fore-arc 

can enhance our interpretation and help resolve these issues because it 

would provide an avenue to ascertain whether, for example, the hump 

adjacent to the SW flank of the Fantangisña seamount is really a new 

volcano or mud mound. 

2. This work primarily focuses on the uppermost crust of the Mariana 

fore-arc and island arc of the IBM subduction system. Wide-angle 

OBS surveys can make use of the results of this study to obtain an 

improved, large-scale deeper tomographic velocity model of the 

Mariana island arc. 
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Appendix A.  

 

Traveltimes through Modern Arc Velocity Model 

In this appendix, I show a comparison of my picked traveltime data and one generated 

from the final velocity model. The data was obtained by calculating traveltimes through 

the final velocity model of the modern arc. The comparison is made by overlaying the 

calculated traveltimes on the observed traveltimes picked over the volcanoes on the 

common-offset gathers shown in Figure 3.2 to see how they match. The results are shown 

in Figure A.1.  



140 

 

Figure A.1 Examples of traveltimes calculated through the final velocity model of 

the modern arc superimposed on the first-arrival traveltime picks 

shown in Figure 3.2. The calculated travel times seem to match very 

well with the traveltime picks. 
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Appendix B.  

 

Traveltimes through Eocene Arc Velocity Models 

This appendix shows traveltime data comparisons for the two MCS datasets of the 

Eocene arc.  

1. Traveltimes were calculated through the final velocity model obtained 

from the surface-acquired MCS data of the Eocene arc and 

superimposed on the observed traveltimes. Examples of the results are 

shown in Figure B.1 for the common-offset gathers that were 

displayed in Figure 4.2. 

2. Figure B.2 shows examples of traveltimes calculated through the final 

velocity model superimposed on the observed traveltimes picked on 

the downward continued (SOBE) data for comparison. The displayed 

results are from the common-offset gathers that were displayed in 

Figure 4.5 and the calculated traveltimes appear to match the observed 

traveltimes reasonably well.
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Figure B.1 Examples of traveltimes calculated through the final velocity model of 

the Eocene arc superimposed on the traveltime picks on the surface-

acquired data shown in Figure 4.2. The calculated traveltimes appear 

to match the observed traveltimes at all shot points. 
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Figure B.2 Examples of traveltimes calculated through the final velocity model of 

the Eocene arc superimposed on the traveltimes picked on SOBE 

geometry shown in Figure 4.5. The calculated traveltimes seem 

consistent with observed traveltimes. 



144 

Appendix C.  

 

Seismic Processing Velocity Modeling 

To obtain the velocity models used in section 5.3.5, we modified the final tomographic 

velocity model (section 5.3.4) by extending it to larger depths with a linear function given 

by: 

Vp z =  V1 +  α(z −  z1)   (C.1) 

where V1 and z1 are the starting velocity and depth for the extension with values of 4600 

m/s and 5000 m respectively; the gradient, α, was set to 0.4 s
-1

. To ensure a smooth 

transition between the shallow and deep velocity models, we used the 4000 m/s iso-

velocity contour, Vh xc , zc = 4000, which is approximately conformable with the 

seafloor, at the base of the shallow model. We then used a laterally varying vertical 

velocity gradient to define velocities between the base of the shallow model and the top 

of the deep model, i.e. between Vh  and V1: 

Vp z =  Vh +  α(z1 − z)   (C.2) 

where the velocity gradient α(z), is given by 

α z =   V1 − Vh  z1 − zc      (C.3) 

This extended interval velocity model was converted to RMS velocities as a function of 

two-way time, and used to stack the reflection data. 


